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Abstract
The Arctic sea-ice surface broadband albedo determines the energy budget and controls the heat
and mass balance of the sea ice cover. It is a key parameter in climate models, which require
an absolute albedo accuracy of 0.02 − 0.05 for adequate simulations. Long-term and large-scale
records of the surface albedo are therefore essential to study its changes, to understand its
interaction with the atmosphere and clouds, and to improve its parameterization in climate
models. The surface albedo is observed by ground-based, airborne, and satellite instruments.
However, the observed albedo is influenced by varying insolation, instrument characteristics,
and associated retrieval processes, which reduce its absolute accuracy and prevent an efficient
validation of different albedo products. These influences are considered as uncertainties.
This thesis quantifies these uncertainties, develops and improves corrective schemes, and
gives recommendations to increase the accuracy of the surface broadband albedo products and
to facilitate their comparison. The analysis is based on simulations with the radiative transfer
model SCIATRAN by taking 160 snow, 46 ice, and 32 melt pond surface types of Arctic sea
ice, two aerosol loadings, two clouds, and solar zenith angles of 55 ° − 80 ° into account. A
single-scattering property database of nine ice crystal habits is implemented into SCIATRAN
to enable, for the first time, a realistic snow surface reflection in a wide spectral and angular
range. The associated far-field assumption of snow grains is justified via the dense-medium
light-scattering theory. A comparison of simulated and measured reflectance factors and albedo
spectra of 18 snow and Arctic sea-ice surface types reveals discrepancies of usually less than
0.05, legitimating the utilized SCIATRAN set-up.
The atmosphere decreases the black-sky surface broadband albedo by a root mean square
deviation (RMSD) of less than 0.04. An optically thin (thick) cloud additionally influences
the albedo of up to a RMSD of 0.02 (0.06). The albedo from irradiance measuring devices
suffers from the instrument’s cosine error (RMSD < 0.15) and has to be corrected for by
calibration factors (RMSD < 0.03). The albedo from radiance measuring devices is almost
independent of the instrument’s opening angle (RMSD < 0.01). The total uncertainty of the
satellite broadband albedo (RMSD < 0.26) is mainly controlled by the anisotropic correction
(RMSD < 0.25) and the narrow-to-broadband conversion (NTBC) (RMSD < 0.09). The
spectral bandwidth (RMSD < 0.01) and atmospheric correction (RMSD < 0.04) play a minor
role. New, most accurate NTBCs for the satellite instruments MODIS, AVHRR, MERIS, OLCI,
and MSI are developed based on measurements (RMSD ≤ 0.02). Applying these NTBCs and
the RossThick-LiSparseReciprocal or the modified Walthall model as angular correction almost
halve the total satellite albedo uncertainty (RMSD < 0.15). The new NTBC improves the
MERIS derived sea-ice surface broadband albedo by up to one third (0.04 ≤ RMSD ≤ 0.07).
Surface inhomogeneities also significantly affect the observed surface albedo. A seasonal
comparison of the Arctic sea-ice surface broadband albedo from MERIS, CLARA-A2, and
ERA5 reanalysis reveals RMSDs exceeding 0.10 as a result of the above-mentioned uncertainties,
undetected clouds, open water influence, and inadequate climatological sea-ice albedo values
in ERA5.
This work (i) identifies uncertainties in the observed sea-ice surface broadband albedo often
larger than required (0.02 − 0.05), caused by varying insolation and instrument characteristics,
and (ii) contributes to reducing these uncertainties by almost up to one half.
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CHAPTER 1
Introduction
1.1 Arctic amplification and albedo feedback mechanism
The Arctic is warming two to three times faster than the rest of the world, a
phenomenon called the Arctic amplification (Wendisch et al., 2017). From 1971
to 2017, the Arctic air temperature has increased by 2.7 K on the annual mean
(Box et al., 2019), which has fundamental consequences for the Arctic sea ice. Its
extent has significantly declined by 2.4 % (until 1999) to 3.4 % (since 2000) per
decade in the winter months. During summer, the total sea-ice extent decreased
by up to 45 % relative to the years 1979 – 1989 (Stroeve and Notz, 2018). After
the record low in 2012, the year 2020 exhibited the second lowest summer seaice extent since the beginning of continuous satellite observation in 1979 (https:
//seaice.uni-bremen.de/, accessed on 9.5.2021). The predominant sea-ice type
has changed from the thick multi-year ice to thinner first-year ice with flatter
topography (Perovich, 2017). The melt season elongates due to an earlier melt
onset (Bliss et al., 2017) and later freeze-up (Stroeve et al., 2014), which influences
the seasonal composition of snow-covered ice, bare sea ice, melt ponds, and open
water. The combination of sea-ice thinning and loss increases the transmission of
solar radiation into the ocean and enhances the heat energy transport from the
ocean into the atmosphere. The altered surface energy budget is associated with
an increase in the atmospheric water vapour and cloudiness (Serreze and Barry,
2011; Wendisch et al., 2017). The solar heating of the ocean mixed layer as well as
changed fresh-water fluxes influence the Atlantic thermohaline circulation (Budikova,
2009; Serreze and Barry, 2011, and references therein). A warmer Arctic atmosphere
reduces the meridional atmospheric temperature gradient, which might influence the
meandering of the polar jet stream and, therefore, the mid-latitude weather (Cohen
et al., 2019). The sea-ice evolution has also ecological and economical consequences
such as the loss and gain of habitats for Arctic animals (Kovacs et al., 2011) and
marine algae (Arrigo et al., 2012), as well as the exploitation of new shipping routes
(Aksenov et al., 2017) and natural-resource deposits (Petrick et al., 2017).
A substantial contributor to the Arctic amplification is the surface albedo feedback
(Block et al., 2020). The albedo, defined as the ratio of reflected to incident irradiance,
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determines the energy budget of the surface and controls the heat and mass balance
of the sea ice cover (Holland et al., 2012; Light et al., 2008; Lu et al., 2018; Perovich
et al., 2011). Even small changes in the surface albedo can strongly influence the
Arctic climate. As the albedo decreases, more radiation is absorbed at the surface,
resulting in a surface temperature increase and a sea-ice loss, which amplifies the
albedo reduction (Curry et al., 1995; Perovich et al., 2002; Pirazzini, 2008).
This large sensitivity demands accurate information about the surface albedo
in climate models to provide reliable climate projections (Dethloff et al., 2006;
Hodson et al., 2013; Holland et al., 2012; Karlsson and Svensson, 2013). Sensitivity
analyses result in an absolute albedo accuracy requirement of 0.02 − 0.05 (HendersonSellers and Wilson, 1983; Jacob and Olioso, 2005; Sellers et al., 1995). However, in
order to make complex climate models more efficient, their sea-ice surface albedo is
simply parameterized as a function of the sea-ice thickness, snow depth, and surface
temperature (Dethloff et al., 2006; Karlsson and Svensson, 2013; Køltzow, 2007) or
described by constants following climatological sea-ice albedo values (Hersbach et al.,
2018). The individual parameterizations entail a substantially different seasonal
albedo evolution, which generates an intermodel spread in the surface albedo feedback
mechanism and therefore in the modelled Arctic amplification (Block et al., 2020;
Karlsson and Svensson, 2013; Thackeray et al., 2018).
Thus, high spatiotemporal resolution measurements of the sea-ice surface albedo
and the radiation field are required to understand the radiative interaction between
the atmosphere, sea ice, and ocean. The knowledge of the sea-ice albedo evolution
(e. g., Grenfell and Perovich, 1984; Perovich, 1994; Perovich, 1996; Perovich et al.,
1998) improves our understanding about its feedback mechanism on sea ice (Holland
et al., 2012; Overland and Wang, 2013) and biogeochemical processes (Castellani
et al., 2017; Mundy et al., 2005). The data are important for developing new
sea-ice surface albedo parameterizations in climate models and for constraining
the uncertainties in already existing ones, in order to improve climate projections
(Henderson-Sellers and Wilson, 1983; Hodson et al., 2013; Holland et al., 2012;
Karlsson and Svensson, 2013).

1.2 Surface albedo observations and retrievals
The surface albedo is obtained from ground-based, airborne, and satellite measurements. Ground networks (Baseline Surface Radiation Network - BSRN, Surface
Radiation Budget Network - SURFRAD, Greenland Climate Network - GC-Net, Programme for Monitoring of the Greenland Ice Sheet - PROMICE, FLUXNET, National
Earth Observatory Network - NEON (Wang et al., 2018a, and references therein))
measure the surface broadband albedo by various pyranometers and net-radiometers
installed on either towers or poles on the Arctic mainland. Comprehensive albedo
data sets of the Arctic sea-ice have been collected on numerous campaigns (e. g.,
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Surface Heat Budget of the Arctic Ocean - SHEBA (Perovich et al., 1999; Uttal
et al., 2002), Tara (Gascard et al., 2008), Multidisciplinary drifting Observatory for
the Study of Arctic Climate - MOSAiC (Shupe et al., 2020)). Beside pyranometers,
spectroradiometers are often employed on such campaigns to measure the up- and
downward radiation in dependence of the wavelength and, installed on a goniometer,
in dependence of the viewing angle (e. g., Perovich, 1994). Such measurements have
been spectrally (and angularly) integrated afterwards to estimate the surface albedo.
Robust and autonomous measurement devices, e. g., the RAMSES ACC-2 (Advanced
Cosine Collector) measuring the spectral irradiance between 320 nm and 950 nm, are
advantageous, as they continuously measure the radiation in a certain time period
without any maintenance (Nicolaus et al., 2010b).
Airborne instruments provide the surface albedo in a high spatial resolution
by multi-angular or hemispherical observations, e. g., by the Cloud Absorption
Radiometer (Lyapustin et al., 2010) and the Spectral Modular Airborne Radiation
Measurement System (SMART) albedometer (Bierwirth et al., 2009), respectively.
Usually, the instruments are installed on airplanes, but also uncrewed aerial vehicles
are becoming more important (Podgorny et al., 2018, and references therein).
Continuous, long-term, and large-scale observations of the surface albedo are
only provided by satellites. Aboard spectrometers detect the top of atmosphere
(TOA) reflectance in a limited spectral and angular resolution, which is subsequently
converted to the surface broadband albedo by retrieval algorithms (Liang, 2001; Qu
et al., 2015). These algorithms can be classified in three categories (Wang et al.,
2013): BRDF (bidirectional reflectance distribution function)-based approaches,
simultaneous retrieval methods, and direct estimation algorithms. BRDF-based
approaches are the most common ones which derive the surface albedo within three
steps (Wang et al., 2018a): (1) atmospheric correction, (2) anisotropy correction by
BRDF models or anisotropy reflectance correction (ARC) models, and (3) a narrowto-broadband conversion (NTBC). Simultaneous retrieval methods, e. g., the Melt
Pond Detector (MPD) algorithm, utilize models based on radiative transfer theory
(RTT) to calculate atmospheric parameters and the surface albedo, simultaneously.
Direct estimation algorithms directly link the observed satellite signal to the surface
albedo via pre-calculated look-up tables.
The surface broadband albedo data products of Arctic sea ice and their specifications from major satellite missions are summarized in Table 1.1. The albedo data
from the MODerate resolution Imaging Spectroradiometer (MODIS) aboard Terra
and Aqua (Lucht et al., 2000; Schaaf et al., 2002) have been widely used for the
purpose of comparison. The Polar Pathfinder-Extended (APP-x) climate data record
from Advanced Very High Resolution Radiometer (AVHRR) measurements aboard
various NOAA POES (National Oceanic and Atmospheric Administration Polar
Operational Environmental Satellites) includes the first long time series of consistent
surface broadband albedo, starting from 1982 (Key et al., 2016). MERIS (MEdium
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Table 1.1: Major surface broadband albedo data products of Arctic sea ice derived
from satellite observations. Published in part in Pohl et al. (2020a).
Instrument

Platform

Spatial
resolution

Temporal
resolution

Temporal
coverage

Waveband Retrieval
[µm]
method

References

MODIS

Terra, Aqua

1 km/0.05 °

8 days

2000–now

0.3-5

kernel-driven
BRDF, NTBC

Lucht et al. (2000),
Schaaf et al. (2002)

AVHRR

NOAA
POES

5 km

Twice
daily
(Arctic region)

1982–now

0.28-4

NTBC, ARC

Key et al. (2016)

-

MERIS

ENVISAT

1 km/0.05 °

1 day

2002–2012

0.4-0.9

Analytic solu- Zege et al. (2015),
tion of RTT, Istomina
et
al.
NTBC
(2015b)

-

OLCI

Sentinel-3

1 km/0.05 °

1 day

2017-now

0.3-3.0

Analytic solu- Istomina (2020),
tion of RTT, Pohl et al. (2020a)
NTBC

-

VIIRS

S-NPP

1 km

1 day/16 days

2011–now

0.4-4

Direct
estimation

Wang et al. (2013),
Zhou et al. (2016)

-

OLI

Landsat

30 m

16 days

2013–now

0.3-3

Direct
estimation

He et al. (2018a),
He et al. (2018b)

-

TM/ETM+

Landsat

30 m

16 days

1982–now

0.3-3

Direct
estimation

He et al. (2018a),
He et al. (2018b)

-

MSI

Sentinel-2

20 m

10 days

2015–now

0.25-2.5

ARC, NTBC

Naegeli et al. (2017),
Li et al. (2018),
Li et al. (2020)

CLARAA2 SAL

AVHRR

NOAA,
MetOp

0.25 °

5 days/1 month 1982-2015

0.25-2.5

NTBC, ARC

Riihelä et al. (2013),
Karlsson
et
al.
(2017a)

GlobAlbedo

VEGETATION, SPOT,
AATSR,
ENVISAT,
MERIS,
Terra, Aqua
MODIS

0.3-3

NTBC, kernel- Muller et al. (2012),
driven BRDF Lewis et al. (2013)

GLASS

MODIS,
AVHRR

Terra, Aqua, 1 km/0.05 °
NOAA

1 day/8 days

1981-2012

0.3-3

Direct
estimation

Liu et al. (2013),
Liang et al. (2013)

CERESEBAF

CERES

Terra, Aqua, 1 °
S-NPP,
NOAA

1 day/1 month

2000-now

0.3-5

RTT

CERES-EBAF
(2014),
Loeb et al. (2018)

ISCCP

VISSR, MIR, GMS, GOES, 2.5 °
AVHRR
INSAT,
METEOSAT,
NOAA

1 month

1983-2009

0.2-5

RTT

Zhang et al. (1995),
Zhang et al. (2004),
Schiffer and Rossow
(1983)

Data set
name
APP-x

1 km/0.05 °, 16 days/1 month 1998-2011
0.5 °

Resolution Imaging Spectrometer) aboard ENVISAT (ENVIronmental SATellite)
provides the surface albedo of Arctic sea ice on a daily basis (Istomina et al., 2015b).
Its albedo time series is currently beeing expanded using OLCI (Ocean and Land
Color Instrument) measurements aboard Sentinel-3 (Istomina, 2020). Both albedo
data sets are available at https://seaice.uni-bremen.de/melt-ponds/ (accessed
on 7.7.2021). VIIRS (Visible Infrared Imaging Radiometer Suite) aboard S-NPP
(Suomi National Polar-orbiting Partnership) belongs to the newest moderate spatial
resolution imaging radiometers from whose data the surface albedo has been derived
(He et al., 2018a). High spatial resolution surface albedo data (30 m) at the expense
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of reduced temporal resolution (16 d) are generated by Operational Land Imager
(OLI), Thematic Mapper (TM), and Enhanced Thematic Mapper Plus (ETM+)
aboard the Landsat satellites (He et al., 2018a). Efforts are currently being made to
generate a long-term albedo product in 20 m spatial resolution from the Multi Spectral Instrument (MSI) aboard Sentinel-2 (Li et al., 2020; Li et al., 2018; Naegeli et al.,
2017). A 34-year time series of black-sky surface albedo (SAL), as part of the second
edition of the CLoud, Albedo, and surface RAdiation data set (CLARA-A2), has
been derived from AVHRR measurements aboard NOAA and MetOp (Meteorological
Operational) satellites (Karlsson et al., 2017a; Riihelä et al., 2013). Furthermore, the
surface albedo has been derived from collaborative observations of multiple platforms,
e. g., GlobAlbedo (Lewis et al., 2013; Muller et al., 2012) and Global LAnd Surface
Satellite (GLASS - Liang et al., 2013; Liu et al., 2013), or from radiation budget
data sets, e. g., Clouds and the Earth’s Radiant Energy System - Energy Balanced
And Filled (CERES-EBAF, 2014; Loeb et al., 2018) and the International Satellite
Cloud Climatology Project (ISCCP - Zhang et al., 1995; Zhang et al., 2004).

1.3 Challenges in albedo comparison and validation
The albedo data products have to be compared to each other in order to assess their
accuracy, reliability, and consistency. While ground-based instruments are usually
calibrated in laboratories, the validation of the albedo from airborne and satellite
instruments is based on intercomparisons of different albedo products (Wang et al.,
2018a). However, the observed broadband albedo is affected by varying insolation,
i. e., different atmosphere or cloud conditions, and instrument characteristics, which
curtail their comparability. For instance, the albedo products are based on disparate
definitions. The MODIS, MERIS, OLCI, and CLARA broadband albedo listed in
Table 1.1 are black-sky albedo products, i. e., they are independent of the atmospheric
state. In contrast, the APP-x broadband albedo as well as ground-based and airborne
measurements are apparent albedo products and depend on the prevailing atmospheric
situation. The apparent albedo over sea ice tends to be smaller than the black-sky
albedo (Manninen et al., 2012). Cloud-influenced measurements might enlarge such
discrepancies (Key et al., 2001; Stapf et al., 2020), as clouds modify the surface albedo
by reducing the effective solar zenith angle and enhancing the visible downward
irradiation relative to the near-infrared one (Gardner and Sharp, 2010; Warren, 1982).
The limited spectral and angular sampling of satellites necessitate retrieval algorithms
to convert the satellite measurements in surface albedo products (Liang, 2001; Qu
et al., 2015). Those algorithms introduce uncertainties in the derived albedo product
depending on its approach (Sect. 1.2). Additionally, the broadband albedo from
MERIS (400 − 900 nm) (Istomina et al., 2015b), RAMSES ACC-2 (320 − 950 nm)
(Nicolaus et al., 2010b), and from GC-Net (400 − 1100 nm) (Wang et al., 2018a) are
not comparable with other broadband albedo products with wavebands usually larger
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than 300 − 2500 nm (see Tab. 1.1). Discrepancies between their albedo products only
occur due to their different broad wavebands, exceeding the required albedo accuracy
(Bourgeois et al., 2006; Li and Strahler, 1992; Nicolaus et al., 2010a; Winther et al.,
2003). Field intercomparisons of radiometer measurements reveal differences of up
to 11 % in the measured downward irradiance, which can be attributed to poor
cosine responses of the instruments (Mekaoui and Zibordi, 2013; Tilstone et al., 2020;
Vabson et al., 2019). Additionally, different spatial resolutions of the observations
ranging from several meters (ground-based instruments) to kilometers (satellite
instruments, Tab. 1.1) may hinder the albedo comparison.
Consequentially, the intercomparison of different albedo products demonstrates
discrepancies exceeding the demanded accuracy of 0.02 − 0.05 stated above. The
validation of APP-x and CLARA-A1 (first release of the CLARA data set) with
ground-based albedo measurements from the SHEBA campaign (Perovich et al.,
1999; Uttal et al., 2002) reveals root mean square deviations (RMSDs) of 0.08
and 0.07, respectively (Key et al., 2001; Riihelä et al., 2013). The MERIS-derived
broadband albedo values from landfast ice are higher than respective airborne
measurements by 0.06 on average (Istomina et al., 2015b). Qu et al. (2016) compared
their albedo product derived from MODIS data and the CLARA-A2 SAL with
in-situ measurements from the drifting ice station Tara (Gascard et al., 2008) and
have estimated RMSDs of 0.07 and 0.10, respectively. The comparison of different
satellite albedo products shows similar discrepancies (e. g., Karlsson and Svensson,
2013; Qu et al., 2016). Ground-based, wavelength-integrated albedo measurements
by RAMSES ACC-2 (320 − 950 nm) differ by more than 0.11 from simultaneous
broadband albedo measurements by Eppley pyranometers (280 − 2800 nm) (Nicolaus
et al., 2010a).

1.4 Motivation and outline
This work quantifies the uncertainties in the observed Arctic sea-ice surface albedo
(i) resulting from the comparison of albedo products that are influenced by a varying
insolation (black sky, clear-sky, overcast sky) and (ii) resulting from ground-based,
airborne, and satellite instrument characteristics and associated satellite retrieval
algorithms. The investigations are based on simulations with the one-dimensional
radiative transfer model SCIATRAN. Relevant uncertainty sources are identified,
corrective schemes are developed or improved, and recommendations are given in
order to increase the accuracy of the sea-ice surface albedo products and to facilitate
their comparison.
Chapter 2 contains the fundamental principles: Relevant radiative and scattering
properties are defined, the Arctic sea ice and its reflection is described, measuring
devices relevant for this work are briefly introduced, and statistical metrics to
quantify the uncertainties are specified. Additionally, the radiative transfer model
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SCIATRAN as well as the model configuration to simulate the reflection of snowcovered sea ice, ice layers, and melt ponds is presented. In Chapter 3, a new
single-scattering property database is implemented in SCIATRAN to simulate the
snow layer reflection reliably. As the simulation is based on the far-field assumption,
the impact of the neglected near-field effects between neighboring ice particles on the
radiative quantities is studied. Finally, the simulations of the snow, ice, and melt
pond reflection is compared with respective ground-based observations to justify the
model set-up. Chapter 4 investigates the impact of the atmosphere and clouds on the
surface reflection quantities of Arctic sea-ice surface types. Chapter 5 examines the
uncertainties in the observed Arctic sea-ice surface reflection quantities, resulting from
instrument characteristics and associated satellite retrieval algorithms. The impact of
Arctic sea-ice surface inhomogeneities is discussed in Chapter 6 and recommendations
are given to constrain the uncertainties analyzed in this work. Additionally, the
impact of the investigated uncertainties on the comparison of the broadband albedo
from satellites and atmospheric reanalysis data will be demonstrated. Conclusions
and outlook are following in Chapter 7.

1.5 Peer-reviewed publications
Parts of this work were published in the three publications:
• Pohl, C., Istomina, L., Tietsche, S., Jäkel, E., Stapf, J., Spreen, G., and
Heygster, G. (2020). Broadband albedo of Arctic sea ice from MERIS optical
data. The Cryosphere, vol. 14(1): pp. 165-182.
• Pohl, C., Rozanov, V. V., Wendisch, M., Spreen, G., and Heygster, G. (2020).
Impact of the near-field effects on radiative transfer simulations of the bidirectional reflectance factor and albedo of a densely packed snow layer. Journal of
Quantitative Spectroscopy and Radiative Transfer, vol. 241: p. 106704.
• Pohl, C., Rozanov, V. V., Mei, L., Burrows, J. P., Heygster, G., and Spreen, G.
(2020). Implementation of an ice crystal single-scattering property database in
the radiative transfer model SCIATRAN. Journal of Quantitative Spectroscopy
and Radiative Transfer, vol. 253: p. 107118.
Their content will be shown in the following without any further reference notification.
This work also contributed to the following publication:
• Mei, L., Rozanov, V. V., Pohl, C., Vountas, M., and Burrows, J. P. (2021):
The retrieval of snow properties from SLSTR Sentinel-3 - Part 1: Method
description and sensitivity study. The Cryosphere, vol. 15(6): pp. 2757-2780.

CHAPTER 2
Fundamentals
2.1 Definitions and physical background
2.1.1 Radiometric quantities
The spectral radiance 𝐿𝜆 is the spectral radiant flux d𝛷𝜆 per wavelength interval d𝜆,
per unit area d𝐴⊥ oriented perpendicularly to the propagation direction, and per
solid angle d𝜔 (Schaepman-Strub et al., 2006):
𝐿𝜆 (𝜃) =

d3 𝛷𝜆 (𝜃)
d3 𝛷𝜆 (𝜃)
=
,
d𝜆 d𝐴⊥ d𝜔
cos 𝜃 d𝜆 d𝐴 d𝜔

(2.1)

and is expressed in the SI units [W m−2 nm−1 sr−1 ]. The zenith angle 𝜃 is defined
between the normal vector of the area element d𝐴 and the direction of propagation.
The spectral irradiance is given by the spectral radiant flux d𝛷𝜆 per wavelength
interval d𝜆 and per unit area d𝐴 (Schaepman-Strub et al., 2006):
𝐸𝜆 (𝜃) =

d2 𝛷𝜆 (𝜃)
,
d𝜆 d𝐴

(2.2)

with the SI units [W m−2 nm−1 ].
Assuming a horizontally oriented, homogeneous, and flat area in a surfaceatmosphere system (Fig. 2.1), the down- and upward spectral irradiance is related to
the spectral radiance by (Nicodemus et al., 1977):
ˆ 2𝜋 ˆ 𝜋
𝐸𝜆,dn (𝜃0 ) = −
𝐿𝜆,i (𝜃i ,𝜙i ,𝜃0 ) cos 𝜃i sin 𝜃i d𝜃i d𝜙i ,
(2.3)
ˆ

0
𝜋/2
2𝜋 ˆ 𝜋/2

𝐸𝜆,up (𝜃0 ) =

𝐿𝜆,r (𝜃r ,𝜙r ,𝜃0 ) cos 𝜃r sin 𝜃r d𝜃r d𝜙r .
0

(2.4)

0

The sun position is defined by the solar zenith angle (SZA) 𝜃0 and the solar azimuth
angle 𝜙0 . The variables 𝜃m and 𝜙m define the zenith and the relative azimuth angle of
the incident (m = i) and reflected (m = r) beam, respectively. The relative azimuth
angle is measured from 𝜙0 . All corresponding angles are illustrated in Figure 2.1.
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Figure 2.1: The irradiation and viewing geometry.

The spectral reflectance of a surface is defined as the ratio of the reflected to the
incident spectral radiant flux (Nicodemus et al., 1977) or accordingly, the ratio of the
reflected (upward) to the incident (downward) irradiance (Schaepman-Strub et al.,
2006). To incorporate the geometry of the incident and reflected beam of radiation
in the description of the surface reflectance, the bidirectional reflectance distribution
function 𝑓𝜆,BRDF (BRDF) has been introduced. It describes the scattering of the
incident irradiance from an infinitesimal solid angle from direction (𝜃i ,𝜙i ) into the
infinitesimal solid angle at direction (𝜃r ,𝜙r ) and is defined as (Nicodemus et al., 1977;
Schaepman-Strub et al., 2006):
𝑓𝜆,BRDF (𝜃r ,𝜙r , 𝜃i ,𝜙i ,𝜃0 ) =

d𝐿𝜆,r (𝜃r ,𝜙r , 𝜃i ,𝜙i ,𝜃0 )
.
d𝐸𝜆,dn (𝜃i ,𝜙i ,𝜃0 )

(2.5)

It is expressed in the SI unit [sr−1 ]. Note that 𝜃0 is additionally added in Equation (2.5)
to account for the SZA dependence of the incident irradiance, and the dependencies
of 𝐿𝜆,r are expanded by (𝜃i ,𝜙i ) for the sake of precision.
Usually, measurements of surface reflectances are specified by the dimensionless
spectral reflectance factor 𝜌𝜆 . It is defined as the spectral radiant flux d𝛷𝜆,r reflected
from the surface normalized by the spectral radiant flux d𝛷id
𝜆,r reflected from an
ideal (lossless) Lambertian surface into the same solid angle. The surface and the
Lambertian surface are irradiated under equal conditions (Nicodemus et al., 1977;
Schaepman-Strub et al., 2006):
d𝛷𝜆,r (𝜃r ,𝜙r ,𝜔r , 𝜃i ,𝜙i ,𝜔i ,𝜃0 )
,
d𝛷id
𝜆,r (𝜃i ,𝜙i ,𝜔i ,𝜃0 )
𝐿𝜆,r (𝜃r ,𝜙r ,𝜔r , 𝜃i ,𝜙i ,𝜔i ,𝜃0 )
=
.
𝐿id
𝜆,r (𝜃i ,𝜙i ,𝜔i ,𝜃0 )

𝜌𝜆 (𝜃r ,𝜙r ,𝜔r , 𝜃i ,𝜙i ,𝜔i ,𝜃0 ) =

(2.6)
(2.7)
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´´
The solid angle is defined as 𝜔m =
sin 𝜃m d𝜃m d𝜙m with subscripts m = i (incident)
and r (reflected). According to the normalization condition, the reflectance factors
can be larger than one for specific directions, especially for strong forward-scattering
surface types as snow and ice (Sect. 2.1.4). The reflectance factor is specified
in dependence of the angular distribution of the incident and reflected radiance,
which are indicated by adding the variables 𝜔i and 𝜔r in Equations (2.6) and (2.7).
Reflectance factors relevant for this work are listed below and illustrated in Figure 2.2
based on the nomenclature given in Schaepman-Strub et al. (2006) and Nicodemus
et al. (1977):
• The term bidirectional reflectance factor (BRF, Fig. 2.2(a)) is used when
the incident and reflected radiance are directional, i. e., the solid angle for
both radiances is infinitesimal (𝜔i = 𝜔r = 0). It is related to the BRDF by
(Schaepman-Strub et al., 2006):
𝜌𝜆 (𝜃r ,𝜙r , 𝜃i ,𝜙i ,𝜃0 ) = 𝜋 · 𝑓𝜆,BRDF (𝜃r ,𝜙r , 𝜃i ,𝜙i ,𝜃0 ) .

(2.8)

Since each measuring device has a finite opening angle, the BRF is a conceptual
quantity and cannot be measured.
• The term hemispherical-directional reflectance factor (HDRF, Fig. 2.2(b))
defines the reflected direct radiance from a surface irradiated by the entire
hemisphere (𝜔i = 2𝜋, 𝜔r = 0). Like the BRF, it is a conceptual quantity.
• The hemispherical-conical reflectance factor (HCRF, Fig. 2.2(c)) describes the
radiance in a cone (0 < 𝜔r < 2𝜋) reflected from a surface, which is irradiated
by the entire hemisphere (𝜔i = 2𝜋). It is a measurable quantity.
• The bihemispherical reflectance factor (BHRF, Fig. 2.2(d)), usually called
albedo, is obtained by considering the incident and reflected radiance in the
entire hemisphere (𝜔i = 𝜔r = 2𝜋). It is a measurable quantity.
The spectral albedo 𝛼𝜆 is related to the reflectance factor 𝜌𝜆 with 𝜔i = 2𝜋 by
(Schaepman-Strub et al., 2006):
1
𝛼𝜆 (𝜃0 ) =
𝜋

ˆ

2𝜋

ˆ

𝜋/2

𝜌𝜆 (𝜃r ,𝜙r ,𝜔r , 𝜃i ,𝜙i ,𝜔i ,𝜃0 ) cos 𝜃r sin 𝜃r d𝜃r d𝜙r .
0

(2.9)

0

Furthermore, the spectral albedo 𝛼𝜆 is related to the irradiance by:
𝛼𝜆 (𝜃0 ) =

𝐸𝜆,up (𝜃0 )
.
𝐸𝜆,dn (𝜃0 )

(2.10)

The shortwave broadband albedo is obtained by spectral integration of 𝛼𝜆 in the wavelength range between 200 nm and 5000 nm (Pedersen and Winther, 2005; Wendisch
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Figure 2.2: Illustration of the reflectance factors adopted from Schaepman-Strub et al.
(2006), with permission from Elsevier: (a): bidirectional (BRF), (b): hemisphericaldirectional (HDRF), (c): hemispherical-conical (HCRF), and (d): bihemispherical
(BHRF). A grey background indicates measurable reflectance factors.

and Yang, 2012):
´
𝐸𝜆,up (𝜃0 ) d𝜆
𝛼bb (𝜃0 ) = ´
=
𝐸𝜆,dn (𝜃0 ) d𝜆

´

𝐸𝜆,up (𝜃0 )
𝐸𝜆,dn (𝜃0 )

𝐸𝜆,dn (𝜃0 ) d𝜆

´

𝛼𝜆 (𝜃0 ) 𝐸𝜆,dn (𝜃0 ) d𝜆
´
.
𝐸𝜆,dn (𝜃0 ) d𝜆
𝐸𝜆,dn (𝜃0 ) d𝜆
(2.11)
The albedo of a surface is defined in dependence of the insolation (Qu et al., 2015):
´

=

• In case of the black-sky or inherent albedo, the surface is irradiated from a
single direction (𝜃i = 𝜃0 , 𝜙i = 𝜙0 ). It can be assumed for a sunlit surface type
without any atmospheric contribution or for surface types irradiated in night
time by a lamp (Sect. 3.3.1).
• The albedo will be called blue-sky albedo when the surface is irradiated by
direct (sun) and diffuse radiation (atmosphere). This includes all surface albedo
measurements under cloud-free conditions (Wang et al., 2018a).
• The white-sky albedo denotes the albedo of a surface irradiated by purely
diffuse radiation, e. g., when the sky is overcast.
Often, the term apparent albedo is used to specify the actual surface albedo in the
field (Karlsson and Svensson, 2013). It equals the blue-sky albedo for clear-skies
and the white sky albedo for overcast skies when the sun is not visible. This term is
advantageous for overcast situations when the cloud is still translucent for the direct
solar radiation.
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Additionally, the term spherical albedo is commonly used to define the ratio of
reflected to incident radiation of the entire Earth and its atmosphere (Mishchenko
et al., 2006).

2.1.2 Radiative scattering properties of particulate media
Particulate media (clouds, snow and ice layers) absorb, scatter, and / or transmit the
incident radiation depending on their particle properties. They are described by a
set of single-scattering properties (e. g., complex refractive index, extinction cross
section, single-scattering albedo, phase function) and optical properties (e. g., optical
thickness, optical depth), which are defined as follows.
In the complex refractive index of a particle 𝑛 = 𝑛′ + i 𝑛′′ , the real part 𝑛′ specifies
the ratio of light velocities out- and inside the particle and describes the degree of
scattering (Perovich, 2017). The imaginary part 𝑛′′ specifies the degree of radiative
absorption within the particle. The spectral variability of both components are
presented in Figure 2.3 for water and ice. The spectral dependence of the imaginary
part is much higher than that of the real part and considerably influences all particle
scattering properties.
The extinction cross section 𝜎ext defines the ratio of the radiant flux removed by
absorption and scattering by a single particle to the incident irradiance. It is the sum
of the absorption 𝜎abs and scattering cross section 𝜎sca (Mishchenko et al., 2006):
𝜎ext (𝜆) = 𝜎abs (𝜆) + 𝜎sca (𝜆) .

(2.12)

All three cross sections have the SI unit [m2 ].

Figure 2.3: Complex refractive index of ice (solid line) and water (dashed line). The
real part is shown in blue, the imaginary part in red.
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The extinction / scattering / absorption efficiency 𝑄m of a single particle is the
ratio between the respective cross section and the geometrical cross section 𝐴proj
(projected area) of the particle (Mishchenko et al., 2006):
𝑄m (𝜆) =

𝜎m (𝜆)
,
𝐴proj

(2.13)

where the index is equal to either m = ext, sca, or abs.
The ratio of the scattering to the extinction cross section defines the singlescattering albedo 𝜔0 (Mishchenko et al., 2006):
𝜔0 (𝜆) =

𝜎sca (𝜆)
.
𝜎ext (𝜆)

(2.14)

This dimensionless parameter describes the probability of radiation scattered by a
single particle with values between 0 (100 % absorption) and 1 (0 % absorption).
The scattering matrix relates the incident to the scattered electromagnetic wave
(four-component Stokes vector) with respect to the scattering plane. In case of
randomly oriented ice crystals, which have a plane of symmetry, the scattering
matrix can be written in the form (Hovenier et al., 1986; Mishchenko et al., 2006):
⎛
⎞
𝐹11 (𝜗, 𝜆) 𝐹12 (𝜗, 𝜆)
0
0
⎜𝐹12 (𝜗, 𝜆) 𝐹22 (𝜗, 𝜆)
⎟
0
0
⎟,
F(𝜗, 𝜆) = ⎜
(2.15)
⎝
0
0
𝐹33 (𝜗, 𝜆) 𝐹34 (𝜗, 𝜆)⎠
0
0
−𝐹34 (𝜗, 𝜆) 𝐹44 (𝜗, 𝜆)
where 𝜗 is the scattering angle between the incident and the scattered beam (Fig. 2.1).
Its first element 𝐹11 (𝜗, 𝜆), the phase function, specifies the probability of the radiance
from direction (𝜃i ,𝜙i ) being scattered into the direction (𝜃r ,𝜙r ). The phase function
is defined as (Mishchenko et al., 2006):
𝐹11 (𝜗, 𝜆) = 𝑝(𝜗, 𝜆) =

4𝜋 d𝜎sca (𝜆)
.
𝜎sca (𝜆) d𝜔

(2.16)

The differential scattering cross section d𝜎d𝜔sca describes the angular distribution of
the scattered radiation. The phase function satisfies the normalization condition
(Mishchenko et al., 2006):
ˆ
1 𝜋
𝑝(𝜗,𝜆) sin 𝜗 d𝜗 = 1 .
(2.17)
2 0
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The asymmetry parameter 𝑔 of the phase function (Mishchenko, 1994):
ˆ
1 𝜋
𝑔(𝜆) =
𝑝(𝜗, 𝜆) sin 𝜗 cos 𝜗 d𝜗
2 0

(2.18)

characterizes the degree of anisotropy of the single-scattering. It is positive when
the particle scatters more radiation into forward than into backward directions, and
it is negative when backward scattering is stronger.
To obtain the optical properties for a particulate medium, the single-scattering
properties of a single particle are weighted by the particle size distribution d𝑁
(𝐷) of
d𝐷
the medium, with 𝑁 as the particle concentration of the particle maximum dimension
𝐷 per unit volume. The spectral volumetric extinction / scattering / absorption
coefficient 𝑘m is defined as (Rozanov et al., 2014):
ˆ
d𝑁 ′
(𝐷 ) d𝐷′ ,
(2.19)
𝑘m (𝜆) = 𝜎m (𝜆,𝐷′ )
d𝐷
with m = ext, sca, or abs. The SI unit is [m−1 ].
The vertical integration of the spectral extinction coefficient defines the spectral
optical thickness of a medium (Rozanov et al., 2014):
ˆ 𝑧2
𝜏 (𝜆, 𝑧) =
𝑘ext (𝜆, 𝑧 ′ ) d𝑧 ′ .
(2.20)
𝑧1

2.1.3 The Arctic sea ice and its seasonal development
The Arctic sea ice mainly consists of ice, brine inclusions, and air bubbles and can be
contaminated by sediments from the atmosphere or organic matter from sea water
(Fig. 2.4(e)). The brine pocket sizes are in the order of tenths of millimeters, and
the air bubbles sizes are in the millimeter range (Perovich and Gow, 1996). The sea
ice is usually covered by snow during winter and spring, and by melt ponds during
the Arctic summer (Fig. 2.4). Wind- and ocean-current-induced convergence forms
ridges and hummocks, while divergence breaks up the sea ice and forms leads. The
monthly mean lead fraction in the central Arctic ranges from 0.02 in winter to 0.06
in summer (Lindsay and Rothrock, 1995). The sea ice is classified in multi-year ice,
which has survived at least one melting season, and first-year ice developed in the
last refreezing period. Typically, first-year ice is up to 2 m thick and characterized
by seasonal ice of flat topography, whereas multi-year ice has a thickness of 2 m to
4 m and exhibits a much more ragged surface (Maslanik et al., 2007; Rösel, 2013).
Analogous to Perovich (2017), the seasonal development of the sea-ice surface can
be described in five distinct phases: (dry) snow, melting snow, melt pond formation,
melt pond evolution, and fall freeze-up. In winter and spring, 90 % of the sea ice is
covered by snow (Sturm et al., 2002) with depths ranging from almost zero to several
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Figure 2.4: Typical Arctic sea-ice surface types: (a) fine grained snow with sastrugi
in the front and ripples in the background, (b) melting bare ice, (c) light blue melt
pond, (d) ice grains of a granular layer, (e) Algae aggregates in a frozen melt pond, (f)
dark melt pond. Photos: L. Istomina and C. Pohl.

meters in the lee of ridges (Rösel, 2013). Typical snow covers are fresh and recent
snow, fine-grained snow (Fig. 2.4(a)), wind slab, layers including faceted grains,
e. g., depth hoar, and icy layers. They are described in detail in the international
classification of snow on the ground (Colbeck et al., 1990; Fierz et al., 2008). The
smallest snow grains with 50 µm diameter can be found in fresh snow layers (Warren,
1982). These grains are growing separately or in clusters due to snow aggregation and
metamorphism. The grains feature sizes of 1 mm to 1.5 mm at pre-melting conditions
(Warren, 1982) and even sizes of up to 10 mm in depth hoar (Sturm and Massom,
2010).
The snow grain shapes of fresh snow are typically plates, dendrites, columns,
needles, or ice pellets. The grains break into fragments due to wind and gravitational
effects. Additionally, thermal effects round the particles, form complex clusters
or create faceted crystalline grains (Sturm and Massom, 2010). The snow density
ranges from 10 kg/m3 for fresh snow to 760 kg/m3 for icy layers (Sturm and Massom,
2010). Snow layers are commonly vertically inhomogeneous, as each sub-layer has
experienced different environmental conditions and followed an individual metamorphic process. The snow grain size usually increases with snow depth (Grenfell
et al., 1994). Within the snow layer, the typical black carbon content ranges from
1 ng/g to 34 ng/g depending on the season and distance to BC sources, e. g., forest
fires, industrial activities, and traffic-related emissions (Doherty et al., 2010; Donth
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et al., 2020). The snow surface can be either flat or roughened by wind erosion and
snow melt, forming ripples (< 2 cm amplitude), sastrugi (< 0.5 m), both shown in
Figure 2.4(a), or dunes (< 2.5 m) (Filhol and Sturm, 2015).
The snow cover starts to melt in spring (April, May) depending on the absorbed
solar energy and air temperature. The snow layer becomes wet and the snow grains
are growing and forming clusters of sizes up to 10 mm (Fig. 2.4(d)) (Sturm and
Massom, 2010; Warren, 1982). Their shape becomes more rounded. In slush ice,
which has a liquid water content of more than 15 %, the grains are oblate ellipsoids.
Short intermediate freezing periods generate polycrystalline particles and bonded iceparticle clusters (Sturm and Massom, 2010). The melting process depends strongly
on the snow depth and can deplete the snow cover in less than 20 days (Sturm and
Massom, 2010). In the central Arctic, the snow covers usually disappear until end of
June (Fetterer and Untersteiner, 1998).
Melt water accumulates in surface depressions, forming melt ponds (Fig. 2.4(c,f)).
Their formation usually starts in mid-June. During Arctic summer, they grow in
size and depth depending on the energy absorbed within the surface, the amount
of available melt water from the snow cover, and the sea-ice surface topography
(Fetterer and Untersteiner, 1998; Perovich, 2017). Multi-year ice with its much more
rough topography hosts smaller, deeper, and more numerous melt ponds than the
flat first-year ice. In summer, 50 % to 60 % of the total sea-ice area is covered by
melt ponds (Eicken et al., 2004; Fetterer and Untersteiner, 1998). The melt pond
fraction can increase up to 90 % on first-year ice (Perovich et al., 2011). The melt
pond water is almost salt-free. Thus, the surface water warmed by the sun has a
higher density, sinks down, and melts the ice at the melt pond bottom. The melting
process is enhanced by wind-induced water mixing and solar radiation absorbed in
the underlying ice. Until late summer, the pond can melt down its underlying ice
and drain to the ocean (Eicken et al., 2002; Fetterer and Untersteiner, 1998).
At sea-ice surface elevations where the snow cover has been melted and melt
water has drained off, the solar radiation deteriorates the upper layer of the ice
creating a surface granular layer of a few centimeters depth. The layer looks like
metamorphosed snow, but it is composed of ice grains with sizes in the millimeter
range (Fig. 2.4(b)). High scattering layers are called white ice and can be optically
treated like snow, a more general nomenclature of this sea-ice surface scattering layer
is bare ice (Malinka et al., 2016; Perovich, 2017; Shokr and Sinha, 1994). The sea
ice in summer features a higher brine volume as well as larger brine pockets and air
bubbles due to coalescence (Perovich, 1991).
Between mid-August and early September, the freezing period starts, as the air
temperature drops below the freezing point and the surface insolation is reduced.
The sea ice cools down and starts to grow. The brine volume decreases. New ice
forms in open water and at melt pond surfaces. After some time, the melt ponds are
completely frozen (Fig. 2.4(e)). The melt pond fraction decreases down to zero and

18

Chapter 2 Fundamentals

Figure 2.5: Measured broadband albedo values of sea ice and open water (Perovich,
1996).

snow covers the Arctic sea ice again after snow precipitation events (Perovich, 1991;
Rösel, 2013).

2.1.4 Optical properties of sea ice
Each Arctic sea-ice surface type (snow cover, ice layer, melt pond) or open water
surface (lead) features different optical properties depending on the physical structure
of the surface. The broadband albedo varies from 0.05 − 0.15 for leads (Pegau and
Paulson, 2001), over 0.1 − 0.5 for melt ponds and 0.5 − 0.7 for bare and white ice to
0.75−0.9 for snow covers (Perovich, 1996; Perovich, 2017). Figure 2.5 summarizes the
albedo of several sea-ice types and conditions. Even a thin snow cover significantly
increases the sea-ice albedo, while melting processes reduce the snow albedo by about
0.1. The bare ice albedo is almost constant during the melting season (Perovich,
2017). Without the scattering layer, the sea ice is called blue ice, which has an
albedo of about 0.3 − 0.45 depending on the number of air and brine inclusions.
The albedo of snow-covered first-year and multi-year ice is practically the same
because the optically thick snow layer makes the albedo independent of the substrate
(see optical thickness and penetration depth dependence). In contrast, the albedo
of ice layers and melt ponds is smaller for first-year ice because the underlying ice
is thinner. During melt pond formation, the large-scale average albedo of first-year
ice decreases faster because the flat sea-ice surface topography promotes larger melt
ponds. During the freeze-up phase, the albedo of fist-year ice increases slower because
the freezing starts from open water (Perovich, 2017).
Wavelength dependence According to Figure 2.6(a), the sea-ice surface albedo
depends strongly on the wavelength with higher values in the visible range (380 −
780 nm, VIS) and lower values in the near-infrared (780 − 3000 nm, NIR). Only
for open water, i. e., leads, the spectral albedo is almost constant at 0.06 − 0.09
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Figure 2.6: (a) Measured spectral surface albedo of Arctic sea ice covered by snow,
ice, and melt ponds (Polashenski, 2011) and open water (Wendisch et al., 2019). Snow,
ice, and melt pond albedo were measured by a ground-based spectrometer on landfast
ice close to Utqiaġvik (formerly known as Barrow until 2016), AK, USA, in the first
half of June 2008. Open water albedo is a 5 min average measured by the aircraft
Polar 5 close to Ny Ålesund, Svalbard (79.4 ° N, 9.9 ° E), on 31 May 2017. The ice and
melt pond albedo were measured under clear-sky, the snow and open water albedo
under overcast sky conditions. More details can be found in Section 5.6. (b) Spectral
sensitivity of the reflected radiance to changes in the particle size within a snow layer
simulated by the radiative transfer model SCIATRAN (Sect. 2.2).

and characterized by the specular reflection of the water surface, i. e., the Fresnel
reflection (Pegau and Paulson, 2001; Perovich, 1996; Perovich, 2017).
In VIS, the spectral albedo of snow can be greater than 0.9. Bare ice surface types
can offer smaller values because of the darker sea-ice surface underneath. The melt
pond albedo at 𝜆 < 500 nm is mainly characterized by the underlying ice. At longer
wavelengths, the water absorption becomes more dominant. The spectral albedo
peak of melt ponds can range between 0.15 and 0.55 depending on the ice scattering
layer and the melt pond depth (Perovich, 2017) (Fig. 2.7). In NIR, the snow and ice
spectral albedo feature two local minima at 𝜆 = 1500 and 2000 nm according to the
maxima in the imaginary part of the refractive index (Fig. 2.3). The spectral albedo
at 𝜆 > 1000 nm is constant for melt ponds and open water (Figs. 2.6(a) and 2.7), as
the albedo is mainly determined by the Fresnel reflection.
Directional dependence Snow and ice particles are strong forward scatterers, whereas
side and backscattering is small (see, e. g., Fig. 3.3). Thus, the angular dependent
reflectance distribution of snow and ice surface types is slightly bowl-shaped with
a distinct forward-scattering peak at 𝜙r = 180 ° as shown in Figure 2.8(b,d,f). The
backscattering (𝜙r = 0 °) is either slightly enhanced or diminished depending on the
particle size and shape (Peltoniemi et al., 2005; Perovich, 2017). This anisotropic
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Figure 2.7: Spectral albedo of a melt pond in dependence of the geometrical thickness
𝐻 or optical thickness 𝜏 of the subjacent ice-layer (a) and the melt pond depth 𝑧
(b) simulated by SCIATRAN. The transport scattering coefficient (Eq. (2.53)) of the
ice layer is 1 m−1 . The SZA is 60 °. The model and simulation set-up is described in
Section 2.2.

distribution is stronger for longer wavelengths (not shown). There, the absorption
of snow and ice is higher than in VIS (Fig. 2.3), which strengthens the low-orderscattering against the multiple-scattering in the ice particulate medium, i. e., in
the snow or ice layer. In that case, the single-scattering phase function with the
strong forward-scattering peak (see Fig. 3.3) becomes more noticeable in the resulting
reflectance pattern (Aoki et al., 2000). The reflectance distribution of melt ponds
and leads can be considered as isotropic plus a distinct peak in the direction of the
specular reflection of the direct solar beam (not shown).
Solar zenith angle dependence The anisotropy of the snow and ice reflectance gets
stronger for larger SZAs (Fig. 2.8(b)). When a photon enters the ice particulate
medium from a larger incident angle, the chance to be reflected in the upper layers
is higher. Thus, it is easier for photons to leave the medium with only one singlescattering event (Warren, 1982). As a result, the reflectance forward-scattering peak
at 𝜙r = 180 ° of snow and ice layers is broader and higher and, consequently, the
spectral albedo increases for larger SZAs (Fig. 2.8(a)). The effects are stronger with
longer wavelengths. It should be noted that, a dependence of the VIS spectral albedo
on the SZA cannot be seen in Figure 2.8(a) because the albedo is already at one.
The VIS spectral albedo of darker sea-ice surface types, e. g., ice layers (Fig. 2.8(e)),
will also increase slightly for larger SZAs. For melt ponds and leads, the Fresnel
reflection increases with larger SZAs and, thus, enhances the spectral albedo (not
shown).
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Figure 2.8: Spectral albedo (a,c,e) and reflectance factor in the principal plane
at 𝜆 = 1000 nm (b,d) and 𝜆 = 500 nm (f) for a homogeneous snow layer composed
of monodisperse hollow columns (a-d) and an ice layer composed of 4000 µm large
particles (e-f) simulated by SCIATRAN. (a,b): Dependence of the SZA at particle
maximum dimension of 100 µm. (c,d): Dependence of the particle size at SZA of 60 °.
(e,f): Dependence of the optical thickness at SZA of 60 °. The model and simulation
set-up is described in Section 2.2.
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Particle size dependence The size of snow or ice particles affects particularly the
spectral albedo and reflectance in the NIR region (Fig. 2.8(c,d)). As grains become
larger, the path length of a photon transmitting through a particle increases and,
therefore, the absorption. The spectral albedo and reflectance in NIR drop down
and the forward-scattering peak at 𝜙r = 180 ° becomes stronger and narrower. The
grain size dependency is marginal in VIS because ice, and thus also snow, is nearly
transparent there (Fig. 2.3).
Particle shape dependence The shape of a snow or ice grain has a strong impact
on its phase function (Eq. (2.16)) and, thus, influences the reflectance distribution
and the albedo of an ice particulate medium (Jin et al., 2008). It is complicated to
determine the sole influence of the particle shape on the reflection properties because
a change in the shape is strongly coupled with a change in the particle size. Different
shapes can produce the same spectral albedo when the particle sizes are adjusted
(Sect. 3.3). Under these conditions, each shape may offer an individual reflectance
pattern (Figs. 3.7-3.10): The forward-scattering peak is stronger for needle-like
particles as occurring in fresh snow than for more rounded grains in old and melting
snow (Peltoniemi et al., 2005). Particles which are more roundish or irregular (e. g.,
aggregates) attenuate the forward-scattering peak and enhance the reflection into
nadir and backscattering directions (Peltoniemi, 2007; Peltoniemi et al., 2005).
Optical thickness dependence Snow layers of a few decimeters geometrical thickness
are optically infinite (Malinka et al., 2016) due to the snow grain absorption and
scattering properties (Fig. 2.3) and snow grain sizes usually smaller than 1 µm
(Sect. 2.1.3). In contrast, ice layers feature particles usually larger than 1 µm
(Malinka et al., 2016) and the radiation can therefore penetrate deeper into the ice
layer. The optical thickness of the medium decreases depending on its extinction
coefficient and geometrical thickness (Eq. (2.20)) (Malinka et al., 2016).
A lower optical thickness increases the probability that photons are absorbed
within the medium. This reduces the spectral albedo as can be seen in Figures 2.7(a)
and 2.8(e). Additionally, it increases the probability that a photon escapes from the
scattering medium by a single-scattering event. That results in a stronger anisotropic
reflectance distribution as shown in Figure 2.8(f) according to the shape of the singlescattering phase function (see Fig. 3.3). The dependence on the optical thickness
decreases towards longer wavelengths because of the strong ice absorption (Fig. 2.3),
which prevents a significant penetration of the radiation into the ice layer.
Penetration depth dependence Closely related to the optical thickness is the radiative
penetration depth. The latter varies on the millimeter to centimeter scale for snow
and white ice layers (Warren, 1982), on a decimeter scale for bare and blue ice, and
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on a meter scale for water. That means, even a thin snow layer of a few decimeters
geometrical thickness makes the reflective properties independent of the substrate
(Malinka et al., 2016). The albedo and reflectance of thin ice layers (e. g. young ice)
depend on the ice geometrical thickness. Melt pond reflection properties are defined
by the melt pond depth as well as on the geometrical thickness of the underlying
ice layer as shown in Figure 2.7 (Perovich, 2017). For all media, the penetration
depth depends on the incident angle as well as on scatterers and absorbers within
the medium. These are snow and ice particles as well as impurities in snow layers
and white ice, bubbles and brines in bare and blue ice, and suspended particles in
water.
Additionally, photons of shorter wavelengths penetrate deeper into a medium
because the absorption is lower. This effect is illustrated in Figure 2.6(b) as the
normalised derivative of the radiance with respect to the grain size within a snow
layer. It is specified as the sensitivity of the reflected normalised radiance to relative
changes in the particle size. The simulation has been performed with SCIATRAN
(Sect. 2.2) for a vertically homogeneous snow layer composed of hexagonal plates
with a maximum dimension of 1000 µm (Yang et al., 2013). The setting is described
in detail in Section 2.2.3. The sensitivity is mainly negative because larger particles
reduce the reflected radiance (see particle size dependence). Its negative peak is
deeper in the snow layer for shorter wavelengths confirming the statement given
above.
Conversely, for inhomogeneous snow layers where the grain size increases with
depth, the spectral albedo and reflectance is mainly determined by larger particles
at shorter wavelengths and by smaller particles at longer wavelengths. This effect is
utilized in Section 2.2.3 to easily simulate an inhomogeneous snow layer.
Dependence on snow and ice wetness Ice and water have similar refractive indices
(Fig. 2.3) such that a wetting of an ice particulate medium has less effects on its
reflective properties (Warren, 1982). However, the wetness has two indirect effects.
Firstly, radiative refraction at snow or ice particles within an ice particulate medium
is rather performed at ice-water interfaces than at ice-air interfaces. This modifies
the relation of the refractive indices of both adjacent media and, therefore, the degree
of scattering at the interface according to the Snell’s law (Born and Wolf, 1986).
Secondly, wetness leads to snow and ice grain growth and cluster formation. This
dampens the reflectance and albedo in NIR according to the particle size dependence
(Sturm and Massom, 2010, and references therein).
Impurity dependence Impurities in Arctic sea-ice surface types, e. g., black carbon
from the atmosphere or organic matter from the seawater, reduce the VIS albedo.
Effects in the NIR are marginal. The higher probability of absorption strengthens the
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low-order scattering within the surface. Thus, the reflectance in near-nadir directions
decreases and the forward-scattering gets more pronounced (Warren, 2013). The
reduction depends on the amount of impurities and their spectral optical properties,
as well as on the snow and ice grain size (Aoki et al., 2020).
Dependence on surface roughness Macroscopic surface roughness of ice and snow
layers alters the albedo and the reflectance distribution of the surface for two reasons.
Firstly, tilted areas change their irradiation geometry relative to flat surfaces. Sun
facing areas experience a local SZA decrease, while the areas at the far side of the sun
suffer a local SZA increase or even shading effects. Secondly, photons transmitted
through a sastruga have chances to be absorbed by the neighbouring sastruga. Thus,
the radiation is trapped within the crevasses. Both effects depend on the wavelength
and the SZA, size and slope of the roughness features, as well as on their orientation
relative to the sun position (Kuchiki et al., 2011; Larue et al., 2020; Lhermitte et al.,
2014; Warren et al., 1998). The strongest impact of the surface roughness is found
when its orientation is perpendicular to the solar beam direction, for a large SZA,
and in the NIR region.
The roughness features reduce the forward-scattering peak and enhance the scattering into side or backscattering directions, depending on the relief orientation
(Kuchiki et al., 2011; Warren et al., 1998). The strongest effects occur at largest
viewing zenith angles (VZAs), while reflectances at VZAs smaller than 𝜃r = 50 °
remain almost unaffected (Warren et al., 1998). Consequentially, the spectral albedo
drops down. The albedo of sastrugi perpendicular to the solar beam is 0.02 lower
than for parallel oriented sastrugi (Warren et al., 1998).
Wind roughened water surfaces feature randomly oriented facets with individual
specular reflection directions (Cox and Munk, 1954). Thus, the peak in the reflectance
distribution becomes lower and broader and the spectral albedo decreases (Katsaros
et al., 1985).
It should be noted that the effects of surface roughness on the apparent albedo
and reflectance are only significant in case of direct irradiation of the surface. Its
impact almost disappears under completely diffuse irradiation, e. g., when the sky is
overcast (Warren et al., 1998).
In summary, the broadband albedo of Arctic sea-ice surface types and ocean
ranges from 0.05 (leads) to almost 1.0 (snow-covered sea ice, white ice). The surface
reflection depends strongly on the wavelength, the incident and reflection angle. The
VIS spectral albedo is mainly influenced by the surface optical thickness and the
melt pond depth, and less by impurities inside the medium. The NIR spectral albedo
is mainly influenced by the snow and ice grain size. Specular reflections of melt
ponds and leads strongly modify the spectral albedo according to the incident angle
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whereas surface roughness is of less importance. The reflectance factor also depends
strongly on the snow and ice grain shape as well as on the surface roughness.
These dependencies result in three facts: Firstly, the above-mentioned physical
properties of the sea-ice surface must be taken into account when simulating its
reflection quantities with the RT model SCIATRAN (Sect. 2.2). Since SCIATRAN is
a one-dimensional model, the surface roughness cannot be considered but its influence
on albedo measurements is discussed in Section 6.2.3. Secondly, the dependence
of the surface reflection on the SZA also implies a dependence on the atmospheric
optical thickness and presence of clouds. Both quantities change the spectral sky
radiance distribution and, therefore, the incident angle of radiances penetrating
(hitting) the surface. This effect is investigated in Chapter 4. Thirdly, the strongly
varying anisotropic and spectral reflection distribution of Arctic sea-ice surface types
complicates the accurate estimation of the surface albedo from satellite observations
because most satellite instruments detect the reflectance only in a single direction and
within a few spectral bands (Sect. 2.1.5.3). An albedo retrieval algorithm is required
which introduces uncertainties in the retrieved albedo product. The uncertainties
are estimated in Chapter 5.

2.1.5 Measurement instruments and uncertainties
Different devices measure the radiation field in the Earth-atmosphere system to
obtain the reflectance and albedo of the surface. While radiometers detect the
radiation within a certain waveband, spectrometers detect the spectrally dependent
radiation based on the spectral resolution of the system. The type of entrance optics
determines the opening angle of the instrument, i. e., the solid angle from which the
radiation will be detected. The most important measurement instruments whose
data are used and which will be referred to in this work are presented below.
2.1.5.1 Ground-based instruments
FIGIFIGO The Finnish Geodetic Institute Field Goniospectrometer (FIGIFIGO)
measures the reflected radiance in the spectral range of 350 − 2500 nm. The main
component is an Analytical Spectral Devices (ASD, Boulder, CO, USA) FieldSpec
Pro FR spectrometer connected via an optical fiber to a variable fore optics, which
is mounted on a motor-driven rotatable arm. A computer controlled fine tune mirror
system directs the reflected radiation from the surface sample towards the optics.
Two built-in laser pointers mark the sampling target point. Optionally, a set of
polarizing optics using a calcite Glan-Thomson prism can be installed to measure
linearly polarized radiation.
The arm is rotatable automatically in zenith directions between ± 90 °. The mirror
system stabilizes the position of the sampling point within an accuracy of 2 cm
(Peltoniemi et al., 2014). The sample footprint has a diameter of 3 − 30 cm depending
the arm length, which is adjustable between 155 cm and 265 cm, the opening angle
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of the optics of 3 °, and the viewing zenith angle proportional to 1/ cos(𝜃r ). The
sun position is determined by GPS coordination and time. The viewing geometry is
read by an inclinometer and an electronic compass. Since 2009, the relative azimuth
angle is retrieved by an all-sky camera fixed in FIGIFIGO. The uncertainty of angle
registration is between 1 ° and 3 ° (Peltoniemi et al., 2014).
The maximum sampling zenith angle of FIGIFIGO is between 60 ° and 80 °. While
recording, the arm rotates continuously by 5 − 10 °/s so that measurements are not
from single directions but from VZA intervals up to 1 ° due to the spectrometer
integration time. The zenith angle sampling is between 1 ° and 5 °. For measuring in
different azimuth angles, FIGIFIGO has to be turned manually (Suomalainen et al.,
2009).
French spectrogonio-radiometer The spectrogonio-radiometer developed at the Laboratoire de Planétologie de Grenoble, France, measures the reflected radiance between
310 nm and 4800 nm and is described in detail in Brissaud et al. (2004). It has three
rotational axes: an irradiation and an observation arm, carrying a reflector and an
optics system, respectively, and a rotational stage on which the measurement sample
is established. The sample surface is located in the intersection point of the three axes.
Different irradiation and observation angles can be obtained by zenithal rotation of
the arms in the range between 0 ° and 90 ° and the azimuthal rotation of the sample
between 0 ° and 180 °. All rotational axes are driven by stepper motors with 0.001 °
increments and a rotation speed of 2 °/s. The radiation from a 250 W quartz tungsten
halogen lamp is channelled through a monochromator (ORIEL MS257) and directed
to the reflector, which irradiates the sample surface with parallel monochromatic
radiation from a distance of 1 m. The radiance reflected from the sample surface
is detected by a silicon photodiode in the visible range (185 − 1200 nm) and an
indium-antimonide photovoltaic detector in the infrared range (800 − 5200 nm). Both
detectors are installed on the observation arm at a distance of 0.7 m from the sample
and have an opening angle of 4.1 °.
CM-14 albedometer The CM-14 albedometer manufactured by Kipp&Zonen is based
on two opposing CM-11 pyranometers. Each instrument measures the hemispherically
and spectrally integrated irradiance in the waveband 300 − 3000 nm based on a
thermopile. The 95 % response time to changes in the irradiance is less than 15 s. A
quartz dome mounted above each sensor protects the latter from thermal convection
and has to be kept clean from ice and rime. The output is read either manually by a
voltmeter or with a Campbell CR10 Datalogger. The uncertainty of such instruments
is stated by the manufacturer to be 3 % for stationary operation (Polashenski, 2011,
www.kippzonen.com, accessed on 9.5.2021).
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FieldSpec3 spectrometer The ASD spectrometer ‘FieldSpec3’ has been equipped
with a diffuse cosine collector to measure the hemispherically integrated irradiance
between 350 nm and 2500 nm. The spectral resolution is between 3 nm and 10 nm.
The spectrometer consists of a 512 channel silicon photodiode array for wavelengths
below 1000 nm and two graded index indium-gallium-arsenide photodiodes for longer
wavelengths. The data are recorded on a wire-connected laptop. Its accuracy was
not specified (Polashenski, 2011, https://fsf.nerc.ac.uk/, accessed on 9.5.2021).
RAMSES ACC-2 The RAMSES ACC-2 (Advanced Cosine Collector) VIS hyperspectral irradiance sensor manufactured by TriOS Mess- und Datentechnik GmbH,
Oldenburg, Germany, has been employed by the Alfred Wegener Institute, Helmholtz
Centre for Polar and Marine Research (AWI), in several Arctic campaigns (e. g.,
Nicolaus et al., 2012) for almost two decades (Nicolaus et al., 2010b). It detects
the irradiance of the hemisphere above the sensor between 320 nm and 950 nm in a
spectral resolution of 3.3 nm on average. The uncertainty in the detected irradiance
is less than 5 % for all wavelengths. The entrance optics consists of a cosine collector
made from synthetic fused silica and, in contrast to pyranometers, is not sealed with
any dome. It is connected with a Monolithic Miniature Spectrometer (Carl Zeiss
MicroImaging GmbH, Jena, Germany) via an optical fiber. There, the radiation
is spectrally separated by a holographic grating and is detected by a 256 channel
photodiode array. The data are recorded by a 4 channel data storage and power data
logger. Two opposing RAMSES sensors are mounted on a pole to detect the up- and
downward spectral irradiance. The measurement integration time is automatically
adjusted according to the prevailing insolation and is between 4 ms and 8192 ms.
2.1.5.2 Airborne instruments
CMP-22 pyranometers The CMP-22 pyranometer manufactured by Kipp&Zonen
has a similar design to the CM-11 pyranometer (see above). It measures the
hemispherically and spectrally integrated irradiance in the waveband 200 − 3600 nm
with a 95 % response time of less than 5 s. Measurements used in this work originate
from two CMP-22 pyranometers mounted on top and bottom of the aircraft fuselage,
which measure the down- and upward broadband irradiance at flight altitudes around
100 m. The uncertainty of such instruments is stated by the manufacturer to be 3 %
for stationary operation (Ehrlich et al., 2019).
SMART albedometer The SMART (Spectral Modular Airborne Radiation Measurement System) albedometer measures the up- and downward spectral radiance and
irradiance (350 − 2200 nm) from an aircraft as described in, e. g., Bierwirth et al.
(2009), Ehrlich et al. (2008), and Wendisch et al. (2001). The system has been
developed at the Leibniz-Institute for Tropospheric Research, Leipzig, Germany.
The two entrance optics for irradiance measurements are Spectralon® integrating
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spheres sealed with a quartz dome. One of each entrance optics is mounted on top
and bottom of the fuselage. They are actively stabilized in a horizontal position to
compensate for inclinations of the aircraft (Wendisch et al., 2001). The accuracy
is better than ±0.2 ° at pitch and roll angles of up to ±6 ° (Bierwirth et al., 2009).
The collected radiation is directed via optical fibers to a MultiChannel spectrometer (MCS) covering the spectral range of 290 − 1000 nm and to a Plain-Grating
Spectrometer (PGS) covering the wavelength range of 900 − 2200 nm with a spectral resolution of 2 − 3 nm and 9 − 16 nm, respectively. The spectrally separated
radiation is detected by a 1024 channel silicon photodiode array, in case of MCS,
and a 256 channel indium-gallium-arsenide photodiode array, in case of PGS. For
typical measurements above snow-covered sea ice, the uncertainty of the measured
SMART irradiances is between 6 % at wavelengths below 1000 nm and 10 % at longer
wavelengths (Bierwirth et al., 2009; Ehrlich et al., 2019). The temporal sampling is
around 2 Hz.
2.1.5.3 Satellite instruments
Imaging spectrometers aboard satellite platforms detect the TOA reflectance in
several spectral bands (channels), which are selected according to the requirements of
the user community. The satellite instrument consists of an afocal telescope, which
directs the collected radiation to a spectrometer. The spectral separated radiation is
subsequently detected by a sensor, e. g., a charge-coupled device (CCD). An aboard
calibration system, e. g., a solar diffuser, performs high-precision calibration of the
satellite sensor after post-launch. The instruments are classified in whisk broom and
push broom scanners. The former use a continuously rotating (double-sided) mirror
in front of the telescope to sample the radiation in the across track direction with a
single detector while the satellite motion provides the scanning in the along track
direction. Push broom scanners use an array of detectors arranged perpendicular to
the flight direction instead. The set-up and orbit of a satellite instrument specify
the spectral and spatiotemporal resolution of the detected TOA reflectances, as well
as their irradiation and viewing geometry.
This work mainly considers the four medium resolution imaging spectrometers
MODIS aboard Terra and Aqua (Xiong et al., 2018), AVHRR aboard NOAA POES
satellites (Key et al., 2016; Xiong et al., 2018), MERIS aboard ENVISAT (Bourg
and Delwart, 2006, https : / / ladsweb . modaps . eosdis . nasa . gov/, accessed
on 9.5.2021), and OLCI aboard Sentinel-3 (https://sentinels.copernicus.eu,
accessed on 9.5.2021), as well as the high resolution imaging spectrometer MSI aboard
Sentinel-2 (https://sentinel.esa.int, accessed on 9.5.2021). Their characteristics
are summarized in Table 2.1. The satellites operate on a polar, sun-synchronous
orbit with flight altitudes between 705 km (Terra, Aqua) and 860 km (NOAA POES).
The equatorial crossing local times (LTs) are at 10:00 for ENVISAT and Sentinel-3,
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Table 2.1: Instrument characteristics of MODIS, AVHRR, MERIS, OLCI, and MSI.
MODIS

AVHRR

MERIS

OLCI

MSI

Platform

Terra, Aqua

NOAA POES

ENVISAT

Sentinel-3

Sentinel-2a

Flight altitude

705 km

820 − 860 km

790 km

814.5 km

786 km

Polar orbit

sun-synchronous

sun-synchronous

sun-synchronous

sun-synchronous

sun-synchronous

Equatorial crossing
time (LT)

10:30, 13:30

7:30, 13:30

10:00

10:00

10:30

Scanner method

whisk broom

whisk broom

push broom

push broom

push broom

Swath width

2330 km

2600 km

1150 km

1270 km

290 km

FOV

±55 °

±55.4 °

68 °

68.5 °

20.6 °

Spatial resolution
(nadir)

250 − 1000 m

1100 m

260 m

300 m

10 − 60 m

iFOV

0.02 − 0.08 °

0.08 °

0.02 °

0.02 °

0.001 − 0.004 °

Global coverage

< 2 days

twice daily

3 days

< 3 days

10 days

Spectral bands

36

4−6

15

21

13

Spectral range

400 − 14400 nm

550 − 12500 nm

390 − 1040 nm

390 − 1025 nm

433 − 2286 nm

Accuracy

2 − 5%

5%

< 2%

2%

< 5%

10:30 for Terra and Sentinel-2, and 13:30 for Aqua. The primary orbits of NOAA
POES satellites offer equatorial crossing times of 7:30 and 13:30 (Xiong et al., 2018).
MODIS is a whisk-broom scanner covering a swath width of 2330 km with a field
of view (FOV) of ±55 °, which allows a global coverage in less than two days. It
detects the radiation in 36 spectral bands in the wavelength range of 400 − 14400 nm.
The spatial resolution at nadir is 250 m (bands 1-2), 500 m (bands 3-7), and 1000 m
(bands 8-36) corresponding to an instantaneous field of view (iFOV) of 0.02 °, 0.04 °,
and 0.08 °, respectively. The measurement accuracy is better than 5 % (Xiong et al.,
2018).
AVHRR uses the whisk-broom method as well. It offers a swath width of 2600 km
(FOV of ±55.4 °) and a spatial resolution of 1100 m at nadir at a flight altitude
of 833 km (iFOV of 0.08 °). The global coverage is twice daily. Depending on the
instrument, the AVHRR offers four to six spectral channels in the spectral range
between 550 nm and 12500 nm. The radiometric accuracy is about 5 % (Schmidt
et al., 2008, and references therein).
MERIS includes five CCDs side by side to scan the Earth’s surface within three
days in a push-broom mode. The swath width is 1150 km (FOV of 68 °). The spatial
resolution at nadir is 260 m (iFOV of 0.02 °). The radiation is detected by 15 spectral
bands covering the wavelength range of 390 − 1040 nm and features an accuracy of
less than 2 %.
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The push broom scanner OLCI also offers five in-line CCDs, but they are tilted
by 12.2 ° in westerly direction to mitigate sun-glint. Thus, it features a swath width
of 1270 km (FOV of 68.5 °) with a maximum observation zenith angle of 55 °. The
global coverage is provided in less than three days. The observations in 21 spectral
bands ranging from 390 nm to 1025 nm have a spatial resolution of 300 m (iFOV of
0.02 °) at nadir. The radiometric accuracy is 2 %.
MSI is equipped with 12 CMOS (complementary metal-oxide-semiconductor)
detectors staggered in two horizontal rows, to scan the Earth in 13 spectral bands
between 433 nm and 2286 nm in the push-broom mode within 10 days. The long
revisit time is explained by a small swath width of 290 km (FOV of 20.6 °). MSI
offers a spatial resolution of 10 − 60 m (0.001 − 0.004 °) at nadir depending on the
spectral band. The radiometric accuracy is below 5 %.
2.1.5.4 Measurement uncertainty in the derived sea-ice surface broadband albedo
Above given measurement uncertainties are specified only for radiance and irradiance
measurements. From those, the uncertainty in the derived Arctic sea-ice surface
albedo can be calculated. Pirazzini (2004) has estimated a relative uncertainty
of 2 − 5 % in the snow surface broadband albedo (0.55 − 0.9), resulting from an
uncertainty of 2 − 5 % in the pyranometer measurements. Xiong et al. (2002) state
a relative uncertainty of 5 % in the sea-ice surface broadband albedo (𝛼 > 0.1)
derived from AVHRR radiances with an uncertainty of 5 %. Note that these surface
albedo uncertainties are due entirely to uncertainties in the measurements, i. e., they
originate from, e. g., insufficient sensor calibration, thermal instability, and nonlinearity of the instrument, as well as stray light. Based on these albedo uncertainty
estimations and taking an Arctic sea-ice surface broadband albedo range of 0.1 − 0.9
into account (Sec. 2.1.4), the absolute albedo uncertainty is between 0.01 and 0.045.
In this work, the average of 0.02 is denoted as the generally assumed measurement
uncertainty. Hence, changes in the measured (derived) sea-ice surface albedo resulting
from atmospheric and cloud influences (Ch. 4) or instrument characteristics and
retrieval processes (Ch. 5) are only relevant when they are larger than the generally
assumed measurement uncertainty. Broadband albedo changes smaller than this
value cannot be detected by the instrument and can therefore be neglected.

2.1.6 Field of view, instantaneous field of view, and opening angle
The terms field of view (FOV), instantaneous FOV (iFOV), and opening angle are
used differently in remote sensing depending on the scope of the measurement device.
In this thesis, they are defined as follows according to Emery and Camps (2017).
In case of optical remote sensing by satellites, the angular FOV, shortly FOV,
refers to the maximum angle range along the cross-track direction at which the
instrument can detect the radiation at any time, whether by mirror rotation (whisk
broom scanners) or by an array of arranged detectors (push broom scanners). Thus,
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the FOV corresponds to the swath width of a satellite instrument scan. The iFOV
refers to the angle range at which a single detector element can detect the radiation.
Its minimum is defined by the diffraction limit depending on the wavelength of
radiation and on the objective aperture. The iFOV and the satellite orbit altitude
determine the spatial resolution of the measurement footprint.
In this thesis, the opening angle indicates the solid angle at which devices operating
from the ground and air, e. g., pyranometers, can detect radiation at a fixed position.

2.1.7 Terminology of uncertainty evaluation
Uncertainties in measured radiometric quantities result from (i) the comparison of
albedo products that are influenced by a varying insolation (black sky, clear-sky,
overcast sky) and (ii) instrument characteristics and associated satellite retrieval
algorithms. The uncertainties are specified by the following terms adapted from the
Joint Committee for Guides in Metrology (JCGM, 2012):
• The true quantity value is “consistent with the definition of a quantity” (JCGM,
2012).
• The accuracy is defined as the closeness of agreement between the investigated
and the true quantity value.
• The error is the difference between the investigated and a reference quantity
value.
• The uncertainty characterizes “the dispersion of the quantity values” (JCGM,
2012). In this work, it is based on the root mean square deviation (RMSD),
the bias, the coefficient of determination (𝑅2 ), and the standard deviation (𝑠):
⎯
⎸
𝑁
⎸ 1 ∑︁
⎷
RMSD =
(𝑦i − 𝑥i )2 ,
(2.21)
𝑁 i=1
bias =
𝑅2 =

𝑁
1 ∑︁
(𝑦i − 𝑥i ) ,
𝑁 i=1
(︂ ∑︁
)︂2
𝑁
1
(𝑥i − 𝑥¯)(𝑦i − 𝑦¯)

𝑁 i=1
𝑠𝑥 𝑠𝑦
⎯
⎸
𝑁
⎸ 1 ∑︁
⎷
(𝑚i − 𝑚)
¯ 2,
𝑠𝑚 =
𝑁 − 1 i=1

(2.22)
,

(2.23)
(2.24)

with 𝑦 as the investigated quantity value and 𝑥 as the true or reference quantity
value. The bar represents the average of the underlying quantity. The parameter 𝑚
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has to be substituted by either 𝑥 or 𝑦. Note that the RMSD, bias, and 𝑅2 measure
the dispersion between the data sets of two different quantities (e. g., measured and
simulated data), while 𝑠 represents the dispersion within one data set.
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2.2 Radiative transfer basics and simulation of the reflectance
factor and albedo with SCIATRAN
The reflectance factors and albedo of Arctic sea-ice surface types, namely snowcovered sea ice, ice layers, and melt ponds, are calculated by the phenomenological,
one-dimensional RT model SCIATRAN (Rozanov et al., 2014). The snow-covered
sea-ice include fresh, aged, and melting snow layers. The ice layers range from white
ice, to bare ice, to melting ice. The melt ponds include liquid and frozen as well as
light and dark ones.
Leads will be excluded from the simulations because they differ from the sea-ice
surface types in three aspects. Firstly, their area fraction of 0.02 − 0.06 is relative
small (Sect. 2.1.3). Secondly, they often occupy only one small contiguous area in
the measurement footprint. And thirdly, they form the strongest albedo contrast
to the surrounding sea ice (Fig. 2.5). As a result, most albedo measurements over
leads are contaminated by the adjacent sea-ice, pure lead albedo measurements are
rare, and the lead albedo is strongly affected by the adjacency effect (Sect. 6.2.1).
These facts can only be considered in three-dimensional RT models, an adequate
simulation of the lead albedo with one-dimensional models is therefore not possible.

2.2.1 The radiative transfer model SCIATRAN
SCIATRAN is a comprehensive software package for simulating the transfer of
electromagnetic radiation through the Earth’s atmosphere and ocean in the spectral
range from 175.44 nm to 40 µm. Its name originates from an earlier model version
launched in 2000 for the investigation of satellite measurements from SCIAMACHY
(SCanning Imaging Absorption spectroMeter for Atmospheric CHartography) aboard
ENVISAT (Bovensmann et al., 1999). Since that time, the model is in continuing
evolution. SCIATRAN offers a variety of tools and methods for solving RT related
problems in the atmosphere and ocean (Rozanov et al., 2014). This makes the RT
model very flexible in its application and allows fine tuning adjustments or utilization
of default modes depending on the demands for accuracy. The software package and
a detailed user’s guide are freely available at the web page http://www.iup.physik.
uni-bremen.de/sciatran (accessed on 9.5.2021) of the Institute of Environmental
Physics, University of Bremen.
RT simulations are based on the solution of the RT equation. In scalar RT theory,
it is defined as:
𝜇

𝜕𝐿𝜆,tot (𝜏,𝜇,𝜙)
= −𝐿𝜆,tot (𝜏,𝜇,𝜙) + 𝐽𝜆 (𝜏,𝜇,𝜙) ,
𝜕𝜏

(2.25)

by assuming a plane-parallel, horizontally homogeneous atmosphere (Kokhanovsky
and Zege, 2004; Rozanov et al., 2014). The parameter 𝐿𝜆,tot is the spectral total
radiance (sum of the direct and diffuse parts), 𝜇 is the cosine of the zenith angle,
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and 𝐽𝜆 is the spectral source function. The latter is given by the sum of scattered
radiation from other directions (𝜇′ ,𝜙′ ) to the direction (𝜇,𝜙) and the internal (thermal)
emission inside a medium:
ˆ ˆ
𝜔0 (𝜏,𝜆) 2𝜋 1
𝑝(𝜏, cos 𝜗,𝜆)𝐿𝜆,tot (𝜏,𝜇′ ,𝜙′ )d𝜇′ d𝜙′
𝐽𝜆 (𝜏,𝜇,𝜙) =
4𝜋
(2.26)
0
−1
(︀
)︀ (︀
)︀
+ 1 − 𝜔0 (𝜏,𝜆) 𝐵𝜆 𝑇 (𝜏 ) ,
(︀
)︀
where 𝐵𝜆 𝑇 (𝜏 ) is the spectral Planck function at the temperature 𝑇 and the cosine
√︀
scattering angle is defined as cos 𝜗 = −𝜇𝜇′ + (1 − 𝜇2 )(1 − 𝜇′ 2 ) cos(𝜙−𝜙′ ) (Rozanov
et al., 2014). A detailed derivation of the RT equation is, among others, given in
Chandrasekhar (2013), Pomraning (1991), or Hovenier et al. (2004).
To solve the RT Equation (2.25) in SCIATRAN, the complex integro-differential
equation is transferred into a set of linear ordinary differential equations and the
radiance at user-defined directions is calculated via the source function integration
technique (Dave and Armstrong, 1974; Kourganoff, 1952) and the 1-D discreteordinates method (Siewert, 2000a,b). The numerical procedure is described in detail
in Rozanov et al. (2014), its main components are as follows:
1. The total radiance is split into a direct and a diffuse part. For the direct
radiation, only its exponential attenuation by the atmosphere is taken into
account. The direct radiation reflected once by, e. g., the surface, is considered
as diffuse.
2. The radiance and the phase function are expanded in Fourier series in order
to obtain a set of RT equations for zenith angle dependent Fourier terms
of individual azimuth angles. The Fourier series is specified by Legendre
polynomials, in case of the radiance, and Wigner 𝑑-functions (Eqs. (3.1)-(3.6)),
in case of the phase function (Mishchenko et al., 2002). The number of Legendre
moments which are taken into account are specified by the user.
3. The zenith angles are discretised to replace the integrals in the set of RT
equations by a finite sum. The number of zenith angles depends on the
user-defined number of up- and downward streams.
4. According to the discrete-ordinates method (Siewert, 2000a,b), the atmosphere
is divided in vertically homogeneous layers and the discretized source function
is analytically defined for each layer.
5. The radiance in any direction is calculated by applying the source function
integration technique (Dave and Armstrong, 1974; Kourganoff, 1952) to the RT
equation and solving the resulting equation for the down- and upward radiance
separately.
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6. If desired, SCIATRAN calculates the irradiance from the radiances by the
hemispherical integration procedure described in Rozanov et al. (2014).
The boundary conditions for the solution of the RT equation (Eq. 2.25) are given
by the extraterrestrial solar irradiance at TOA and the angular reflection properties
of the boundary surface.

2.2.2 SCIATRAN model set-up
For this work, up- and downward radiances and irradiances in the spectral range
between 280 nm and 3000 nm in 5 nm steps are simulated in an atmosphere-surface
system. The output altitudes are at TOA and at 10 m. The angular sampling
interval of radiances is 5 ° for zenith and 10 ° for azimuth angles. The incident solar
radiance at TOA is characterized by the SOLAR-ISS spectrum retrieved by Meftah
et al. (2018). It has been measured by the Solar Spectrum instrument of the Solar
Monitoring Observatory payload aboard the International Space Station with a
spectral resolution below 0.1 nm at wavelengths shorter than 𝜆 = 1000 nm and 1 nm
at longer wavelengths, respectively. The SZA is varied between 55 ° and 80 ° in 5 °
intervals representing typical Arctic sun elevations. Larger SZAs are avoided caused
by enlarged uncertainties in the utilized RT parameterization. The reflectance factors,
spectral and broadband (280 − 3000 nm) albedo are calculated from the simulated
radiances and irradiances by Equations (2.3), (2.4), (2.7), and (2.9) to (2.11). The
broadband albedo covers a slightly narrower wavelength range than per definition
(Sect. 2.1.1) or other broadband albedo products (see, e. g., Table 1.1). However, the
resulting discrepancy in the broadband albedo due to different wavebands is rather
low (Bourgeois et al., 2006). Note that the reflection quantities calculated in 10 m
altitude represent those of the surface, as atmospheric effects below that altitude
can be neglected.
The atmosphere-surface system is characterized by the SCIATRAN parameters and
settings summarized in Table 2.2. The atmosphere is approximated pseudo-spherically
and consists of homogeneous, 1 km thick layers between 0 km and 100 km. Vertical
profiles of the gaseous absorbers O3 , NO2 , as well as temperature and pressure profiles
are provided by an internal climatological database obtained from a two-dimensional
chemical transport model developed by Sinnhuber et al. (2009) containing monthly
and zonally averaged profiles for 10 ° latitude bins. To simulate a typical Arctic
summer atmosphere, the data at 70 °N − 80 °N from June have been selected. The
vertical ozone profile is scaled to a total ozone column of 272 DU. The aerosol
content is parameterized by the LOWTRAN 7 database containing phase functions
as well as scattering and extinction coefficients of pre-defined aerosol compositions
(Kneizys, 1988). The maritime winter season is selected with two different aerosol
loadings controlled by the visibility and the humidity in the boundary layer and the
troposphere. A visibility of 50 km and a humidity of 0 % are utilized to simulate a
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Table 2.2: Summary of the most important input parameters and methods selected
for simulations with the RT model SCIATRAN.
Procedure, parameter

Method

Radiation source:
Extraterrestrial solar irradiance

SOLAR-ISS from Meftah et al. (2018)

Atmosphere:
Model geometry
Main altitude grid
Trace gas, pressure, and
temperature profile
Atmospheric trace gases
Ozone total column
Aerosol parameterization

Surface reflection:
Snow-covered sea ice
Ice, melt ponds
Accuracy control parameters:
RT equation solver
Number of streams
Number of Legendre moments
Phase function truncation technique
Type of post-processing

1-D, pseudo-spherical
100 layers à 1 km, from 0 to 100 km
Climatological database from Sinnhuber et al. (2009) at
70 °N − 80 °N from June
O3 , NO2
272 DU
LOWTRAN 7 aerosol database (Kneizys, 1988):
maritime winter season
boundary layer: 50/23 km visibility, 0/80 % humidity
troposphere: 50/23 km visibility, 0/80 % humidity
stratosphere: background aerosol type and loading
mesosphere: no volcanic aerosol influence

See Section 2.2.3 and Table 3.6
See Section 2.2.4 and Table 3.6

Scalar discrete-ordinates method (Siewert, 2000a,b)
64
129
Delta-M and single-scattering correction (Nakajima and Tanaka,
1988; Wiscombe, 1977)
Source function integration technique (Dave and Armstrong,
1974; Kourganoff, 1952)

Irradiation and observation geometries:
Solar zenith angles
55 ° − 80 ° in 5 ° intervals
Viewing zenith angles
0 ° − 85 ° in 5 ° intervals
Relative azimuth angles
0 ° − 180 ° in 10 ° intervals
Output:
Radiometric quantities
Spectral wavelengths [nm]
Altitude

Radiances and irradiances (up- and downward)
280 nm − 3000 nm in 5 nm steps
10 m, TOA
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’clean’ atmosphere, and 23 km and 80 % are chosen to define a ’turbid’ atmosphere.
This selection corresponds to aerosol optical thicknesses (AOTs) of 0.14 and 0.3 at
𝜆 = 550 nm, respectively. The former value represents typical aerosol loadings in the
Arctic spring and early summer (Breider et al., 2014; Mei et al., 2020a), while the
latter value is only attained at severe air pollution events caused by, e. g., biomass
burning (Stohl et al., 2007; Xie et al., 2018). Apart from that, AOTs in the Arctic
are usually smaller than 0.14 (Breider et al., 2014). Thus, investigated atmospheric
influences on the surface reflection properties are considered as maximum possible
impacts.
The RT equation is solved by the scalar discrete-ordinates method (Siewert,
2000a,b) using 64 streams. In order to reduce the computing time without losing the
model accuracy, the Delta-M truncation technique (Wiscombe, 1977) with the singlescattering correction (Nakajima and Tanaka, 1988) is applied. Rozanov and Lyapustin
(2010) have shown that this combination results in the most accurate simulation
of radiances. Due to the truncation technique, only 129 Legendre moments are
necessary. As the source function is solved at Gaussian quadrature nodes (Sect. 3.1),
it is angularly interpolated by the source function integration technique (Dave and
Armstrong, 1974; Kourganoff, 1952), subsequently, to calculate the radiances at any
directions deviating from the Gaussian nodes.
Two Arctic stratus cloud cases are considered, a low-level liquid water cloud
(stratus) between 0.5 km and 1.4 km altitude and a high-level ice cloud (cirrostratus)
between 5.0 km and 5.8 km altitude (Tab. 2.3). The liquid water cloud consists of
poly-dispersed spherical droplets with radii linearly increasing from 6 µm at cloud
bottom to 12 µm at cloud top. A gamma-size distribution is assumed. The liquid
water path is set to 30 g/m2 . The cloud optical thickness at 𝜆 = 500 nm is 𝜏 = 5.5.
The ice cloud is composed of randomly oriented, mono-dispersed, hexagonal solid
columns (Yang et al., 2013) with a maximum dimension of 125 µm. The particle
surface is severely roughened (Sect. 3.1). The ice water path is set to 14.6 g/m2 . The
cloud optical thickness at 𝜆 = 500 nm is 𝜏 = 0.6. Both clouds represent two typical
overcast situations during the Arctic summer (Donth et al., 2020; Mishchenko et al.,
2016; Nomokonova et al., 2019; Sun and Shine, 1994).
Typical Arctic sea-ice surface types are represented by snow-covered sea ice, ice,
and melt pond surfaces. Their parameterization in SCIATRAN is described in the
following subsections.

2.2.3 Parameterization of snow covers
The snow cover is considered as an optically semi-infinite layer as often found on the
Arctic sea ice (Sect. 2.1.4, Malinka et al., 2016; Perovich, 2017). Their simulated
reflective properties are independent of the substrate and, therefore, apply to all
types of semi-infinite snow layers. In view of this fact, the snow-covered sea ice will
be abbreviated as snow surface type or layer, if not stated otherwise.
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Table 2.3: Summary of the cloud parameters selected for simulations with the RT
model SCIATRAN.
Procedure, parameter
Liquid water cloud:
Vertical extension
Number of sub-layers
Altitude grid scale of sub-layers
Particle shape
Particle size radius
Particle size distribution
Single-scattering property database

Method

Cloud water path
Optical thickness (𝜆 = 500 nm)
Contaminants
Spectral refractive index of water

0.5 − 1.4 km
10
Logarithmic
Spheres
6 µm (base) to 12 µm (top)
Gamma distribution
Mie theory (Deirmendjian, 1969; Mishchenko et al.,
1999)
30 g/m2
5.5
No
Segelstein (1981)

Ice cloud:
Vertical extension
Number of sub-layers
Altitude grid scale of sub-layers
Particle shape
Particle size maximum dimension
Particle size distribution
Single-scattering property database
Cloud ice path
Optical thickness (𝜆 = 500 nm)
Contaminants
Spectral refractive index of ice

5.0 − 5.8 km
10
Logarithmic
Solid columns
125 µm
Monodisperse
Yang et al. (2013)
14.6 g/m2
0.6
No
Warren and Brandt (2008)

Accuracy control parameters for the cloud parameterization:
Phase function truncation technique
Delta-M approximation (Wiscombe, 1977)
Number of Legendre moments
64

The snow layer in SCIATRAN is parameterized as a horizontally homogeneous
ice particulate medium of 1 m geometrical thickness directly above a black surface
(𝛼𝜆 = 0). The simulated snow cover has a greater vertical thickness than is normally
observed on the Arctic sea ice (Rostosky et al., 2018). However, snowpacks of a few
decimetres vertical thickness are already optically semi-infinite (Malinka et al., 2016).
A larger value is irrelevant for the snow albedo and reflectance factor simulation and
is only chosen for an easier handling of the model.
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The snow layer has an optical thickness of 𝜏 = 5000 and consists of 20 sub-layers
whose geometrical thicknesses increase logarithmically from top to bottom. The
logarithmic scale is necessary to numerically resolve the rapid decrease of the radiant
flux passing from the atmosphere into the snow layer. The number of sub-layers are
selected as a trade-off between simulation accuracy and calculating speed. The snow
surface roughness (e. g., sastrugi) is neglected.
Usually, snow grains are assumed to be spherical, which works satisfactorily for
snow spectral albedo simulations (Carmagnola et al., 2013; Donahue et al., 2020;
Grenfell and Warren, 1999). However, this assumption cannot be used when the snow
layer reflection properties shall be simulated not only spectrally but also angularly
dependent. As snow particles are generally non-spherical (Sect. 2.1.3) and their
shape strongly influences the phase function (Sect. 2.1.4), a spherical assumption
leads to an erroneous simulation of the snow layer reflectance distribution (Jin et al.,
2008). Instead of spheres, snow particles will be represented by randomly oriented
atmospheric ice crystals as proposed in Yang et al. (2013) including droxtals, solid
and hollow columns, aggregates of eight hexagonal solid columns, hexagonal plates,
aggregates of five or 10 hexagonal plates, as well as solid and hollow bullet rosettes.
Their implementation into SCIATRAN is described in Section 3.1. Note that the
utilization of atmospheric ice particles as snow grains is controversially discussed for
two reasons. Firstly, their shape differs from particles found within the snow layer
(Sect. 2.1.3). Secondly, the crystals are described by their single-scattering properties
(Eqs. (2.12) - (2.16)). It postulates interparticle distances much greater than particle
sizes, called the far-field assumption, that is not the case in dense particulate snow
layers. However, as will be demonstrated in Section 3.2, the far-field assumption
has a minor impact on the simulated snow layer reflection properties. And it will
be shown in Section 3.3 that employing the ice crystals by Yang et al. (2013) in
SCIATRAN simulations satisfactorily reproduce measured reflectance factors and
albedo values of natural snow layers.
To represent vertical inhomogeneity, the 20 snow sub-layers are divided into two
sets of sub-layers according to Grenfell et al. (1994) and Saito et al. (2019). The set of
the upper sub-layers contains smaller grains than that of the lower sub-layers, which
is consistent to observations (e. g., Grenfell et al., 1994; Zhou et al., 2003). This
snow layer set-up is called two-layer model, hereafter. The interface of both layers is
located at a snow depth which can be penetrated by radiation of shorter wavelengths,
while the radiation of longer wavelengths is mainly influenced by the upper snow
layer. According to the spectrally dependent penetration depth (Fig. 2.6(b)), this
interface has to be within the upper few millimeters of the snowpack. The exact
location depends on the snow optical thickness, grain size, and grain shape, and will
be estimated from comparisons with measured snow reflectance factors and albedo
spectra (Sect. 3.3).
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Snow contaminants are considered by external mixing of the snow grains with
black carbon (BC), i. e., the absorption coefficients of snow and BC are added up.
The refractive index of BC is described by Köpke and Hess (1994).
Overall, the simulation of snow radiances and irradiances depends on five free
surface parameters: the snow grain size in the upper and lower snow layer, the
location of their interface, the snow grain shape, and the BC concentration. Their
values will be selected in Section 3.5, based on the comparison of measured and
simulated albedo spectra and reflectance factors in Section 3.3.

2.2.4 Parameterization of ice layers and melt ponds
There are two approaches to parameterize the ice and melt pond surface reflection in
SCIATRAN. In the BRDF approach, the reflected radiance at the surface (described
by 𝜏0 ) is calculated as (Rozanov et al., 2014):
ˆ ˆ
1 2𝜋 1
𝜌𝜆 (𝜇r ,𝜙r , 𝜇′i ,𝜙′i ,𝜇0 )𝐿𝜆,i (𝜏0 ,𝜇′i ,𝜙′i ,𝜇0 ) 𝜇′i d𝜇′i d𝜙′i .
𝐿𝜆,r (𝜏0 ,𝜇r ,𝜙r ,𝜇i ,𝜙i ,𝜇0 ) =
𝜋 0
0
(2.27)
The second approach assumes a Lambertian surface and modifies Equation (2.27) to:
ˆ ˆ
𝛼𝜆,L (𝜇0 ) 2𝜋 1
𝐿𝜆,i (𝜏0 ,𝜇′i ,𝜙′i ,𝜇0 ) 𝜇′i d𝜇′i d𝜙′i ,
(2.28)
𝐿𝜆,r (𝜏0 ,𝜇r ,𝜙r ,𝜇i ,𝜙i ,𝜇0 ) =
𝜋
0
0
with 𝛼𝜆,L as the spectral albedo of the Lambertian surface. The incident and
reflected azimuth angle (𝜙i,r ) are measured from the solar azimuth angle 𝜙0 (Fig. 2.1).
Although the BRDF approach (Eq. (2.27)) is the most accurate method to describe
the surface reflection, it will be shown in Section 3.5 that both approaches are
required for the simulation of melt pond and ice surface types of Arctic sea ice.
The BRF 𝜌𝜆 and the black-sky albedo as 𝛼𝜆,L are parameterized by models proposed
in Malinka et al. (2016) and Malinka et al. (2018), which describe satisfactorily
the reflection properties of various ice surface and melt pond types observed on the
Arctic sea-ice. The models are based on the asymptotic solution of the RT theory
and are described below. The dependencies of each parameter are omitted for clarity.
2.2.4.1 Ice layers
To calculate the radiative scattering within the ice, the concepts of geometric optics
and stereology (geometrical statistics) are used. The former can be applied, as
the ice grain size is much larger than the wavelength of the scattered radiation
(Sect. 2.1.3) and the imaginary part of the ice refractive index is small relative to its
real part (Fig. 2.3). The concept of stereology is based on the following assumption:
The ice layer is considered as a two-phase medium composed of a random mixture
of ice grains of irregular shapes and air inclusions. Thus, any straight line inside
the medium can be divided into sections lying either in an ice grain or in an air
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inclusion. The length of those sections are called random chords with an exponential
distribution in case of a truly random mixture. It is assumed that the ice-air mixture
is statistically isotropic, so that the random chord distribution is independent of the
direction of the straight line.
Both concepts are important for calculating the optical properties of an ice layer
(Malinka et al., 2016). Geometric optics implies the calculation of light propagation
by rays and, therefore, does not require the assumption that ice particles reside
in their far zones (Sect. 3.2). Stereology allows the analytical derivation of the
single-scattering albedo 𝜔0 and the asymmetry parameter 𝑔 of the ice layer from the
mean chord length of ice grains 𝐷 and the refractive index of ice. Their analytical
expressions are (Malinka et al., 2016):

with 𝑥 as:

𝑥 𝑇diff
𝜔0 = 1 −
,
𝑥 + 𝑇diff
(︂
)︂
1
𝑛′ 2 𝑡21
𝑔=
𝑟1 +
,
𝜔0
𝑇diff (1 − 𝑛′ 2 ) − 𝑟1 + 𝑛′ 4 (1 + 𝑘abs 𝐷)

(2.29)

𝑥 = 𝑘abs 𝑛′ 2 𝐷 .

(2.31)

(2.30)

The Fresnel transmittance of diffuse radiation 𝑇diff at the air-ice interface, as well as
the parameters 𝑟1 and 𝑡1 are analytical functions in dependence of the real part of
the refractive index 𝑛′ , and are summarized in Malinka et al. (2016).
The absorption coefficient 𝑘abs determines the absorption coefficient of ice and
possible contaminants 𝑘y :
4 𝜋 ′′
𝑛 + 𝑘y .
(2.32)
𝑘abs =
𝜆
Contaminants are assumed as yellow pigments of organic matter, which are calculated
by their absorption coefficient at 390 nm (Bricaud et al., 1981; Kopelevich, 1983):
{︃
(︀
)︀
𝑘y (390 nm) exp − 0.015(𝜆/𝜆0 − 390) ,
𝜆 ≤ 500 nm ,
(︀
)︀
𝑘y (𝜆) =
𝑘y (390 nm) exp − 0.015(500 − 390) − 0.011(𝜆/𝜆0 − 500) , 𝜆 > 500 nm ,
(2.33)
with 𝜆0 = 1 nm.
Based on the asymptotic solution of the RT theory for a weakly absorbing, optically
thick layer (Zege et al., 1991), the BRF of a semi-infinite layer is given by:
0
𝑅∞ = 𝑅∞
exp (−𝑌 ) ,

(2.34)

0
with 𝑅∞
as the BRF of the semi-infinite layer with no absorption, i. e., 𝜔0 = 1. It
is initially calculated by a RT model in dependence of the irradiation and viewing

42

Chapter 2 Fundamentals

geometry and is subsequently used as a look-up-table. The exponent characterizes
the effect of absorption and is defined by:
𝑢(𝜃r ) 𝑢(𝜃0 )
,
0
𝑅∞
√︃
1 − 𝜔0
𝑦=4
,
3 (1 − 𝜔0 𝑔)
)︀
3 (︀
𝑢(𝜃) =
1 + 2 cos(𝜃) .
7
𝑌 =𝑦

According to Zege et al. (1991), the black-sky albedo is defined as:
(︀
)︀
𝛼𝜆 (𝜃0 ) = exp − 𝑦 𝑢(𝜃0 ) .

(2.35)
(2.36)
(2.37)

(2.38)

Equations (2.34) to (2.38) can be applied for remote sensing of snow surface types
with albedo close to one in the visible range (Wiebe et al., 2013; Zege et al., 2011).
As the ice surface typically has a lower albedo (Sect. 2.1.4), its optical thickness 𝜏 ,
which is defined for the wavelength range 500 − 550 nm, has to be considered as finite
and determines the extinction of radiation inside the ice. Therefore, the BRF of
ice layers can be calculated by the asymptotic solution of the RT theory for weakly
absorbing layers (Germogenova, 1963; Hulst, 1968):
𝑅𝜆 = 𝑅∞ − 2

𝑦 𝑢(𝜃r ) 𝑢(𝜃0 )
,
exp(2 𝑍) − 1

𝑍 = 𝛾𝜏 +𝑦,
√︀
𝛾 = 3 (1 − 𝜔0 ) (1 − 𝜔0 𝑔) .

(2.39)
(2.40)
(2.41)

The parameter 𝛾 is called the asymptotic attenuation coefficient.
After replacing 𝑌 by sinh 𝑌 according to Rozenberg (1963) and reordering all
terms, the ice surface BRF is given by:
(︀
)︀
0
sinh
𝛾
𝜏
+
𝑦
[1
−
𝑢(𝜃
)
𝑢(𝜃
)/𝑅
]
r
0
∞
0
𝑅𝜆 = 𝑅∞
,
(2.42)
sinh(𝛾 𝜏 + 𝑦)
and analogously, the black-sky albedo of the ice surface is described by:
(︀
)︀
sinh 𝛾 𝜏 + 𝑦 [1 − 𝑢(𝜃0 )]
𝛼𝜆 (𝜃0 ) =
sinh(𝛾 𝜏 + 𝑦)

(2.43)

Overall, three free surface parameters determine the BRF and the albedo of the ice
layer: The mean chord length of ice grains 𝐷 (Eqs. (2.29) - (2.31)), the absorption
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coefficient of yellow pigments at 390 nm 𝑘y (Eq. (2.33)), and the optical thickness of
the ice layer 𝜏 defined for the wavelength range 500 − 550 nm (Eqs. (2.42) and (2.43)).
It has to be noted that depending on the parameter regulation, it is also possible
to simulate the reflection of wet and crusted snow layers, frozen cracks, and snowcovered melt ponds (Malinka et al., 2016). Selected values for this work will be
presented in Section 3.5.
Malinka et al. (2016) pointed out that the single-scattering properties (Eqs. (2.29)(2.32)) of ice are calculated for the upper scattering layer of the whole Arctic sea-ice
sheet. However, the composition of ice and air inclusions can considerably change
with depth, which can influence the spectral BRF and the albedo (Perovich, 1996).
This vertical inhomogeneity is not considered in the above calculations for two
reasons: Firstly, the sea-ice sub-layers directly below the upper scattering layer
contains 2 − 10 % air inclusions (Perovich and Gow, 1996) resulting in scattering and
absorption properties similar to the upper scattering layer. Secondly, the penetration
depth of radiation is low (Sect. 2.1.4) so that the reflection properties of the sea-ice
sheet are mainly determined by the upper scattering layer. Nevertheless, to obtain
the BRF and albedo of the whole sea-ice layer, the three free surface parameters of
the upper scattering layer have to be adapted and can therefore differ slightly from
the real ones.
2.2.4.2 Melt ponds
Malinka et al. (2018) developed an analytical approximation for the spectral BRF
and albedo of melt ponds on Arctic sea ice based on the following assumptions:
• The melt ponds are modeled as two plane-parallel layers. Thus, reflection at
sides of the melt pond are not considered.
• The upper layer is composed of pure melt water without any contaminants.
Rayleigh scattering inside the water is neglected.
• The subjacent ice layer is a Lambertian reflector.
With these assumptions, the melt pond albedo can be approximated according to
Makshtas and Podgorny (1996) by:
(︁
)︁
𝑘ext 𝑧
𝑇F (𝜇0 ) exp − 𝜇0,w 𝑓out (𝑘ext 𝑧) 𝛼𝜆,L,i
𝛼𝜆 (𝜇0 ) = 𝑅F (𝜇0 ) +
.
(2.44)
𝑛2 (1 − 𝛼𝜆,L,i 𝑓in (𝑘ext 𝑧))
The parameter 𝑅F describes the specular (Fresnel) reflection from the air-water
interface. The second term of Equation (2.44) determines the water surface leaving
reflection originating from the multiple scattering between the air-water and the
water-ice interface. It depends on the Fresnel transmittance of the water surface 𝑇F ,
the refractive index 𝑛 of water, the extinction coefficient 𝑘ext of water, the depth
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of the melt pond 𝑧, as well as the albedo 𝛼𝜆,L,i of the ice layer underneath. The
parameter:
√︁
1
(2.45)
𝑛2 − 1 + 𝜇20
𝜇0,w =
𝑛
defines the cosine refractive angle of the cosine incident angle 𝜇0 (Zege et al., 2015).
The functions 𝑓in and 𝑓out describe the internal reflection and the Fresnel transmission
at the air-water interface for radiation incident on the interface from below and
are defined in Malinka et al. (2018). Makshtas and Podgorny (1996) have derived
Equation (2.44) in detail.
From Equations (2.44) and (2.9) the BRF of a melt pond can be derived (Malinka
et al., 2018):
𝑅𝜆 =

𝜋
𝑅F (𝜇0 ) 𝛿(𝜇r − 𝜇0 ) 𝛿(𝜙r − 𝜙0 )
𝜇0
(︂
)︂
𝑇F (𝜇r ) 𝑇F (𝜇0 ) 𝛼𝜆,L,i
𝑘ext 𝑧 𝑘ext 𝑧
+ 2
exp −
−
,
𝑛 (1 − 𝛼𝜆,L,i 𝑓in (𝑘ext 𝑧))
𝜇0,w
𝜇r,w

(2.46)

with 𝜇r,w as the cosine refractive angle of the cosine viewing angle 𝜇r . It is calculated
analogously to Equation (2.45).
The extinction coefficient of water 𝑘ext is the sum of the absorption 𝑘abs and
scattering coefficient of water 𝑘sca . The former is characterized by the values given
in Segelstein (1981), the latter is calculated using the power law (Kopelevich, 1983):
𝑘sca = 𝑘sca,0

(︂

𝜆0
𝜆

)︂4.3
,

(2.47)

with 𝑘sca,0 = 1.7 · 10−3 m−1 and 𝜆0 = 550 nm.
The functions 𝑓in and 𝑓out contain the hemispherical integration of the internal
reflected and transmitted radiation, respectively, and are pre-calculated in Malinka
et al. (2018) for a given set of observation geometries to be used as look-up tables.
The albedo of the ice layer at melt pond bottom:
𝛼𝜆,L,i = 𝛼0

1 − exp(−2 𝛾 ′ 𝜏i )
1 − 𝛼02 exp(−2 𝛾 ′ 𝜏i )

(2.48)

is calculated with the two-stream approximation from Zege et al. (1991).
The albedo of the semi-infinite layer with the same optical characteristics 𝛼0 , the
asymptotic attenuation coefficient 𝛾 ′ , and the ice layer optical thickness 𝜏i are defined
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as:
√︀
𝛼0 = 1 + 𝑡′ − 𝑡′ (𝑡′ + 2) ,
√︀
3
𝑘sca,t
𝛾′ =
𝑡′ (𝑡′ + 2) ,
4 𝑘sca,t + 𝑘abs,i
𝜏i = (𝑘sca,t + 𝑘abs,i ) 𝐻 ,
and
𝑡′ =

8 𝑘abs,i
.
3 𝑘sca,t

(2.49)
(2.50)
(2.51)
(2.52)

Here, 𝑘abs,i is the ice absorption coefficient and 𝐻 is the geometrical thickness of the
ice layer. The transport scattering coefficient 𝑘sca,t is defined as:
𝑘sca,t = 𝑘sca,i (1 − 𝑔) .

(2.53)

Overall, the melt pond BRF and albedo can be calculated by three free surface
parameters: The melt pond depth 𝑧, as well as the transport scattering coefficient
𝑘sca,t and the transport scattering depth 𝜏sca = 𝑘sca,t 𝐻 at 𝜆 = 550 nm of the subjacent
ice-layer. Selected values will be presented in Section 3.5.

CHAPTER 3
Model database extension and model evaluation
3.1 Implementation of an extensive ice crystal single-scattering
property database in SCIATRAN
This section was published in Pohl et al. (2020b). SCIATRAN allows the simulation
of the RT through ice clouds (Mei et al., 2018) and snow layers (Kokhanovsky
et al., 2011). The ice particles are optically described in SCIATRAN by their
single-scattering properties (Sect. 2.1.2), namely the extinction cross section, the
single-scattering albedo, and the scattering matrix (Rozanov et al., 2014). The data
can be either read from an internal database or can be self-specified by the user. The
database was previously limited to
• fractal particles with side lengths of 12.5, 25, 50, 200, 400, and 800 µm (Macke
et al., 1996);
• hexagonal prisms of 100 µm height and a side lengths of 12.5, 25, and 50 µm
(Rozanov et al., 2014);
• aggregates of eight hexagonal solid columns with effective radius1 between
5 µm and 60 µm in 2.5 µm steps (Baum et al., 2014).
The optical properties are available at 73 discrete wavelengths between 0.3 µm and
40 µm, for the case of fractals and prisms, and at 445 wavelengths between 0.2 µm
and 2.5 µm, for columns. However, these ice crystal sizes and habits, i. e., the external
shape of a single crystal or aggregated crystals, do not describe sufficiently the wide
range of various particles present in natural ice clouds and snow layers (Sect. 2.1.3,
Baran, 2009; Kikuchi et al., 2013).
To address this limitation in SCIATRAN, a new ice crystal database provided by
Yang et al. (2013), hereafter named the Yang database, has been added (Pohl et al.,
2020b). It contains the single-scattering properties (scattering matrix, asymmetry

1

The effective radius is defined as 𝑟eff = 0.75𝑉tot /𝐴tot , where 𝑉tot is the total volume and 𝐴tot is
the total projected area of ice per unit volume of air (Baum et al., 2014).
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parameter, single-scattering albedo, and extinction efficiency) of nine different ice
crystals (droxtals, solid and hollow columns, aggregates of eight hexagonal solid
columns, hexagonal plates, aggregates of five or 10 hexagonal plates, and solid
and hollow bullet rosettes) in the spectral range of 0.2 − 15.25 µm at 396 discrete
wavelengths. The properties are calculated assuming randomly oriented ice crystals.
Their maximum dimension ranges between 2 µm and 10 000 µm in 189 discrete sizes.
Table 3.1 presents the grid of maximum dimensions and wavelengths and the angular
sampling rates of the scattering matrix. Three particle surface roughness conditions
are considered. The particle surface is described by small facets randomly tilted
according to a 2-D Gaussian distribution with a variance of either 0 (smooth surface),
0.03 (moderately roughened) or 0.5 (severely roughened). Additionally, the Yang
database contains the particle projected area and volume. The relevant aspect ratios
and other aspect-related information are provided in Yang et al. (2013).
SCIATRAN takes the extinction cross section (Eq. (2.12)), the single-scattering
albedo (Eq. (2.14)), and the scattering matrix (Eq. (2.15)), as well as the expansion
coefficients of the scattering matrix as input to calculate the RT through a medium
consisting of randomly oriented ice particles. Note that the form of Equation (2.15)
can be used because the ice crystals of the Yang database are assumed to be randomly
oriented in space and have a plane of symmetry (Yang et al., 2013).
The single-scattering albedo and the scattering matrix can be used directly from
the Yang database. The extinction cross section 𝜎ext is calculated by Equation (2.13)
using the projected area and the extinction efficiency from the Yang database. The
expansion coefficients, usually called the Greek constants, are obtained by expanding
the six nonzero elements of the scattering matrix (Eq. (2.15)) in generalized spherical
functions (GSFs) (De Rooij and Stap, 1984; Hovenier et al., 2004; Mishchenko, 2014).
Mishchenko et al. (2006) demonstrated a higher numerical stability by expressing
s
the GSFs in Wigner 𝑑-functions 𝑑smn (𝜗) = i𝑛−𝑚 𝑃mn
(cos 𝜗) (Haan et al., 1987; Siewert,
Table 3.1: Sampling grid of the Yang database for the maximum dimension 𝐷, the
wavelength 𝜆, and the scattering angle 𝜗. Their increments are given by 𝛥.
𝐷 [µm]

𝛥𝐷 [µm]

𝜆 [nm]

𝛥𝜆 [nm]

𝜗 [°]

𝛥𝜗 [°]

2 − 10

1.0

199.0, 201.9

−

0−2

0.01

10 − 100

2.5

225.0, 280.0

−

2−5

0.05

100 − 1000

12.5

300 − 3000

10

5 − 10

0.1

1000 − 10000

125.0

3000 − 15000

100

10 − 15

0.5

15250.0

−

15 − 176

1.0

176 − 180

0.25
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1981). Thus, the scattering matrix elements are:
𝐹11 (𝜗) =
𝐹22 (𝜗) + 𝐹33 (𝜗) =
𝐹22 (𝜗) − 𝐹33 (𝜗) =
𝐹44 (𝜗) =

𝑠∑︁
max
𝑠=0
𝑠∑︁
max
𝑠=0
𝑠∑︁
max
𝑠=0
𝑠∑︁
max

𝛼1s 𝑑s00 (𝜗) ,

(3.1)

(𝛼2s + 𝛼3s ) 𝑑s22 (𝜗) ,

(3.2)

(𝛼2s − 𝛼3s ) 𝑑s2,−2 (𝜗) ,

(3.3)

𝛼4s 𝑑s00 (𝜗) ,

(3.4)

𝑠=0
𝑠∑︁
max

𝐹12 (𝜗) = −

𝐹34 (𝜗) = −

𝑠=0
𝑠∑︁
max

𝛽1s 𝑑s02 (𝜗) ,

(3.5)

𝛽2s 𝑑s02 (𝜗) ,

(3.6)

𝑠=0

with 𝛼1 , 𝛼2 , 𝛼3 , 𝛼4 , 𝛽1 , and 𝛽2 as the Greek constants (expansion coefficients) and
parameters m, n, and s defining indices if written in roman numerals, or variables if
written in italic. The maximal number of coefficients 𝑠max depends on the numerical
accuracy. The Wigner 𝑑-functions are specified by the recurrence relation given in
(Mishchenko et al., 2006). Note that the single-scattering properties depend on the
habit and size of the ice crystal as well as on the wavelength, but the presentation of
those dependencies are omitted for convenience.
Table 3.2: Phase function values of droxtals at wavelength of 𝜆 = 500 nm at the first
scattering angle 𝜗 of the original and Gaussian angle grid, respectively. Presented
values are rounded and given in 106 for selected particle sizes 𝐷 and, in case of the
Gaussian grid, in dependence of the Gaussian node number 𝑁G .
𝑁G

𝐷 [µm]

100

500

1000

5000

10000

0

0.09

2

9

114

128

1000

0.1377

0.07

0.02

0.01

0.001

0.0001

5000

0.0275

0.09

1.7

2.3

0.1

0.01

10000

0.0138

0.09

2

6

0.84

0.11

50000

0.0028

0.09

2

9

67

62

𝜗 [°]
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√︁(︀
)︀
As the Wigner 𝑑-functions multiplied by
𝑠 + 12 form a complete orthonormal
set of functions of 𝜗 on [0,𝜋] with 𝑠 ≥ max(|𝑚|,|𝑛|), the expansion coefficients can
be calculated as (Mishchenko et al., 2006):
(︂
)︂ ˆ 𝜋
1
s
𝛼1 = 𝑠 +
sin 𝜗 𝐹11 (𝜗) 𝑑s00 (𝜗) d𝜗 ,
(3.7)
2
0
(︂
)︂ ˆ 𝜋
1
s
s
𝛼2 + 𝛼3 = 𝑠 +
(3.8)
sin 𝜗 [𝐹22 (𝜗) + 𝐹33 (𝜗)] 𝑑s22 (𝜗) d𝜗 ,
2
0
(︂
)︂ ˆ 𝜋
1
s
s
(3.9)
sin 𝜗 [𝐹22 (𝜗) − 𝐹33 (𝜗)] 𝑑s2,−2 (𝜗) d𝜗 ,
𝛼2 − 𝛼3 = 𝑠 +
2
0
)︂ ˆ 𝜋
(︂
1
s
𝛼4 = 𝑠 +
sin 𝜗 𝐹44 (𝜗) 𝑑s00 (𝜗) d𝜗 ,
(3.10)
2
0
(︂
)︂ ˆ 𝜋
1
s
sin 𝜗 𝐹12 (𝜗) 𝑑s02 (𝜗) d𝜗 ,
(3.11)
𝛽1 = − 𝑠 +
2
0
(︂
)︂ ˆ 𝜋
1
s
𝛽2 = − 𝑠 +
sin 𝜗 𝐹34 (𝜗) 𝑑s02 (𝜗) d𝜗 .
(3.12)
2
0
Usually, the numerical integration in Equations (3.7) to (3.12) are performed by
the Gaussian quadrature (Krylov and Stroud, 2006) as shown in, e. g., Mishchenko
et al. (2016), i. e., by a weighted summation of the integrand values at Gaussian
quadrature nodes. Both, Gaussian nodes and weights, are generated by the GaussLegendre quadrature given in Press et al. (1992) in the interval of −1 ≤ cos 𝜗 ≤ 1.
The interpolation of the scattering matrix elements at the original scattering angles
(Tab. 3.1) to the resulting Gaussian nodes are obtained by transforming the scattering
angles on a cosine grid and using a B-representation of a cubic spline (Amos, 1979; De
Boor, 1977; De Boor et al., 1978). However, the diagonal elements of the scattering
matrix given by Equation (2.15) feature excessive forward-scattering peaks at 𝜗 → 0 °
that even a great number of Gaussian quadrature nodes (> 10,000) is inadequate to
calculate correctly the integral by the Gaussian quadrature.
As an example, Table 3.2 presents the phase function 𝐹11 (𝜗) at the scattering angle
of 𝜗 = 0 ° for droxtals of selected particle sizes 𝐷 at a wavelength of 𝜆 = 500 nm.
Additionally, the respective values of the first Gaussian node, which depends on
the number of Gaussian nodes 𝑁G are given. As 𝑁G increases, the first Gaussian
node approaches the original scattering angle of 𝜗 = 0 °. However, the corresponding
phase function values can strongly deviate from the original values at 𝜗 = 0 ° for
particle sizes 𝐷 ≥ 500 µm depending on 𝑁G . Those discrepancies represent a loss
of information in the forward-scattering cones when the phase function expansion
coefficients are calculated by the Gaussian quadrature.
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Figure 3.1: Asymmetry parameter of droxtals for selected maximum dimensions 𝐷
derived from the expansion coefficient 𝛼11 by using the Gaussian quadrature (solid
colored lines) or the combination of trapezoidal and Gaussian quadrature (dashed
colored lines). The asymmetry parameter from the Yang database that is independent
of the maximum dimension in the geometric optics regime is illustrated as a dasheddotted black line.

Consequently, the asymmetry parameters of the phase functions calculated as
𝑔 = 𝛼11 /3 using the Gaussian quadrature are lower than the corresponding original
values from the Yang database as shown in Figure 3.1 by the solid colored lines
and the dashed-dotted black line, respectively. As the selected particle sizes are in
the geometric optics regime, the asymmetry parameters approach their asymptotic
value and resemble for different maximal dimensions 𝐷 (Yang et al., 2013). With
increasing particle size, an increasingly high number of Gaussian nodes is required
to approach the asymmetry parameter from the Yang database by the Gaussian
quadrature.
To calculate the expansion coefficients by Equations (3.7) to (3.12), each integral
is evaluated in two sub-intervals separated at the scattering angle equal to 1.5 °. This
angle was chosen because it provides an acceptable accuracy in the calculation of
the expansion coefficients. The integral in the sub-interval [0 °, 1.5 °] is calculated
by the trapezoidal quadrature at the original scattering angle nodes given by the
Yang database (Tab. 3.1), while in the second sub-interval (1.5 °, 180 °] the Gaussian
quadrature is applied. The Gaussian weights and nodes are linearly scaled to the
interval −1 ≤ cos 𝜗 ≤ cos(1.5 °) and the respective scattering matrix elements are
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recalculated by the interpolation technique specified above. As a result, we obtain:
𝛼1s
𝛼2s + 𝛼3s
𝛼2s − 𝛼3s
𝛼4s
𝛽1s
𝛽2s

(︂
)︂ 𝑁∑︁
t +𝑁G
1
≈ 𝑠+
𝑤j 𝐹11 (𝑥j ) 𝑑s00 (𝑥j ) ,
2
𝑗=1
(︂
)︂ 𝑁∑︁
t +𝑁G
[︀
]︀
1
≈ 𝑠+
𝑤j 𝐹22 (𝑥j ) + 𝐹33 (𝑥j ) 𝑑s22 (𝑥j ) ,
2
𝑗=1
(︂
)︂ 𝑁∑︁
t +𝑁G
[︀
]︀
1
𝑤j 𝐹22 (𝑥j ) − 𝐹33 (𝑥j ) 𝑑s2,−2 (𝑥j ) ,
≈ 𝑠+
2
𝑗=1
(︂
)︂ 𝑁∑︁
t +𝑁G
1
≈ 𝑠+
𝑤j 𝐹44 (𝑥j ) 𝑑s00 (𝑥j ) ,
2
𝑗=1
(︂
)︂ 𝑁∑︁
t +𝑁G
1
≈ − 𝑠+
𝑤j 𝐹12 (𝑥j ) 𝑑s02 (𝑥j ) ,
2
𝑗=1
(︂
)︂ 𝑁∑︁
t +𝑁G
1
≈ − 𝑠+
𝑤j 𝐹34 (𝑥j ) 𝑑s02 (𝑥j ) ,
2
𝑗=1

(3.13)
(3.14)
(3.15)
(3.16)
(3.17)
(3.18)

where 𝑤j and 𝑥j = cos 𝜗j are the weights and nodes of the trapezoidal quadrature at
𝜗j ≤ 1.5 °, and of the Gaussian quadrature at 𝜗j > 1.5 °, respectively. As the original
scattering angle grid at 𝜗j ≤ 1.5 ° is given in step of 𝛥𝜗j = 0.01 ° (Tab. 3.1), 𝑁t = 151
of trapezoidal weights and nodes are used, while the number of quadrature nodes
𝑁G depends on the numerical accuracy.
Figure 3.1 illustrates the improvement of the adjusted integration scheme. The
asymmetry parameters (dashed colored lines) at selected maximum dimensions
derived from the expansion coefficient 𝛼11 converge to the Yang ones by taking only
a small number of Gaussian nodes. Note that the combination of trapezoidal and
Gaussian quadrature slightly increases the numerical integration errors leading to a
slower convergence with smaller particle sizes (see top left in Figure 3.1).
For the SCIATRAN database, 1000 expansion coefficients of each scattering matrix
element in Equation (2.15) are calculated by using 𝑁G = 1000 Gaussian nodes.
The former number is selected to minimize the above-mentioned integration errors,
but it is not adequate enough to reproduce the scattering matrix (Eq. (2.15)) with
Equations (3.1) to (3.6). Thus, the calculated expansion coefficients has to be used
in combination with phase function truncation techniques (Ding et al., 2009; Hioki
et al., 2016; Potter, 1970; Rozanov and Lyapustin, 2010; Waquet and Herman, 2019)
(Tab. 2.2) and in conjunction with the stored scattering matrix to obtain the accurate
solution of the RT equation.
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3.2 Impact of near-field effects on RT-simulated snow BRF and
albedo
This section was published in Pohl et al. (2020c). In phenomenological RT models,
the grains of snow layers are usually specified by their single-scattering properties (extinction and scattering cross sections (Eq. (2.12)), single-scattering albedo
(Eq. (2.14)), phase function (Eq. (2.16)), asymmetry parameter (Eq. (2.18))) (Leroux
et al., 1999). This approach assumes implicitly that each snow grain is positioned in
the so-called far zones of all other grains: The interparticle distance is much greater
than the maximum dimension of the snow grains at which their electromagnetic
scattered field can be considered as a transverse spherical wave (Mishchenko, 2018).
This so-called far-field assumption is commonly accepted for media with very low
packing densities, i. e., their fraction of occupied to total volume is smaller than
roughly 0.001 (Mishchenko, 1994). Snow layers, however, are generally characterized
by higher packing densities around 0.1, 0.4, and 0.5 for fine grained fresh, old dry,
and wet snow, respectively (Peltoniemi et al., 2010). In such cases, snow grains
are located at distances comparable to their sizes and, instead of residences at
far-field locations, they are located in each other’s near zone. Interactions between
the scattered electromagnetic fields of neighboring particles occur, which decrease
the single-scattering albedo, the asymmetry parameter, the extinction and the
scattering coefficient of the snow grains. The forward-scattering peak is suppressed
and scattering at larger angles is slightly higher (Kokhanovsky, 1998; Ma et al., 2017;
McNeil et al., 2001). These interparticle effects are commonly denoted as near-field
effects (i. a., Ma et al. (2017), Ma et al. (2016), and Wiscombe and Warren (1980)) or
effects of close packing (i. a., Goguen (1993) and Kokhanovsky (1998)). The former
term is used, hereafter.
Phenomenological RT theory (Sect. 2.2) ignores the near-field effects, thus questioning the applicability of RT models in the simulation of snow albedo and reflectances
(Mishchenko, 1994). Sufficient agreements of RT simulations with respective measurements (e. g., Dumont et al., 2010; Grenfell et al., 1994; Kokhanovsky et al., 2011)
imply but do not prove the insignificance of the near-field effects because the latter
can be canceled out by experimental and modeling uncertainties (Mishchenko, 1994).
In order to investigate these effects quantitatively, Mishchenko (1994) applied
a dense-medium light-scattering theory, which incorporates the near-field effects
of densely packed particles. According to this theory, the scattering cross section (Eq. (2.12)), the phase function (Eq. (2.16)), and the asymmetry parameter
(Eq. (2.18)) of individual particles representing a sparse particulate medium are
modified by the static structure factor 𝑆 to calculate the single-scattering properties
of a dense particulate medium (Balescu, 1975; Rytov et al., 1978; Tsang and Kong,

54

Chapter 3 Model database extension and model evaluation

1983; Twersky, 1983):
ˆ

d𝜎sca (𝜆)
· 𝑆(𝜗) d𝜔 ,
d𝜔
4𝜋
4 · 𝜋 d𝜎sca (𝜆)
𝑝′ (𝜗,𝜆) =
·
· 𝑆(𝜗) ,
𝜎sca (𝜆)
d𝜔
´ d𝜎sca (𝜆)
· 𝑆(𝜗) · cos(𝜗) d𝜔
′
𝑔 (𝜆) = 4𝜋 ´ d𝜔d𝜎sca (𝜆)
.
·
𝑆(𝜗)
d𝜔
d𝜔
4𝜋
′
𝜎sca
(𝜆)

=

(3.19)
(3.20)
(3.21)

The calculation of the static structure factor is based on the pair distribution function
specifying the statistics of mutual particle positions in dense particulate media. Its
approximation is referenced in Mishchenko (1994) by assuming hard, impenetrable,
monodisperse spherical particles with radius 𝑟0 , but it is also valid for nonspherical
shapes with different surface roughness (Mishchenko, 1994). The static structure
factor depends on the scattering angle 𝜗 and is calculated for a specific particle size
parameter 2𝜋 · 𝑟0 /𝜆 and a specific packing density 𝑓 . Note that the single-scattering
properties of sparsely packed particles (Eqs. (2.12), (2.16), and (2.18)), are obtained
by setting 𝑆(𝜗) in Equations (3.19) to (3.21) to unity. The absorption cross section
is the same for a sparse and dense particulate snow layer.
The static structure factor correction has been applied to RT studies of snow
particulate media (Cheng et al., 2010; Kokhanovsky, 1998), natural soils (Banninger
and Fluhler, 2004), and planetary regoliths (Petrova et al., 2001). A FORTRAN
program PackedMedia.f which translates the single-scattering properties of sparsely
packed particles to those of densely packed particles is available at the website https:
//www.giss.nasa.gov/staff/mmishchenko/brf/ (accessed on 9.5.2021). This code
was taken as a basis to study the effect of packing density on the snow BRF and
albedo.
As the dense-medium light-scattering theory (Mishchenko, 1994) is based on
spherical particles, the snow layer is simulated according to Section 2.2.3 and the
snow grains are represented by ice crystals of droxtal shape with a severe surface
roughness (see Yang et al., 2013). This particle shape is closest to spherical shape
from all the shapes available (Sect. 3.1) and Pohl et al. (2020c) have shown that
droxtals can describe satisfactorily the reflection properties of a natural snow layer.
As the near-field effects are the highest at smallest particle size to wavelength ratio
(Mishchenko, 1994) the maximum dimension was set 60 µm. This value belongs to the
smallest grain sizes in natural snow layers (Sect. 2.1.3). The packing density 𝑓 was set
to 0.0 for sparsely packed particles (i. e. 𝑆(𝜗) = 1) as well as 0.2 and 0.4 for densely
packed particles representing fresh and old dry snow, respectively. Higher packing
densities can lead to overcorrections within the dense-medium light-scattering theory
(Ito et al., 2018).
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Figure 3.2: Spectral scattering cross section of sparsely (𝑓 = 0.0; near-field effects
neglected) and densely (𝑓 = 0.2, 0.4; near-field effects included) packed droxtals with a
maximum dimension of 60 µm (a) as well as their relative difference (b).

Figure 3.3: Phase function of sparsely (𝑓 = 0.0; near-field effects neglected) and
densely (𝑓 = 0.2, 0.4; near-field effects included) packed droxtals with a maximum
dimension of 60 µm at a wavelength of 620 nm (black) and 2240 nm (red). The scattering
angles between 15 ° and 50 ° are omitted.

Details about the calculation of the static structure factor and its dependencies
can be found in Mishchenko (1994). Thus, the analyses below are focused on
the comparison of the single-scattering properties, BRF, and albedo of a sparse
particulate snow layer with respective properties of a dense particulate snow layer.
Discrepancies between the results of sparse (𝑠) and dense particulate snow layer (𝑑)
are illustrated as relative errors of the far-field approximation, defined as (1 − 𝑑/𝑠) in
percent. Following that definition, positive and negative relative errors indicate an
over- and underestimation of the considered parameter by neglecting the near-field
effects in the snow layer, respectively.
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Figure 3.4: Spectral asymmetry parameter of sparsely (𝑓 = 0.0; near-field effects
neglected) and densely (𝑓 = 0.2, 0.4; near-field effects included) packed droxtals with a
maximum dimension of 60 µm (a) as well as their relative difference (b).

Figures 3.2 to 3.4 show the scattering cross section, the phase function, and the
asymmetry parameter of sparsely (𝑓 = 0.0) and densely packed droxtals (𝑓 = 0.2, 0.4)
with a maximum dimension of 60 µm. For a packing density of 𝑓 = 0.2, the scattering
cross section of densely packed droxtals is 11.6 − 14.7 % lower than the respective
values of sparsely packed droxtals. For 𝑓 = 0.4, the difference is between 19.9 %
and 25.3 %. The discrepancies increase with the wavelength and are highest in the
absorption bands of ice at 𝜆 = 1500 and 2000 nm (Fig. 3.2).
The forward-scattering peak of the phase function of densely packed droxtals is
suppressed and scattering in larger angles is slightly increased relative to the phase
function of sparsely packed droxtals (Fig. 3.3). The maximal damping of the forwardscattering peak is 76.4 % for 𝑓 = 0.2 and 95.0 % for 𝑓 = 0.4. It is almost independent
of the wavelength. The increase in the phase function at higher scattering angles
is between 13.1 % and 17.3 % (𝑓 = 0.2) or 24.9 and 33.9 % (𝑓 = 0.4) with larger
values at longer wavelengths (not shown). Oscillations in the phase functions towards
the forward-scattering peak originate from the monodisperse distribution of the
considered particles.
Caused by the angular redistribution of the scattered energy, the asymmetry
parameter of densely packed droxtals at 𝑓 = 0.2 (𝑓 = 0.4) is 2.7 − 4.3 % (5.1 − 8.1 %)
lower than of sparsely packed droxtals. The reduction is strongest at shortest
wavelength (Fig. 3.4).
To investigate the near-field effects in a snow layer, the spectral snow surface BRF
and albedo is simulated between 300 nm and 2500 nm by SCIATRAN with the same
set-up as described in Section 2.2, but the atmospheric scattering and absorption is
completely excluded. The snow layer is composed of droxtals with the maximum
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Figure 3.5: Relative difference between sparse (𝑓 = 0.0) and dense particulate
snow surface spectral BRF with a packing density of 𝑓 = 0.2 (solid lines) and 𝑓 = 0.4
(dotted lines) in the principal plane at selected wavelengths, respectively, when multiple
scattering effects are accounted for. Snow grains are selected as droxtals with a
maximum dimension of 60 µm. The solar zenith angle is 60 °.

dimension of 60 µm. The SZA is set to 𝜃0 = 60 °. The spectral BRF and albedo are
calculated at the top of the snow layer.
When only single-scattering effects are considered, the BRF of a sparse particulate
snow layer is 13.1 − 13.7 % (24.9 − 26.0 %) lower relative to the respective values
of a dense particulate snow layer with a packing density of 𝑓 = 0.2 (𝑓 = 0.4). The
differences are higher at longer wavelengths (not shown). The BRF decrease is caused
by the similar lower phase function values at larger scattering angles for sparsely
packed droxtals (Fig. 3.3).
When the multiple scattering is accounted for, the impact of the near-field effects
on the snow surface BRF is considerable lower as shown in Figure 3.5. The relative
difference between the BRF of a sparse and dense particulate snow layer is given
in the principal plane. The BRF in backscattering angles of (𝜃r > 45 °, 𝜙r = 0 °) is
excluded because of a local minimum in the phase function close to the scattering
angle of 𝜗 = 180 ° (Fig. 3.3). Differences at wavelengths of 620, 1100, 1830, 2240 nm
are chosen to represent the near-field effects over the entire spectral range considered
(300 − 2500 nm) beyond the ice absorption bands.
The relative error is limited between −0.003 % and 0.016 % at a packing density
of 𝑓 = 0.2. It is higher for 𝑓 = 0.4, with errors between −0.006 % and 0.039 %.
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These values are much smaller than in case of single-scattering because the BRF
is much less influenced by the characteristics of the phase function and, therefore,
by the near-field-induced angular redistribution of scattered energy. The relative
error is mostly positive in forward-scattering directions, i. e., 𝜃r > 0 ° at 𝜙r = 180 °
and 𝜃r < 30 ° at 𝜙r = 0 °, and increases towards the direction (𝜃r = 70 °, 𝜙r = 180 °).
It indicates a BRF overestimation when the near-field effects are neglected. At
large VZAs in the backscattering region (𝜙r = 0 °), the relative error is negative
indicating a BRF underestimation. Both, over- and underestimation, increases with
the wavelength and the packing density, respectively. This effect can be explained
by the snow absorption. As the wavelength increases, the absorption of radiation in
the snow layer is higher, which increases the number of low-order scattering events
relatively to multiple scattering effects inside the snow layer (Aoki et al., 2000).
The near-field effects on the scattering phase function, i. e., the suppression of the
forward-scattering peak and the increase at backscattering angles (Fig. 3.3), become
more important depending on the packing density 𝑓 . It leads to a lower BRF at
forward-scattering and a higher BRF at backscattering angles relative to respective
values of a sparse particulate snow layer, i. e., without a near-field consideration. In
Figure 3.5 illustrated fluctuations in the relative error, which are more pronounced
at a higher packing density, are generated by invisible, high frequency ripples in the
respective phase functions.
Figure 3.6 shows the relative error in the spectral albedo in the wavelength
range of 300 − 2500 nm caused by the far-field approximation. At wavelengths
𝜆 . 1000 nm, the relative error is close to zero, i. e., near-field effects are not existent.
At wavelengths 𝜆 & 1000 nm, the relative error increases with wavelength to 0.005 %
(𝑓 = 0.2) and 0.012 % (𝑓 = 0.4), respectively, with two local maxima at wavelengths
𝜆 ≈ 1500 nm and 2000 nm. These results are consistent with the relative error in
the BRF (Fig. 3.5). In the presence of unconsidered near-field effects, the BRF
overestimation at forward-scattering angles dominates the BRF underestimation
at backscattering angles entailing an overestimation in the spectral albedo. Note
that the two local maxima in the relative error at wavelengths 𝜆 ≈ 1500 nm and
2000 nm (Fig. 3.6) are caused by the absorption of ice, which amplifies the effects
of the modified phase function on the spectral BRF and, therefore, on the spectral
albedo.
It is clearly shown that the impact of the near-field effects on the BRF and albedo
of a snow layer composed of droxtals with a maximum dimension of 60 µm is very
small. The near-field effects are even less for larger snow grain sizes (Mishchenko,
1994). Higher snow packing densities than that of fresh snow (𝑓 = 0.2) and old
dry snow (𝑓 = 0.4), as they occur in wet snow (Peltoniemi et al., 2010), are not
considered here, because they can lead to overcorrections within the dense-medium
light-scattering theory (Ito et al., 2018). However, a significant increase of the
near-field effects in the snow layers with higher packing densities is not expected.
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Figure 3.6: Relative difference of sparse (𝑓 = 0.0) and dense particulate snow surface
spectral albedo with a packing density of 𝑓 = 0.2 (black) and 𝑓 = 0.4 (red), respectively.
The simulation configurations are same as in Figure 3.5.

To conclude, the near-field effects of densely packed grains in snow layers are
negligible in the simulation of snow surface BRF and albedo by phenomenological
RT models (Pohl et al., 2020c). The far-field assumption of snow grains positioned
far away of each other, i. e., the neglect of the near-field effects in the snow layer, as
commonly made in literature (e. g., Aoki et al., 2000; Green et al., 2002; Grenfell
et al., 1994; Jin et al., 2008; Kokhanovsky et al., 2018, 2011; Leroux et al., 1998;
Li and Zhou, 2004; Mishchenko et al., 1999; Perovich, 1990; Xie et al., 2006, and
references therein) is justified and will be used below to simulate the reflectance
factor and albedo of snow.

3.3 Comparison of simulated with measured radiometric
quantities
The reflection of natural snow, ice, and melt pond surface types strongly depends on
their physical properties, composition, impurities, stratigraphic layering (Sect. 2.1.4),
as well as the spectral and angular characteristics of the incident solar radiation
(Ch. 4). Its correct reproduction with the RT model SCIATRAN is challenging
because simplifications in the parameterization of the atmosphere-surface system
are necessary caused by computing power limitations. For instance, the snow layer
is strongly simplified by employing atmospheric ice crystals as snow particles and
regarding the vertical surface heterogeneity by only two snow sub-layers (Sect. 2.2.3).
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The distribution of ice grains is described by the concept of stereology (Sect. 2.2.4.1).
Scattering at the melt pond bottom is assumed to be Lambertian (Sect. 2.2.4.2).
Corroborating that such simplifications allow an acceptable approximation of natural
Arctic sea-ice surface reflection properties, measured reflectance factors and albedo
spectra of different snow, ice, and melt pond surface types are compared to simulations.
As Malinka et al. (2016) and Malinka et al. (2018) have already verified the ice and
melt pond parameterization by an extensive data set of measured albedo spectra,
the focus of this comparison will be more on the snow surface types than on ice and
melt pond surfaces. Additionally, the comparison is aimed to gain experience about
how the free surface parameters introduced in Sections 2.2.3 to 2.2.4.2 control the
spectral and angular characteristic of the surface reflection.
The comparative measurement data set consists of reflectance factors from snow
measured by FIGIFIGO (Sect. 2.1.5.1) at different places in Finland (Hakala et al.,
2014; Peltoniemi et al., 2009; Riihelä et al., 2011) and by the spectrogonio-radiometer
developed at the Laboratoire de Planétologie de Grenoble, France (Sect. 2.1.5.1), in
the French Alps (Dumont et al., 2010). Although all snow samples originate from
Europe, they are optically thick enough to have the same reflective properties as
the optically thick snow cover above the sea-ice (Dumont et al., 2010; Grenfell and
Perovich, 2004). In addition, albedo and reflectance factor measurements over ice
and melt pond surface types of Arctic sea ice in the Canadian Archipelago (Perovich,
1994) are used for comparison.

3.3.1 Measurement samples and procedure
Snow reflectance factors from FIGIFIGO selected for this comparison were collected
within the framework of a field and a laboratory measurement in Masala, FI (Peltoniemi et al., 2009; Peltoniemi et al., 2010), and two campaigns (SNORTEX 2008
- 2010 - SNOw Reflectance Transition EXperiment, and RASCALS - RAdiation,
Snow Characteristics and ALbedo at Summit) in Sodankylä, FI, and at the Summit
Environmental Observatory (72.56 °N, 38.48 °W) on the Greenland ice sheet, respectively (Hakala et al., 2014; Manninen and Roujean, 2014; Riihelä et al., 2011). The
snow samples contain fresh, aged, and freezing snow. Additionally, a cold dry snow
sample of 20 cm vertical thickness was taken from a field in Masala, FI, with −5 °C
air temperature into a laboratory with air temperature of +5 °C. The reflectance
factor was measured after the melting has started. All sample characteristics are
summarized in Table 3.3. The measurements were performed either in daylight
under clear-sky conditions or during night. For the irradiation at night time, as
well as in the laboratory, the radiation of a 1000 W Oriel Research Quartz tungsten
halogen lamp (Oriel 66886 and 69935, Newport Corporation, Irvine, CA, USA) was
directed to the snow surface sample using a reflector on a tripod. Thus, either
the HDRF (sun as radiation source) or the BRF (lamp as radiation source) was
detected. Note that according to the instrument’s opening angle of 3 ° (Sect. 2.1.5.1),
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the reflectance factors are accurately named HCRF and DCRF (directional conical
reflectance factor), respectively. However, it will be shown in Section 5.2 that the
opening angle can be neglected and the HCRF (DCRF) is well approximated by the
HDRF (BRF).
Measurements were collected in the principal plane, and at planes shifted by
azimuth angles of 10 ° to 90 ° from the principal plane in 10 ° or 20 ° steps. Smaller
steps are selected for measurements close to the forward-scattering peak. Solely for
the melting snow sample measured in the laboratory, a coarser grid of azimuth angles
of 𝜙r = 0, 20, 50, and 90 ° was selected. A full hemispherical measurement cycle
of non-polarized reflectance factors was performed in 15 min to 20 min. In case of
polarized radiation measurements, each plane was sampled successively at different
polarization angles indicated in Table 3.3 before the azimuth angle was modified.
Thus, the measurement of a single plane took up to 180 s (Hakala et al., 2014) and
the measurement time of the entire hemisphere was multiplied by the number of
selected polarization directions (Suomalainen et al., 2009).
Nadir measurements of a horizontally levelled Labsphere Spectralon 99 % white
reference panel of 25 x 25 cm2 size were performed before and after each hemispherical
measurement. When the insolation was changed during the measurement process,
the white reference measurements were repeated after each azimuthal turn of the
instrument. Thus, the reflectance factor can be calculated as (Suomalainen et al.,
2009):
𝐿𝜆,r (𝜃r ,𝜙r , 𝜃i , 𝜙i , 𝜃0 )
𝜌𝜆 (𝜃r ,𝜙r , 𝜃i , 𝜙i , 𝜃0 ) =
𝜌𝜆,Ref ,
(3.22)
𝐿𝜆,Ref (𝜃i , 𝜙i ,𝜃0 )
where 𝐿𝜆,Ref is the isotropically reflected radiance of the reference panel. Its reflectance factor 𝜌𝜆,Ref is known beforehand. The accuracy of the measured reflectance
factors is 0.02 − 0.05 depending on the wavelength, viewing geometry, and measurement conditions (Peltoniemi et al., 2014).
When polarized reflectance factors were measured, they are converted to total
reflectance factors (Peltoniemi et al., 2015):
⎧
⎪
(𝜃 ,𝜙 , 𝜃 , 𝜙 , 𝜃 ) + 𝜌𝜆,90° (𝜃r ,𝜙r , 𝜃i , 𝜙i , 𝜃0 ) ,
or
⎨𝜌𝜆,0
(︀ ° r r i i 0
1
𝜌𝜆 (𝜃r ,𝜙r , 𝜃i , 𝜙i , 𝜃0 ) = 2 𝜌𝜆,0° (𝜃r ,𝜙r , 𝜃i , 𝜙i , 𝜃0 ) + 𝜌𝜆,90° (𝜃r ,𝜙r , 𝜃i , 𝜙i , 𝜃0 )+
⎪
)︀
⎩
𝜌𝜆,45° (𝜃r ,𝜙r , 𝜃i , 𝜙i , 𝜃0 ) + 𝜌𝜆,135° (𝜃r ,𝜙r , 𝜃i , 𝜙i , 𝜃0 ) .
(3.23)
The numbers in the indices represent the polarization angles. The case used depends
on whether two or four polarization angles were measured.
The selected French spectrogonio-radiometer measurements contain the BRF (more
accurate, DCRF) of a wet crusted and a new wet snow layer sample taken from
two locations in the French Alps (Col de Porte at the Chartreuse, and Argentière
at the Mont Blanc; Dumont et al., 2010). The samples, cylinders with 30 cm in
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diameter and 12 cm in depth, were initially stored in a cold room at −10 °C for one
week to avoid metamorphic effects and thermal instabilities during the subsequent
measurements. At this time, the samples were refrozen. Their characteristics are
given in Table 3.3. The BRF was measured in the spectral range between 500 nm
and 2600 nm in 20 nm steps at the incident angle of 𝜃0 = 60 °. The VZA was set to
𝜃r = 0, 30, 60, and 70 °, the relative azimuth angle was 𝜙r = 0, 45, 90, 135, and 180 °.
The reference measurements were performed by utilizing a Spectralon® for wavelengths 𝜆 ≤ 2440 nm and an infragold® sample for longer wavelengths. The reflectance
factors are subsequently calculated by Equation (3.22). The relative accuracy of the
measured reflectance factors is better than 1% (Bonnefoy, 2001).
The spectral albedo of each Finnish and French surface sample is calculated from
respective BRF or HDRF measurements by (i) assuming mirror symmetry of the
reflectance factors in respect to the principal plane, (ii) extrapolation of measurements
between the maximum measured VZA and 90 °, (iii) linear interpolation of the
measurements in dimensions cos(𝜃r ) and 𝜙r , and (iv) hemispherical integration
(Eq. (2.9)). Hakala et al. (2014) and Dumont et al. (2010) specified the uncertainties
in the spectral albedo resulting from the integration procedure to be within 3 % at
all wavelengths outside the absorption bands.
The albedo and the HDRF (more accurate, HCRF) from bare ice, blue ice, and a
melt pond were measured at Resolute Bay (75 °N, 95 °W) in the Canadian Archipelago
between May and June 1991 during the melt onset (Perovich, 1994). The bare ice
had two distinct bubble layers between 0 m and 0.05 m as well as between 0.09 m
and 0.11 m depth. Some bubbles occurred in deeper layers down to 0.29 m. The blue
ice was similar to the bare ice with less bubbles in the top layer. The melt pond was
0.3 m deep over 1.55 m thick ice. All characteristics are summarized in Table 3.3.
Measurements were performed by a Spectron Engineering SE590 data-logging
spectroradiometer in the wavelength range of 400 − 1000 nm (Perovich, 1994). To
protect the instrument control electronics from the prevailing low temperatures,
they were housed in a thermally insulated box. For albedo measurements, a cosine
collector was attached to the instrument via an optical fibre. The optics was
mounted on a 1.5 m long rod and was pointed up- and downwards to detect the
spectral down- and upward irradiances. The spectral albedo is subsequently derived
by Equation (2.10). For HDRF measurements, an entrance optics with an opening
angle of 1 ° was used. The optics was mounted on a metallic semicircular arc, which
can be azimuthally rotated on a base ring to measure the angular dependent reflected
radiance. The HDRF was measured at VZAs of 𝜃r = 0, 30, and 60 ° and at the
relative azimuth angles 𝜙r between 0 ° and 180 ° in 30 ° intervals. A complete set of
HDRF measurements took around 15 min. Reference measurements were performed
with a Spectralon white (0.98 − 0.99 reflectance) Lambertian reflectance standard
at the beginning and end of each measurement cycle. The reflectance factors were
calculated by Equation (3.22).

Data source

Date

Fresh snow
SNORTEX
5 Apr 2008
SNORTEX*
21 Mar 2010
RASCALS
13 Jul 2010
RASCALS
5 Jul 2010
Freezing snow
SNORTEX
21 Apr 2009
Dumont et al. (2010)*
Jan 2008
Dumont et al. (2010)
Jan 2008
Aged snow
SNORTEX
1 Apr 2008
SNORTEX*
1 Apr 2008
SNORTEX
3 Apr 2008
SNORTEX
3 Apr 2008
Peltoniemi et al. (2009)
19 Mar 2009
Snow at melt onset
Peltoniemi et al. (2009)
19 Mar 2009
Peltoniemi et al. (2010)
20 Mar 2009
Peltoniemi et al. (2010)* 20 Mar 2009
Ice surface and melt pond
Perovich (1994)*
May/Jun 1994
Perovich (1994)*
May/Jun 1994
Perovich (1994)*
May/Jun 1994

Location

SZA [° ]

𝜌𝜆

Polarization

Surface physical properties

Sodankylä
Sodankylä
Summit
Summit

43.0
67.1
75.4
59.9

BRF
HDRF
HDRF
HDRF

H, V
-

Sodankylä
Col de Porte
Argentière

55.0
60.0
60.0

BRF
BRF
BRF

H,V,∖, /
-

3 d old, dry
Melt-freeze crusted / rounded grains
Clustered rounded / faceted grains

Sodankylä
Sodankylä
Sodankylä
Sodankylä
Masala

64.0
71.0
64.0
67.0
65.7

BRF
BRF
HDRF
HDRF
HDRF

H, V
H, V
H,V,∖, /

Dry, large, rounded irregular grains
Dry, large, rounded irregular grains
Dry, large, rounded irregular grains
Dry, large, rounded irregular grains
3 d old, crusty surface, dry, 0.5 − 1 mm

Masala
Lab, Masala
Lab, Masala

63.1
60.5
60.5

HDRF
BRF
BRF

H,V,∖, /
H,V,∖, /
H,V,∖, /

Crusty surface
Wet, large, rounded grains > 1 mm
Wet, large, rounded grains > 1 mm

Resolute Bay
Resolute Bay
Resolute Bay

60.0
58.0
52.0

HDRF
HDRF
HDRF

-

Dry,
Dry,
Dry,
Dry,

flakes / needles, 0.1 − 1 mm
large, thin hexagonal / broken flakes
small grains
small grains
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Table 3.3: Summarized description of surface samples selected for comparing measured and simulated reflection quantities,
including the data source, date of measurement, location, SZA, and the surface physical properties, as well as the kind
of measured reflectance factor 𝜌𝜆 . The polarisation angles of 0 °, 90 °, 45 °, and 135 ° are denoted as H, V, ∖, and /,
respectively. Unpolarized reflectance factors are denoted as -. Reflection quantities from samples marked with an asterisk
are illustrated in Figures 3.7 to 3.10, 3.13, and 3.14.

Bare ice, bubbly, 1.58 m thick
Blue ice, 1.58 m thick
0.3 m melt water over 1.55 m ice
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3.3.2 Reproduction of measured radiative quantities
The measured reflectance factors and albedo spectra are reproduced by SCIATRAN
using the set-up specified in Section 2.2. For measurements in laboratory or in night
time, the atmospheric scattering and absorption is turned off in SCIATRAN. The
free surface parameters are manually adapted by minimizing the deviation between
the measured and simulated spectral albedo.
In case of snow, the particle maximum dimension in the upper and lower snow
layer 𝐷1 and 𝐷2 , the depth of the transition layer 𝑧1 , and the BC concentration
are adjusted for each particle shape available in the Yang database (Sect. 3.1). The
snow grain shape that best reproduces the observations is found by a subsequent
comparison of the measured and simulated reflectance factors. The findings are that
a fresh snow layer is well represented by hollow bullet rosettes, hollow columns, or
small droxtals. Plates, solid bullet rosettes, and hollow columns are suitable for
freezing snow surface types. Aggregates of 8 columns as well as large solid columns,
and droxtals are the best particle shapes for aged snow surface layers and snow
at melt onset. Aggregates of 10 plates is convenient for freezing and aged snow
layers, whereas aggregates of 5 plates can be used for all snow surface types. The
five particle shapes for the best reproduction of the snow samples are aggregates
of 8 columns (8col), hollow bullet rosettes (hbr), hollow columns (hc), plates, and
aggregates of 5 plates (plate5). For those, a detailed comparison of measured and
simulated data is presented.

Figure 3.7: Measured (lines) and simulated (symbols) radiometric quantities of
fresh snow: (a): spectral albedo, (b): HDRF in the principal plane at wavelengths
𝜆 = 600, 1025, 1300, and 2250 nm. Measurement uncertainties are color shaded. For
clarity, only a subset of simulated spectral albedo values are shown. The SZA is 67.1 °.
The measurement sample is described in Table 3.3, simulation parameters are listed in
Table 3.4.
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Figure 3.8: Measured (lines) and simulated (symbols) radiometric quantities of
freezing snow: (a): spectral albedo, (b): BRF in the principal plane. The figure set-up
is analogue to Figure 3.7. The incidence zenith angle is 60 °. The measurement sample
is described in Table 3.3, simulation parameters are listed in Table 3.4.

Figure 3.9: Same as Figure 3.8 of aged snow at an incidence zenith angle of 71 °.
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Figure 3.10: Same as Figure 3.8 of snow at melt onset at an incidence zenith angle
of 60.5 °.

Figures 3.7 to 3.10 show the measured spectral albedo (left) and the reflectance
factors (right) of four different snow surface types (fresh snow, freezing snow, aged
snow, and snow at melt onset). The selected snow samples are marked with an
asterisk in Table 3.3. The SZA at the time of measurement varies between 60 ° and
71 °, so that an influence of the SZA on the model performance can be investigated.
Lines represent the measurements, envelopes indicate either the highest value of the
measurement uncertainty or the measurement variability in case the measurements
have been repeated, and the symbols represent the simulations. For clarity, the
simulated albedo is illustrated in a reduced spectral resolution of 125 nm. The
simulated reflectance factors are shown at selected wavelengths 𝜆 = 600, 1025, 1300,
and 2250 nm in the principal plane at a VZA of 𝜃r = 0, 30, 60, and 70 °. The
wavelengths are chosen to represent the simulated reflectance factors over the entire
spectral range considered (280 − 2500 nm) beyond the ice absorption bands. The
retrieved snow parameters are summarized in Table 3.4.
Although the albedo measurements offer different spectral distributions (Figs. 3.73.10(a)), they can be well reproduced by the SCIATRAN set-up for all prevailing
SZAs. Only between 550 nm and 1000 nm and in the NIR region, mostly at 1800 nm,
the measured albedo is slightly underestimated by less than 0.05. Due to the retrieval
process, the simulated spectral albedo is almost independent of the particle shape
(compare symbols in each panel of Figures 3.7-3.10(a)), whereas such a dependency
can be clearly observed for the reflectance factors at large VZAs, especially at short
wavelengths (Figs. 3.7-3.10(b)). Simulated and measured reflectance factors coincide
in the principal plane at low VZAs and in the backscattering region at a relative
azimuth angle of 𝜙r = 0 °, except for fresh snow at 𝜆 = 600 nm. Here, the simulated
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Table 3.4: Surface parameter values to simulate the albedo and reflectance factors
of selected snow surface samples illustrated in Figures 3.7 to 3.10 (𝐷1,2 - particle
maximum dimension of the upper and lower snow sub-layer [µm], 𝑧1 - geometrical
thickness of the upper snow layer [mm], BC - black carbon concentration [m3 /m3 ]).
Parameter

8col

hbr

hc

plate

plate5

Fresh snow (Fig. 3.7)
𝐷1 /𝐷2

500/625

1000/1125

300/450

375/375

500/750

𝑧1

0.306

0.306

0.552

−

0.99

BC

0.8e-8

0.8e-8

0.8e-8

0.8e-8

0.8e-8

Freezing snow (Fig. 3.8)
𝐷1 /𝐷2

500/1625

500/3750

1000/1500

500/1250

250/1500

𝑧1

0.99

0.99

0.306

0.99

0.99

BC

0.0

0.0

0.0

0.0

0.0

Aged snow (Fig. 3.9)
𝐷1 /𝐷2

750/6500

−

−

−

1000/8000

𝑧1

0.99

−

−

−

0.99

BC

0.0

−

−

−

0.0

Snow at melt onset (Fig. 3.10)
𝐷1 /𝐷2

1000/7500

−

−

10000/10000

1000/8000

𝑧1

1.77

−

−

−

1.77

BC

3.2e-8

−

−

3.2e-8

3.2e-8

reflectance factor is underestimated by up to 0.12. Reasons will be discussed in
Section 3.4. Highest discrepancies between simulated and measured reflectance
factors occur in the forward-scattering peak at 𝜙r = 180 °. They can exceed 0.2
depending on the wavelength (compare colors) and the particle shape (compare
symbols). However, they are independent of the prevailing SZA (compare panels of
Figures 3.7-3.10(b)). The freezing snow surface sample is best represented by plates
(Fig. 3.8(b)), the aged snow sample by aggregates of 8 columns (Fig. 3.9(b)), and the
snow sample at melt onset by aggregates of 5 plates (Fig. 3.10(b)). For the fresh snow
sample, hollow bullet rosettes are the best choice to represent snow particles, but the
backscattering region is better represented by aggregates of 8 columns (Fig. 3.7(b)).
The shape of available ice particles in SCIATRAN usually deviates from those found
in natural snow particulate media (Sect. 2.1.3). A direct comparison of the retrieved
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Figure 3.11: Deviation (line) of simulated and measured snow spectral albedo
averaged over all snow surface types listed in Table 3.3 and particle shapes 8col, hbr,
hc, plate, and plate5. The standard deviation is grey shaded.

grain sizes and shapes (Tab. 3.4) with those from the snow measurement samples
(Tab. 3.3) is therefore not possible. Also the simulated vertical layer distribution
does not certainly correspond to reality. However, the derived particle sizes and their
vertical layering (small particles on top, larger particles underneath) are physically
reasonable. Similar to natural snow layers, the retrieved grain sizes increase from
fresh snow to freezing and aged snow and further to snow at melt onset (Tab. 3.4).
For aged and melting snow, large particle sizes are required, which are not available
for some particle shapes because the particle maximum dimension is limited to
𝐷 = 10000 µm. The chosen BC concentration is large and might exceed the actual
one of the surface samples. Thus, it has to be rather considered as a tuning parameter
than as a physically reasonable value.
Figure 3.11 shows the deviation between simulated and measured spectral albedo
averaged over all snow surface samples listed in Table 3.3 regardless of the insolation.
As the simulated albedo is almost independent of the particle shapes, the differences
are additionally averaged over the five selected particle shapes (8col, hc, hbr, plate,
plate5). The respective standard deviation is grey shaded. Measurement noise and
unphysically high measured albedo values, e. g., 𝛼𝜆 > 1 in VIS and too large albedo
at 𝜆 > 2250 nm, are excluded beforehand. The above-mentioned underestimations
between 550 nm and 1000 nm and around 1800 nm can be clearly identified in the
bias with values of around 0.02 and 0.04, respectively. It is slightly larger than the
generally assumed measurement uncertainty of 0.02 (Sect. 2.1.5.4). At wavelengths
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Figure 3.12: Deviation (lines) of simulated and measured snow reflectance factors
in the principal plane at the wavelengths 𝜆 = 600, 1025, 1300, and 2250 nm averaged
over all snow surface types listed in Table 3.3. The standard deviation is color shaded.

𝜆 ≤ 500 nm and 𝜆 ≥ 2350 nm, the simulated albedo is overestimated by up to 0.02
on average. The overestimation at short wavelengths is caused by insufficiently
considered contaminants, whereas at long wavelengths simulation errors occur most
likely due to incorrectly assumed grain sizes. In the transition zone between high
albedo values in VIS and low albedo values in NIR (1000 nm ≤ 𝜆 ≤ 1500 nm), the
measured and simulated albedo spectra feature significant variations and strong
gradients. These lead to fluctuations in the bias with values of up to ±0.05.
Figure 3.12 illustrates the bias of the measured and simulated reflectance factors
from all snow surface samples listed in Table 3.3. The bias is illustrated in the
principal plane at wavelengths 𝜆 = 600, 1025, 1300, and 2250 nm for each selected
particle shape. The reflectance factor at 𝜆 = 600 nm is mostly underestimated by
SCIATRAN, which is congruent with the underestimated spectral albedo (Fig. 3.11).
At the other selected wavelengths, the sign of the bias depends on the particle shape.
At low VZA, the bias is smaller than −0.1 at the wavelength of 𝜆 = 600 nm and
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Figure 3.13: Measured (lines) and simulated (bullets) albedo of bare ice, blue ice, and
a melt pond in the Canadian Archipelago. Shaded areas represent the measurement
error. The SZA was between 52 ° and 60 °. The measurement sample is described in
Table 3.3, simulation parameters are listed in Table 3.5.

smaller than ±0.05 at other wavelengths. In the forward-scattering peak at a relative
azimuth angle of 𝜙r = 180 °, the bias increases up to 0.23. Plates overestimate the
forward-scattering peak and underestimate the backscattering reflectance factors
at 𝜙r = 0 °. Aggregates of 8 columns are the best particle shape to represent the
backscattering region, while hollow columns and aggregates of 5 plates are the best
shapes for the forward-scattering peak. Standard deviations are less than 0.04 for all
particle shapes except for aggregates of 5 plates with values of less than 0.06 and at
the forward-scattering peak with values up to 0.14.
The measured albedo and the HDRF of three Arctic sea-ice surfaces, two ice and
one melt pond surface type, are illustrated in Figures 3.13 and 3.14, respectively.
Most of the measured values were manually read out of the figures in Perovich (1994).
Some available numerical values were used to estimate the error reading, which is
lower than 0.005 and, hence, clearly lower than the generally assumed measurement
uncertainty of 0.02 (Sect. 2.1.5.4).
The measurements are reproduced by SCIATRAN employing the ice and melt pond
parameters summarized in Table 3.5. The surface parameters have been manually
derived by minimizing the deviation between measured and simulated albedo and
HDRF. The resulting albedo simulations are shown in Figure 3.13. The albedo
of bare ice and the melt pond is well represented by SCIATRAN with maximum
deviations of up to 0.06. The measured blue ice albedo drops faster towards longer
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Figure 3.14: Measured (lines) and simulated (bullets) HDRF of bare ice, blue ice, and
a melt pond in two horizontal circles (𝜃r = 30 ° and 60 °, columns) and two wavelengths
(𝜆 = 450 nm and 950 nm, rows). Shaded areas represent the measurement error. The
SZA was between 𝜃0 = 52 ° and 60 °. The measurement sample is described in Table 3.3,
simulation parameters are listed in Table 3.5.

Table 3.5: Surface parameter values to simulate the albedo and reflectance factors of
ice and melt pond surfaces illustrated in Figures 3.13 to 3.14 (𝜏 - optical thickness of
the ice layer, 𝐷 - mean chord length of ice grains [µm], 𝑘y - absorption coefficient of
yellow pigments at 390 nm [m−1 ], 𝜏sca - transport scattering depth, 𝑘sca,t - transport
scattering coefficient [m−1 ], 𝑧 - melt pond depth [m]).
Surface

𝜏

𝐷

𝑘y (390 nm)

𝜏sca

𝑘sca,t

𝑧

Bare ice

13

5000

6.7e-3

−

−

−

Blue ice

9

8000

6.7e-4

−

−

−

Melt pond

−

−

−

1.8

2.0

0.3
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wavelengths than it can be simulated by SCIATRAN, which results in deviations of
up to 0.16.
The measured and simulated HDRF of both ice surface samples in Figure 3.14 are
similar. The largest underestimations by SCIATRAN occur at the forward-scattering
peak at a relative azimuth angle of 𝜙r = 180 ° with values up to 0.68 and close to
nadir at 𝜃r = 30 at the wavelength of 𝜆 = 950 nm with values up to 0.18. The
simulated HDRF of the melt pond is isotropic in contrast to the measured one
because the Fresnel reflection is not considered. Excluding the forward-scattering
peak at 𝜙r = 180 °, the measured melt pond HDRF is reproduced with deviations
smaller than 0.08.

3.4 Summary and discussion of simulation uncertainties
In the previous section, measured albedo spectra and reflectance factors of 18 snow
and Arctic sea-ice surface types have been compared with respective SCIATRAN
simulations using a simple model set-up (Sect. 2.2). The simulated and measured
data agree well with deviations less than 0.05 for a wide spectral and a wide angular
range (Figs. 3.11-3.14). This achievement is unique with respect to comparisons in
literature that are either limited on certain wavelengths, viewing geometries, or surface types (e. g., Jafariserajehlou et al., 2021; Kokhanovsky et al., 2011; Kokhanovsky
et al., 2005). Deviations between measured and SCIATRAN-simulated reflectance
factors and albedo values can be greater than 0.05 around 𝜆 = 600 nm and, in case of
reflectance factors, at VZAs larger than 𝜃r > 40 ° (e. g., Figs. 3.11 and 3.12). Additionally, the differences are similar for different SZAs in the available range of 43 ° − 71 °
illustrating an accurate simulation performance for different irradiation geometries.
Although measurement uncertainties contribute to the disagreements between measurement and simulation (Sect. 2.1.5), the disagreements are mainly generated by
simplified parameterizations of the surface types in SCIATRAN (Sects. 2.2.3-2.2.4.2):
The diversity of snow grain sizes and shapes within a natural snow layer are represented by mono-dispersed, single-shaped atmospheric ice crystals. The complex
vertical snow profile is parameterized with only two snow sub-layers. Vertical inhomogeneity is not even considered for ice surface types and their granular layer is
described by a model of random mixture of ice and air. The Fresnel reflection is not
incorporated in SCIATRAN. Additionally, Carmagnola et al. (2013) propose that
uncertainties in the ice refractive index might cause errors in the simulated albedo
and reflectance factor in NIR.
However, the differences between measured and simulated albedo spectra and
reflectance factors of usually less than 0.05 are small enough to justify the simulation
set-up in SCIATRAN. Slightly smaller deviations can only be achieved if the vertical
profile of the microphysical properties within the surface layer, e. g., the density,
the grain size and shape, or impurities, is exactly known (Carmagnola et al., 2013).
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Potential improvements are limited by indispensable simulation assumptions, e. g.,
concerning the snow and ice grain shape and the surface roughness. Additionally,
measurement uncertainties in the albedo, reflectance factors, and the microphysical
properties affect the accurate simulation of the surface layer reflection properties. In
Carmagnola et al. (2013), they result in a minimum uncertainty between 0.014 and
0.05 in the simulated spectral snow albedo, depending on the wavelength, by taking
the measured spectral snow albedo as a reference.

3.5 Surface parameter settings to simulate the reflectance
factor and albedo of various Arctic sea-ice surface types
The SCIATRAN set-up is designed to simulate realistic reflectance factors and
albedo spectra of many different, natural Arctic sea-ice surface types with only a
few parameters. Merely five snow parameters (particle shape, particle size of the
upper and lower snow sub-layer 𝐷1,2 , geometrical thickness of the upper snow layer
𝑧i , BC concentration), three ice parameters (optical thickness of the ice layer 𝜏 ,
mean chord length of ice grains 𝐷, absorption coefficient of yellow pigments 𝑘y at
390 nm), and three melt pond parameters (transport scattering depth 𝜏sca , transport
scattering coefficient 𝑘sca,t , melt pond depth 𝑧) are required. Those will be varied to
create a comprehensive data set of spectral reflectance factors, as well as spectral
and broadband albedo in the spectral range of 280 − 3000 nm over various snow, ice,
and melt pond surface types of Arctic sea ice at black-sky, blue-sky, and overcast
conditions. The snow surface types include fresh, aged, and melting snow layers. The
ice layers range from white ice, to bare ice, to melting ice. The melt ponds include
liquid and frozen as well as light and dark ones. The selected surface parameter values
are summarized in Table 3.6. They are based on the surface parameters retrieved
from the comparison of measured and simulated albedo spectra and reflectance
factors in Section 3.3 as well as from the albedo comparisons in Malinka et al. (2016)
and Malinka et al. (2018). All values are physically reasonable except for the high
BC concentration, which exceeds typical values for the Arctic sea ice (Sect. 2.1.3)
and has to be considered as a tuning parameter. Note that the tabularized snow
particle shapes deviate from natural ones entailing snow particle sizes which seem to
be inappropriate for some cases (e. g., 𝐷2 = 10000 µm). The odd values of the snow
interface depth 𝑧i in Table 3.6 originates from the selected logarithmic sub-grid scale
of the snow layer (Sect. 2.2.3). They correspond to the first 7, 9, 11, and 13 out of
20 snow sub-layers.
If not stated otherwise, the reflectance factors and albedo values of the ice surface
types at 𝜆 < 1000 nm are calculated by the BRDF approach (Eq. (2.27)) using
the ice surface BRF (Eq. (2.42)) by Malinka et al. (2016). At longer wavelengths,
the ice surface BRF is too large so that from 𝜆 ≥ 1000 nm the Lambert reflection
approach (Eq. (2.28)) with the black-sky albedo of ice (Eq. (2.43)) is employed.
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Table 3.6: Selected surface parameter values to simulate various snow, ice, and
melt pond surface types of Arctic sea ice by SCIATRAN (𝐷1,2 - particle maximum
dimension of the upper and lower snow sub-layer [µm], 𝑧i - geometrical thickness of the
upper snow layer [mm], BC - black carbon concentration [m3 /m3 ], 𝜏 - optical thickness
of the ice layer, 𝐷 - mean chord length of ice grains [µm], 𝑘y - absorption coefficient of
yellow pigments at 390 nm [m−1 ], 𝜏sca - transport scattering depth, 𝑘sca,t - transport
scattering coefficient [m−1 ], 𝑧 - melt pond depth [m]).

Free parameter

Values

Snow
Shape

8col, hbr, hc, plate, plate5

Homogeneous: 𝐷1 = 𝐷2

100, 250, 500, 1000

Inhomogeneous:

𝐷1 }𝑧i
𝐷2

300}𝑧1 300}𝑧1 500}𝑧1 500}𝑧2 750}𝑧2 1000}𝑧3
500 , 1000 , 2000 , 4000 , 7000 , 10000

𝑧i

𝑧1 = 0.306, 0.99; 𝑧2 = 0.99, 3.15; 𝑧3 = 3.15, 9.99

BC

0, 2.5e-8

Ice
𝜏

2.5, 5, 7.5, 10, 12.5, 15, 17.5, 20

𝐷

4000, 5000, 6000, 8000, 10000, 12000, 40000 for 𝜏ice < 10
2000, 3000, 4000, 5000, 6000 for 𝜏ice ≥ 10

𝑘y (390 nm)

6.7e-4

Melt pond
𝜏sca

0.5, 1, 2, 3, 4

𝑘sca,t

0.2, 0.5, 1 for 𝜏sca = 0.5
0.2, 0.5, 1, 3 for 𝜏sca = 1
0.5, 1, 3 for 𝜏sca = 2
1, 3, 5 for 𝜏sca = 3, 4

𝑧

0.1, 0.5
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Up to the current version of SCIATRAN (4.2.3), the reflectance factors and albedo
values of melt ponds calculated by the BRDF approach (Eq. (2.27)) using the melt
pond BRF (Eq. (2.46)) do not contain the Fresnel reflection, i. e., the first term
of Equation (2.46). It is caused by the discontinuity of the Dirac delta function.
To overcome this issue, the melt pond albedo based on the Lambertian approach
(Eq. (2.28)) is additionally calculated by using the black-sky melt pond albedo
(Eq. (2.44)), which contains the Fresnel reflection component. Thereby, SCIATRAN
calculates an albedo product of a Lambertian surface, which has the same black-sky
albedo as a melt pond containing both components, the Fresnel reflection and the
water surface leaving reflection. Although it is not correct by definition, the resulting
SCIATRAN product will be referred as the melt pond albedo with Fresnel reflection,
hereafter. The incurred errors should be small relative to those caused by the neglect
of the Fresnel component.
According to the parameter settings in Table 3.6, 160 snow layers, 46 ice layers,
and 32 melt ponds are considered, i. e., 238 different Arctic sea-ice surface types.
Their spectral blue-sky albedo is illustrated in Figure 3.15 to show their diversity.
The albedo variability per wavelength is similar to that of albedo spectra measured
on the Arctic sea ice by Polashenski (2011) shown in Figure 2.6(a). The measured
snow spectral albedo by Polashenski (2011) is lower than the respective simulated
albedo in VIS and NIR because the measured data set does not cover fresh snow
observations. Additionally, the measured ice albedo spectra in VIS decrease towards
𝜆 = 350 nm probably caused by a larger sky radiance diffusivity at the time of
measurement than assumed in SCIATRAN (Sect. 4.1). The simulated albedo of
melt ponds is higher in VIS than in the measured data set to cover additionally light
frozen and frozen blue melt ponds (compare with Figures 6 and 7 in Malinka et al.
(2018)). Measured albedo spectra over melt ponds which decrease slowly towards
longer wavelengths, e. g., overfrozen melt ponds (Perovich et al., 2011), cannot be
considered in SCIATRAN due to limitations in the melt pond parameterization
(Sect. 2.2.4.2). However, those spectra can be optically recovered by very dark ice
surface types (see Fig. 3.15, Sect. 2.2.4.1).
In summary, a comprehensive data set of reflectance factors and albedo values
over snow, ice, and melt pond surface types has been created, which is (i) realistic
and (ii) represents the reflection properties of a wide range of Arctic sea-ice surface
types. This data set allows to estimate the impact of the atmosphere and clouds
(Ch. 4) as well as of instrument characteristics and associated retrieval algorithms
(Ch. 5) on the measured surface reflection quantities. However, the comparison of
measured and simulated radiative quantities in Section 3.3 reveals constraints of
subsequent analyses: Uncertainties in the simulated reflectance factors at large VZA
(Fig. 3.12 and 3.14) might affect the investigation of BRDF models (Sect. 5.5.1).
Underestimations in the simulated snow spectral albedo between 550 nm and 1000 nm
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Figure 3.15: SCIATRAN-simulated spectral albedo of 160 snow (green), 46 ice (red),
and 32 melt pond surface types (blue) of Arctic sea ice at SZA of 60 °. The atmosphere
is clean (AOT of 0.14). Each line represents a specific surface parameter setting from
Table 3.6. (See also Figure 2.6(a) for comparison with measured albedo spectra.)

and close to 1800 nm (Fig. 3.11), as well as difficulties in the simulation of blue
ice-like albedo spectra (Fig. 3.13) and weak spectrally declining melt pond albedo
(compare Figures 3.15 and 2.6(a)) complicate the estimation of the uncertainties in
the NTBC (Sect. 5.6). The disregard of the Fresnel reflection in the BRDF approach
(Eqs. (2.27) and (2.46)) limits the analyses for melt pond surface types. All those
facts have to bear in mind in the following investigations.

CHAPTER 4
Impact of the insolation on the surface reflectance factor and
albedo
4.1 Impact of a cloud-free atmosphere
Scattering and absorption of atmospheric gases and aerosols affect the radiation
incident on the surface. While absorption reduces the proportion of the incident
radiation, scattering redistributes the direct radiation from the sun into other incident
angles. The atmospheric influence changes the reflectance factor and the albedo
of the surface (Manninen et al., 2012), as both quantities depend on the incident
radiance (see Eqs. (2.7), (2.9), and (2.11)). Additional multiple-scattering events
between the atmosphere and surface strengthen the atmospheric impact depending
on the surface brightness.
The atmospheric influence is often neglected in the direct comparison of blackand blue-sky broadband albedo products, e. g., Riihelä et al. (2013), resulting in
systematic uncertainties (Sect. 1.3). Those will be estimated for Arctic sea-ice
surface types, which has not yet been done, by comparing the surface HDRF (with
an atmosphere) to the respective BRF (without an atmosphere) as well as the surface
blue-sky to the black-sky albedo. All reflection quantities have been simulated by the
RT model SCIATRAN. Its model set-up is described in detail in Sections 2.2 and 3.5,
utilized model parameters are summarized in Tables 2.2 and 3.6. To simulate the
BRF and the black-sky albedo, the atmospheric scattering and absorption have been
turned off.
Initially, the atmospheric effects are exemplified in Figures 4.1 to 4.3 for one
selected snow, ice, and melt pond surface, respectively, which are arbitrarily selected
and representative for all 238 simulated Arctic sea-ice surface types. Their surface
parameters are specified in Table 4.1. Figures 4.1 and 4.2 show the HDRF and
the BRF at wavelengths of 𝜆 = 500 nm and 1000 nm, respectively. The melt pond
reflectance factors are only based on the water leaving reflection and do not contain
the Fresnel reflection component (see Sect. 3.5). It explains the homogeneous
reflectance factor distribution at 𝜆 = 500 nm and values close to zero at 𝜆 = 1000 nm.
Atmospheric effects diminish the forward-scattering peak at the relative azimuth
angle of 𝜙r = 180 ° and enhance the reflectance factors at other viewing geometries
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Figure 4.1: SCIATRAN-simulated BRF (black) and HDRF (colors) at 𝜆 = 500 nm in
the principal plane (a, c) and in the cross plane (b, d), for one snow (solid lines), one
ice (dashed lines), and one melt pond surface (dotted lines) of Arctic sea ice. The SZA
is 60 ° (upper panels) and 80 ° (lower panels). A clean (AOT of 0.14, blue) and turbid
(AOT of 0.3, red) atmosphere are considered. Atmosphere and surface parameters are
listed in Tables 2.2 and 4.1.

for the snow and ice surface type, and increase the reflectance factors for melt ponds.
The effects are stronger for a larger SZA (e. g., compare Figure 4.1(a,b) with (c,d))
and a higher AOT (compare blue and red lines relative to black lines), as both factors
increase the number of scattering events within the atmosphere. In contrast, the
atmospheric impact on the reflectance factors decreases towards longer wavelengths,
as the Rayleigh scattering becomes weaker (compare Figure 4.1 with Figure 4.2).
Note that the HDRF distribution at VZA 𝜃r < 40 ° and a SZA of 𝜃0 = 80 ° resembles
the BRF distribution at 𝜃0 = 60 °. Due to this fact, a so-called effective SZA is
introduced, which yields (almost) the same surface reflectance factor distribution
for a simulation without atmospheric influence (BRF) as for a simulation with
atmospheric influence (HDRF). For the case described above, the effective SZA of the
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Figure 4.2: Same as Figure 4.1 but for a wavelength of 𝜆 = 1000 nm.

three surfaces underneath an atmosphere has to be lower than the actual SZA caused
by the atmosphere-induced diffuse irradiation. This effect plays an important role
when the impact of clouds is considered (Sect. 4.2) and can be also used to explain
the larger HDRF relative to the BRF of the melt pond. Its reflectance factors are
mainly determined by the underlying ice, which is parameterized as a Lambertian
surface. It is well-known that such a surface has a larger reflectivity for smaller
(effective) SZAs.
According to Equation (2.9), the hemispherically integrated BRF (HDRF) is the
black-sky (blue-sky) albedo, which is illustrated in Figure 4.3 for the three Arctic
sea-ice surface types. The blue-sky spectral albedo at SZA of 𝜃0 = 60 ° almost equals
the black-sky albedo, independent of the AOT (Fig. 4.3(a)). In case of the snow and
ice surface, it can be explained by the reflectance factor reduction in the forwardscattering peak at 𝜙r = 180 °, which compensates the reflectance factor enhancement
at all other viewing geometries. In case of the melt pond, it is caused by minor changes
in the reflectance distribution. Only for the ice surface type, the atmosphere slightly
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Table 4.1: Surface parameters of one selected snow, ice, and melt pond surface type
of Arctic sea ice, respectively (𝐷1,2 - particle maximum dimension of the upper and
lower snow sub-layer, 𝜏 - optical thickness of the ice layer, 𝐷 - mean chord length of
ice grains, 𝑘y - absorption coefficient of yellow pigments at 390 nm, 𝜏sca and 𝑘sca,t transport scattering depth and coefficient, 𝑧 - melt pond depth).
Snow

Ice

Hollow columns

𝜏 = 5

𝐷1 = 𝐷2 = 100 µm
No BC

𝐷 = 8000 µm
𝑘y (390 nm) = 6.7e-4 m−1

Pond
𝜏sca = 2
𝑘sca,t = 1 m−1
𝑧 = 0.5 m

Figure 4.3: SCIATRAN-simulated black-sky (black) and blue-sky spectral albedo
(colors) of one snow (solid lines), one ice (dashed lines), and one melt pond surface
(dotted lines) of Arctic sea ice at SZA of 60 ° (a) and 80 ° (b). The atmosphere is clean
(AOT of 0.14, blue) and turbid (AOT of 0.3, red). Atmosphere and surface parameters
are listed in Tables 2.2 and 4.1.

reduces the spectral albedo at wavelengths 𝜆 < 750 nm because the reflectance factor
reduction in the forward-scattering cone is more pronounced than the enhancement
(Fig. 4.1(a,b)). In contrast, the atmosphere changes considerably the spectral albedo
at large SZA depending on the AOT (Fig. 4.3(b)). The snow spectral albedo decreases
at wavelengths 𝜆 > 750 nm, the ice spectral albedo already reduces in the VIS range.
This can be explained by the diffuse radiation at incident angles smaller than the SZA,
which can be easier absorbed within the snow or ice layer (Sect. 2.1.4). Note that
the blue- and black-sky spectral albedo of the ice surface at 𝜆 ≥ 1000 nm are equal
in Figure 4.3(b), which is caused by the Lambertian reflection approach (Eq. (2.28))
used in this wavelength range (Sect. 3.5). It neglects the angular distribution of the
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Figure 4.4: SCIATRAN-simulated black-sky and blue-sky broadband albedo of 160
snow (dashes), 46 ice (bullets), and 32 melt pond surface types (crosses) of Arctic sea
ice from Table 3.6. Results based on a clean (AOT of 0.14, pale colors) and turbid
atmosphere (AOT of 0.3, saturated colors) are almost similar.

incident and reflected radiation. Usually, the atmosphere reduces the spectral albedo
of ice at 𝜆 ≥ 1000 nm as well, analogously to the snow spectral albedo. The melt
pond spectral albedo (without Fresnel reflection) at 𝜆 < 1000 nm increases with the
atmospheric influence according to the reflectance factor enhancement as seen from
Figure 4.1(c) and (d).
The atmospheric influence on the reflection properties illustrated for the three
surface types in Figures 4.1 to 4.3 is representative for all 238 simulated Arctic sea-ice
surface types. Thus, the identified effects can explain the relationship between all
simulated blue- and black-sky broadband albedo as shown in Figure 4.4. Regarding
the albedo of snow and ice surface types, the broadband albedo at blue-sky is smaller
than at black-sky caused by the diminished spectral albedo under atmospheric
influence (Fig. 4.3). According to the atmospheric effects on the spectral albedo,
differences between the blue-sky and black-sky broadband albedo are higher at larger
SZAs (compare colors in Figure 4.4) and at darker surface types (compare, e. g., bullets
and dashes). A slight dependence on the AOT can be observed (compare pale and
saturated color symbols) with larger differences in a turbid atmosphere (AOT of 0.3).
The RMSD and bias between the blue- and black-sky broadband albedo averaged over
both atmospheres at SZAs of 𝜃0 = 60 ° and 80 ° are summarized in Table 4.2. They
correspond to uncertainties when black- and blue-sky broadband albedo products
are compared directly to each other. At high sun elevation, the RMSD (bias) is 0.01
(−0.01), which is smaller than the generally assumed measurement uncertainty of
0.02 (Sect. 2.1.5.4). Thus, differences between the black- and blue-sky broadband
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Table 4.2: RMSDs and biases between the SCIATRAN-simulated blue- and black-sky
broadband albedo of 160 snow, 46 ice, and 32 melt pond surface types of Arctic sea
ice from Table 3.6 at SZAs of 𝜃0 = 60 ° and 80 °. Uncertainties are averaged over both
atmospheres (clean - AOT of 0.14, turbid - AOT of 0.3).
RMSD

Bias

SZA

Snow

Ice

Pond

Snow

Ice

Pond

𝜃0 = 60 °

0.007

0.013

0.007

−0.007

−0.013

−0.007

𝜃0 = 80 °

0.037

0.039

0.019

−0.036

−0.038

−0.018

albedo can be neglected. In contrast, at low sun elevations (e. g., 𝜃0 = 80 °), the
statistical deviations are larger (RMSD = 0.04/bias = −0.04) although they remain
within the required albedo accuracy range of 0.02 − 0.05 (Sect. 1.1).
Uncertainties in the comparison of black- and blue-sky broadband albedo of snow
and ice can be improved due to the fact that their difference depends linearly on
the inherent surface albedo. Thus, a relationship between the black- and blue-sky
broadband albedo is empirically derived by fitting the snow and ice albedo from
Figure 4.4 by a regression line for each individual SZA. The resulting slopes and
intercepts are listed in Table 4.3. They can be used to convert the blue-sky in the
black-sky broadband albedo of snow or ice surface types and vice versa.
Regarding the albedo of melt ponds, the blue-sky broadband albedo is slightly
lower (RMSD, |bias| < 0.02, Tab. 4.2) than the respective black-sky albedo (Fig. 4.4).
This relation disagree with the findings of Figures 4.1 to 4.3. The surface reflection
of melt ponds illustrated in the latter three Figures is based on the BRDF approach
(Eqs. (2.27) and (2.46)), while the melt pond broadband albedo in Figure 4.4 is
based on the Lambertian reflection approach (Eqs. (2.28) and (2.44)) to incorporate
the Fresnel reflection component (see Section 3.5 for explanations). However, the
Lambertian approach neglects the angular distribution of the incident and reflected
radiance. Changes in the broadband albedo shown in Figure 4.4 are only caused by
the atmospherically influenced downward irradiance, according to Equation (2.11).
The irradiance is stronger attenuated at shorter wavelengths due to the Rayleigh
scattering. That explains the smaller blue-sky broadband albedo values.
Differences between the black- and blue-sky broadband albedo of melt ponds can
be only considered theoretically because an adequate empirical analysis demands
melt pond albedo values based on the BRDF approach (Eq. (2.27)), which takes the
previously neglected Fresnel reflection into account. This parameterization is not
possible up to the current version of SCIATRAN (4.2.3). According to Figure 4.4,
differences between black- and blue-sky albedo values are only decisive for SZAs
larger than around 70 °, which are common in the Arctic. To estimate them, the melt
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Table 4.3: Relation between the simulated black-sky (𝛼black ) and blue-sky broadband
albedo (𝛼blue ) of 206 snow and ice surface types of Arctic sea ice from Table 3.6 for
specific SZAs (𝜃0 ). The linear relation 𝛼blue = slope · 𝛼black + intercept is shown for
two atmospheric states (clean - AOT of 0.14; turbid - AOT of 0.3). Its RMSD is 0.00,
𝑅2 is 1.
𝜃0
’Clean’

Slope
Intercept

’Turbid’

Slope
Intercept

55 °

60 °

65 °

70 °

75 °

80 °

1.02

1.03

1.05

1.07

1.10

1.16

−0.02

−0.03

−0.05

−0.07

−0.11

−0.17

1.02

1.03

1.05

1.08

1.12

1.18

−0.02

−0.03

−0.05

−0.08

−0.13

−0.19

pond albedo has to be separated into its Fresnel and water surface leaving reflection
component (see Eq. (2.44)). As shown in Figure 4.3, the blue-sky spectral albedo
of the water leaving component is larger than at black-sky condition, which will
increase the broadband albedo. On the other hand, the Fresnel reflection is lower
at smaller effective SZAs caused by a more diffuse incident radiation (not shown),
which implies a spectral and broadband albedo decrease. Changes in the Fresnel
reflection are assumed to be stronger than changes in the water leaving reflection.
Thus, the blue-sky broadband albedo should be slightly lower than illustrated in
Figure 4.4.
In summary, the atmosphere decreases the black-sky surface broadband albedo
of Arctic sea-ice. The effect is stronger for darker surface types, larger AOTs, and
larger SZAs. The RMSD is below 0.01 for SZAs smaller than 𝜃0 = 60 ° and increases
up to 0.04 at SZA of 𝜃0 = 80 °. Although the discrepancy between the blue-sky and
black-sky surface albedo is within the range of accuracy of 0.02 − 0.05 required for
climate simulations (Sect. 1.1), it can be corrected if the AOT is known.

4.2 Impact of clouds
The investigations from the previous section are referred to cloud-free situations.
However, clear-sky cases are less common than cloudy skies in the Arctic. The cloud
coverage over the Arctic ocean is typically between 60 % and 90 % with larger values
during the Arctic summer (Key et al., 2001; Shupe et al., 2011). The impact of
clouds on the Arctic sea-ice surface albedo is investigated in this section based on
SCIATRAN simulations. The parameters describing the atmosphere-surface-cloud
system are summarized in Tables 2.2, 2.3, and 3.6. According to Serreze and Barry
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(2014), 85 % − 90 % of the Arctic summer cloud cover are low-level stratus clouds,
which justifies an investigation under homogeneous cloud conditions.
The cloud cover affects the surface albedo in two opposite ways (Gardner and
Sharp, 2010; Warren, 1982):
• SZA shift effect: Clouds increase the proportion of diffuse to total radiation
incident on the Arctic sea-ice surface by weakening the direct radiance and
enhancing the diffuse radiance. Thus, they change the effective SZA relative to
clear-sky conditions towards ≈ 50 ° at purely diffuse incident radiance (note
the weighting factor in, e. g., Equation (2.3)). As the SZA in the Arctic is
usually larger than 50 °, the increased diffuse radiance implies an effective SZA
decrease and, according to the SZA dependence in Section 2.1.4, entails a
surface broadband albedo decrease.
• Spectral shift effect: Clouds increase the proportion of visible to total radiation
that reaches the Arctic sea-ice surface. It is caused by the cloud transmittance,
which is larger in the VIS than in the NIR region according to the spectral
refractive index (Fig. 2.3). As an example, the liquid water cloud transmittance
simulated by SCIATRAN over one specific ice surface is illustrated in Figure 4.5(a). Multiple reflections between the Arctic sea-ice surface and the cloud
enhance this spectral shift effect. As the spectral albedo of typical Arctic sea-ice
surfaces are generally higher in the VIS than in the NIR region (Figs. 4.5(a)
and 2.6(a)), the spectral shift in the irradiance increases the surface broadband
albedo according to Equation (2.11).
Both effects counteract each other depending on the surface brightness, the SZA,
and the cloud transmittance (Shupe and Intrieri, 2004). The impact of clouds on
the polar surface albedo has been studied in numerous publications. It was shown
that with increasing cloudiness, the snow and ice broadband albedo may increase by
0.01 to 0.08 (Allison et al., 1993; Cogley and Henderson-Sellers, 1984; Grenfell and
Perovich, 2008; Jonsell et al., 2003; Stapf et al., 2020; Warren, 1982; Zhang et al.,
1996). The enhancement may exceed 0.1 depending on the surface type (Donth et al.,
2020; Gardner and Sharp, 2010; Grenfell and Perovich, 1984). Contrarily, Carroll
and Fitch (1981) observed a decrease in the snow surface broadband albedo for very
large SZAs. However, the above-mentioned studies are limited in surface types, solar
zenith angles, or simply neglect the SZA shift effect. They are not representative
enough to allow a seasonal and Arctic sea-ice wide estimation of the cloud impact on
the surface albedo. The extensive data set of SCIATRAN-simulated clear-sky and
cloud-influenced Arctic sea-ice surface albedo can close this gap and provides valuable
information about the cloud effect in dependence of the SZA and the surface albedo.
Even more, the SZA and spectral shift effect will be studied almost separately of
each other.
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Figure 4.5: (a) SCIATRAN-simulated water cloud transmittance as the ratio of
downward irradiances below and above the cloud (red) and the spectral albedo of an ice
surface (black) specified in Table 4.1. The SZA is 60 °, the atmosphere is clean (AOT
of 0.14). (b) Fraction of diffuse to total downward irradiance at 10 m altitude in a
SCIATRAN-simulated surface-atmosphere system with and without clouds. Considered
are 238 snow, ice, and melt pond surface types of Arctic sea ice, two atmospheric states
(clean - AOT of 0.14; turbid - AOT of 0.3), and two clouds (liquid water - 𝜏 = 5.5, ice
- 𝜏 = 0.6). Atmosphere, cloud, and surface parameters are summarized in Tables 2.2,
2.3, and 3.6, respectively. At liquid water-cloud-covered sky, results in a clean (green)
and turbid atmosphere (black) are the same and at one.

In order to understand the SZA shift effect, the change of the diffuse fraction by
including clouds in the surface-atmosphere system has to be known and is illustrated
in Figure 4.5(b). It shows the spectral ratio of diffuse to total downward irradiance at
10 m altitude for 238 simulated Arctic sea-ice surface types summarized in Table 3.6.
The diffuse fraction increases from the clean (AOT of 0.14) to the turbid atmosphere
(AOT of 0.3) and from clear-sky over ice-cloud-covered sky to one at liquid watercloud-covered sky. Thus, the liquid water cloud with its optical thickness of 𝜏 = 5.5
suppresses completely the direct irradiance independently of the AOT. In contrast,
the ice cloud (𝜏 = 0.6) is partially translucent for direct radiation, which makes
the diffuse fraction also dependent on the AOT. The diffuse fraction below the
atmosphere and the ice cloud additionally depends slightly on the surface types due
to the multiple scattering effects between the surface, the atmosphere, and the cloud.
According to the SZA shift effect, an increase of the diffuse irradiance fraction
results in a decrease of the apparent Arctic sea-ice surface albedo, which is illustrated
in Figure 4.6. It compares the simulated apparent broadband albedo in 10 m
altitude of the snow, ice, and melt pond surface types under overcast conditions
with respective values of the same model set-up but assuming the surfaces to be
Lambertian (Eq. (2.28)). The Lambertian surfaces are specified by the black-sky
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Figure 4.6: Simulated SZA shift effect of a liquid water cloud (𝜏 = 5.5) (a) and an ice
cloud (𝜏 = 0.6) (b) above 160 snow layers (dashes), 46 ice surface types (bullets), and
32 melt ponds (crosses) of Arctic sea ice. Colors indicate the SZA dependency. Pale
and saturated colors represent the clean (AOT of 0.14) and the turbid atmosphere
(AOT of 0.3), respectively. Atmosphere, cloud, and surface parameters are summarized
in Tables 2.2, 2.3, and 3.6, respectively.

albedo of the considered surface types. The apparent albedo of snow and ice surfaces
is simulated by the BRDF approach (Eq. (2.27)). Since it cannot parameterize
the Fresnel reflection of melt ponds (see Section 3.5 for explanation), the apparent
broadband albedo of melt ponds is simulated by the Lambertian approach (Eqs. (2.28)
and (2.44)) at the sole SZA of 𝜃0 = 55 ° (i. e., independent of the actual SZA) to
consider the effective SZA shift effect in advance. This angle has been chosen because
it is the closest available one in the simulated data set with respect to the effective
SZA at purely diffuse incident radiance (≈ 50 °).
Except for melt ponds, the apparent surface albedo parameterization considers
the distribution of the incident radiance and reflects the radiation at the surface
according to its BRDF. In the Lambertian approach, the surface receives basically
the same irradiance, but the incident and reflected radiance distribution is neglected.
For simulations without an atmosphere and clouds, both parameterizations result in
the same broadband albedo in 10 m altitude for all SZAs (not shown). In contrast,
atmospheric constituents and cloud particles modify the surface incident radiance
distribution and, consequently, the broadband albedo in 10 m altitude according to
the applied parameterization. While the albedo based on the Lambertian approach
alters only slightly due to changes in the spectral incident irradiance (not shown,
see Eq. (2.11)), the apparent surface albedo is additionally affected by the angular
dependent redistribution of the radiance (Eqs. (2.27), (2.3), (2.4), and (2.11)). With
increasing diffuse fraction (Fig. 4.5(b)) and a resulting effective SZA decrease, the
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apparent surface broadband albedo declines for the snow and ice surface types relative
to the albedo based on the Lambertian approach (Fig. 4.6). The effect is stronger
with a larger actual SZA (compare colors in Figure 4.6), stronger for the liquid water
cloud than for the ice cloud (compare Figure 4.6(a) and (b)), and, in case of the
ice cloud, stronger for the turbid than for the clean atmosphere (compare pale and
saturated colors in Figure 4.6(b)). Additionally, the albedo reduction depends on
the surface brightness. The lower the surface albedo, the stronger is the SZA shift
effect because the albedo of darker surface types offers a stronger SZA dependence
(compare black-sky albedo values in Figure 4.4). For snow, the apparent broadband
albedo decreases by up to 0.09 under liquid water-cloud- and up to 0.06 under
ice-cloud-covered sky. The ice broadband albedo decreases between 0.01 (𝜃0 = 55 °)
and 0.21 (𝜃0 = 80 °) in case of the liquid water cloud and between 0.00 (𝜃0 = 55 °)
and 0.14 (𝜃0 = 80 °) in case of the ice cloud.
For melt ponds, the SZA shift effect is only modelled under simplified assumptions.
This explains the mismatches in Figure 4.6 in the transition zones between the melt
pond and the ice broadband albedo. Due to the selected surface parameterization,
the SZA shift effect is nearly independent of the cloud and the atmosphere. The
broadband albedo decreases by up to 0.29. The strongest effects are observed at
large SZA. In case of the ice cloud, the albedo decrease is overestimated because
the chosen effective SZA of 𝜃0 = 55 ° is too low for a diffuse downward irradiance
fraction of around 50 % (Fig. 4.5(b)).
Note that the differences in the broadband albedo by assuming either the Lambertian or the BRDF approach are not generated by the SZA shift effect alone. An
isotropically instead of an anisotropically reflecting surface can also influence the
radiative transfer in the surface-atmosphere-cloud system. This impact is assumed
to be smaller than the SZA shift effect and does not change the results of Figure 4.6
as discussed above.
To quantify the dependence of the spectral shift effect, Figure 4.7 shows the linear
fitted slopes of spectral cloud transmittances between 𝜆 = 320 nm and 1000 nm for
each simulated Arctic sea-ice surface type. This spectral range was chosen because
it is free from strong absorption bands (see Fig. 4.5(a)). Stronger (negative) slopes
imply a larger spectral shift effect and, therefore, a stronger enhancement of the
surface broadband albedo.
The spectral shift effect is stronger for the optically thicker liquid water cloud
than for the ice cloud (compare Figure 4.7(a) and (b)) as well as stronger for larger
SZAs (compare colors in Figure 4.7). A larger SZA implies a longer path through
the cloud and strengthens the cloud absorption, which facilitates the spectral shift
effect. Atmospheric dependencies can only be observed at large SZAs where the
slope is slightly stronger for the clean than for the turbid atmosphere (compare pale
and saturated colors in Figure 4.7). This can be explained by a stronger radiation
absorption in the turbid atmosphere, which suppresses the spectral shift effect.
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Figure 4.7: Slopes of SCIATRAN-simulated liquid water cloud (𝜏 = 5.5) (a) and
ice cloud (𝜏 = 0.6) (b) transmittances between 𝜆 = 320 nm and 1000 nm above 160
snow, 46 ice, and 32 melt pond surface types of Arctic sea ice to illustrate the spectral
shift effect. Marker style and color coating are the same as in Figure 4.6. Atmosphere,
cloud, and surface parameters are summarized in Tables 2.2, 2.3, and 3.6, respectively.
Slopes based on ice surface types are fitted linearly to illustrate their dependence on
the ice surface albedo. Slope dependencies on the snow and melt pond surface albedo
are clearly visible without regression lines.

Due to the radiative cloud-surface interactions, the spectral shift effect depends
strongly on the surface albedo (compare albedo values for each surface class (symbols)
separately in Figure 4.7). A strong gradient in the spectral surface albedo, i. e., a
high albedo at shorter and a low albedo at longer wavelengths, support the spectral
shift effect. Then both, the cloud and the surface, preferably transmit and reflect the
radiation at shorter wavelengths. The spectral cloud transmittance (i. e., the ratio of
downward irradiances below to above the clouds) gets stronger sloped. The impact
of the surface albedo is strongest for bright ice or dark snow surface types with
albedo values around 0.7. Brighter snow surface types offer smaller snow grain sizes.
Thus, the NIR spectral albedo increases, which reduces the gradient in the spectral
albedo and diminishes the spectral shift effect. Darker ice and melt pond surface
types generates the same effect (see, e. g., regression lines in Figure 4.7) because the
VIS spectral albedo drops down, which in turn reduces the spectral albedo gradient.
Ultimately, the SZA and spectral shift effect interact in overcast situations and
modify the clear-sky albedo of the 238 simulated Arctic sea-ice surface types according
to Figure 4.8. Under the liquid water-cloud-covered sky (Fig. 4.8(a)), the spectral
shift effect is dominant for light melt ponds at SZAs below 𝜃0 = 70 °, bright ice surface
types, and for all snow surface types, which leads to a surface broadband albedo
enhancement of up to 0.04 (melt pond), 0.06 (ice), and 0.08 (snow), respectively. All
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Figure 4.8: SCIATRAN-simulated clear-sky and overcast broadband albedo of 238
snow, ice, and melt pond surface types of Arctic sea ice assuming a liquid water cloud
(𝜏 = 5.5) (a) and an ice cloud (𝜏 = 0.6) (b). Marker style and color coating are the
same as in Figure 4.6. Atmosphere, cloud, and surface parameters are summarized in
Tables 2.2, 2.3, and 3.6, respectively.

other simulations are dominated by the SZA shift effect leading to a surface albedo
reduction of up to 0.28 (melt pond) and 0.12 (ice), respectively. The cloud-induced
albedo changes are almost independent of the SZA, in case of snow and ice, and
independent of the atmospheric state. Only for the melt pond albedo, a strong SZA
dependence can be identified due to its parameterization under overcast conditions.
The amplitudes of RMSDs and biases between the clear-sky and overcast broadband
albedo are between 0.02 − 0.11 and are summarized in Table 4.4. All cloud-induced
effects are lower under the ice-cloud-covered sky (Fig. 4.8(b)), except for the melt
ponds which suffer from their weak parameterization. For ice surface types, the
spectral and SZA shift effect are almost at equilibrium. According to Table 4.4, the
RMSDs and biases between clear-sky and overcast broadband albedo are below 0.02
for snow, 0.012 for ice surface types, and 0.12 for melt ponds.
In summary, clouds influence the Arctic sea-ice surface broadband albedo. Compared to clear-sky conditions, the clouds increase the surface albedo of bright surface
types (e. g., snow, white ice) whereas they decrease the albedo of dark surface types
(e. g., melt ponds and melting ice). The impact of optically thin clouds, e. g., an ice
cloud with an optical thickness of 𝜏 = 0.6, is in the order of the generally assumed
measurement uncertainty of 0.02 (Sect. 2.1.5.4). The influenced surface albedo can
therefore be compared directly to or used as the clear-sky broadband albedo without
further corrections. This is not the case for optically thick clouds, e. g., a liquid
water cloud with an optical thickness of 𝜏 = 5.5, which completely suppress the
direct radiation. Here, the influenced surface albedo strongly deviates from the
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Table 4.4: RMSDs and biases between clear-sky and overcast broadband albedo of 238
simulated snow, ice, and melt pond surface types of Arctic sea ice and SZAs between
55 ° and 80 °. Uncertainties are averaged over the clean (AOT of 0.14) and turbid
atmosphere (AOT of 0.3). Atmosphere, cloud, and surface parameters are summarized
in Tables 2.2, 2.3, and 3.6, respectively. Large uncertainties for melt ponds originate
from their simplified parameterization.
RMSD

Bias

Cloud

Snow

Ice

Pond

Snow

Ice

Pond

Liquid water cloud

0.054

0.037

0.108

0.053

0.017

−0.060

Ice cloud

0.017

0.012

0.121

0.017

0.006

−0.082

respective clear-sky albedo. Deviations of more than 0.1 are possible, which exceed
the required albedo accuracy of 0.02 − 0.05 (Sect. 1.1). Thus, cloud-influenced
albedo values have to be corrected before they can be used for further investigations
under clear-sky conditions. Albedo parameterizations which take into account the
surface-albedo-cloud interactions (e. g., Gardner and Sharp, 2010, and references
therein) could be useful for this purpose.
This chapter has investigated the impact of insolation on the surface albedo. The
atmosphere reduces the surface albedo by an RMSD of up to 0.04 relative to black-sky
conditions which is still within the required albedo accuracy of 0.02 − 0.05. Optically
thin and thick clouds additionally modify the surface albedo by an RMSD up to
0.02 and 0.06, respectively. All changes depend on the SZA, surface brightness, as
well as the aerosol and cloud optical thickness. The next chapter will investigate the
impact of instrument characteristics on the observed surface albedo. All influences
are summarized in Sect. 6.1.

CHAPTER 5
Impact of instrument characteristics and retrieval processes on
the observed surface reflectance factor and albedo
This chapter investigates the uncertainties in the observed Arctic sea-ice surface
albedo resulting from instrument characteristics and associated retrieval processes.
That includes the influence of the entrance optics of devices measuring the irradiance
(Sect. 5.1) and the radiance (Sect. 5.2), the influence of the satellite instrument
channels (Sect. 5.3), as well as atmospheric, angular, and spectral corrective schemes
required for satellite observations at TOA in only a few channels and viewing
geometries (Sects. 5.4-5.6). Additionally, a satellite albedo retrieval algorithm based
on a physical model is investigated (Sect. 5.7). The investigations are based on
simulations with the RT model SCIATRAN. Its model set-up is described in detail
in Sections 2.2 and 3.5, utilized model parameters are summarized in Tables 2.2
and 3.6. To simulate the BRF and black-sky albedo, atmospheric scattering and
absorption have been turned off.

5.1 Uncertainties resulting from a cosine error
Ideally, instruments measuring irradiances, e. g., pyranometers or spectrometers
equipped with a cosine collector (Sects. 2.1.5.1 and 2.1.5.2), detect the radiance
from the entire hemisphere above the sensor with an angular response function
following the cosine law (Eqs. (2.3) and (2.4)). In practice, the pyranometer sensor
or the cosine collector features a response function deviating from the perfect cosine
response, which is called the cosine error (Mekaoui and Zibordi, 2013). It depends
on the set-up of the pyranometer or the cosine collector and might even vary among
a single pyranometer or collector type due to different production batches (Mekaoui
and Zibordi, 2013; Tilstone et al., 2020; Vabson et al., 2019). The error ranges
typically between ±10 % depending on the incidence angle and on the wavelength
(Mekaoui and Zibordi, 2013; Tilstone et al., 2020; Vabson et al., 2019; Wang et al.,
2018a). As examples, the CM-14 albedometer (Sect. 2.1.5.1) used by Polashenski
(2011) (Sect. 5.6.1) has a cosine error of up to 6 % (www.kippzonen.com, accessed
on 9.5.2021). The RAMSES ACC-2 from AWI (Sect. 2.1.5.1) features a cosine error
less than 2 % at VZA of 𝜃r < 70 ° and less than 3.5 % at VZA of 70 ° ≤ 𝜃r ≤ 90 °
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(Nicolaus et al., 2010b). The cosine error of the SMART albedometer (Sect. 2.1.5.2)
is less than 23 % at VZA of 𝜃r < 80 ° and larger otherwise (e. g., Carlsen, 2018).
A poor cosine response introduces systematic errors in the measured irradiance
(Mekaoui and Zibordi, 2013; Tilstone et al., 2020; Vabson et al., 2019). It is probably
the main source of errors contributing to disagreements in field intercomparison of
radiometer measurements (Tilstone et al., 2020; Vabson et al., 2019). Mekaoui and
Zibordi (2013) have calculated the resulting error in the irradiance for a number
of RAMSES ACC radiometers ranging between −4 % and 8 % at SZA of 𝜃0 = 65 °.
This amount of error entails a significant albedo uncertainty of more than 5 %
(Sect. 2.1.5.4). Often, the albedo measurements are not corrected for the cosine
error such as those of RAMSES ACC-2 (Marcel Nicolaus, personal communication,
12.05.2021). However, it will be shown below that it is advisable to characterize the
cosine error of each measuring device and to use the resulting calibration factors
for a subsequent correction of the measurements (Mekaoui and Zibordi, 2013). The
influence of the cosine error and the uncertainty of its correction is estimated for the
SMART albedometer (Ehrlich et al., 2008; Wendisch et al., 2001). This instrument
was not only chosen because of its large cosine error, but its data is also used for the
NTBC assessment (Sect. 5.6.2).
The angular response function of the up- and downward-looking optics of SMART:
𝛤m (𝜃m ,𝜆) =

𝐸𝜆 (𝜃m )
𝐸𝜆 (𝜃m = 0 °)

(5.1)

is characterized in laboratory (e. g., Carlsen, 2018). The index m is equal to i for
the upward-looking optics measuring the incident irradiance or equal to r for the
downward-looking optics measuring the reflected irradiance. The response function
of the downward-looking optics, 𝛤r , is illustrated in Figure 5.1(a) for two selected
wavelengths. The response is larger than an ideal cosine response at incident angles
up to 60 °. In contrast, the response at larger incident angles is slightly lower than
the ideal response. The response function of the upward-looking sensor is similar
albeit a slight spectral dependence is not present. For both optics, the azimuth
dependency is marginal (Carlsen, 2018).
Consequentially, the downward-looking sensor will detect an excessive amount
of radiation reflected in angles close to zenith. The upward-looking sensor will
underestimate the incident irradiance for SZAs larger than around 65 ° because most
of it originates from the sun and its corona and, therefore, from directions with too
low response values. The resulting cosine error is calculated by:
𝑒m (𝜃m ,𝜆) =

𝛤m (𝜃m ,𝜆)
,
cos(𝜃m )

(5.2)

5.1 Uncertainties resulting from a cosine error

93

Figure 5.1: (a): Angular response function of the downward-looking sensor of SMART
at two wavelengths (colors) and the ideal cosine response (black). (b): Spectral albedo
of the snow surface specified in Table 4.1 at SZA of 60 ° simulated by SCIATRAN
(black) and influenced by the cosine error (red) as well as corrected for the cosine error
(blue) of SMART. Atmosphere parameters are summarized in Table 2.2.

where m = i, r and 𝑒i (𝑒r ) specifies the error function of the upward- (downward-)
looking sensor. The radiances are contaminated by the cosine error:
𝐿*𝜆,m (𝜃m ,𝜙m ,𝜃0 ) = 𝐿𝜆,m (𝜃m ,𝜙m ,𝜃0 ) 𝑒m (𝜃m ,𝜆) ,

(5.3)

and the cosine-error-influenced irradiances 𝐸𝜆* are obtained by substituting Equations (5.2) to (5.3) in Equations (2.3) to (2.4):
ˆ 2𝜋 ˆ 𝜋
*
𝐸𝜆,dn (𝜃0 ) = −
𝐿𝜆,i (𝜃i ,𝜙i ,𝜃0 ) 𝛤i (𝜃i ,𝜆) sin 𝜃i d𝜃i d𝜙i ,
(5.4)
ˆ

0
2𝜋

ˆ

*
𝐸𝜆,up
(𝜃0 ) =

𝜋/2
𝜋/2

𝐿𝜆,r (𝜃r ,𝜙r ,𝜃0 ) 𝛤r (𝜃r ,𝜆) sin 𝜃r d𝜃r d𝜙r .
0

(5.5)

0

*
With those, the cosine-error-influenced spectral and broadband albedo 𝛼𝜆* and 𝛼bb
can be calculated according to Equations (2.10) and (2.11).

The cosine error in the SMART albedometer measurements can be corrected as:
𝑐m (𝜃m ,𝜆) =

1
.
𝑒m (𝜃m ,𝜆)

(5.6)

The correction factor 𝑐m is known from the pre-calibrated response functions (Eqs. (5.1)(5.2)). The correction factor 𝑐i of the upward-looking optics has been fitted with
a fifth-order polynomial (Jäkel, personal communication 25.08.2017) to correct the
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Figure 5.2: Biases (lines) and standard deviations (shaded areas) between the
SCIATRAN-simulated 𝛼𝜆 and the cosine-error-influenced spectral albedo 𝛼𝜆* (a) or
*
the cosine-error-corrected spectral albedo 𝛼𝜆,cor
(b), respectively. Considered are 160
snow (green), 46 ice (red), and 32 melt pond (blue) surface types of Arctic sea ice from
Table 3.6. Atmosphere parameters are summarized in Table 2.2. The SZA is 60 °.

measured direct irradiance from the direction (𝜃i = 𝜃0 ,𝜙i = 𝜙0 ):
𝑐0,dir (𝜃0 ) =

5
∑︁

𝜉k · 𝜃0𝑘 ,

(5.7)

𝑘=0

where the coefficients from 𝜉0 to 𝜉5 are equal to 1.00119, -0.00378, -4.11376e-4,
2.55452e-5, -4.47974e-7, 2.57825e-9. The wavelength dependence is neglected. Consequentially, the correction factor of the diffuse downward irradiance is calculated
as:
ˆ 𝜋
2

𝑐i,dif = 2

𝑐i,dir (𝜃i ) cos 𝜃i sin 𝜃i d𝜃i = 0.975 .

(5.8)

0

The correction factor 𝑐r for the reflected (upward) irradiance has been estimated
analogically (Jäkel, personal communication 25.08.2017):
{︃
0.93 for 𝜆 ≤ 919 nm ,
𝑐r (𝜆) =
(5.9)
0.96 for 𝜆 > 919 nm .
Therefore, the cosine-error-corrected spectral albedo can be calculated as:
*
𝛼𝜆,cor
(𝜃0 )

*
𝐸𝜆,up,cor
(𝜃0 )
,
= *
𝐸𝜆,dn,cor (𝜃0 )

(5.10)
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*
*
with 𝐸𝜆,up,cor
and 𝐸𝜆,dn,cor
as the upward and downward spectral irradiance, which
are corrected for the cosine error, respectively:
*
*
𝐸𝜆,up,cor
(𝜃0 ) = 𝐸𝜆,up
(𝜃0 ) · 𝑐r (𝜆) ,

(5.11)

)︀
*
*
*
*
𝐸𝜆,dn,cor
(𝜃0 ) = 𝐸𝜆,dn,dir
(𝜃0 ) · 𝑐0,dir (𝜃0 ) + 𝐸𝜆,dn
(𝜃0 ) − 𝐸𝜆,dn,dir
(𝜃0 ) · 𝑐i,dif .
(︀

(5.12)

*
The parameter 𝐸𝜆,dn,dir
specifies the direct spectral irradiance influenced by the
cosine error.
The blue-sky spectral albedo simulated by SCIATRAN (𝛼𝜆 ), influenced by the
cosine error of the SMART albedometer (𝛼𝜆* ), and corrected for the cosine error
*
(𝛼𝜆,cor
) of the snow surface specified in Table 4.1 are compared in Figure 5.1(b)
at the SZA of 𝜃0 = 60 °. This simulation has been chosen arbitrarily to exemplify
the influence of the cosine error and its correction on the spectral albedo. As the
cosine error increases the detectable reflected irradiance, the spectral albedo 𝛼𝜆* is
higher than the SCIATRAN albedo. The enhancement is stronger towards shorter
wavelengths. Greater influences are to be expected with larger SZAs according
to Figure 5.1(a). The correction procedure compensates the cosine error but not
completely.
*
By calculating 𝛼𝜆 , 𝛼𝜆* , and 𝛼𝜆,cor
for the 238 simulated Arctic sea-ice surface types
from Table 3.6, it can be seen in Figure 5.2(a) that, on average, the cosine error
increases the spectral albedo up to 0.09 for snow surface types, up to 0.06 for ice
surface types, and up to 0.035 for melt ponds. Note that the error estimation of
melt ponds does not consider the Fresnel reflection component. The correction
procedure reduces the biases to 0.036 (snow) and 0.01 (ice, melt pond) as shown in
Figure 5.2(b).
Discontinuities in the spectral curves at 𝜆 = 919 nm, clearly seen in Figure 5.2
but also present in Figure 5.1(b) are the result of sensitivity disparities in the
SMART spectrometer system. Radiation in the spectral range of 290 − 1000 nm
is detected by a MultiChannel Spectrometer (MCS), while the spectral range of
900 − 2200 nm is covered by a Plain-Grating Spectrometer (PGS) (Bierwirth et al.,
2009). Both spectrometers feature slightly different spectral sensitivities, which affect
the calibration of the spectral dependent angular response (Eq. (5.2)). Applying the
calibration factors of MCS (PGS) to the SCIATRAN-simulated radiances (Eqs. (5.3)(5.12)) at 𝜆 ≤ 919 nm (𝜆 > 919 nm), which do not account for the spectrometer
sensitivities, leads to discontinuities in the calculated instrumental-influenced albedo
*
products (𝛼𝜆* and 𝛼𝜆,cor
) at the transition wavelength (𝜆 = 919 nm).
The influence of the cosine error on the Arctic sea-ice surface broadband albedo and
its correction is illustrated in Figure 5.3. Corresponding RMSDs and biases between
*
the cosine-error-influenced broadband albedo 𝛼bb
and the true broadband albedo
*
𝛼bb or the cosine-error-corrected broadband albedo 𝛼bb,cor
and 𝛼bb are summarized
in Table 5.1. The cosine error in the broadband albedo depends on the SZA because
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Figure 5.3: The broadband albedo simulated by SCIATRAN and influenced by the
cosine error (a) or corrected for the cosine error of SMART (b) of 160 snow (dashes), 46
ice (bullets), and 32 melt pond surface types (crosses) of Arctic sea ice from Table 3.6
depending on the SZA (colors). Results based on a clean (AOT of 0.14, pale colors)
and turbid atmosphere (AOT of 0.3, saturated colors) are almost similar. Atmosphere
parameters are summarized in Table 2.2.
Table 5.1: RMSDs and biases between the SCIATRAN-simulated and the cosineerror-influenced (corrected) broadband albedo of 238 snow, ice, and melt pond surface
types of Arctic sea ice, at SZAs between 55 ° and 80 ° and both atmospheric states
(clean - AOT of 0.14, turbid - AOT of 0.3). Atmosphere and surface parameters are
summarized in Tables 2.2 and 3.6, respectively.
RMSD

Bias

Snow

Ice

Pond

Snow

Ice

Pond

Cosine-error-influenced

0.10

0.06

0.02

0.09

0.05

0.02

Cosine-error-corrected

0.02

0.01

0.01

0.01

0.00

0.01

the larger the incident angle the lower the detectable direct irradiance due to the
smaller response of the entrance optics relative to an ideal one. The resulting lower
downward irradiance (sum of direct and diffuse irradiance) amplifies the albedo
increase. Additionally, the cosine error depends on the surface brightness. It can
be explained by the radiances from near-nadir directions, which mainly contribute
to the irradiance and which are enhanced by the cosine error (Eq. (5.5)). The
brighter the surface, i. e., the larger the reflected radiances, the larger are the upward
irradiance and albedo detected by the SMART albedometer relative to an idealistic
instrument. The cosine error is almost independent of the AOT. Only at SZA of
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𝜃0 = 80 °, the cosine-error-influenced broadband albedo is slightly larger in a clean
atmosphere (AOT of 0.14) due to a larger direct irradiance relative to a turbid
atmosphere (AOT of 0.3). RMSDs and biases are similar with maximum values of
0.10 (snow), 0.06 (ice), and 0.02 (melt pond), which are larger than the generally
assumed measurement uncertainty of 0.02 (Sect. 2.1.5.4) and, in case of snow and
ice, larger than the required albedo accuracy of 0.02 − 0.05 (Sect. 1.1). Thus, the
cosine error should be characterized for each instrument to subsequently correct the
measurements by the resulting calibration factors. In case of SMART, the correction
procedure compensates the cosine error to values of 0.02 (snow) and 0.01 (ice and
melt pond). The remaining uncertainties are almost independent of the Arctic sea-ice
surface type, SZA, and the atmospheric state (Fig. 5.3(b)) and are lower than the
generally assumed measurement uncertainty of 0.02 (Sect. 2.1.5.4).
In summary, the cosine error of irradiance measuring devices influences the measured Arctic sea-ice surface albedo depending on the utilised instrument. The cosine
error of the SMART albedometer is up to 23 % and increases the surface albedo
at SZAs between 55 ° and 80 ° by a RMSD of up to 0.10. The influence increases
towards brighter surface types and larger SZAs. The uncertainties can be reduced to
0.02 by applying the instrument’s pre-calibrated angular response function to the
measurements.

5.2 Uncertainties resulting from an instrument opening angle
Instruments measuring radiances do not detect the surface reflectance factor from a
single direction but from a cone of a certain solid angle given by the opening angle
(or instantaneous field of view, iFOV) of the instrument. While the iFOV of satellite
instruments is small for a single surface pixel, e. g., 0.02 − 0.08 ° for medium resolution
satellite instruments, (Table 2.1), ground-based instruments usually feature opening
angles between 1 ° and 25 ° (e. g., Negi and Kokhanovsky, 2011; Peltoniemi et al.,
2010; Perovich, 1994). Consequentially, the HCRF is measured instead of the HDRF
(see Sect. 2.1.1). The impact of the opening angle on the reflectance factors will also
influence the spectral (and broadband) albedo if the latter is calculated from HDRF
measurements by Equation (2.9) (and Eq. (2.11)) as already done in Section 3.3 for
the calculation of the spectral albedo from goniometer measurements.
The impact of the opening angle on the reflectance factors, spectral and broadband
albedo is now being quantified. According to Schaepman-Strub et al. (2006), the
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HCRF is defined as:
𝐿𝜆,r (𝜃r ,𝜙r ,𝜔r , 𝜃i ,𝜙i ,𝜔i = 2𝜋,𝜃0 )
,
𝐿id
𝜆,r (𝜃r ,𝜙r ,𝜔r ,𝜃i ,𝜙i ,𝜔i = 2𝜋,𝜃0 )
´ ´
𝐿𝜆,r (𝜃r′ ,𝜙′r , 𝜔r′ , 𝜃i′ ,𝜙′i ,𝜔i′ = 2𝜋,𝜃0 ) d𝛺i′ d𝛺r′
´
,
= 𝜔r ´𝜔i =2𝜋
1
𝐿 (𝜃′ ,𝜙′ ,𝜔 ′ = 2𝜋,𝜃0 ) d𝛺i′ d𝛺r′
𝜔r 𝜔i =2𝜋 𝜋 𝜆,i i i i
´ ´
𝐿 (𝜃′ ,𝜙′ , 𝜔r′ , 𝜃i′ ,𝜙′i ,𝜔i′ = 2𝜋,𝜃0 ) d𝛺i′ d𝛺r′
𝜔r 𝜔i =2𝜋 𝜆,r r r
´
=
,
1
𝐸 (𝜃 ) 𝜔r d𝛺r′
𝜋 𝜆,dn 0
´
𝜌 (𝜃′ ,𝜙′ , 𝜔r′ , 𝜃i ,𝜙i ,𝜔i = 2𝜋,𝜃0 ) d𝛺r′
𝜔r 𝜆 r r
´
=
,
(5.13)
d𝛺r′
𝜔r

𝜌𝜆 (𝜃r ,𝜙r ,𝜔r , 𝜃i ,𝜙i ,𝜔i = 2𝜋,𝜃0 ) =

′
′
′
′
′
′
with d𝛺m
= cos 𝜃m
d𝜔m
= cos 𝜃m
sin 𝜃m
d𝜃m
d𝜙′m as the differential projected solid
angle with subscripts m = i, r. In order to consider the sensor of the instrument
oriented perpendicular to the center axis of the cone, the definition of d𝛺r′ is replaced
by d𝛺r′ = 𝛤r (𝜃r′ ,𝜙′r ) d𝜔 ′ , with 𝛤r as the response function of the instrument. Thus,
the HCRF is the HDRF integrated over a solid angle 𝜔r (cone) and weighted by 𝛤r .
Note that the hemispherical integration of the downward radiances is assumed to be
ideal, i. e., d𝛺i′ = cos 𝜃i′ d𝜔i′ , which means without the cosine error.
The size of the cone depends on the opening angle of the instrument or rather on
the response function. Three different model response function shapes are selected
for the comparison of HDRF and HCRF to identify an influence of the assumed
function on the results. The response functions are given by a boxcar function, a
Gaussian function, and a Gaussian-cut function. The latter two are defined by:

(︀
𝜃2 )︀
𝛤r (𝜃) = exp − 2 ,
2𝜎

(5.14)

by assuming azimuthal independence. Here, the incident angle 𝜃 is measured from
the axis perpendicular to the instrument sensor and can be easily related to the
reflected zenith angle 𝜃r via trigonometry. The variance 𝜎 2 is defined by the opening
angle of the instrument. It is selected according to two established opening angle
definitions. The value is adjusted so that either 95 % of the area below the function
symmetrically around 𝜃 = 0 ° is inside the chosen opening angle (Gaussian response
function) or the full width of half maximum of the response function equals the
opening angle (Gaussian-cut response function). Values of the Gaussian-cut response
function beyond the opening angle are preset to 0. Figure 5.4 shows the resulting
response functions for an opening angle of 20 °.
The highest influence of the instrument opening angle on the measured reflectance
factors occurs at strongest gradients in the reflectance distribution. Therefore, only
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Figure 5.4: Boxcar, Gaussian, or Gaussian-cut response function for an opening
angle of 20 °.

measurements from snow and ice surface types of Arctic sea ice with their strong
forward-scattering peak and bowl-shaped reflectance distribution are affected by
the conic sampling. Melt ponds remain unaffected, as their reflectance distribution
appear highly isotropic if the Fresnel reflection is not taken into account (see, e. g.,
Figs. 4.1-4.2). As the influence of the opening angle is similar for both snow and ice
surface types, results are only illustrated for snow.
Figure 5.5 shows the biases between the surface HCRF and HDRF of all 160
simulated snow surface types from Table 3.6 underneath the clean atmosphere at
SZA of 𝜃0 = 60 ° and 80 °. Due to the anisotropic surface reflection, the HCRF is
greater than the HDRF at almost all VZAs, especially at the forward-scattering peak
at a relative azimuth angle of 𝜙r = 180 °. Negative differences are caused by the
convex HDRF shape at VZAs larger than 𝜃r = 50 ° in the backscattering region at
𝜙r = 0 ° (Figs. 4.1-4.2). The drop at direct backscattering, i. e., (𝜃r ,𝜙r ) = (60 °, 0 °), is
caused by the phase functions which feature minima at this scattering angle. The bias
increases with larger opening angles (compare colors), larger wavelengths (compare
Fig. 5.5(a) with (b)) and larger SZAs (compare colors) although the effects keep
smaller than the generally assumed measurement uncertainty of 0.02 (Sect. 2.1.5.4).
Consequentially, the spectral and broadband albedo calculated from the HCRF by
Equations (2.9) and (2.11) are up to 0.02 higher than the respective albedo values
based on the HDRF (Fig. 5.6). The difference depends on the wavelength and the
SZA, as both parameters affect the surface anisotropy (see Sect. 2.1.4). Also, it is
lower for a turbid than for a clean atmosphere (not shown) as a stronger atmospheric
scattering reduces the anisotropy (Figs. 4.1-4.2). According to Figures 5.5 and 5.6,
the impact of the opening angle on the reflectance factors, the spectral and the
broadband albedo is almost independent of the kind of assumed response function.
Thus, the illustrated results should be valid for realistic response functions as well.

100

Chapter 5 Impact of instrument characteristics and retrieval processes

Figure 5.5: Influence of the opening angle (iFOV) on the SCIATRAN-simulated
reflectance factors. Lines represent biases between the HCRF and HDRF of 160 snow
surface types from Table 3.6 at 𝜆 = 500 nm (a) and 1000 nm (b) assuming a boxcar
(solid), Gaussian (dashed), and Gaussian-cut response function (dotted). Shaded areas
represent standard deviations of results based on the boxcar function. The atmosphere
is clean (AOT of 0.14) and is specified in Table 2.2.

Figure 5.6: Influence of the opening angle (iFOV) on the SCIATRAN-simulated
spectral (a) and broadband albedo (b) of 160 snow surface types from Table 3.6. Lines
represent biases between albedo values based on the HCRF and HDRF assuming a
boxcar (solid), Gaussian (dashed), or Gaussian-cut response function (dotted). Shaded
areas represent standard deviations of results based on the boxcar function. Biases of
the broadband albedo (bullets) are approximated by a second order polynomial. The
atmosphere is clean (AOT of 0.14) and is specified in Table 2.2.
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Table 5.2: Uncertainties in the broadband albedo at SZAs of 𝜃0 = 60 ° and 80 °
resulting from an instrument opening angle of 20 °. Values represent RMSDs between
the broadband albedo calculated from HCRF and HDRF simulations of 238 snow,
ice, and melt pond surface types of Arctic sea ice, averaged over both atmospheres
(clean - AOT of 0.14, turbid - AOT of 0.3). Atmosphere and surface parameters are
summarized in Tables 2.2 and 3.6, respectively.
SZA

Snow

Ice

Pond

𝜃0 = 60 °

0.001

0.002

0.001

𝜃0 = 80 °

0.010

0.011

0.001

Table 5.2 summarizes the RMSDs between the broadband albedo based on HCRF
and HDRF for the three Arctic sea-ice surface classes. The calculation of the HCRF
is based on a boxcar response function with an opening angle of 20 °. The tabulated
results are averaged over both atmospheric states (clean - AOT of 0.14, turbid - AOT
of 0.3) and are below 0.01. The RMSDs for melt ponds are close to zero.
In summary, the broadband albedo from radiance measuring devices with opening
angles up to 25 ° is influenced by their opening-angle. The impact is negligible
for homogeneous surface types because it is smaller than the generally assumed
measurement uncertainty of 0.02 (Sect. 2.1.5.4). Additionally, Figures 5.5 to 5.6
reveal that the satellite measured reflectance factor and derived surface broadband
albedo remain unaffected by the iFOV of the satellite instrument, which measures
the reflectances in iFOVs generally smaller than 1 ° and at VZAs typically smaller
than 𝜃r = 60 ° (Tab. 2.1).
In this and the previous section, the uncertainties in the measured albedo resulting
from the instrument characteristics of ground-based and airborne instruments have
been investigated. The next sections address the uncertainties resulting from satellite
instrument characteristics and associated retrieval processes.

5.3 Uncertainties resulting from spectral bandwidths
Satellite instruments detect the radiation in several spectral bands of certain bandwidths (channels, Tab. 2.1). Table 5.3 lists the channels used to derive the surface
albedo from observations by the satellite instruments MODIS on Terra, AVHRR
on NOAA-14, MERIS on ENVISAT, and its successor OLCI(-A) on Sentinel-3, as
well as MSI on Sentinel-2a (Sect. 2.1.5.3). Their bandwidths vary between 10 nm
and 285 nm (Tab. 5.3). The successor of MODIS, VIIRS on S-NPP, has similar
bandwidths to MODIS (Wang et al., 2013). Thus, the satellite instruments do not
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Table 5.3: Sensor channels from MODIS (Terra), AVHRR (NOAA 14), MERIS (ENVISAT), OLCI (Sentinel-3), and MSI (Sentinel-2a) as well as their spectral bandwidths
[nm].
Channel

MODIS

AVHRR

MERIS

OLCI

MSI

1

620 − 670

570 − 740

485 − 495

392.5 − 407.5

2

825 − 885

720 − 1005

555 − 565

555 − 565

460 − 524

3

456 − 478

660 − 670

880 − 890

543 − 581

4

544 − 564

855 − 875

1000 − 1025

650 − 680

5

1230 − 1264

6

1615 − 1654

7

2086 − 2164

8a

855 − 875

11

1569 − 1658

12

2113 − 2286

detect the spectral but the narrowband reflectance factor:
´
𝜌𝜆 (𝜃r ,𝜙r ,𝜃i ,𝜙i , 𝜃0 ) 𝛤𝜆 𝐸𝜆,dn (𝜃0 ) d𝜆
´
,
𝜌𝛬 (𝜃r ,𝜙r ,𝜃i ,𝜙i , 𝜃0 ) = 𝜆
𝛤 𝐸 (𝜃 ) d𝜆
𝜆 𝜆 𝜆,dn 0

(5.15)

with 𝛤𝜆 as the relative spectral response of the instrument channel with center
wavelength 𝛬, which can be downloaded from space agency websites. Other quantities
have been defined in Section 2.1.1.
The narrowband albedo can be estimated analogously:
´
𝛼𝜆 (𝜃0 ) 𝛤𝜆 𝐸𝜆,dn (𝜃0 ) d𝜆
𝛼𝛬 (𝜃0 ) = 𝜆 ´
.
(5.16)
𝛤 𝐸 (𝜃 ) d𝜆
𝜆 𝜆 𝜆,dn 0
In order to estimate the influence of the spectral bandwidths on the BRF and albedo,
the simulated narrowband BRF and albedo at TOA are compared to respective
spectral values at channel center wavelengths. Simulations from 238 snow, ice, and
melt pond surface types of Arctic sea ice from Table 3.6 and SZAs between 55 ° and
80 ° in increments of 5 ° and two atmospheric states (clean - AOT of 0.14, turbid - AOT
of 0.3) are taken into account. The RMSDs and biases between the narrowband and
spectral nadir BRF or albedo averaged over all channels of each satellite instrument
are summarized in Table 5.4. Their amplitudes are below 0.004 except for MSI
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Table 5.4: RMSDs and biases between the narrowband and spectral nadir BRF or
albedo at TOA of 238 simulated snow, ice, and melt pond surface types of Arctic
sea ice at SZAs between 55 ° and 80 ° and two atmospheric states (clean - AOT of
0.14, turbid - AOT of 0.3). The uncertainties are averaged over the channels listed
in Table 5.3 of each satellite instrument. Atmosphere and surface parameters are
summarized in Tables 2.2 and 3.6, respectively.
BRF
Instrument

Albedo

RMSD

Bias

RMSD

Bias

MODIS

0.004

−0.001

0.003

0.002

AVHRR

0.011

0.006

0.011

0.008

MERIS

0.001

−0.001

0.001

0.001

OLCI

0.003

−0.001

0.003

0.002

MSI

0.006

0.002

0.006

0.002

(RMSD of 0.006) and AVHRR (RMSD of 0.011, bias of 0.008) due to their larger
bandwidths (Tab. 5.3). The uncertainties resulting from the spectral bandwidths
of VIIRS should be the same as for MODIS, since both satellite instruments have
similar spectral channels. The uncertainties are independent of the SZA and, in case
of the BRF, independent of the viewing geometry (not shown). They arise from
spectral variations in the BRF and albedo within each sensor channel, which are
assumed to be constant.
In summary, the influence of the satellite instrument spectral bandwidths on the
observed reflectance and albedo is small and below the measurement uncertainty
of 0.02 (Sect. 2.1.5.4). It can therefore be neglected. Usually satellite retrieval
algorithms first correct the measured TOA narrowband reflectance factor atmospherically (Sect. 5.4) and angularly (Sect. 5.5) before converting the obtained surface
narrowband albedo to the broadband albedo (Sect. 5.6). The uncertainties that arise
in each step are therefore also analysed in this order.

5.4 Uncertainties resulting from an atmospheric correction
The atmosphere affects the radiation passing from the TOA to the surface, which
significantly influences the surface reflection properties as seen in Section 4.1. But it
also affects the radiation passing from the surface to the satellite sensor. Firstly, the
radiation reflected directly from the surface into the satellite sensor is diminished by
atmospheric scattering and absorption. Secondly, the redistribution of the surface
reflected radiation due to atmospheric scattering enhances the reflectance at TOA in
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specific directions (𝜃r ,𝜙r ) depending on the molecular and aerosol phase functions
(Antoine and Morel, 1998; Kahnert and Kylling, 2004). The latter effect is amplified
by the solar radiation being atmospherically scattered towards the satellite sensor
without ground contact. The resulting TOA reflectance factor at 𝜆 = 470 nm in
the principal plane for typical satellite VZAs (Tab. 2.1) is exemplified in Figure 5.7
for three Arctic sea-ice surface types, i. e., one snow, one ice, and one melt pond
surface type (without Fresnel reflection). The surface types are specified in Table 4.1.
Compared to the simulated surface reflectance factors at 10 m altitude, the strong
forward-scattering peak of the snow and ice surface at a relative azimuth angle
of 𝜙r = 180 ° is suppressed. The TOA reflectance factors are enhanced in the
backscattering region at 𝜙r = 0 ° for all three surface types as well as in the forwardscattering region at 𝜙r = 180 ° over the melt pond.
To derive the surface broadband albedo from satellite observations, the measured
TOA reflectance factors have to be initially corrected for those atmospheric effects.
For that, a Lambertian surface is usually assumed (Beisl et al., 2008; Duguay and
LeDrew, 1992; Fraser et al., 1992; Kokhanovsky et al., 2020). Thus, the relation
between the surface and TOA reflectance factor is given by (Vermote and Vermeulen,
1999):
𝑇dn (𝜃0 ,𝜆) 𝑇up (𝜃r ,𝜆)𝜌𝜆 (𝜃r ,𝜙r , 𝜃i ,𝜙i ,𝜃0 )
,
1 − 𝜌𝜆 (𝜃r ,𝜙r , 𝜃i ,𝜙i ,𝜃0 ) 𝛼𝜆,atmo (𝜃0 )
(5.17)
where 𝜌𝜆,TOA and 𝜌𝜆 are the spectral reflectance factors at TOA and surface,
respectively, 𝜌𝜆,atmo is the atmospheric contribution to the signal at TOA, 𝑇dn and
𝑇up are the atmospheric transmittances from the TOA to the underlying surface and
back, and 𝛼𝜆,atmo is the spectral spherical albedo of the atmosphere (see Sect. 2.1.1).
According to Equation (5.17), surface reflectance factors can be derived from TOA
reflectance factors when the atmospheric parameters 𝜌𝜆,atmo , 𝑇dn , 𝑇up , and 𝛼𝜆,atmo
are known. Ideally, the derived surface reflectance factor should be equal to the true
surface reflectance factor. In practice, both factors differ slightly from each other,
indicating the uncertainty of the atmospheric correction.
For an anisotropic, i. e., non-Lambertian, surface, Equation (5.17) is not exact,
as it neglects the interaction between the surface and atmosphere BRDF (Lee
and Kaufman, 1986) resulting in an inaccurate retrieval of the surface reflectance
factors (Hu et al., 1999). Therefore, corrective schemes based on BRDF models
(Sect. 5.5.1), RT models, or empirical equations are additionally employed to account
for the anisotropy of the surface (Hu et al., 1999; Köpke, 1989; Riihelä et al.,
2010; Stroeve et al., 1997; Vermote and Vermeulen, 1999). Their uncertainties
depend on the applied pre-calculated look-up tables (Vermote and Vermeulen, 1999),
empirical approaches (Rahman and Dedieu, 1994), or model parameterizations (Hu
et al., 1999) and have to be individually identified for each atmospheric correction
𝜌𝜆,TOA (𝜃r ,𝜙r , 𝜃i ,𝜙i ,𝜃0 ) = 𝜌𝜆,atmo (𝜃r ,𝜙r , 𝜃i ,𝜙i ,𝜃0 )+
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Figure 5.7: SCIATRAN-simulated reflectance factors at 𝜆 = 470 nm at TOA (black)
and surface (blue) as well as atmospherically corrected (red) in the principal plane
for three Arctic sea-ice surface types (snow - solid, ice - dashed, melt pond - dotted).
The SZA is 60 °, the atmosphere is clean (AOT of 0.14). Atmosphere and surface
parameters are defined in Tables 2.2 and 4.1, respectively.

scheme. Therefore, the uncertainty of the atmospheric correction represented by
Equation (5.17) is investigated and the result is considered as the upper limit of the
uncertainty occurring in this step of the albedo retrieval process.
The atmospheric parameters 𝜌𝜆,atmo , 𝑇dn , 𝑇up , and 𝛼𝜆,atmo are pre-calculated by SCIATRAN. The surface reflectance factors are subsequently derived by Equation (5.17)
using the simulated TOA reflectance factors. They are shown in Figure 5.7 for the
three selected surface types. The atmospheric correction works successfully for the
melt pond because its reflection parameterization is based on a Lambertian surface
(Sect. 2.2.4.2). In contrast, the atmospheric correction is poorer for the anisotropic
snow and ice surface type. The atmospherically corrected reflectance factor is by up
to 0.20 lower towards the forward-scattering peak at 𝜃r > 40 ° and 𝜙r = 180 ° and by
up to 0.05 higher at other viewing geometries than the surface reflectance factors.
Figure 5.8(a)-(c) shows the difference between the atmospherically corrected and
the true simulated surface reflectance factors averaged over 160 snow, 46 ice, and 32
melt pond surface types of Arctic sea ice (Tab. 3.6), respectively. Results are shown
in the principal plane up to a VZA of 𝜃r = 60 °, as the typical maximum viewing
angle of satellite observations (Tab. 2.1), and at wavelengths 𝜆 = 470, 665, and
1240 nm, which have been selected according to common satellite instrument channels
(Tab. 5.3). Figure 5.8(d) illustrates the averaged difference in the spectral range from
𝜆 = 320 nm to 3000 nm at nadir, a common satellite viewing geometry. The results
mentioned above prevail for all 238 simulated Arctic sea-ice surface types: At the
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Figure 5.8: Biases (lines) and standard deviations (shaded areas) between atmospherically corrected and surface reflectance factors of 160 snow (green), 46 ice (red), and 32
melt pond surface types (blue) of Arctic sea ice simulated by SCIATRAN at two SZAs
(60 ° - solid, 80 ° - dashed). (a, b, c): Uncertainties in the principal plane at 𝜆 = 470,
665, and 1240 nm. (d) Uncertainties at nadir in the spectral range from 𝜆 = 320 nm to
3000 nm. Atmosphere and surface parameters are summarized in Tables 2.2 and 3.6.

SZA of 𝜃0 = 60 °, the atmospheric correction works well for melt ponds, whereas it
underestimates the surface reflectance factor of snow (ice) in the forward-scattering
peak at 𝜃r > 40 ° and 𝜙r = 180 ° by 0.06 (0.08) on average. At other viewing
geometries, the surface reflectance factor is overestimated by 0.03 (0.04) on average.
The larger the SZA, the longer the radiation path length through the atmosphere,
which increases the atmospheric influence and, therefore, the uncertainties in the
atmospheric correction. At the SZA of 𝜃0 = 80 °, the overestimation is 0.04 for
snow and 0.05 for ice surface types. According to the Rayleigh and Mie scattering,
the atmospheric influence decreases with wavelength and the uncertainties of the
atmospheric correction become smaller (Fig. 5.8(d)). The local peak in the spectral
difference curves between 575 nm and 600 nm originates from ozone absorption,
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which increases the uncertainty in the atmospheric correction. It is strongest for the
snow surface types, as their brightness enhances the multiple scattering between the
atmosphere and the surface and, therefore, amplifies the ozone contribution.
The atmospherically corrected reflectance factors are used to calculate the blue-sky
narrowband albedo of the satellite instruments MODIS, AVHRR, MERIS, OLCI,
and MSI (Tab. 5.3) by Equations (2.9) and (5.15). The result is compared with
the respective true surface narrowband albedo. As satellite instruments typically
offer maximum VZAs of 𝜃r = 60 ° (Tab. 2.1), only reflectance factors up to that
angle are considered in the calculation of both narrowband albedo products. The
RMSD between atmospherically corrected and surface narrowband albedo is up to
0.02 (0.04) at SZA of 𝜃0 = 60 ° (𝜃0 = 80 °). According to Figure 5.8, uncertainties are
largest for snow surface types and for channels close to the ozone absorption band
(𝜆 = 575 − 600 nm). Note that the above-mentioned uncertainties are only valid if
the atmospheric state is exactly known. They might increase the less information
about the atmosphere is available.
In summary, the atmospheric correction works well for Lambertian surfaces. In
case of anisotropic Arctic sea-ice surface types, e. g., snow and ice layers, it introduces
an uncertainty in the resulting atmospherically corrected surface reflectance factor
which is lower than 0.05 on average. The uncertainty increases towards shorter
wavelengths, larger SZAs, close to the forward-scattering peak of the surface, and
in molecular absorption bands. Based on that, the uncertainty of the atmospheric
correction in the narrowband albedo is estimated to be less than 0.04 on average.

5.5 Uncertainties resulting from an angular correction
After the atmospheric correction, the obtained angular dependent narrowband surface
reflectance factors are converted into the narrowband surface albedo. A BRDF model
is commonly employed for this purpose, as the reflectance factors are only available
at a few viewing geometries. It should be noted that the derived surface reflectance
factors provide only an approximation of the BRDF (= 𝜋1 BRF). Firstly, depending
on the atmospheric correction model, the surface reflectance factors can still be
influenced by the diffuse downward radiation component specifying rather an HDRF
than a BRF. Secondly, each remote sensing instrument measures the reflected radiance
in a certain iFOV (Tab. 2.1), which is larger than the infinitesimal solid angle and,
therefore, specifies the HCRF or the DCRF (directional conical reflectance factor),
when the diffuse downward component does not exist. However, the accuracy of
the BRDF models is investigated without any atmospheric influence and the iFOV
influence of satellite instruments can be neglected (Sect. 5.2), which justifies the
BRDF approximation. SCIATRAN-simulated BRFs and respective black-sky albedo
spectra of 238 snow, ice, and melt pond surface types of Arctic sea ice listed in
Table 3.6 have been used for this investigation.
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5.5.1 BRDF models
The BRDF models purpose a simple parameterization of the complex BRDF, which
will subsequently be used to derive the surface albedo from a couple of atmospherically corrected reflectance factors. The parameterization is based on easy
assumptions, semi-physical models, empirical considerations, RT models, or raytracing simulations (e. g., Huang et al., 2013; Lucht et al., 2000; Maignan et al.,
2004, and references therein). Below, five different BRDF models are evaluated: the
two simplest models (Lambertian and averaging model), two semi-physical models
(RossThick-LiSparseReciprocal and RossThick-LiSparseReciprocal-snow model), and
one empirical model (modified Walthall model). RT or ray-tracing models are not
considered because they are too complex for satellite retrieval algorithms.
The Lambertian model Assuming the Arctic surface as Lambertian (Knap and
Oerlemans, 1996; Xiong et al., 2002), the surface BRF is constant in all viewing
directions and, therefore, equals the surface albedo. This assumption is based on
the idea that a satellite surface pixel always contains different surface types whose
superimposed reflection distribution resemble a Lambertian surface (Rösel, 2013).
Applying the Lambertian model, the BRF of one viewing angle is sufficient to derive
the surface albedo. As the actual Arctic sea-ice surface reflection is highly anisotropic
(Sect. 2.1.4), the derived surface albedo from satellite observations and its resulting
accuracy depend on the observation geometry.
The averaging model Riihelä et al. (2010) suggest the temporal averaging of BRFs
measured in a certain time frame and evenly distributed in forward- and backscattering directions. This model is applied in the retrieval algorithm of CLARA-A2 SAL
(Tab. 1.1). Like the Lambertian model, the derived albedo depends on the viewing
geometry. Additionally, the suggested time frame (one week or month) is quite long
in which the surface condition may change considerably, especially in the melting
season.
The kernel-driven model The selected semi-physical and empirical models are based
on the so-called linear kernel-driven approach. The BRF is represented as a weighted
sum of scattering components 𝐾i (kernels) (Lucht et al., 2000):
𝜌𝛬 (𝜃r ,𝜙r ,𝜃0 ) =

n
∑︁

𝑤i (𝛬)𝐾i (𝜃r ,𝜙r ,𝜃0 ) ,

(5.18)

𝑖=0

where 𝑤i is the weight coefficient. The right-hand term with i = 0 in Equation (5.18)
characterizes the isotropic scattering from a Lambertian surface. The respective
kernel is constant and is preset to 𝐾0 = 1. The other kernels are trigonometric
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functions depending on the irradiation and viewing geometry. They are either
empirically derived or based on physical approximations (see below). Note that the
dependencies on the incident angles 𝜃i and 𝜙i are not present in Equation (5.18)
because the atmospheric contribution is generally not taken into account by the
BRDF models, i. e., 𝜃i = 𝜃0 and 𝜙i = 𝜙0 .
Kernel-driven models need a sufficient number of measured surface reflectance
factors from different observation angles to derive the weight coefficients. In case
of the MODIS retrieval algorithm, at least seven cloud-free measurements are required (Schaaf et al., 2002). Subsequently, the right-hand side of Equation (5.18)
is hemispherically integrated to calculate the surface albedo. Because of the sparse
angular observation of surface targets from satellites, measurements from different
overflights of several days have to be taken into account. Thus, the derived surface
albedo has a temporal resolution of 5 to 16 days (see Tab. 1.1). It cannot capture
rapid surface albedo changes, e. g., during melt onset, and might be influenced by
possible sea-ice drift. Those effects are discussed in Sections 5.7.3 and 6.2.4. Three
examples of kernel-driven models are considered below.

The RossThick-LiSparseReciprocal (RTLSR) model The RTLSR model (Lucht et al.,
2000) is the most popular model among the BRDF models and it is applied, e. g., in
the MODIS and VIIRS albedo retrieval algorithm (Liu et al., 2017; Schaaf et al.,
2002; Wang et al., 2018b). The kernels are derived from vegetation scenarios. The
kernel 𝐾1 , named RossThick, considers the volumetric scattering from a continuous
(thick) vegetation canopy (Ross, 1981). It is specified as (Roujean et al., 1992):
𝐾1 (𝜃r ,𝜙r ,𝜃0 ) =

(𝜋/2 − 𝜁) cos 𝜁 + sin 𝜁 𝜋
− ,
cos 𝜃0 + cos 𝜃r
4

(5.19)

where 𝜁 is the phase angle between (𝜃0 , 𝜙0 ) and (𝜃r ,𝜙r ), i. e., cos 𝜁 = cos 𝜃0 cos 𝜃r +
sin 𝜃0 sin 𝜃r cos 𝜙r . Note that 𝜁 = 𝜋 − 𝜗 with 𝜗 as the scattering angle (Fig. 2.1).
The kernel 𝐾2 , named LiSparseReciprocal, indicates the geometric-optical scattering from a discrete (sparse) vegetation canopy. The original formulation by Li and
Strahler (1992) has been upgraded to a reciprocal version by Lucht (1998) to also
take into account the dependence on the irradiation geometry:
1
𝐾2 (𝜃r ,𝜙r ,𝜃0 ) = 𝑂(𝜃r ,𝜙r ,𝜃0 ) − sec 𝜃0′ − sec 𝜃r′ + (1 + cos 𝜁 ′ ) sec 𝜃0′ sec 𝜃r′
2

(5.20)

where
𝑂(𝜃r ,𝜙r ,𝜃0 ) =

1
(𝑡 − sin 𝑡 cos 𝑡)(sec 𝜃0′ + sec 𝜃r′ ) ,
𝜋

(5.21)
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√︀
ℎ 𝛥′2 + (tan 𝜃0′ tan 𝜃r′ sin 𝜙r )2
cos 𝑡 =
,
𝑏
sec 𝜃0′ + sec 𝜃r′
√︁
′
𝛥 = tan2 𝜃0′ + tan2 𝜃r′ − 2 tan 𝜃0′ tan 𝜃r′ cos 𝜙r ,
cos 𝜁 =
′

cos 𝜃0′

′
𝜃0,r
= tan−1

cos 𝜃r′
(︁ 𝑏
𝑟

+

sin 𝜃0′

sin 𝜃r′

cos 𝜙r ,

)︁

tan 𝜃0,r .

(5.22)
(5.23)
(5.24)
(5.25)

The ratios ℎ/𝑏 and 𝑏/𝑟 are the dimensionless crown relative height and shape. They
are preset to ℎ/𝑏 = 2 and 𝑏/𝑟 = 1, according to the operational MODIS algorithm.

The RossThick-LiSparseReciprocal-Snow (RTLSRsnow) model As the RTLSR model
is not designed for Arctic surface types, Jiao et al. (2019) expand it by an additional
snow kernel. The kernel characterizes the scattering properties of a pure snow layer
and is based on the asymptotic solution of the RT theory (Kokhanovsky and Zege,
2004):
(︀
)︀
𝐾3 (𝜃r ,𝜙r ,𝜃0 ) = 𝜌0∞ (𝜃r ,𝜙r ,𝜃0 ) 1 − 𝜀 cos 𝜁 exp(− cos 𝜁) + 0.4076𝜀 − 1.1081 . (5.26)
The BRF for a semi-infinite, non-absorbing snow layer 𝜌0∞ is approximated by the
trigonometric function:
1.247 + 1.186(𝜇0 + 𝜇r ) + 5.157𝜇0 𝜇r + 𝑃 (𝜁)
,
(5.27)
4(𝜇0 + 𝜇r )
(︀
)︀
(︀
)︀
𝑃 (𝜁) = 11.1 exp − 0.087 (180 − 𝜁) + 1.1 exp − 0.014 (180 − 𝜁) , (5.28)

𝜌0∞ (𝜇r ,𝜙r ,𝜇0 ) =

where 𝜇0,r = cos 𝜃0,r . The last term in Equation (5.26) normalizes the snow kernel to
zero for 𝜃r = 𝜃0 = 0. The parameter 𝜀 is preset to 0.3 as the optimum value to fit
snow reflectance factor observations (Jiao et al., 2019).

The modified Walthall model The modified Walthall model has been empirically
developed for vegetated and soil surface types (Walthall et al., 1985). The kernels
are given in, e. g., Lucht et al. (2000) and Lucht (1998):
𝐾1 (𝜃r ,𝜙r ,𝜃0 ) = 𝜃02 + 𝜃r2 ,
𝐾2 (𝜃r ,𝜙r ,𝜃0 ) = 𝜃02 𝜃r2 ,
𝐾3 (𝜃r ,𝜙r ,𝜃0 ) = 𝜃0 𝜃r cos 𝜙r

(5.29)
(5.30)
(5.31)
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5.5.2 Uncertainties of the BRDF models
The performance of the five BRDF models is initially exemplified in Figure 5.9
for the snow surface specified in Table 4.1 at the SZAs of 𝜃0 = 60 ° and 80 °,
respectively. The simulated BRFs at the AVHRR channel of the center wavelength
𝛬2 = 865 nm (Sect. 2.1.5.3, Tab. 5.3) and at viewing angles in a plane shifted by
45 ° to the principal plane serve as input in the BRDF models. The exact sampling
geometry is illustrated in Figure 5.11(d). It is based on the typical target observation
geometry of AVHRR (Riihelä et al., 2010) and MODIS (Luo et al., 2008) in Arctic
regions. For the Lambertian model, the nadir BRF was selected as input. Figure 5.9
shows the narrowband BRF of the snow surface in the principal plane simulated by
SCIATRAN and calculated by the kernel-driven models. On the left hand side of
each figure, the respective albedo from SCIATRAN and of all five BRDF models
are illustrated. At VZA 𝜃r ≤ 20 °, all kernel-driven BRFs coincide with the values
from SCIATRAN. At larger VZAs in the forward- and backscattering region, there
are significant differences. The modified Walthall model underestimates strongly
the forward-scattering peak at a relative azimuth angle of 𝜙r = 180 °, the RTLSR
model underestimates significantly the backscattering region at 𝜙r = 0 °. Compared
to the RTLSR model, the RTLSRsnow model reduces considerably the errors in the
calculated BRF except for VZAs of 𝜃r ≈ 45 ° close to the forward-scattering peak.
Under- and overestimations of each kernel-driven BRDF model are equally distributed so that the resulting albedo has an uncertainty of less than 0.01 at SZA
of 𝜃0 = 60 °. The averaging and the Lambertian model underestimate the SCIATRAN albedo by 0.04 and 0.05, respectively. At SZA of 𝜃0 = 80 °, all BRDF
models underestimate the narrowband albedo by between 0.02 (RTLSRsnow) and

Figure 5.9: BRF and black-sky albedo at AVHRR channel 𝛬2 = 865 nm simulated
by SCIATRAN and calculated by BRDF models for the snow surface specified in
Table 4.1. BRDF model input are the AVHRR narrowband BRFs at sampling mode
shown in Figure 5.11(d). The SZA is 60 ° (a) and 80 ° (b).
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Figure 5.10: Black-sky albedo of 160 snow (dashes), 46 ice (bullets), and 32 melt pond
surface types (crosses) of Arctic sea ice from Table 3.6 at two AVHRR channels from
Table 5.3 simulated by SCIATRAN and calculated by BRDF models: (a) Lambertian,
(b) Averaging, (c) RTLSR, (d) RTLSRsnow, (e) modified Walthall. BRDF model input
are the BRFs at both AVHRR channels and at sampling mode shown in Figure 5.11(d).
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Table 5.5: RMSDs and biases between SCIATRAN-simulated and BRDF-modelcalculated black-sky narrowband albedo of 238 snow, ice, and melt pond surface types
of Arctic sea ice from Table 3.6 at SZAs of 𝜃0 = 60 ° and 80 °. BRDF model input
are the narrowband BRFs at two AVHRR channels from Table 5.3 at sampling mode
shown in Figure 5.11(d). Uncertainties of the Lambertian model are given for three
different viewing geometries (𝜃r , 𝜙r ).
𝜃0 = 60 °

RMSD

Bias

𝜃0 = 80 °

BRDF models

Snow

Ice

Pond

Mix

Snow

Ice

Pond

Mix

RTLSR

0.01

0.02

0.01

0.01

0.15

0.13

0.00

0.08

RTLSRsnow

0.02

0.03

0.00

0.02

0.08

0.03

0.00

0.02

Walthall

0.01

0.01

0.01

0.01

0.12

0.10

0.00

0.06

Average

0.05

0.09

0.01

0.05

0.23

0.25

0.01

0.15

Lambert (40 °, 180 °)

0.10

0.10

0.01

0.06

0.06

0.05

0.00

0.03

Lambert (0 °, 0 °)

0.06

0.13

0.01

0.07

0.26

0.29

0.01

0.18

Lambert (20 °, 0 °)

0.08

0.15

0.01

0.09

0.29

0.33

0.01

0.20

RTLSR

0.01

0.02

0.00

0.01

−0.14

−0.13

0.00

−0.08

RTLSRsnow

0.01

0.03

0.00

0.02

−0.05

0.02

0.00

0.01

Walthall

0.01

0.01

0.00

0.01

−0.12

−0.10

0.00

−0.06

Average

−0.04

−0.09

0.01

−0.05

−0.22

−0.24

0.00

−0.15

0.10

0.10

0.00

0.06

0.03

0.05

0.00

0.03

Lambert (0 °, 0 °)

−0.06

−0.13

0.01

−0.07

−0.26

−0.29

0.00

−0.17

Lambert (20 °, 0 °)

−0.08

−0.14

0.01

−0.08

−0.29

−0.33

0.00

−0.20

Lambert (40 °, 180 °)

0.24 (Lambert). Note that the accuracy of the Lambertian model depends strongly
on the VZA. According to that model, the SCIATRAN-simulated narrowband BRF
can be considered as the narrowband albedo depending on the viewing geometry.
Thus, the Lambertian model retrieves perfectly the SCIATRAN albedo at a VZA of
𝜃r = 20 ° for a SZA of 𝜃0 = 60 ° and at a VZA of 𝜃r = 40 ° for a SZA of 𝜃0 = 80 °. In
both cases, the relative azimuth angle is 𝜙r = 180 °. This fact suggests an accurate
performance of the Lambertian model if the surface target is observed from these
viewing geometries. This assumption will be discussed later for all simulated Arctic
sea-ice surface types.
In Figure 5.10, the SCIATRAN narrowband albedo of the two AVHRR channels
(Tab. 5.3) is compared with respective values calculated with the BRDF models
for 238 snow, ice, and melt pond surface types of Arctic sea ice from Table 3.6.
Corresponding RMSDs and biases of albedo values at both AVHRR channels are
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calculated for each Arctic sea-ice surface class (snow, ice, and melt pond) and
summarized in Table 5.5 for the SZA of 𝜃0 = 60 ° and 80 °, respectively. The Fresnel
reflection in the simulation of the melt pond BRF and albedo is neglected. Again,
the AVHRR narrowband BRFs at the sampling mode shown in Figure 5.11(d) serve
as input in the BRDF models. The nadir BRF is the input of the Lambertian model.
As can be seen from Figure 5.10 and Table 5.5, the RTLSRsnow model is the
most accurate BRDF model to calculate the narrowband albedo when the BRF is
sampled in the mode shown in Figure 5.11(d). The RTLSR and modified Walthall
model are as accurate as the RTLSRsnow model at small SZA but show a negative
bias of up to −0.14 at SZA of 𝜃0 = 80 °. The averaging and the Lambertian model
strongly underestimate the narrowband albedo with RMSDs between 0.05 and 0.29
for snow and ice surface types. The straight line of crosses close to the one-to-one
line clearly visible in Figure 5.10(a) and (b), but also existent in Figure 5.10(c) to (e),
represents the albedo of the melt ponds, which are parameterized as Lambertian
surfaces (without Fresnel reflections). Therefore, their BRF distributions can be easily
reproduced by all considered BRDF models (RMSD, bias ≤ 0.01, Tab. 5.5). The
slight overestimation at highest albedo values are caused by a BRF overestimation
at large VZAs around 𝜃r = 80 °.
Except for the RTLSRsnow model, the uncertainties of the BRDF models show a
strong SZA dependency for snow and ice surface types. The kernel-driven models
slightly overestimates the narrowband albedo (Fig. 5.10(c-e)) with a maximum
difference of 0.03 at SZA of 𝜃0 = 55 °. RMSDs (biases) increase (decrease) towards
larger SZAs mainly caused by the underestimation of the stronger forward-scattering
peak (compare with Figure 5.9). At SZAs larger than 𝜃0 = 70 °, the narrowband
albedo is underestimated by all considered BRDF models except the RTLSRsnow
model. The latter overestimates the backscattering peak (compare with Figure 5.9),
which can lead to a narrowband albedo overestimation.
It should be noted that the ice BRF (Eq. (2.42)) and the RTLSRsnow model
(Eq. (5.26)) are based on the same asymptotic solution of the RT theory. Nevertheless,
the uncertainties (RMSD, bias) of the latter model are slightly larger for ice than for
snow surface types at SZA of 𝜃0 = 60 ° (Tab. 5.5). This is caused by the tuning factor
𝜀 in Equation (5.26), which is adapted for snow surface types to represent the strong
forward-scattering peak (Jiao et al., 2019). As the peak for ice surface types is lower,
it is overestimated by the RTLSRsnow model, which results in an overestimated
surface albedo. This effect cannot be seen at a SZA of 𝜃0 = 80 ° because at this
angle, both surface types feature such a strong forward-scattering peak that cannot
be captured by the model (compare with Figures 4.1-4.2).
As mentioned above, uncertainties of the Lambertian model depend on the satellite
observation geometry. Table 5.5 shows the RMSD and the bias for three different
viewing angles. While this model produces one of the largest bias and RMSD
of | ± 0.33| at maximum at nadir and at (𝜃r ,𝜙r ) = (20 °, 0 °), best results with

5.5 Uncertainties resulting from an angular correction

115

Figure 5.11: Assumed sampling geometry of a surface target by satellite instruments:
(a) lattice pattern, (b) sampling at the principal plane, (c) cross plane, and (d) at a
plane rotated by 45 ° to the principal plane.

values of 0.06 at maximum can be achieved towards the forward-scattering peak at
(𝜃r ,𝜙r ) = (40 °, 180 °) at the SZA of 𝜃0 = 80 °. However, utilizing the Lambertian
model for this specific irradiation and viewing geometry is not advisable. Firstly,
despite of the high accuracy, the model features a low precision (the standard
deviation is up to 0.03) due to its strong dependency on the surface BRDF and,
therefore, it is competitive to the kernel-driven BRDF models. Secondly, simulated
BRF values at such viewing geometries show larger uncertainties than at lower VZAs
(Sect. 3.3.2), so that the Lambertian model uncertainties at (𝜃r ,𝜙r ) = (40 °, 180 °) are
only of limited significance. Thirdly, such observing geometry of surface targets is
quite rare (Luo et al., 2008; Riihelä et al., 2010).
In the estimation of the BRDF model uncertainties, the satellite observation
geometries of the surface target have to be kept in mind. They depend on the
geographic latitude of the surface target, the time period of observation, and the
satellite instrument viewing geometry. Therefore, the BRDF models are tested with
three other sampling modes, which are illustrated in Figure 5.11(a-c) and represent
idealistic and extreme cases. The lattice sampling (Fig. 5.11(a)) is specific for multiangular observational satellites, e. g., POLDER (POLarization and Directionality
of the Earth’s Reflectances) aboard PARASOL (Polarization and Anisotropy of
Reflectances for Atmospheric Sciences coupled with Observations from a Lidar)
(Breon and Maignan, 2017; Kokhanovsky and Breon, 2012). Other sampling modes
are along the principal plane and the cross plane (Fig. 5.11(b-c)).
Both, bias and RMSD, of the BRDF model output are sensitive to the employed
sampling mode (not shown). The magnitude of variation depends on the BRDF
model. The averaging model is the most robust model showing variations up to 0.01 in
the bias and the RMSD. For the RTLSR and modified Walthall model, variations are
up to 0.08 (bias) and 0.07 (RMSD) (not shown). Although, the RTLSRsnow model
is the best in calculating the narrowband albedo with the sampling geometry shown
in Figure 5.11(d) (Fig. 5.10, Tab. 5.5), it is most sensitive to the sampling mode. For
snow surface types, the RMSD and bias vary around 0.03 and 0.08, depending on
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the sampling mode shown in Figure 5.11. For ice surface type, variations are up to
0.20 (not shown).
Mostly, higher RMSDs and biases are caused by sampling the Arctic sea-ice
surface target in the principal or cross plane (Fig. 5.11(b,c)). The latter sampling
mode does not contain any information about the BRF forward- and backscattering
characteristic (see, e. g., Figures 4.1-4.2), which leads to high uncertainties in the
calculation of the narrowband albedo. In contrast, the surface anisotropy can be
overrepresented by the BRDF model when only the BRF from the principal plane is
imported.
Uncertainties of the BRDF models are slightly lower at longer wavelengths (not
shown). Consequentially, the BRDF model uncertainties depend on which satellite
instrument they are applied to because each satellite instrument has specific channels
(Tab. 5.3) and the uncertainties are calculated from each narrowband albedo of a
specific satellite. AVHRR, MERIS, and OLCI channels cover a similar wavelength
range, while that of MODIS and MSI channels is broader in the NIR region (Tab. 5.3).
Thus, the BRDF models show similar uncertainties when they are applied to narrowband reflectance factors of MERIS and OLCI instead of AVHRR (Tab. 5.5), and
0.02 − 0.03 lower uncertainties when they are applied to MODIS and MSI.
It should be noted that the Lambertian and the averaging model have been
preferably suggested for inhomogeneous Arctic sea-ice surface types (Riihelä et al.,
2010; Rösel, 2013) because their BRF might resemble a Lambertian surface (Rösel,
2013). However, both models have been investigated above only for homogeneous
surface types. Thus, the uncertainties of all five BRDF models are recalculated for a
mix of ice and melt pond BRFs with melt pond fractions of 0.2, 0.4, and 0.6. All
possible combinations of the SCIATRAN-simulated ice and melt pond BRF are taken
into account. The resulting RMSDs and biases are listed in Table 5.5 (see column
’Mix’). The uncertainties are slightly smaller than those of pure ice, but the accuracy
of each BRDF model relative to each other remains similar. Both, the Lambertian
and the averaging model, still have the largest uncertainties.
In summary, the RTLSR and the modified Walthall model (Lucht et al., 2000) are
the best BRDF models for the angular correction of the satellite measured sea-ice
reflectance although they have been originally developed for vegetated surface types.
Their RMSDs are below 0.02 at SZA of 𝜃0 = 60 ° and below 0.15 at SZA of 𝜃0 = 80 °.
The RTLSRsnow model features RMSDs less than 0.08 for all SZAs, but only for the
viewing geometry shown in Figure 5.11(d). Other viewing geometries (Fig. 5.11(a-c))
can more than double the uncertainty. The Lambertian and the averaging model
have the largest uncertainties with RMSDs up to 0.33. They should therefore not be
used in the satellite albedo retrieval algorithms to calculate the narrowband albedo
from narrowband reflectance factors of Arctic sea-ice surface types.
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5.6 Uncertainties resulting from a narrow-to-broadband albedo
conversion
Parts of this section were published in Pohl et al. (2020a). After the atmospheric
(Sect. 5.4) and angular correction (Sect. 5.5) of the satellite measured narrowband
reflectance factors, the obtained surface albedo values 𝛼𝛬 at satellite instrument
channels (spectral bands) are converted into the broadband albedo 𝛼bb by their
weighted linear combination, called the narrow-to-broadband conversion (NTBC):
𝛼bb (𝜃0 ) = 𝑘0 +

m
∑︁

𝑘i · 𝛼𝛬i (𝜃0 ) .

(5.32)

i=1

The number m of coefficients 𝑘i is equal to the number of satellite instrument
channels used in the retrieval scheme. Usually, the coefficients are empirically derived
either from measurements or simulations. Various NTBCs can be found in literature
for each satellite instrument, see Table 5.8. Their performances do not only depend
on the variety and representativeness of the training data set (Liang, 2001) but
also whether it is based on simulations or measurements. This will be shown by
developing two NTBCs for Arctic sea-ice surface types, one from simulations and one
from measurements, for each of the satellite instruments MODIS, AVHRR, MERIS,
OLCI, and MSI (Sect. 2.1.5.3) and comparing these to existing NTBCs. In the case
of MERIS, the NTBC is developed for the output of the MPD (Melt Pond Detector)
algorithm (Sect. 5.7), which consists of six spectral albedo values at wavelengths
𝜆i = 400, 500, 600, 700, 800, and 900 nm instead of the narrowband albedo at MERIS
channels. Therefore, the spectral albedo 𝛼𝜆i replaces the narrowband albedo 𝛼𝛬i
with 𝑚 = 6 in Equation (5.32).

5.6.1 NTBC development
For the simulation-based NTBC, the SCIATRAN-simulated blue-sky narrowband
(spectral) and broadband albedo of 238 snow, ice, and melt pond surface types of
Arctic sea ice listed in Table 3.6 at 10 m altitude are used. The Fresnel reflection is
incorporated in the melt pond albedo. The atmosphere parameters are specified in
Table 2.2. The measurement-based NTBC is derived with spectral and broadband
albedo values measured by Polashenski (2011) on landfast ice close to Utqiaġvik
(formerly known as Barrow until 2016), AK, USA, between April and June of the years
2008 and 2009 (Pohl et al., 2020a). The objective of the ground-based measurements
was to investigate albedo and melt pond evolution during the melt season. The data
are available at http://chrispolashenski.com/data.php (accessed on 9.5.2021).
Spectral and broadband albedo were measured along three transect lines of 200 m
length each, orientated west-east and located on first-year sea ice 1 km offshore of
Utqiaġvik, AK, USA (71.366 ° N, 156.542 ° W). The spectral albedo between 350 nm
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and 2500 nm was derived from up- and downward irradiance measurements using an
Analytical Spectral Devices (ASD) spectrometer ‘FieldSpec3’ with a diffuse cosine
collector (Sect. 2.1.5.1). The broadband albedo in the waveband 300 − 3000 nm was
measured by a Kipp&Zonen CM-14 albedometer (Sect. 2.1.5.1). Each of the two
optics was mounted on a 1.5 m long arm and was positioned about 1 m above the
surface (Polashenski, 2011).
Spectral and broadband albedo were measured along a first transect line on 21 days
between April and June 2008. Along the second transect line, measurements were
done on 13 days between May and June 2009 and along the third transect line on
12 days in June 2009. The second and third transect lines were 1 km apart of each
other. The measurements were done once per day (except 14 June 2008 with twice
per day) in steps of 2.5 − 5 m under various sky conditions (clear, cloudy, or overcast
skies). The time of spectral and broadband albedo measurements may differ by more
than one hour because the spectral and broadband albedo samples were recorded
one after the other.
After excluding unphysically high and discontinuous albedo spectra, 1720 albedo
spectra and broadband albedo values of various sea-ice surface types are available,
from optically thick (snow depth & 10 cm) and thin snow surfaces (snow depth
. 10 cm), bare ice with loose decaying ice crystals on top, slushy bare ice to frozen
and liquid melt ponds. The MODIS, AVHRR, OLCI, and MSI narrowband albedo
are calculated from the spectral albedo by Equation (5.16). Spatially and temporally
collocated narrowband (spectral) and broadband albedo measurements were used to
derive the coefficients 𝑘i in Equation (5.32).
and measured
training data sets, the square sum of errors
)︁2
(︁ For both simulated
∑︀m
𝛼bb (𝜃0 ) − 𝑘0 − i=1 𝑘i · 𝛼𝛬i (𝜃0 ) is minimized. The coefficient 𝑘0 has been preset to
0 in order to warrant the condition 𝛼bb (𝜃0 ) = 𝛼𝛬i (𝜃0 ) = 0. The resulting coefficients
for each satellite instrument are given in Tables 5.6 and 5.7 and can be used to
calculate the broadband albedo in the waveband 300 − 3000 nm. The coefficients
based on measurements differ from those based on simulations of the same satellite
instrument (see, e. g., AVHRR), which results in different performances of the NTBCs.
Consequences and reasons will be discussed in Sections 5.6.2 and 5.6.3.
The retrieval error of the measurement-based NTBC, specified as the RMSD
between the measured and the NTBC-retrieved broadband albedo of the training
data set, is below 0.05. Analogously, the retrieval error of the simulation-based
NTBC is below 0.03. For both NTBCs, the bias is below 0.01. The error is larger
for the measured training data set because of the measurement uncertainties and
time offsets between the measured spectral and broadband albedo. Within this time
difference, the surface insolation can be significantly modified due to changes in the
solar zenith angle and cloud conditions. As a result, nonconforming spectral and
broadband albedo values were measured, which deteriorate the quality of the NTBC.
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Table 5.6: NTBC coefficients 𝑘i derived from SCIATRAN simulations for the satellite
instruments MODIS, AVHRR, MERIS, OLCI, and MSI.
Instrument

𝑘1

𝑘2

𝑘3

𝑘4

𝑘5

𝑘6

𝑘7

MODIS

0.1639

0.2613

0.2637

0.0272

0.1856

0.0018

0.0521

AVHRR

0.3863

0.4602

MERIS

0.4245

−0.1024

−0.0036

0.3870

−0.7751

0.9456

OLCI

0.1795

0.2644

0.1528

0.2925

0.2153

0.2456

−0.1272

MSI

𝑘8a

𝑘11

𝑘12

0.4574

−0.5659

0.7468

Table 5.7: NTBC coefficients 𝑘i derived from measurements for the satellite instruments MODIS, AVHRR, MERIS, OLCI, and MSI.
Instrument

𝑘1

𝑘2

𝑘3

𝑘4

𝑘5

𝑘6

𝑘7

MODIS

0.1073

0.3589

0.4471

−0.0290

−0.0322

0.3277

−0.3598

AVHRR

0.7098

0.1641

MERIS

0.9337

−2.0856

2.9125

−1.6231

0.6750

0.0892

OLCI

0.2496

0.2600

0.3608

0.0339

0.6759

−0.3214

0.1841

MSI

𝑘8a

𝑘11

𝑘12

0.3436

0.2840

−0.2053

5.6.2 NTBC assessment
The performance of the NTBCs is assessed by an independent test data set of
measured spectral and broadband albedo which was obtained during the ACLOUD
(Arctic CLoud Observations Using airborne measurements during polar Day) campaign (Wendisch et al., 2019). The measured spectral albedo is available in Jäkel et al.
(2018), details on the measured broadband albedo are given in Jäkel et al. (2019).
The meteorological conditions during the campaign are documented in Knudsen et al.
(2018). On 25 June 2017, spectral and broadband albedo were measured aboard the
aircraft Polar 5 north of Svalbard (80.48 − 81.62 ° N, 11.31 − 20.36 ° E) over sea-ice
floes of different sizes under cloud free conditions. The flight altitude during the
selected flight sections was between 50 m and 200 m. The SZA ranges from 57.2 ° to
68.4 °.
Spectral albedo was derived from hemispheric up- and downward spectral radiation
detected by SMART (Sect. 2.1.5.2) in the wavelength range 350 − 2200 nm within
an accuracy of 10 %. The cosine error (Sect. 5.1) has been subsequently corrected.
SMART was actively stabilized in a horizontal position (Bierwirth et al., 2009;
Ehrlich et al., 2008; Wendisch et al., 2001). The temporal sampling of the spectral
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Figure 5.12: Scatterplot of measured broadband albedo and retrieved broadband
albedo by applying the MERIS NTBC based on measurements (a), or the MERIS
conversion methods by Istomina et al. (2015b) (b) and Gao et al. (2004) (c) to measured
spectral albedo. Measurements were done with aircraft Polar 5 over sea-ice floes on
25 June 2017. Colors indicate the number density of points. The solid and dotted lines
indicate the regression and 1-to-1 line, respectively.

measurements was 2 Hz. Broadband albedo in waveband 200−3600 nm was measured
by two opposing Kipp&Zonen CMP-22 pyranometers (Sect. 2.1.5.2) within an error of
3 %, as given by the manufacturer for stationary operation. Both pyranometers were
mounted in a fixed position at the top and at the bottom of the aircraft fuselage for a
simultaneous detection of the hemispheric down- and upward radiation. The temporal
sampling interval was increased to 20 Hz by the deconvolution method described in
Ehrlich and Wendisch (2015). For clear-sky conditions, the measurements of the
upward-facing pyranometer were corrected for deviations from horizontal attitude
due to misalignment of the instrument and roll and pitch angles of the aircraft based
on a method given by Bannehr and Schwiesow (1993) and described in Lampert
et al. (2012). Broadband measurements at roll and pitch angles higher than 4 ° were
excluded. Spectral and broadband albedo values were temporally adjusted. Influences
caused by their different sampling intervals (2 Hz and 20 Hz) were diminished by
convolving the broadband albedo values by a running average of 10 measurements.
The spectral albedo values are converted to the narrowband albedo of respective
satellite instrument channels (Eq. (5.16)), if necessary, and are subsequently employed
in Equation (5.32) to retrieve the broadband albedo. Figure 5.12(a) compares the
measured broadband albedo to the broadband albedo 𝛼bb retrieved by the MERIS
NTBC (Tab. 5.7) based on the measurements by Polashenski (2011). Retrieved
and measured broadband albedo are highly correlated (𝑅2 = 0.96). The regression
slope of 1.06 is close to 1 and together with the −0.03 intercept causes a small
underestimation of low albedo values. Discrepancies between both broadband albedo
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products (RMSD = 0.02) are caused by uncertainties in the empirically derived
NTBC as well as by measurement uncertainties in the spectral and broadband albedo.
For comparison, Figure 5.12(b) and (c) shows the measured broadband albedo
and respective retrieved broadband albedo 𝛼bb with MERIS conversion methods
proposed in Istomina et al. (2015b) and Gao et al. (2004), respectively. Istomina et al.
(2015b) calculated the broadband albedo by averaging the spectral albedo values.
Gao et al. (2004) propose a linear combination method of albedo values from MERIS
channels 3, 5, 7, and 13 at the center wavelengths 𝛬i = 490, 560, 665, and 865 nm.
Retrieved broadband albedo values of both conversions correlate well with measured
broadband albedo values (𝑅2 = 0.96 in both cases). However, the conversion from
Istomina et al. (2015b) overestimates the broadband albedo (bias = 0.08), while the
conversion from Gao et al. (2004) underestimates it (bias = −0.04). Accordingly,
RMSD values (0.09 and 0.05) are higher.
Table 5.8 summarizes the RMSDs and biases by applying several NTBCs to the
ACLOUD data, grouped by satellite instruments (first two columns with numerals).
The coefficient of determination is similar for all considered NTBCs (𝑅2 > 0.9)
and is not tabulated. The NTBCs are characterized by their training data sets
(based on measurements or simulations) and the surface types used for the NTBC
development. Note that the latter also determines the application range of the
NTBC. The first two NTBCs listed for each satellite instrument are based on the
measurements by Polashenski (2011) (Tab. 5.7) and the SCIATRAN simulations
(Tab. 5.6), respectively.
The RMSDs and biases range from 0.02 to 0.09 and −0.08 to 0.08, respectively,
depending on the kind and limitations of the training data set used in the NTBC
development (Liang, 2001). The measurement-based NTBCs developed in this thesis
(Tab. 5.7) are the most accurate ones for Arctic sea-ice surface types. Their RMSDs
are 0.02 (|biases| < 0.01), which are similar to the generally assumed measurement
uncertainty of 0.02 (Sect. 2.1.5.4). The uncertainties of the simulation-based NTBCs
developed in this thesis (Tab. 5.6) are more than twice as big (RMSD < 0.07,
|bias|< 0.06), which exceed the required albedo accuracy of 0.02 − 0.05 (Sect. 1.1).
Generally, NTBCs based on simulations offer larger uncertainties than those based
on measurements (Tab. 5.8) and should not be used in satellite albedo retrieval
algorithms. Reasons for that will be discussed in Section 5.6.3. Only the NTBC
by Liang (2001) and the NTBC by Naegeli et al. (2017), which is based on Liang
(2001), exhibit low uncertainties (RMSD, |bias| < 0.04), as an extensive simulation
training data set was used for their developments representing satisfactorily the
testing data set. Note that NTBCs developed specifically for Arctic sea-ice surface
types are not generally more accurate than NTBCs developed for any land surface
type. Additionally, the NTBCs by Knap and Oerlemans (1996) and Key et al. (2001)
have originally been developed for TOA albedo values, nevertheless the former can
be used for the surface albedo as well (RMSD = 0.02). The latter offers a large
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Table 5.8: RMSDs and biases of several NTBCs for satellite instruments MODIS,
AVHRR, MERIS, OLCI, and MSI applied to ACLOUD measurements (first two
columns with numeric values) and SCIATRAN simulations (last two columns). The
lowest uncertainties for each satellite instrument are given in bold numbers. The
training data sources are abbreviated as M (measurement), S (simulation), n. s. (not
specified), and asm. (assumption).

Training data set
Instrument

NTBC

Basis

MODIS

Pohl

AVHRR

MERIS

OLCI
MSI

Applied to

Applied to

measurements

simulations

Surface type

RMSD

Bias

RMSD

Bias

M

sea ice

0.020

0.005

0.062

0.053

Pohl

S

sea ice

0.070

0.067

−

−

Stroeve et al. (2005)

n. s.

snow

0.024

−0.015

0.052

0.050

Liang (2001)

S

global (land)

0.026

−0.018

0.050

0.048

Liang et al. (1999)

S

global (land)

0.073

−0.070

0.013

−0.008

Pohl

M

sea ice

0.021

−0.005

0.066

0.048

Pohl

S

sea ice

0.058

0.055

−

−

Xiong et al. (2002)

M/S

sea ice

0.022

−0.010

0.091

0.069

Knap and Oerlemans (1996)

M

sea ice

0.023

−0.012

0.052

0.038

Lindsay and Rothrock (1994)

M/S

sea ice

0.026

−0.016

0.058

0.039

Stroeve et al. (1997)

M

snow

0.035

0.029

0.093

0.082

Greuell et al. (2002)

M

snow

0.069

−0.066

0.047

−0.010

Liang (2001)

S

global (land)

0.044

−0.038

0.054

0.026

Key et al. (2001)

S

snow/ice

0.086

−0.084

0.051

−0.038

Pohl

M

sea ice

0.020

0.006

0.085

0.060

Pohl

S

sea ice

0.052

−0.049

−

−

Istomina et al. (2015b)

asm.

-

0.089

0.084

0.152

0.144

Gao et al. (2004)

S

global (land)

0.046

−0.042

0.039

0.001

Pohl

M

sea ice

0.023

0.011

0.065

0.058

Pohl

S

sea ice

0.062

0.059

−

−

Pohl

M

sea ice

0.020

−0.005

0.064

−0.058

Pohl

S

sea ice

0.063

0.060

−

−

Li et al. (2018)

M

snow

0.023

−0.010

0.083

−0.034

Naegeli et al.

(2017)a

S

global (land)

0.022

0.011

0.056

−0.053

Naegeli et al.

(2017)b

M

snow/ice

0.033

0.024

0.068

0.061

a Based on Liang (2001).
b Based on Knap et al. (1999).
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uncertainty (RMSD = 0.09), which is more related to the simulated training data
set than to a wrong reference height.
In contrast, when the NTBCs are tested with the SCIATRAN-simulated blue-sky
albedo data set at 10 m altitude, the uncertainties of NTBCs based on measurements
are mostly increasing up to 0.09 (RMSD) and 0.08 (bias), while the NTBCs based on
simulations are mostly decreasing down to 0.01 (RMSD) and 0.0 (bias). Thus, most
simulation-based NTBCs work more accurately than measurement-based NTBCs
when applied to simulated albedo values (see the last two columns of Table 5.8). A
reason for that will be given below.

5.6.3 Reasons for uncertainties in the NTBCs
Uncertainties in the NTBCs developed in Section 5.6.1 originate from inconsistencies
in physical (limitations in the training data sets, contrast between black- and blue-sky
albedo, waveband) and meteorological variables (sky and atmospheric condition).
Their presence and impact on the albedo is discussed below.
According to Liang (2001), a wide range of atmospheric conditions, solar zenith
angles, and surface types are required to develop the NTBC generally applicable to
any surface albedo measurement. A high variability of the atmospheric conditions
can be ensured via available aerosol optical depth from AERONET (Aerosol Robotic
Network) data measured in Utqiaġvik, AK, USA, for the days of albedo measurements
by Polashenski (2011) when the sun disk was visible. For the simulated training data
set, only two different atmospheric conditions are considered (Sect. 2.2.2). However,
the influence of the atmospheric state (clean or turbid, AOT of 0.14 or 0.3) on the
surface albedo is small (Sect. 4.1) and cannot explain the uncertainties given in
Table 5.8.
The maximum range of possible SZA prevailing in the Arctic is provided in the
simulated training data set (55 ° ≤ 𝜃0 ≤ 80 °). According to the location and dates
of measurements from Polashenski (2011), the possible SZA range in the measured
training data set is limited between 𝜃0 = 47.9 ° to 90 °. The exact SZA variation
range cannot be determined due to the lack of times of the albedo measurements.
However, most measurements were cloud-influenced, effects resulting from a SZA
variability are therefore of minor importance.
The cloudy skies can change the broadband albedo of Arctic sea ice by more
than 0.1 (Sect. 4.2) and, therefore, influence the empirical derivation of the NTBC.
The cloud-influenced NTBCs are applied in Section 5.6.2 to albedo measurements
under clear-sky conditions, which can contribute to the uncertainties shown in
Table 5.8. The amount of contribution is estimated by applying the NTBCs based
on measurements from Polashenski (2011) on the simulated surface albedo under
clear-sky and overcast conditions. Uncertainties vary by 0.05 (RMSD) and 0.06 (bias).
Thus, it is recommended to have the training and testing data set under the same
cloud conditions (e. g., clear sky). However, deriving the coefficients in Equation (5.32)
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using only albedo measurements under clear-sky conditions (113 albedo spectra and
broadband albedo values) by Polashenski (2011) and an application of those to the
cloud free albedo measurements during ACLOUD enlarges the RMSDs and biases
by 0.02 and 0.03, respectively.
A high variety of Arctic sea-ice surface types is available for both, the measured
and simulated training data set. The albedo measurements are based on various
sea-ice surface types from the early season (April - June) mentioned in Section 5.6.1.
Nevertheless, it can be applied to later seasonal (July-September) Arctic sea-ice
surface types as well, as those surface types like snow covered sea-ice, white ice, and
refrozen surface types are similar to the surface types included in the training data set
(snow layers and frozen melt ponds). To confirm this statement, the NTBC based on
measurements by Polashenski (2011) (Tab. 5.7) is tested with albedo measurements
from the SHEBA field campaign (Perovich et al., 1999; Uttal et al., 2002). On
that campaign, 871 albedo spectra and broadband albedo values of various Arctic
sea-ice surface types were measured on 43 days between 7 June and 3 September
1998 (Grenfell and Light, 2007; Perovich et al., 2007). Applying the NTBC to
all albedo spectra, the uncertainties are 0.01 larger than applying the NTBC only
to measurements from June (12 days, 230 measurements). The increase in the
uncertainty is rather related to measurement uncertainties occurring in the second
half of the SHEBA campaign than to a seasonal limitation of the NTBC.
The training data set based on SCIATRAN simulations also offer a high seaice surface variability. However, the surface albedo is calculated by simplified
parameterizations (Sects. 2.2.3-2.2.4) and, therefore, deviates from the natural
albedo (Sect. 3.3). Those differences are small but offer a spectral dependency, which
can be attributed to deviations between the measurement- and simulation-based
NTBC coefficients for each satellite instrument (Tabs. 5.6 and 5.7). Consequentially,
the application of the simulation-based NTBCs to measured narrowband albedo
values results in large uncertainties given in Table 5.8. These consequences are best
comprehensible via the NTBCs of AVHRR. Note that the simulation-based NTBCs
from literature might suffer from the same issue (spectral dependent disagreements
between the simulated albedo values of the training data set and naturally occurring
albedo spectra). It can explain the usually larger uncertainties when they are
applied to measurements instead of measurement-based NTBCs. And it can explain
the usually lower uncertainties when they are applied to simulations instead of
measurement-based NTBCs (Tab. 5.8).
Additionally, the performance of the NTBCs developed in this thesis is tested
when they are derived for each sea-ice surface class separately. For that, the albedo
measurements by Polashenski (2011) are classified in those over “snow surface”,
“bare ice”, and “melt pond”. Measurements from 2009 (1194 samples) were used as
a training data set to derive the MERIS coefficients 𝑘i in Equation (5.32) for each
surface class. The surface-specific NTBCs were tested with the respective classified
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albedo measurements from 2008 (526 samples). The RMSD, bias, and 𝑅2 between
measured and retrieved broadband albedo are 0.05, 0.02, 0.92, respectively. Using
the albedo measurements from 2009, independent of the surface type, as the training
data set to derive the coefficients 𝑘i in Equation (5.32) and applying those to all
albedo data from 2008, leads to the same RMSD, bias, and 𝑅2 . Therefore, the NTBC
can be derived independently of the Arctic sea-ice surface class without deterioration
of their accuracy. This statement is supported by the fact that even NTBCs for
global land surface types can have small uncertainties (RMSD < 0.04, Tab. 5.8).
NTBCs based on measurements should be used for converting the measured
narrowband (spectral) albedo into the broadband albedo, as they usually offer
smaller uncertainties (Tab. 5.8). However, one gets into a predicament when satellite
retrieval algorithms deliver black-sky narrowband (spectral) albedo values, like the
MPD (Sect. 5.7) or the MODIS algorithm specified in Table 1.1. As the atmosphere
significantly influences the albedo (Sect. 4.1), NTBCs developed from black-sky
albedo measurements are required in that case. Those are not available because of
the lack of such measurements which can be only obtained in the laboratory or at
night-time with a lamp (see Sect. 3.3). One has to revert to the classical “blue-sky”
NTBCs, which lead to additional uncertainties. Those are estimated by comparing
the uncertainties resulting from an application of the NTBC based on measurements
by Polashenski (2011) on the SCIATRAN-simulated blue-sky and black-sky albedo
values. The uncertainties (RMSDs and biases) for black-sky albedo are 0.01 lower.
This value is negligible compared to the uncertainties given in Table 5.8. Thus,
NTBCs based on measurements can be used for both, black- and blue-sky albedo
values.
Broadband albedo products integrated over different wavebands may affect their
comparison (Sect. 1.3). Applying the NTBCs from Table 5.7, the derived broadband
albedo covers the wavelength range 300−3000 nm. In contrast, the broadband albedo
at ACLOUD was measured in a broader waveband (200 − 3600 nm). Resulting
discrepancies between both albedo products are estimated by SCIATRAN and
are lower than 0.01. Those systematic errors are negligible when comparing both
broadband albedo products.
In summary, the measurement-based NTBCs (Tab. 5.7) developed in this thesis
for the satellite instruments MODIS, AVHRR, MERIS, OLCI, and MSI are the most
accurate ones for Arctic sea-ice surface types to convert the narrowband albedo
in the broadband albedo with RMSDs of 0.02. The NTBCs can be used for both,
black- and blue-sky narrowband albedo values. It has also been shown, that, firstly,
NTBCs based on simulations generally have larger uncertainties than those based
on measurements. Secondly, NTBCs specifically developed for Arctic sea-ice surface
types are not generally better than NTBCs developed for any land surface type.
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5.7 Uncertainties in the MPD retrieval
Sections 5.7.1 and 5.7.3 were published in Pohl et al. (2020a). Some satellite albedo
retrieval algorithms do not employ the atmospheric and angular correction approaches
introduced in Sections 5.4 to 5.5. Instead, they are based on direct estimation or
physical models (Tab. 1.1) and directly link only one satellite observation to the
surface albedo. Such algorithms do not depend on a priori assumptions of the surface,
are free from atmospheric correction and BRDF model uncertainties, and can capture
rapid changes in the surface albedo during, e. g., melt onset. However, the accuracy
of their derived albedo products depends on the utilized training data sets and
physical models (Wang et al., 2013). The uncertainties of one particular physical
model, the Melt Pond Detector (MPD) algorithm, are determined below. It is a
unique algorithm because it simultaneously derives the Arctic sea-ice surface albedo
and melt pond fraction from MERIS observations. An adaption of the algorithm to
Sentinel-3 OLCI data is currently under development (Istomina, 2020).

5.7.1 The MPD algorithm
The MPD algorithm has been developed by Zege et al. (2015) to derive simultaneously
the spectral albedo at wavelengths 𝜆i = 400, 500, 600, 700, 800, and 900 nm and
the melt pond fraction over Arctic sea ice. It has been validated by Istomina et al.
(2015a,b) and the built-in cloud filtering has been improved by Istomina et al. (2020).
The main retrieval steps of the MPD algorithm are described below.
The input parameters are Level 1B swath data with a spatial resolution of 1 km at
nadir from MERIS aboard ENVISAT (Sect. 2.1.5.3), including radiances of channels
1, 2, 3, 4, 8, 10, 12, 13, and 14 at center wavelengths 412.5, 442.5, 490, 510, 681.25,
753.75, 778.75, 865, and 885 nm, respectively, and solar and observation angles.
Additional relevant information about the atmospheric and surface state (atmosphere
profile, aerosol load, bounds for ice and melt pond optical properties) can be entered
from a separate input file.
For each classified sea-ice grid-cell, the ice and melt pond parameters described
in Section 2.2.4 as well as a melt pond fraction are initialized. From those, the ice
and melt pond BRF are calculated based on the analytical approximations given in
Section 2.2.4. The sea-ice BRF is calculated as a linear combination of both BRF
values weighted by the melt pond fraction 𝑞:
𝑅𝜆,seaice (𝜃r ,𝜙r ,𝜃i ,𝜙i ,𝜃0 ) = (1 − 𝑞) 𝑅𝜆,ice (𝜃r ,𝜙r ,𝜃i ,𝜙i ,𝜃0 ) + 𝑞 𝑅𝜆,pond (𝜃r ,𝜙r ,𝜃i ,𝜙i ,𝜃0 ) .
(5.33)
From the resulting surface BRF and the atmospheric reflectance and transmittance calculated by the radiative transfer code RAY (Tynes et al., 2001), the TOA
reflectance factors at MERIS channels are calculated based on the atmospheric
correction method by Tanré et al. (1983). In an iterative process based on the
Newton-Raphson method (Press and Flannery, 1993), the difference of measured and
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calculated MERIS reflectance factors is minimized as a function of the ice and melt
pond parameters, and of the melt pond fraction.
From resulting ice and melt pond parameters, the spectral black-sky albedo at
wavelengths 𝜆i = 400, 500, 600, 700, 800, and 900 nm are calculated. The output of
the MPD algorithm are the spectral albedo at mentioned six wavelengths, the melt
pond fraction, and the estimated retrieval error for each MERIS swath data grid-cell.
Daily averages are created by gridding and averaging the output of each MERIS
swath on a 12.5 km NSIDC (National Snow and Ice Data Center) polar stereographic
projection. More details can be found at https://www.seaice.uni-bremen.de/
(accessed on 9.5.2021).

5.7.2 Uncertainties of the MPD based on SCIATRAN simulations
The MPD algorithm is tested with SCIATRAN simulations. The input are the
simulated TOA reflectance factors from the MERIS channels mentioned above
(Sect. 5.7.1). The output of the MPD model, the black-sky spectral albedo, is
compared to the respective simulations from SCIATRAN. As the SCIATRANsimulated melt pond TOA reflectance factors do not contain the Fresnel reflection
component, the comparison is limited to snow and ice surface types of Arctic sea-ice.
Note that the MPD model has originally been designed for heterogeneous Arctic
sea-ice surface types, i. e., a mixture of snow, ice, and melt pond surface types, as
they are commonly observed from satellites during the Arctic summer (Sect. 2.1.3).
It implies that, the darker the SCIATRAN-simulated snow- and ice surface, the
more likely the MPD algorithm will derive a melt pond fraction larger than zero.
Comparing the corresponding MPD-retrieved albedo with respective SCIATRANsimulated values will reveal deviations which are rather based on inconsistencies in
the surface composition than on MPD algorithm uncertainties. Thus, the spectral
albedo differences are studied rather for their dependencies on the atmospheric state
as well as on the irradiation and viewing geometries than for their magnitudes.
In Figure 5.13(a), the MPD-derived spectral albedo at wavelengths 𝜆 = 400,
500, 600, 700, 800, and 900 nm is compared to the SCIATRAN spectral albedo.
The TOA narrowband reflectance factors at nadir have provided the input of the
MPD algorithm. Except for a few albedo values, the MPD-derived spectral albedo
is lower than the SCIATRAN-simulated. The differences might be caused by the
MPD-derived melt pond fraction (Fig. 5.13(b)), which lowers the surface albedo
according to Equation (5.33). The brighter the surface types, the closer to zero
are the melt pond fractions, and the smaller are the differences between the MPD
and SCIATRAN spectral albedo. The melt pond fraction increases towards darker
surface types, but differences remain constant. The MPD algorithm estimates ice
and melt pond albedo pairs which are independent of the SCIATRAN surface types,
but their combinations reproduce the SCIATRAN spectral albedo with deviations
less than 0.25.
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Figure 5.13: Black-sky spectral albedo of 160 snow (dashes) and 46 ice surface types
(bullets) of Arctic sea ice at wavelengths 𝜆 = 400, 500, 600, 700, 800, and 900 nm
simulated by SCIATRAN and derived by MPD using the SCIATRAN-simulated TOA
reflectance factors at nadir as input. (a) In dependence of the SZA (colors) and the
atmospheric state (clean (AOT of 0.14) - pale color; turbid (AOT of 0.3) - saturated
color). (b) In dependence of the MPD-derived melt pond fraction. Atmosphere and
surface parameters are summarized in Tables 2.2 and 3.6, respectively.

Differences between MPD-derived and SCIATRAN-simulated spectral albedo are
similar for the clean (AOT of 0.14) and turbid atmosphere (AOT of 0.3). Additionally,
they are independent of the wavelength (not shown). Only a strong SZA dependency
can be observed for ice surface types, with greater differences for larger SZAs.
Figure 5.14 presents the bias between the MPD-derived and SCIATRAN-simulated
spectral albedo at 𝜆 = 500 nm in dependence of the satellite instrument viewing
geometry. Results from the 160 simulated snow surface types (Tab. 3.6) averaged
over both atmospheres (clean and turbid) are shown in the upper panel. Analogous
results for 46 ice surface types (Tab. 3.6) are shown in the lower panel. The SZA is
𝜃0 = 55 ° (Fig. 5.14(a,c)) and 𝜃0 = 70 ° (Fig. 5.14(b,d)).
The smallest biases (< ±0.02) occur for snow layers at most viewing geometries.
Only at the backscattering region (𝜃r > 30 °, 𝜙r < 55 °), the SCIATRAN albedo is
stronger underestimated at SZA of 𝜃0 = 70 °. For ice layers, e. g., white ice and bare
ice, the bias depends stronger on the viewing geometry. The underestimation is
highest at backscattering angles at a relative azimuth angle of around 𝜙r = 0 ° and
decreases towards the forward-scattering peak at 𝜙r = 180 °. There, the albedo is
slightly overestimated at SZA of 𝜃0 = 55 ° (Fig. 5.14(c)).
It can be concluded from Figure 5.14 that the accuracy of the retrieval algorithm
is almost independent of the viewing geometry for VZAs smaller than 20 °. For larger
VZAs, such a dependence exists, which is stronger for viewing geometries close to the
principal plane than for the cross plane. Viewing geometries close to the principal
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Figure 5.14: Biases between MPD-derived and SCIATRAN-simulated black-sky
spectral albedo at 𝜆 = 500 nm depending on the satellite instrument viewing geometry.
Results are based on 160 snow surface types (a, b) or 46 ice surface types (c, d) of
Arctic sea ice and are averaged over a clean (AOT of 0.14) and turbid atmosphere
(AOT of 0.3). The SZA is 55 ° (a, c) and 70 ° (b, d). The black contour line indicates
differences of zero. Atmosphere and surface parameters are summarized in Tables 2.2
and 3.6, respectively.

plane should therefore be avoided, as such directions introduce additional errors in
the MPD-derived Arctic sea-ice surface albedo product. As MERIS is pointing to
nadir and its five cameras span a FOV of 68 ° (Sect. 2.1.5.3), the retrieved albedo
values from radiances detected by the two outer cameras have to be taken with
caution, especially for viewing geometries close to the principal plane. Currently, the
MPD algorithm is also applied to radiances measured by OLCI and MSI. The latter
features only a small FOV of 20.6 ° (Sect. 2.1.5.3) and the accuracy of its derived
albedo product is therefore independent of the viewing geometry. In contrast, OLCI
has a similar FOV to MERIS (FOV of 68.5 °), but it is tilted by 12.2 ° so that VZAs
of up to 46.5 ° are possible (Sect. 2.1.5.3). It is more likely that its derived albedo
values at the edge of the swath depend on the viewing geometry.
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5.7.3 Uncertainties of the MPD based on MERIS measurements
The MPD algorithm by Zege et al. (2015) is combined with the empirically derived
NTBC from Table 5.7 to retrieve more accurate broadband albedo values of Arctic
sea ice from MERIS observations compared to the procedure described in Istomina
et al. (2015b). There, the broadband albedo has been calculated by averaging the
spectral albedo values instead of weighting their individual contributions.
Analogous to Istomina et al. (2015b), the new MERIS broadband albedo data
product is validated with the measured broadband albedo during the aircraft campaign MELTEX (Impact of melt ponds on energy and momentum fluxes between
atmosphere and sea ice) performed by AWI over the southern Beaufort Sea between
May and June 2008. The goal of the campaign was to improve the quantitative
understanding of the impact of melt ponds on radiation, heat and momentum fluxes
over Arctic sea ice (Birnbaum et al., 2009).
To determine the broadband albedo, two Eppley Precision Spectral Pyranometers
were mounted on the aircraft Polar 5 in a fixed position measuring simultaneously
the hemispheric down- and upward radiation integrated over the waveband from
285 to 2800 nm. Analogous to the broadband measurements during ACLOUD, the
measurements of downward radiation at clear-sky conditions were corrected for
deviations from horizontal attitude based on the method given by Bannehr and
Schwiesow (1993).
On five days (26 May, 3, 4, 6, and 7 June 2008), the airborne broadband albedo
was measured under almost clear-sky conditions. Measurement times and SZAs
are given in Table 5.9. Maps of flight tracks are shown in Birnbaum et al. (2009).
The flight altitude was between 50 m and 400 m. On 6 June, the broadband albedo
was measured over landfast ice, on the other selected days the measurements were
performed over drifting ice with ice floes of different sizes.
Due to two warming events between 23 - 24 May and 1 - 7 June, the broadband
albedo was measured over sea ice at different melting stages: On 26 May and 3 June,
melt ponds at early stages were overflown, on 4 June the snow was either melted
away or was very wet and the number and size of melt ponds rose. On 6 and 7 June,
the observed sea ice was homogeneously covered by well-developed melt ponds.
The airborne measured broadband albedo is collocated with the MERIS broadband
albedo derived for each grid-cell from MERIS swath data at reduced resolution of
1.2 km. The MERIS overflight times which correspond to the airborne flights are
also given in Table 5.9. The time difference between the airborne and satellite
measurements stays below two hours except for 3 and 7 June with a maximum
difference of 3 and 4 hours, respectively.
For the collocation of airborne and MERIS broadband albedo, the orthodromic
distance between each MERIS grid-cell center and the location of a given airborne
measurement is calculated. Each airborne measurement is allocated to that satellite

5.7 Uncertainties in the MPD retrieval

131

Table 5.9: Times in UTC and SZAs of airborne measurements (Polar 5) and satellite
overflights (MERIS on ENVISAT) for selected days during the MELTEX campaign in
2008.
26 May 2008

3 June 2008

4 June 2008

6 June 2008

7 June 2008

Polar 5

20:45 - 21:48

17:00 - 19:46

19:14 - 23:24

19:01 - 21:55

17:08 - 20:17

MERIS

20:46

19:54

21:02

20:00

21:08

SZA [°]

48 − 49

50 − 60

47 − 51

49 − 51

49 − 60

grid-cell with the least orthodromic distance. Depending on orientation and location
of the flight track as well as MERIS grid-cell availability, up to 14 airborne broadband
albedo measurements are collocated to one MERIS-derived broadband albedo value.
The airborne broadband albedo values are averaged for each satellite grid-cell.
The scatterplots in Figure 5.15 show the correlation of the MERIS-derived and
collocated airborne broadband albedo for measurements over landfast ice (a) and
over drift ice (c), respectively. Collocated airborne and MERIS broadband albedo
values are used for validation only if more than five airborne broadband albedo
values are available for one MERIS grid-cell. Time differences between airborne and
MERIS measurements up to 1.5 h were allowed.
For the landfast ice case (Fig. 5.15(a)), MERIS broadband albedo is slightly
higher at low albedo values than the corresponding airborne broadband albedo (see
regression line with slope and intercept of 0.94 and 0.05, respectively). Thus, the
coefficient of determination is 𝑅2 = 0.87 and the RMSD is 0.04, which is in the
range of the required albedo accuracy of 0.02 − 0.05 (Sect. 1.1). For drift ice cases
(Fig. 5.15(c)), the respective overestimation is higher, but an underestimation occurs
at high albedo values (slope = 0.53, intercept = 0.25). The RMSD = 0.07 is nearly
twice as high and the coefficient of determination is lower (𝑅2 = 0.61).
The illustrated uncertainties are caused by the uncertainties in the NTBC (Tab. 5.8,
Fig. 5.12(a)) and MPD algorithm (Sect. 5.7.2), respectively, as well as by clouds in
the vicinity (Sects. 4.2 and 6.2.1). Further, they depend on the sea-ice concentration,
the sea-ice surface inhomogeneity, time differences between satellite overflight and
airborne measurements, and spatial resolution of the observation (Sect. 6.2). As
landfast ice is stationary, airborne measurements are not displaced relative to satellite
measurements during the time lag between both observations. Over drifting ice
floes at lower sea-ice concentrations, a higher sea-ice drift can be expected (free
drift conditions). Therefore, the sea-ice surface conditions observed by aircraft
and satellite can get more different (see the three outliers at low observed albedo
values in Figure 5.15(c)). The discrepancies between MERIS-derived and airborne
broadband albedo values are increased by their different spatial resolution which
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Figure 5.15: Scatterplot and histogram of airborne-measured and satellite-derived
broadband albedo on 6 June 2008 over landfast ice (no drift) (a, b) and on 26 May
and 3, 4, and 7 June 2008 over sea-ice floes (possible sea-ice drift contamination) (c,
d). The color of bullets defines the time difference between airborne measurement and
satellite overflight. The regression line and 1-to-1 line are shown in solid blue and
dotted black lines, respectively.

depends on observation heights and the instrument’s iFOV. As clearly seen in the
histogram in Figure 5.15(d) the coarser spatial resolution of MERIS observations
leads to a lower albedo variability relative to the respective airborne measurements.
Moreover, the bimodal albedo distribution shown in the latter is smeared out in the
respective satellite retrievals. For the landfast ice case, the surface conditions are
more homogeneous and thus the difference in spatial resolution has less influence
on the comparison (see Fig. 5.15(b)). Note that in Figure 5.15, a black-sky albedo
product (MERIS) is compared to a blue-sky albedo product (Polar 5). However, the
disparate albedo definitions do not contribute to the uncertainties found above, as
their difference is negligible at the prevailing SZAs of smaller than 60 ° (Tab. 5.9),
according to Table 4.2.
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In contrast, the validation of MERIS broadband albedo values derived by the
procedure described in Istomina et al. (2015b), i. e., the combination of the MPD
algorithm and the spectral averaging method, results in similar coefficients of determination of 𝑅2 = 0.88 for the landfast ice case and 𝑅2 = 0.61 for the drift ice
case. The RMSDs are 0.06 (landfast ice) and 0.09 (drift ice) and thus exceed the
values found above. It illustrates the better performance of the empirically developed
NTBC relative to the spectral averaging method applied in Istomina et al. (2015b).
This chapter has investigated the impact of instrument characteristics on the
surface albedo. The findings are summarized at the beginning of the next chapter
(Sect. 6.1).

CHAPTER 6
Overview of uncertainties in Arctic sea-ice surface albedo
observations and their impact on comparative albedo studies
Chapters 4 and 5 quantify the uncertainties in the observed Arctic sea-ice surface
albedo (i) resulting from the comparison of albedo products that are influenced
by a varying insolation (black sky, clear-sky, overcast sky) and (ii) resulting from
instrument characteristics and associated satellite retrieval algorithms. They are summarized in Section 6.1. All uncertainties have been analysed for homogeneous Arctic
sea-ice (snow, ice, and melt pond surface types), ignoring its surface inhomogeneity.
This assumption is justified in Arctic spring-time and autumn, especially when snow
covers the sea ice on a larger spatial scale. However, during the melt season, the
Arctic sea-ice surface is strongly heterogeneous, a mixture of bright snow and ice
surface types, as well as dark melt ponds, penetrated by leads, and open water. The
surface inhomogeneity will introduce further uncertainties in the observation and
comparison of the surface broadband albedo, which has not been dealt with so far.
They will be elaborated based on previously published literature in Section 6.2. The
impact of all investigated albedo uncertainties on the comparison of different albedo
products will be shown in Section 6.3.

6.1 Summary of albedo uncertainties and recommendations for
their constraints
The investigated uncertainties in the observed Arctic sea-ice surface broadband
albedo, resulting from the comparison of albedo products under different atmospheric
states (black-sky, blue-sky, overcast sky), instrument characteristics, and retrieval
processes are summarized in Table 6.1 for two representative SZAs. They have been
estimated in Chapters 4 and 5 based on 160 snow, 46 ice, and 32 melt pond surface
types simulated by the RT model SCIATRAN (Sect. 2.2, Tabs. 2.2, 2.3, and 3.6).
Basically, uncertainties increase with SZA so that validation and comparative studies
should preferably be performed at high sun elevations. Note that the tabulated
uncertainties for melt ponds have to be considered with care because the Fresnel
reflection could not be taken into account in the RT model SCIATRAN.
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Table 6.1: Uncertainties in the observed Arctic sea-ice surface broadband albedo of
snow, ice, and melt ponds, resulting from albedo comparisons of different insolations,
instrument characteristics, and retrieval processes. They are specified as RMSDs at
SZAs of 𝜃0 = 60 ° and 80 °. The uncertainties are based on SCIATRAN simulations,
unless otherwise noted.
𝜃0 = 60 °
Source

Snow

Ice

Pond

Snow

Ice

Pond

Black-sky vs. blue-sky

0.007

0.013

0.007

0.037

0.039

0.019

Blue-sky vs. optically thick cloud-covered sky

0.058

0.037

0.017

0.050

0.039

0.230

Blue-sky vs. optically thin cloud-covered sky

0.016

0.010

0.009

0.019

0.016

0.252

Cosine error (uncorrected)

0.065

0.037

0.015

0.146

0.090

0.028

Cosine error (corrected)

0.012

0.004

0.005

0.026

0.011

0.010

Opening angle (20 °)

0.001

0.002

0.001

0.010

0.011

0.001

Bandwidtha

0.013

0.011

0.010

0.013

0.011

0.010

Atmospheric correction𝑎

0.018

0.017

0.007

0.037

0.032

0.007

BRDF model:

(a) RTLS

0.008

0.017

0.005

0.146

0.129

0.003

(b) Average

0.046

0.095

0.008

0.226

0.245

0.005

NTBCb
√︁∑︀
RMSD2i (minimum)
√︁∑︀
RMSD2i (maximum)
MPD model and NTBCc

a
b
c
d

𝜃0 = 80 °

0.020 − 0.089
0.031

0.033

0.024

0.152

0.135

0.024

0.103

0.132

0.090

0.246

0.263

0.090

0.038 − 0.068

NaNd

Uncertainties in the narrowband albedo.
Uncertainties based on measurements, SZA ranges from 57.2 ° to 68.4 °.
Uncertainties based on measurements, SZA ranges from 47 ° to 60 °.
Not a number, as data are not available.

Atmospheric impact The discrepancies between black- and blue-sky broadband
albedo products of 0.01 (Sect. 4.1) can be neglected for SZAs below 60 °, as they are
smaller than the generally assumed measurement uncertainty of 0.02 (Sect. 2.1.5.4).
However, the larger the SZA, the higher are the discrepancies, increasing up to 0.04
at SZA of 𝜃0 = 80 °. Although the discrepancies remain in the range of accuracy
required for climate simulations (0.02 − 0.05, Sect. 1.1), they can be easily corrected
because they depend linearly on the inherent surface albedo for a constant AOT.
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Cloud impact Deviations between the blue-sky and overcast broadband albedo of
Arctic sea-ice surface types (Sect. 4.2) are also smaller than the generally assumed
measurement uncertainty of 0.02 (Sect. 2.1.5.4) in case of optically thin clouds, e. g.,
an ice cloud with an optical thickness of 0.6. Thus, the surface albedo influenced by
such clouds can be directly compared to blue-sky broadband albedo products. In
contrast, the Arctic sea-ice surface broadband albedo below optically thick clouds,
e. g., a liquid water cloud with an optical thickness of 5.5, deviates significantly from
the respective blue-sky albedo with RMSDs of up to 0.06 for snow and ice surface
types. It has to be initially corrected before it can be compared to albedo values
under clear-sky conditions.
Cosine error and opening angle The cosine error of irradiance measuring devices
has a significant influence on the measured albedo. As shown in Section 5.1, the
cosine error of the SMART albedometer, which is 23 % at maximum (Wendisch
et al., 2001), increases the broadband albedo of Arctic sea-ice surface types by an
RMSD of up to 0.07 (0.15) at SZA of 𝜃0 = 60 ° (80 °). A characterization of the
instrument’s cosine error and a subsequent correction of the measurements by the
resulting calibration factors minimize that influence to the order of the generally
assumed measurement uncertainty of 0.02 (Sect. 2.1.5.4). Thus, it is recommended
to apply such a cosine error correction also to measurements of other devices, such
as RAMSES ACC-2 (Nicolaus et al., 2010b), in order to improve the quality of
the measured albedo. In contrast, the opening angle of radiance measuring devices
influences only marginally the measurements even for ground-based and airborne
instruments with opening angles up to 25 ° (Sect. 5.2). However, this statement only
applies to homogeneous surface types. The impact of an opening angle on radiance
measurements over inhomogeneous surface types is discussed in Section 6.2.
Spectral bandwidth The impact of the spectral bandwidths of satellite instruments
(Sect. 5.3) on the observed albedo of Arctic sea ice is marginal, i. e., it is below the
generally assumed measurement uncertainty of 0.02 (Sect. 2.1.5.4).
Atmospheric correction Uncertainties in the Arctic sea-ice surface albedo resulting
from the atmospheric correction of the satellite measured TOA reflectance factors
(Sect. 5.4) have been estimated based on the common assumption of a Lambertian
surface. If the atmospheric state, e. g., the AOT, is exactly known, atmospheric
correction uncertainties are only relevant for large SZAs. The maximum RMSD is
0.04 at SZA of 𝜃0 = 80 °. The uncertainties depend on the viewing geometry and
the wavelength (Sect. 5.4) and will increase the less information content about the
atmosphere is available. The estimated uncertainties are mainly resulting from the
Lambertian surface assumption. Thus, it is advisable to use atmospheric correction
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methods based on, e. g., BRDF models (Hu et al., 1999; Köpke, 1989; Riihelä
et al., 2010; Stroeve et al., 1997; Vermote and Vermeulen, 1999), which diminish
substantially the uncertainties (Hu et al., 1999).
Anisotropic correction due to sparse angular sampling The accuracy of satellite-derived
albedo products is strongly controlled by the utilized BRDF model (Sect. 5.5) and
NTBC (see below). The RTLSR and the modified Walthall model (Lucht et al.,
2000) are the best BRDF models for the angular correction with RMSDs less than
0.15 although they have been originally developed for vegetated surface types. They
are the most robust and less susceptible to different sea-ice surface types, SZAs,
and sampling geometries. It is purely recommended to not use the Lambertian
and the averaging model due to their large uncertainties with RMSDs that can be
greater than 0.20. The effect of the averaging model will be shown in Section 6.3
by comparing different albedo products. Reflectance factors at viewing angles only
close to the principal or cross plane should be avoided as input in the BRDF models,
as those sampling geometries enhance the uncertainties of the angular models.
Narrow-to-broadband conversion due to sparse spectral sampling In addition to the
anisotropic correction, the type of NTBC also has a major influence on the accuracy
of the satellite-derived albedo products (Sect. 5.6). NTBCs based on measurements
are preferable to NTBCs based on simulations in satellite albedo algorithms because
the latter usually suffer from small simulation errors, which strongly impact the
quality of the NTBC. New, most accurate NTBCs for the satellite instruments
MODIS, AVHRR, MERIS, OLCI, and MSI have been developed based on Arctic
sea-ice albedo measurements which have an RMSD of 0.02. The training data set of
NTBCs does not have to be limited to Arctic sea-ice surface types. It can also contain
global land surface types without deterioration of the NTBC performance when the
NTBC is applied to albedo observations in the Arctic. Additionally, it is not required
to differentiate between black- and blue-sky albedo during the narrow-to-broadband
conversion, e. g., applying a NTBC based on blue-sky albedo measurements on blacksky albedo observations. An analogous mixture of overcast- and blue-sky albedo
should be handled with care though a successful application of a cloud-influenced
NTBC to blue-sky albedo data has been demonstrated in Section 5.6.2.
Total uncertainty of satellite albedo retrievals based on the BRDF approach The total
satellite albedo uncertainty is estimated from uncertainties of the individual retrieval
steps by Gaussian error propagation, assuming that they are independent of each
other. In the best case, it is smaller than 0.03 at SZA of 60 °, which is in the range
of the required albedo accuracy of 0.02 − 0.05 (Sect. 1.1), and might increase to 0.15
at SZA of 80 °.
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Total uncertainty of the Melt Pond Detector algorithm The MERIS broadband albedo
retrieved from the MPD algorithm combined with the new NTBC for MERIS
(Tab. 5.7) has an uncertainty between 0.04 and 0.07 for SZAs up to 60 °. It is slightly
larger than the total uncertainty of retrieval algorithms based on the BRDF approach
(see above). Through the new NTBC, the MERIS broadband albedo is now defined
in the waveband between 300 nm and 3000 nm making it comparable to other satellite
broadband albedo products (Tab. 1.1). Reflectance factors close to the principal
plane at VZAs larger than around 𝜃r = 30 ° should be avoided as input in the MPD
model because such viewing geometries might enlarge the uncertainty of the MPD
model (Sect. 5.7.2).

6.2 Uncertainties resulting from surface inhomogeneities
Spatial Arctic sea-ice surface heterogeneity generates a strong albedo variability
within the scale of one to a few thousand meters (Arntsen et al., 2015; Miao et al.,
2015; Perovich and Jones, 2014). Those heterogeneities will influence the albedo
observed by ground-based, airborne, and satellite instruments and have to be taken
into account in the validation of satellite albedo products (Riihelä et al., 2010).

6.2.1 Adjacency effect
Surface heterogeneity generates a so-called adjacency effect caused by a horizontal
photon transport from bright to dark surface types. It is generated by multiple
scattering between the surface and the atmosphere (Lyapustin and Kaufman, 2001;
Podgorny et al., 2018; Richter et al., 2006). Photons reflected from surface types
outside the instrument’s opening angle (iFOV) may be detected by the measurement
sensor. The adjacency effect depends on the atmospheric optical thickness and the
surface albedo contrast between observed and large-scale ambient surfaces. It is
also stronger for shorter wavelengths outside the absorption bands and for larger
SZAs because of stronger Rayleigh scattering and a longer atmospheric path length,
respectively, which increases the probability of atmospheric scattering (Dave, 1980;
Kreuter et al., 2014; Podgorny and Lubin, 1998; Richter et al., 2006). Present clouds
amplify the horizontal photon transport in dependence of their base altitude and
optical thickness (Podgorny and Lubin, 1998; Schäfer et al., 2015; Sun et al., 2021).
Ground-based observations Several studies (Kreuter et al., 2014; Kreuter et al., 2017;
Podgorny and Lubin, 1998; Podgorny et al., 2018; Ricchiazzi and Gautier, 1998;
Ricchiazzi et al., 2002) investigate the downward surface (ir)radiance at a coastal
line separating the dark open water from the bright land surface. Kreuter et al.
(2017) and Ricchiazzi et al. (2002) have measured and simulated VIS sky radiances
which are up to 50 − 100 % larger in inland viewing directions than in directions
towards the open water due to the higher land surface albedo. The enhancement
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is stronger pronounced at larger VZAs (Kreuter et al., 2017). The sky appears
darker towards the ocean (water sky) than towards the land (ice blink), even under
cloudless conditions (Lynch and Richtsmeier, 2020). The radiance in NIR is less
influenced by the adjacency effect, as the albedo contrast between ocean and land
is smaller (Ricchiazzi et al., 2002). Additionally, Kreuter et al. (2017) observed a
slightly increased incident radiance and irradiance over the land surface due to sun
glint of the adjacent water surface.
Consequentially, the downward surface irradiance decreases over the brighter
surface and increases over the darker ocean in the vicinity of the coastal line relative
to the irradiances over respective homogeneous surface types (Kreuter et al., 2014;
Podgorny and Lubin, 1998; Ricchiazzi and Gautier, 1998). As an example, Kreuter
et al. (2014) measured a reduction of 13 % in the downward surface irradiance at
𝜆 = 340 nm over snow covered land close to Ny Ålesund, Svalbard, by getting closer
to the open water. However, changes depend strongly on irradiation, environmental,
and meteorological conditions (e. g., Kreuter et al., 2014; Pirazzini, 2008). The
adjacency effect is strongest close to the coastal line and declines with distance.
The radiation field may be affected until distances greater than 7 km inland and
2 km offshore. Beyond that distances, it corresponds to that of a homogeneous
surface-atmosphere system (Podgorny and Lubin, 1998; Ricchiazzi and Gautier,
1998).
Richter et al. (2006) suppose a minor influence of the adjacency effect on the
reflected (upward) irradiance measured by ground-based instruments. As the measurement altitude is usually below 2 m, the air mass between surface and instrument
is not sufficient to generate an adjacency effect. Podgorny et al. (2018) investigate the
up- and downward irradiance and the albedo over a lead embedded in homogeneous
sea ice in dependence of the measurement altitude and came to the same conclusion.
However, it has been shown in Chapter 4 that a change in the incident radiance
distribution modifies the effective SZA, which entails a change in the reflectance
distribution, and, therefore, in the upward irradiance. This fact has been neglected
by Richter et al. (2006) and cannot be observed by Podgorny et al. (2018) due to
the selected small-scaled surface pattern arrangement (leads up to 1.6 km diameter
surrounded by homogeneous snow surfaces).
Thus, ground-based albedo measurements at a local point are affected by the
large-scale ambient surface albedo average due to the adjacency effect. It is supposed
that water skies reduce the effective SZA, which decreases the albedo of the bright
surface adjacent to a dark surface. In contrast, ice blinks increase the effective SZA,
which enhances the albedo of the dark surface adjacent to the bright surface. The
impact of the adjacency effect on the radiation field and surface albedo depends on
the spatial scale of the surface variability (Pirazzini, 2008, and references therein):
Uniform areas with several kilometers distance to sharp albedo contrasts (e. g., 100
times the cloud base altitude) can be considered as homogeneous surface types,
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i. e., without an adjacency effect. Small-scale surface variability of up to several
hectometers generates only a small adjacency effect (Podgorny et al., 2018; Schäfer
et al., 2015), which can be accounted for in simulations by a weighted average of
the surface albedo. The variability on the intermediate scale causes the strongest
adjacency effect on the radiation field and surface albedo. Its accurate estimation
can be obtained only by three-dimensional RT simulations (e. g., Iwabuchi, 2006),
which is beyond the scope of this work.
Satellite observations The satellite measured signal from a surface target consists
of three components: the atmospherically attenuated radiance reflected from the
surface, the radiance from atmospheric scattering without ground contact (both
considered in Section 5.4), and the reflected radiance from ambient surfaces outside
the iFOV attaining the satellite sensor via the adjacency effect. The latter blurs
sharp brightness contrasts, clearly seen along single ice floe edges (Schäfer et al.,
2015; Sun et al., 2021) or coastal lines (Ricchiazzi and Gautier, 1998) in satellite
imagery. It systematically increases the satellite measured TOA reflectance of the
dark surface type and decreases the reflectance of the adjacent bright surface type
(Lyapustin, 2001; Ricchiazzi and Gautier, 1998). The influence of the horizontal
distance from a coastal line is similar to that of ground-based measurements, i. e.,
more than 7 km inland and 2 km offshore (Ricchiazzi and Gautier, 1998).
Ignoring the adjacency effect in atmospheric correction schemes will introduce
large errors in the retrieved surface reflectance or albedo. Both will be systematically
overestimated for dark surface types and underestimated for adjacent bright surface
types (Lyapustin, 2001; Ricchiazzi and Gautier, 1998; Sun et al., 2021). Sun et
al. (2021) have calculated errors of around 0.2 in the retrieved surface reflectance
from high resolution (0.3 m) satellite imagery by neglecting the adjacency effect
in the atmospheric correction. Lyapustin (2001) has calculated the uncertainty
resulting from the ignored adjacency effect in the derived surface albedo from satellite
observations. He concludes that the uncertainty depends on the measurement
footprint size and the spatial scale of the surface variability. Observations with
footprints smaller than or similar to the surface features are strongly influenced by
the adjacency effect, while those with footprints larger than the features are only
marginally influenced. Thus, satellite instruments with a coarse spatial resolution
(≥ 2.5 km), e. g., AVHRR (see Tab. 1.1), detect radiances averaged over small and
medium-scale heterogeneities and the adjacency effect is negligible in the derived
surface albedo. At medium spatial resolution (1 km, e. g., MODIS, MERIS, OLCI),
the uncertainty in the albedo caused by the adjacency effect is between 0.005 and
0.02, which is in the order of the generally assumed measurement uncertainty of
0.02 (Sect. 2.1.5.4). Satellite instruments with a high spatial resolution (25 m, e. g.,
MSI, OLI, and TM/ETM+), offer albedo uncertainties of 0.01 − 0.04 in VIS and
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0.04 − 0.06 in NIR resulting from the adjacency effect. The uncertainties are lowest
at nadir observation and increase with the VZA (Lyapustin, 2001) because photons
from adjacent surfaces outside the iFOV can get easier into the entrance optics of
the measuring device. It should be noted that Lyapustin (2001) has calculated these
uncertainties for a randomly striped land surface with an albedo range of 0.02 − 0.22
in VIS and 0.02 − 0.42 in NIR, which allows three conclusions. Firstly, the latter
range is larger, which explains the higher uncertainties in NIR. Secondly, the albedo
variability in VIS of the Arctic sea ice can exceed the fourfold of the range given in
Lyapustin (2001), which will increase the specified uncertainties. They become larger
than those in the NIR region. And thirdly, a patchy instead of a striped surface
might enhance the adjacency effect and, therefore, the uncertainties in the derived
surface albedo (Lyapustin, 2001). An accurate estimation can be obtained only by
three-dimensional RT simulations (e. g., Iwabuchi, 2006).
It is advisable to compensate those uncertainties by additionally considering the
adjacency effect in atmospheric correction schemes (Lyapustin and Kaufman, 2001;
Lyapustin, 2001; Sun et al., 2021, and references therein). As an example, the
algorithm proposed by Sun et al. (2021) can reduce the uncertainties in the retrieved
surface reflectance resulting from the adjacency effect by 80 % from around 0.20 to
0.04.
Airborne and uncrewed aerial vehicle observations The impact of the adjacency effect
on airborne measurements depends on the flight altitude. At low altitudes (∼ 10 m),
a similar impact to that on ground-based measurements can be expected (Podgorny
et al., 2018). By increasing the flight altitude, the airmass between the surface point
and measuring device increases, which strengthens the atmospheric influence and,
therefore, the adjacency effect on the signal measured by the downward-looking
sensor aboard the aircraft. Note that for a fixed opening angle of the instrument,
the footprint size increases with higher measurement altitudes. This fact has been
disregarded here, but the impact of footprint sizes will be treated in Section 6.2.2.
Due to the horizontal photon transport, the measurable upward irradiance from small
leads and melt ponds becomes indistinguishable from that of the ambient sea-ice
surface at 20 m altitude. Small-scale (< 200 m) horizontal variability in the upward
irradiance is smoothed out in more than 500 m altitude. The upward irradiance
from features of 1 − 2 km diameter is smoothed out in 3 − 4.5 km altitude (Jäkel
et al., 2013; Podgorny et al., 2018). As the horizontal variability in the upward
irradiance diminishes with higher altitudes, the adjacency effect on the airborne
measured downward irradiance and albedo also decreases (Podgorny et al., 2018).
Schäfer et al. (2015) have simulated the adjacency effect of sea-ice floes on the
airborne measurable radiance in 3000 m altitude. They conclude that the effect is
similar to that described above for satellite observations in case of a single ice floe
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with a radius larger than 6 km in oceanic water. However, the nadir radiance is
marginally influenced by the adjacency effect at clear skies. For a smaller ice floe
size, the affected horizontal distance measured from the ice edge decreases. The ice
floe becomes too small to reach the radiation distribution of a homogeneous surface.
Thus, the ice albedo of the whole ice floe is depressed, which in turn diminishes
the adjacency effect. The effect over open water depends stronger on the ice floe
shape than on its size. From decreasing local convexity to increasing concavity of
the ice floe shape around the point of interest, the latter is surrounded by a larger
ice surface area at a certain distance, which enhances the adjacency effect at the
local point. Consequentially, the radiation field over the leads experiences a stronger
adjacency effect the narrower they are (Podgorny et al., 2018).
Note that the adjacency effect affects the comparison of the black-, blue-, and
overcast albedo (Ch. 4). An increased albedo of a dark surface due to a bright
surrounding area will reduce the discrepancy between the blue- and black-sky albedo
(see Fig. 4.4) as well as between the clear-sky and overcast-sky albedo (see Fig. 4.8),
respectively. A decreased albedo of a bright surface due to a dark surrounding area will
enhance the discrepancy between the blue- and black sky albedo (see Fig. 4.4) but will
reduce the difference between the clear- and overcast-sky albedo (see Fig. 4.8). Again,
an accurate estimation can be obtained only by three-dimensional RT simulations
(e. g., Iwabuchi, 2006), which is beyond the scope of this work.

6.2.2 Spatial representativeness
The spatial resolution of ground-based, airborne, and satellite measurements ranges
from several centimeters (e. g., FIGIFIGO, Sect. 2.1.5.1) to several kilometers (e. g.,
AVHRR, Tab. 1.1). Thus, the albedo products from such instruments are only
directly comparable for homogeneous Arctic sea-ice surface types. With increasing
surface inhomogeneity, the satellite measurement footprint might contain more than
one kind of surface type. Then, the derived satellite surface albedo is less represented
by ground-based or airborne albedo measurements from one or a few locations. The
resulting errors have been estimated by Ryan et al. (2017) for the ablation zone
of the Greenland ice sheet. The RMSD in the albedo resulting from errors in the
spatial representativeness is 0.02 in the annual mean but with larger uncertainties in
individual cases depending on the surface inhomogeneity (Wang et al., 2018b).
The spatial representativeness of local point and satellite-pixel-averaged albedo
observations are achievable by either (i) averaging numerous local observations which
cover the sea-ice surface inhomogeneity of the satellite surface pixel or (ii) classifying
the surface types in the satellite surface pixel (e. g., sea ice and open water) and
weighting the albedo values of each surface class according to their area fraction
(e. g., sea-ice concentration). The albedo values of each surface class are based on
individual observations and literature values (Zhou and Li, 2003). The resulting
discrepancy of the satellite and the up-scaled local surface albedo is between 5 %
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and 13 % on average, depending on the surface inhomogeneity and on the surface
fraction for which the albedo has been observed (Zhou and Li, 2003). Additionally,
an accurate sea-ice concentration is essential for the up-scaling method because
it is strongly correlated with the surface albedo (Podgorny et al., 2018; Qu et al.,
2016; Zhou and Li, 2003). The uncertainty in the sea-ice concentration is lower than
10 % (Liu et al., 2016; Ludwig et al., 2020). It results in an area-averaged albedo
uncertainty of up to 0.07 by assuming a two component surface system composed
of a snow surface and open water with broadband albedo values of 0.8 and 0.06,
respectively (see Fig. 2.5).

6.2.3 Surface roughness
Another decisive factor determining the comparability of surface albedo from groundbased and satellite observations is the snow and sea-ice surface roughness, e. g.,
sastrugi or ridges. They change the local surface albedo by altering the incidence
angle of radiation and, in case of sastrugi, trapping photons in the concavities. The
effects depend on the wavelength, the sun position, and the roughness features,
i. e., the height-to-width ratio, arrangement, and frequency (Sect. 2.1.4). The
coherent surface roughness structures can be detected in ground-based, airborne,
and even in satellite measurements. Kuchiki et al. (2011) report a semi-diurnal cycle
with amplitude of more than 0.2 (0.05) in the MODIS-derived TOA narrowband
reflectances (MOD02SSH) at center wavelength of 𝜆 = 860 nm (𝜆 = 1640 nm) from a
surface area of 15 x 15 km2 close to the pole on the Antarctic ice sheet. During the
observations, the SZA, VZA, and the relative azimuth angle were almost constant
at 𝜃0 = 68 °, 𝜃r = 57 °, and 𝜙r = 70 °, respectively. The reflectance cycle is caused
by sastrugi irradiated from different solar azimuth angles. From that, Kuchiki et al.
(2011) have estimated that the surface albedo of the investigated rough area is up to
0.010 (0.047) lower at 𝜆 = 860 nm (𝜆 = 1640 nm) relative to a respective flat surface.
Larue et al. (2020) have detected larger discrepancies of 0.03 − 0.04 (0.06 − 0.10)
in ground-based spectral albedo measurements at slightly different wavelengths of
𝜆 = 700 nm (1000 nm) for an artificially created rough snow surface. They have
estimated a broadband albedo decrease of 0.05 resulting from the surface roughness.
Note that both studies investigate systematically oriented sastrugi.
The mentioned discrepancies will occur as errors in the comparison of satellitederived and ground-based-measured albedo values if the surface roughness within
the small footprint size of the ground-based instrument does not represent the
roughness inside the satellite measurement footprint (see, e. g., Pirazzini, 2004).
Also these errors have to be taken into account when the albedo is derived from a
single satellite reflectance measurement over rough terrain by simultaneous retrieval
methods like the MPD algorithm (Sect. 5.7.1) or by direct estimation algorithms (see
Tab. 1.1). They often neglect the actual surface roughness because such information
is not available (Larue et al., 2020). The resulting errors strongly depend on the
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sun position and roughness features. The influence of randomly oriented surface
structures can be minimized by enlarging the footprint size of the ground-based
measurement by increasing the measurement altitude (e. g., tower measurements,
Warren et al. (1998)) or, in case of radiance measurements, using optics with a larger
opening angle (Richter et al., 2006). However, enlarging the footprint size does
not help to reduce the influence of systematically oriented structures, e. g., sastrugi.
Generally, it is recommended to use satellite measured radiances close to nadir for
the albedo retrieval, as those are less affected by the surface roughness (Warren et al.,
1998).

6.2.4 Spatiotemporal mismatch and long response times
Sea-ice motion and deformation entail a spatial mismatch between in-situ (groundbased or airborne) and satellite measurements when the observations are taken
at different times. This results in a discrepancy in their albedo products. As an
example, it has been shown in Section 5.7.3 that the RMSD between instantaneous
MERIS and airborne albedo observations increases from 0.04 over landfast ice to
0.07 over sea-ice floes, which is mainly caused by the sea-ice drift. Satellite albedo
products derived from multi-overflight observations within a certain time frame (e. g.,
MODIS, Tab. 1.1) may offer even stronger spatiotemporal mismatches to in-situ
measurements. The albedo error resulting from spatial mismatches depends on the
drift velocity and the time offset of the measurements. It can only be minimized in
validation studies by keeping the time offset between ground-based, airborne, and
satellite measurements as small as possible or by avoiding observation areas with
high sea-ice drift velocities. Alternatively, direct matching algorithms (e. g., Patt
and Woodward, 1997) can be applied to find spatially congruent observations from
satellites and ground-based or airborne instruments (Zhou and Li, 2003).
Another source of albedo uncertainties are the response times of the instruments,
which may smear the surface albedo variability (Podgorny et al., 2018). For example,
pyranometers used for ground-based and airborne albedo measurements (Sects. 2.1.5.1
and 2.1.5.2) have a typical response time between 2 s and 15 s depending on the
individual instrument (Ehrlich and Wendisch, 2015). Such long response times are
critical for airborne albedo measurements in an inhomogeneous terrain because the
instruments experience rapid changes in the radiation field resulting from flight
velocities of typically more than 50 m/s. Even with the shortest response time of
2 s, the albedo measurements of small-scale surface structures like leads with typical
diameters of less than 100 m are averaged with the albedo of the ambient surface
type. The temporal resolution of slow response measurements can be increased by
a method based on the deconvolution theorem of Fourier transform (Ehrlich and
Wendisch, 2015). Ground-based albedo measurements and satellite albedo retrievals
are marginally affected by their instrument response times. The former are taken at a
local position and in most cases the insolation does not change within those response
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times. Satellites carry spectrometers (Sect. 2.1.5.3) which offer short sampling times
of several microseconds (e. g., Nishihama et al., 1997).

6.3 Comparison of broadband albedo from satellite and
atmospheric reanalysis data
Parts of this section were published in Pohl et al. (2020a). Climate studies and
simulations require an accurate knowledge of the Arctic sea-ice surface albedo derived
from satellite observations or calculated by climate models. However, it is challenging
to achieve the demanded absolute accuracy of 0.02 − 0.05 (Henderson-Sellers and
Wilson, 1983; Jacob and Olioso, 2005; Sellers et al., 1995). The observed surface
albedo is influenced by varying insolation, instrument characteristics, and associated
satellite retrieval algorithms or too simplistic parameterizations, which lead to
disagreements between different albedo products. It will be exemplified by the
comparison of three broadband albedo products: the albedo derived from MERIS
observations by the MPD algorithm (Zege et al., 2015), the surface albedo (SAL)
from the second edition of the CLoud, Albedo, and surface RAdiation (CLARA-A2)
data set derived from AVHRR observations (Karlsson et al., 2017b), and the albedo
of ERA5, which is the fifth generation of climate reanalysis data sets produced by
the European Centre for Medium-Range Weather Forecast (ECMWF) (Hersbach
et al., 2018).
In Section 5.7.1, the daily averaged, black-sky albedo of Arctic sea ice at wavelengths 400, 500, 600, 700, 800, and 900 nm has been derived from MERIS data
(Sect. 2.1.5.3) by the MPD algorithm. The spectral albedo is converted to broadband
albedo (300 − 3000 nm) by the empirically developed NTBC for MERIS (Tab. 5.7).
Since the NTBC is linear, the broadband albedo can be expressed analogously to
Equation (5.33) as:
𝛼MERIS = (1 − 𝑞) · 𝛼ice + 𝑞 · 𝛼pond ,
(6.1)
with 𝛼ice and 𝛼pond as the broadband albedo of ice and melt pond, respectively, and
𝑞 as the melt pond fraction. The dependencies of each parameter are omitted for
clarity. The data are projected into the 12.5 km NSIDC (National Snow and Ice
Data Center) Sea Ice Polar Stereographic grid.
The CLARA-A2 SAL provides the Arctic sea-ice black-sky albedo in the waveband
of 250 − 2500 nm as a five-day mean in the time period between 1982 and 2015 and
a spatial resolution of 25 km (Karlsson et al., 2017b). CLARA-A2 SAL is derived
from AVHRR observations (Sect. 2.1.5.3), which have a spatial resolution of 1.1 km
at nadir (Riihelä et al., 2010). After cloud masking, measured narrowband radiances
from AVHRR were atmospherically corrected by the algorithm described in Rahman
and Dedieu (1994). The radiances at SZA smaller than 70 ° are temporally averaged
over five days to obtain the narrowband surface albedo. It is subsequently converted
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into the broadband albedo by the NTBC provided by Xiong et al. (2002). A more
detailed description of the algorithm can be found in Karlsson et al. (2017a) and
Riihelä et al. (2010).
ERA5 provides hourly values of atmospheric and land variables from 1950 onwards
with a spatial resolution of 31 km, obtained by an ensemble 4D-Var data assimilation
system (Hersbach et al., 2018). The sea-ice albedo is simply prescribed as constants
following the albedo values given in Ebert and Curry (1993) and considers the
spectral variation. It is representative for dry snow during the months September to
May, representative for melting snow in June, and representative for bare sea ice in
July and August. Melt ponds are not represented at any time. The Ebert and Curry
(1993) values are taken to be valid at each 15th day of a month, and the values for
all other days are obtained by linear interpolation. The grid-cell albedo for ERA5
is internally calculated as the linear combination between the sea-ice and the open
water albedo:
𝛼ERA5 = 𝑐 · 𝛼seaice + (1 − 𝑐) · 𝛼water ,
(6.2)
with 𝑐 as the sea-ice concentration from ERA5 generated by Copernicus Climate
Change Service (2017). It has been developed at the Ocean and Sea Ice Satellite
Application Facility (OSI-SAF) using passive microwave satellite data from SSMIS
(Special Sensor Microwave Imager Sounder) at 10 km resolution (Tonboe et al., 2017).
The open water albedo 𝛼water is calculated in dependence of the solar zenith angle
according to Taylor et al. (1996) for the clear-sky case and is equal to 𝛼water = 0.06
for diffuse irradiation (ECMWF, 2016).
The daily averaged grid-cell broadband albedo is not directly available in ERA5
but can be derived from hourly averaged ERA5 net and downward irradiances 𝐸net (ℎ)
and 𝐸dn (ℎ) at surface in the waveband 200 − 4000 nm:
𝛼ERA5 = 1 −

𝐸net (ℎ)
𝐸dn (ℎ)

.

(6.3)

The bars illustrate the averaging of the hourly (ℎ) irradiances per day at which the
sun is above the horizon. The irradiances 𝐸net and 𝐸dn were generated by using
Copernicus Climate Change Service (2017).
For comparison, the albedo values from ERA5 and CLARA-A2 are regridded
to the projection of MERIS data. The MERIS broadband albedo will be used as
a reference. Although the three broadband albedo products are defined in three
different wavebands, this fact will not be considered since this influence is rather small,
i. e., below 0.02 (Bourgeois et al., 2006). Note that the structure of Equations (6.1)
and (6.2) are identical, but their single variables cannot be compared directly.
According to the MPD algorithm, the MERIS-derived albedo 𝛼MERIS is only available
at 100 % sea-ice concentration (Sect. 5.7.1) and is simultaneously derived by the
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melt pond fraction 𝑞 and albedo portions 𝛼ice and 𝛼pond . Consequently, all three
components are influenced by the reflection properties of undetected small cracks and
leads (oceanic water). In contrast, the ERA5 albedo 𝛼ERA5 does not consider melt
ponds and the components of 𝛼ERA5 , namely 𝑐, 𝛼seaice , and 𝛼water (Eq. (6.2)), are
determined independently of each other. Unconsidered melt ponds only influence the
sea-ice concentration 𝑐 and in a non-linear relationship. In comparison, CLARA-A2
SAL does not depend on a-priori assumptions of the surface type. However, its
accuracy is strongly determined by the employed retrieval algorithm as will be shown
below.

6.3.1 Temporal differences over pure sea ice
Figure 6.1 illustrates the seasonal variability of the broadband albedo products from
ERA5, CLARA-A2, and MERIS, as well as the melt pond fraction derived by the
MPD and the 2 m air temperature from ERA5, respectively. Only data at ERA5
sea-ice concentration of 𝑐 = 1 with a minimum distance of 50 km from coastlines
are taken into account and have been averaged spatially and yearly over the years
2003 to 2011. The averaged CLARA-A2 data after the 4 August have been excluded
because of the lack of CLARA-A2 SAL at highest Arctic latitudes originating from
the SZA limitation. It makes the averaged CLARA-A2 SAL incomparable to both
other albedo products.
The three broadband albedo products (ERA5, CLARA-A2, MERIS) exhibit a
similar and typical seasonal evolution with highest values before melt onset (May) and
after refreezing (September) and lowest values at the end of the melting period in (July
and August, Fig. 6.1(a)). The MERIS broadband albedo offers a larger variability
than that of ERA5 and CLARA-A2, indicated by a larger standard deviation and
stronger day-to-day variations. It is highest in July and August when the Arctic
sea-ice surface exhibits the highest heterogeneity due to melting processes. Despite of
a similar seasonal development, differences between the averaged broadband albedo
products occur, which strongly exceed the required absolute accuracy of 0.02 − 0.05 in
climate models and which can be explained by the different albedo parameterizations
and calculations.
As the ERA5 sea-ice concentration is equal to 𝑐 = 1, the ERA5 broadband albedo
is only determined by the sea-ice albedo 𝛼seaice , according to Equation (6.2). The
literature-based values for dry snow on 15 May and 15 September (0.84 − 0.85), for
melting snow on 15 June (0.7), and for bare sea ice between 15 July and 15 August
(0.55 − 0.57) can be clearly identified in Figure 6.1(a). Intermediate values are
linearly interpolated. Small fluctuations of the ERA5 albedo of up to 0.05 around the
prescribed constant values are most likely a consequence of diagnosing the broadband
albedo from net and downward irradiances at the sea-ice surface (Eq. (6.3)): varying
amounts of water vapour above the ice cause variations in the spectral composition
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Figure 6.1: (a): Seasonal evolution of the Arctic sea-ice surface broadband albedo
from ERA5 (red), CLARA-A2 (yellow), and MERIS (blue), as well as the MERIS melt
pond fraction (grey) at grid-cells of 100 % sea-ice concentration according to ERA5
and at distances more than 50 km from coastlines. (b) Respective 2 m temperature
from ERA5. Bullets and the black line show the values between 2003 and 2011, which
are averaged spatially and yearly. Error bars represent their standard deviations.

of the downward irradiance 𝐸dn , and the spectral dependence of the ERA5 albedo
values then leads to an apparently varying broadband albedo.
In May, the MERIS albedo is by up to 0.06 lower than that of ERA5 (Fig. 6.1(a)).
It can be attributed to the melt pond fraction, which is overestimated by MPD since
the temperatures are below the melting point (Fig. 6.1(b)). Unscreened clouds which
are darker than the sea-ice surface are erroneously treated as melt ponds by the
MPD algorithm (Sect. 5.7.1) leading to melt pond fractions between 0.02 and 0.15
and the reduced MERIS broadband albedo 𝛼MERIS .
Between 10 June and 22 August, the MERIS albedo is up to 0.11 higher than
that of the ERA5 albedo despite of averaged melt pond fractions of up to 0.21
(Fig. 6.1(a)). After melt onset in June, the Arctic sea-ice surface is darker than
clouds and, therefore, distinguishable from those. Thus, the derived melt pond
fractions in July and August are reliable. The ERA5 broadband albedo is slightly
low-biased for sea-ice surface types consisting of a mixture of melt ponds, wet snow,
and bare ice. However, the ERA5 broadband albedo remains within the standard
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deviation of 𝛼MERIS , implying that the literature-based albedo value of bare ice 𝛼seaice
is still reasonable.
End of August to September, the MERIS albedo is by up to 0.11 lower than that
of ERA5 (Fig. 6.1(a)). According to the temperature (Fig. 6.1(b)), MERIS identifies
optically darker frozen melt ponds (𝑞 ≈ 0.06) which reduce the surface broadband
albedo. Thus, the ERA5 broadband albedo, only determined by the dry snow albedo,
can be considered as overestimated from mid-September. Due to the temporal linear
interpolation, the ERA5 broadband albedo 𝛼ERA5 overestimation already starts from
end of August.
According to Figure 6.1(a), the CLARA-A2 SAL is always smaller than the ERA5
and MERIS albedo. Discrepancies are strongest in May (0.15 / 0.10 lower than
ERA5 / MERIS) and smallest in summer (0.02 − 0.06 / 0.05 − 0.10). The consistently
lower CLARA-A2 SAL values originate from the applied averaging model and NTBC,
which are both negative-biased. According to Section 5.5.2 and Figure 5.10(b), the
averaging model reveals biases between −0.05 (𝜃0 = 55 °) and −0.13 (𝜃0 = 70 °). The
NTBC by Xiong et al. (2002) supports this systematic underestimation, especially
for high albedo values (bias = −0.01, see Tab. 5.8). Those uncertainties correspond
approximately to the deviations between the CLARA-A2 and the MERIS broadband
albedo shown in Figure 6.1(a). Differences are smaller in July than in May for two
reasons. Firstly, the SZA in July is generally smaller, which implies a lower bias
resulting from the averaging model (Sect. 5.5.2). Secondly, the Arctic sea-ice surface
becomes more variable after the melt onset, which reduces the BRF anisotropy in
the grid-cell observed by AVHRR. That diminishes the uncertainty of the averaging
model (Rösel, 2013) and, therefore, the underestimation of the CLARA-A2 SAL.
In summary, the ERA5, CLARA-A2, and MERIS broadband albedo from areas
with an ERA5 sea-ice concentration of 𝑐 = 1 exhibit a similar and typical seasonal
evolution. The ERA5 sea-ice broadband albedo is slightly too low in summer and
increases too fast after refreezing onset leading to deviations of up to 0.11 from the
MERIS broadband albedo. The MERIS broadband albedo is underestimated in
May due to unscreened clouds leading to deviations of up to 0.06 from the ERA5
broadband albedo. The CLARA-A2 broadband albedo is generally underestimated
due to the angular correction as part of its retrieval algorithm leading to deviations
of up to 0.15 from MERIS and ERA5 broadband albedo, respectively.

6.3.2 Temporal differences over first-year and multiyear ice
Figure 6.2(a) and (b) shows the temporal evolution of the MERIS, ERA5, and
CLARA-A2 broadband albedo for a first-year ice area in the Beaufort Sea close to
Utqiaġvik, AK, USA (75 ° N, 155 ° W) and for a multiyear ice area north of Greenland
(84.5 ° N, 35 ° W) in summer 2007, respectively. Each area is composed of five gridcells. The melt pond fraction, the complement of the ERA5 sea-ice concentration,
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Figure 6.2: Grid-cell broadband albedo from ERA5 (red), CLARA-A2 (yellow), and
MERIS (blue), the ERA5 open water fraction (green), and the MERIS melt pond
fraction (grey), as well as the ERA5 2 m temperature over a first-year ice area in the
Beaufort Sea near Utqiaġvik (75 ° N, 155 ° W) (a, c) and a multiyear ice area north
of Greenland (84.5 ° N, 35 ° W) (b, d). Panels (a) and (b) show the values for 2007.
Panels (c) and (d) show the values averaged over the years 2003 to 2011 (bullets, line)
and their standard deviations (error bars).
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further denoted as open water fraction, and the ERA5 2 m temperature is additionally
illustrated. The seasonal variability of the six products in both areas averaged over
the years 2003 to 2011 is shown in Figure 6.2(c) and (d). Missing data in August and
September are caused by SZA limitations (CLARA-A2, MERIS), clouds (MERIS),
and too large open water fractions (ERA5, CLARA-A2, MERIS).
The three broadband albedo products agree in seasonal pattern. The albedo
decreases with increasing melt pond fraction and open water fraction and vice versa.
Worth noting is the similar dip of all three albedo products in the first half of June
2007 (Fig. 6.2(a)) originating from a short-term melt and refreeze event despite of
the different albedo parameterizations. However, time dependent differences between
the broadband albedo products occur, which are highest in May and over first-year
ice starting from mid-August with values up to 0.2. They will be discussed below.
Over first-year ice before melt onset in May 2007, the broadband albedo is constant
in time (Fig. 6.2(a)) relative to the later season. Minor fluctuations most likely result
from snow aggregation and metamorphism as well as cloud contamination. Analogous
to Figure 6.1, the MERIS and the CLARA-A2 broadband albedo is around 0.04 and
0.10 lower than ERA5, respectively. As discussed in Section 6.3.1, the differences can
be attributed to the overestimated melt pond fraction caused by cloud contamination
(MERIS) and to the averaging model as part of the retrieval algorithm (CLARA-A2).
The differences also persist in the nine year average (Fig. 6.2(c)).
After melt onset at the beginning of June, the albedo, the melt pond fraction, and
the open water fraction change quickly with time (Fig. 6.2(a)) resulting in a larger
standard deviation (Fig. 6.2(c)). The MERIS and the ERA5 broadband albedo
almost coincide until mid-July except for June in the nine year average. Here, the
averaged broadband albedo from MERIS is up to 0.1 smaller than that of ERA5
caused by the increasing melt pond fraction (Fig. 6.2(c)). Due to the averaging
model, CLARA-A2 carries on exhibiting mostly the lowest albedo values between
June and mid-July 2007 and in the nine year average with largest differences of
0.11 in the second half of June 2007 (Fig. 6.2(a)). Starting from mid-July, MERIS
broadband albedo is lower than ERA5 broadband albedo despite of low melt pond
fractions, as melting sea ice can be very dark (𝛼bb < 0.2; Perovich, 2017). The ERA5
broadband albedo does not decrease that much resulting from the literature-based
ERA5 bare ice albedo 𝛼seaice and the ERA5 sea-ice concentration 𝑐 (Eq. (6.2)). The
CLARA-A2 broadband albedo exceeds the MERIS broadband albedo starting from
mid-July 2007 (Fig. 6.2(a)). It cannot be explained by systematic uncertainties from
the CLARA-A2 retrieval algorithm because in the nine year average, the CLARA-A2
broadband albedo coincides with the MERIS broadband albedo until begin of August
(Fig. 6.2(c)). This effect is rather related to the coarse time resolution of CLARA-A2
(five days), which cannot reproduce the day-to-day albedo variations of MERIS
on, e. g., 23 July and 8 August 2007 (Fig. 6.2(a)). Later in August, the MERIS
broadband albedo values close to zero are physically unrealistic, which might be
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caused by open water (see large open water fraction of ERA5) affecting the MPD
retrieval algorithm.
In the freezing period, i. e., in September, the nine year averaged ERA5 broadband
albedo increases weaker than the MERIS broadband albedo (Fig. 6.2(c)), as the
former is only tuned by the ERA5 sea-ice concentration (Eq. (6.2), Fig. 6.1(a)), while
the latter is tuned by the ice and melt pond albedo as well as the melt pond fraction
(Eq. (6.1)).
In comparison to the first-year ice location, the MERIS and ERA5 broadband
albedo coincide over multiyear ice until end of May (Fig. 6.2(b) and (d)), as the melt
pond fraction is rather low. Again, small fluctuations correlating with the MERISderived melt pond fraction can be attributed to cloud contamination (Sect. 6.3.1), as
the temperature is still below the freezing point. While the MERIS albedo remains
relatively constant until mid-June, the ERA5 broadband albedo already starts to drop
down at the end of May due to the ERA5 sea-ice albedo 𝛼seaice reduction (Fig. 6.1(a))
resulting in up to 0.1 smaller albedo values at mid-June. Similar to the first-year
ice case in May, the CLARA-A2 broadband albedo is lower by 0.11 on average than
the MERIS and ERA5 broadband albedo. Note that the CLARA-A2 albedo nine
year average slightly increases in time until begin of June (Fig. 6.2(d)) generated
by the decreasing bias of the averaging model with smaller SZA (Sect. 5.5.2). (The
maximum SZA changes from 𝜃0 = 69.4 ° at 1 May to 𝜃0 = 61.5 ° at 10 June.)
The seasonal albedo evolution over multiyear ice during summer (Fig. 6.2(b,d))
is similar to that over 100 % sea-ice concentration (Fig. 6.1). Thus, explanations
from Section 6.3.1 can be applied. Note that up to 0.1 lower ERA5 broadband
albedo values relative to those of MERIS are not only caused by a too small ERA5
sea-ice albedo 𝛼seaice (Fig. 6.1(a)) but also by a low ERA5 open water albedo
𝛼water (Eq. (6.2)) relative to the melt pond albedo 𝛼pond (Eq. (6.1)). In contrast
to Figure 6.1(a), the ERA5 and MERIS broadband albedo are similar beginning
from mid-August 2007 (Fig. 6.2(b)) because the MERIS broadband albedo over
the multiyear ice is larger than in Figure 6.1(a) most likely due to the absence of
dark surfaces, e. g., frozen melt ponds. Another contrast is the similar albedo from
ERA5 and CLARA-A2 starting from June (Fig. 6.2(b,d)) mainly resulting from
ERA5 albedo values smaller than those in Figure 6.1(a) caused by the open water
fraction 1 − 𝑐 in Equation (6.2). Noteworthy are the similar, small, and abrupt albedo
changes resulting from temperature fluctuations starting on 1 July and 7 August
2007 (Fig. 6.2(b), which occur in all three albedo products despite of their different
parameterizations and despite of the coarse time resolution of the CLARA-A2 albedo
product.
In summary, the ERA5, CLARA-A2, and MERIS broadband albedo from two
test sites, one on first-year ice, the other on multiyear ice, exhibit a similar seasonal
evolution, despite open water (melt pond) fractions larger than zero, which are not
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considered in the MERIS (ERA5) albedo product. Short-term melt and refreeze
events are detected consistently by all three albedo products. The congruent evolution
of the open-water and melt pond fraction indicates their mutual influence. At both
locations, the seasonal deviation between the three broadband albedo products
remains similar to those in Section 6.3.1 for low open water fractions. The MERIS
albedo can be up to 0.04 lower than ERA5 in May due to unscreened clouds, the ERA5
albedo can be up to 0.1 lower than MERIS in summer due to its parameterization,
and the CLARA-A2 albedo is systematically underestimated with deviations up to
0.11 before July. An additional negative bias of up to 0.1 between the ERA5 and
MERIS broadband albedo occurs over the multiyear ice location in June because
ERA5 does not consider the prevailing air temperature in its broadband albedo
parameterization. With increasing open water and melt pond fractions, i. e., with
increasing surface variability, the three albedo products are getting closer. Only for
ERA5 open water fractions larger than around 0.7, the large influence of open water
affects the MPD algorithm, which retrieves MERIS albedo values and melt pond
fractions that are too low.

6.3.3 Spatial differences during melt onset
Figure 6.3 compares the ERA5, CLARA-A2, and MERIS grid-cell broadband albedo
of Arctic sea ice on three days in June 2007 during melt onset. The five-day averaged
CLARA-A2 grid-cell broadband albedo is linearly interpolated in time to obtain its
data at intermediate days. Cloud-contaminated grid cells in MERIS data are flagged
by the MPD algorithm and are removed.
On 2 June 2007 (Fig. 6.3, left column), just a few days before melt onset, the
ERA5 broadband albedo in higher latitudes and the CLARA-A2 broadband albedo
throughout the Arctic sea ice are around 0.11 lower on average than that of MERIS.
As discussed in Sections 6.3.1 and 6.3.2, the difference is caused by the ERA5 albedo
parameterization with too low sea-ice albedo values 𝛼seaice and by the averaging model
as part of the CLARA-A2 retrieval algorithm (Sect. 5.5.2), respectively (compare
with Figure 6.2(b)). In contrast, the ERA5 broadband albedo is by up to 0.27 larger
than respective MERIS albedo values in the Chukchi Sea, East Siberian Sea, and
southern Beaufort Sea. Here, the melt pond fraction is higher (0.2 ≤ 𝑞 ≤ 0.37) than
in other Arctic regions (𝑞 < 0.13, not shown), which decreases the MERIS albedo
relative to that of ERA5. Also the CLARA-A2 broadband albedo can exceed the
MERIS albedo in small areas close to the ice edge. However, it is more related to
the combination of the averaging of five days observational data, a linear, temporal
interpolation of the sparsely time-resolved CLARA-A2 data, and a, relative to five
days, quickly altering sea-ice edge.
On 12 June 2007 (Fig. 6.3, mid column), the melt season has started between
120 ° W and 120 ° E, which is clearly visible by lower and similar grid-cell broadband
albedo values of the three products (0.30 − 0.60), until it affects the whole Arctic sea-
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Figure 6.3: Daily averaged grid-cell broadband albedo of Arctic sea ice from ERA5 (a),
CLARA-A2 (b), and MERIS (c) on 2 (left, before melt onset), 12 (middle, at melt
onset), and 25 (right, after melt onset) June 2007, as well as their differences (d:
ERA5-MERIS; e: CLARA-A2-MERIS). Cloud-contaminated areas and the satellite
pole hole in the MERIS data are shown in gray.
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Figure 6.4: Grid-cell broadband albedo from ERA5 and MERIS (a-c) as well as
CLARA-A2 and MERIS (d-f) of Arctic sea ice on 2 June 2007 (a,d - before melt onset),
12 June 2007 (b,e - at melt onset), and 25 June 2007 (c,f - after melt onset). Colors
indicate the number density of points. The regression line and one-to-one line are
shown as solid black and dotted black lines, respectively.

ice area on 25 June 2007. During the melt-induced albedo decrease, the differences
between ERA5 (CLARA-A2) and MERIS sea-ice albedo become smaller Arctic-wide,
which is consistent with results shown in Sections 6.3.1 and 6.3.2. The causes for
differences remain the same given above.
Scatterplots of the three grid-cell broadband albedo products for the selected days
are shown in Figure 6.4. To mitigate the impact of sea-ice edge effects, only data
at ERA5 sea-ice concentrations 𝑐 > 0.15 and at distances more than 50 km from
coastlines are considered.
The point clusters in Figure 6.4(a-c) indicate that the ERA5 albedo parameterization seems to calculate reliable medium albedo values. However, according
to Equation (6.2), the highest achievable ERA5 broadband albedo is restricted to
the albedo of sea ice 𝛼seaice at 𝑐 = 1. This limit is too low and results in clearly
identified cluster borders at high ERA5 broadband albedo values on 12 and 25 June
(Fig. 6.4(b,c)) as well as in a horizontal alignment of the albedo cluster on 2 June
(Fig. 6.4(a)). Thus, the coefficient of determination (𝑅2 = 0.48) is lower and the
amplitude of the bias (−0.04) is larger on 2 June than on 12 and 25 June 2007
(𝑅2 = 0.58, 0.62, bias = 0.01, 0.02).
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In contrast, the point clusters in Figure 6.4(d-f) indicate that the CLARA-A2
algorithm seems to derive too low broadband albedo values (bias = −0.03... − 0.11).
The underestimation is larger for higher albedo. Only at grid-cells with albedo values
of 𝛼MERIS ≈ 0.4, the MERIS and CLARA-A2 products are similar. The surface in
such grid-cells, a mix of melting snow and ice as well as melt ponds, features a more
isotropic reflection distribution, which diminishes the negative bias of the averaging
model as part of the CLARA-A2 retrieval algorithm (Rösel, 2013).
Though there is a correlation of MERIS and ERA5 (CLARA-A2) broadband
albedo (𝑅2 > 0.58, Figure 6.4(b-f)), the RMSD is between 0.10 and 0.14. It is
more than twice as large as the accuracy of 0.02 − 0.05 required for climate studies
(Henderson-Sellers and Wilson, 1983; Jacob and Olioso, 2005; Sellers et al., 1995).
It can be inferred that the albedo products feature too large uncertainties, which
still have to be eliminated or, at least, reduced. Note that small clusters at MERIS
albedo 𝛼MERIS ≈ 0 may be incorrect caused by high melt pond fractions 𝑞 where the
spectral albedo derivation by the MPD algorithm might fail.
In summary, the ERA5, CLARA-A2, and MERIS broadband albedo of the whole
Arctic sea-ice cover have been compared during the melt onset 2007. The albedo
evolution agrees for all three albedo products, but point-to-point comparison reveals
RMSDs between 0.10 and 0.14, which are more than twice as large as the accuracy
required for climate studies. Taking the MERIS albedo as the reference, the bias in
the CLARA-A2 broadband albedo decreases from −0.11 before melt onset to −0.03
after melt onset. The bias in ERA5 decreases from −0.04 to 0.02. The uncertainties
result from albedo retrieval uncertainties, influence of open water, melt ponds, and
clouds, as well as inadequate climatological sea-ice albedo values in ERA5.

CHAPTER 7
Conclusions and outlook
7.1 Conclusions
This work investigates the impacts of varying insolation as well as instrument
characteristics and associated satellite retrieval algorithms on the Arctic sea-ice
surface broadband albedo (280 − 3000 nm) observed from ground, air, and space.
They are assessed as uncertainties on the basis of detectable (> 0.02) and relevant
broadband albedo changes (> 0.02 − 0.05, Henderson-Sellers and Wilson (1983),
Jacob and Olioso (2005), and Sellers et al. (1995)). Corrective schemes are developed
or improved, accurate retrieval algorithms are highlighted, and best comparison
conditions are suggested to constrain such uncertainties, in order to improve the
comparison and validation of different albedo data products. This study is based on
simulations with the RT model SCIATRAN by taking 160 snow, 46 ice, and 32 melt
pond surface types of Arctic sea ice, two aerosol loadings, two clouds, and typical
Arctic solar zenith angles between 55 ° and 80 ° into account (Sects. 2.2 and 3.5). The
main results have been presented in Chapters 3 to 6.
In Chapter 3, the SCIATRAN set-up for simulating the reflectance factor and
albedo of Arctic sea-ice surface types has been introduced and justified. The singlescattering property database by Yang et al. (2013) is implemented into SCIATRAN
(Pohl et al., 2020b) to simulate, for the first time, a realistic snow surface reflection
in both, a wide spectral and angular range. The associated far-field assumption,
which is also commonly made in literature, has now been justified (Pohl et al., 2020c)
via the dense-medium light-scattering theory (Mishchenko, 1994). A comparison of
measured and SCIATRAN-simulated albedo spectra and reflectance factors of 18
snow and Arctic sea-ice surface types reveals good agreement with deviations usually
less than 0.05.
In Chapter 4, the atmospheric and cloud impact on the Arctic sea-ice surface
reflectance factor and albedo has been investigated in detail for the first time
for a comprehensive range of Arctic sea-ice surface types and solar zenith angles.
Atmospheric constituents and cloud particles decrease the effective SZA of the surface
and change the spectral distribution of the incident radiation relative to black-sky
conditions. It reduces the surface albedo at clear-sky conditions up to a RMSD of 0.04
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relative to black-sky conditions and modifies the surface albedo under overcast sky by
a RMSD between 0.02 and 0.06 relative to clear-sky conditions. The effects depend
on the surface brightness, the SZA, and the aerosol and cloud optical thickness. The
atmospheric impact can be corrected if the aerosol optical thickness is known. The
cloud impact has to be accounted for.
In Chapter 5, uncertainties in the detected Arctic sea-ice surface broadband albedo
caused by instrument characteristics and satellite retrieval processes are quantified.
The albedo of irradiance measuring devices is strongly influenced by their individual
cosine error. It has to be corrected for using the instrument’s pre-calibrated angular
response function. The SMART albedometer with a maximum cosine error of 23 %
increases the measured albedo by up to a RMSD of 0.15 but can be reduced to
0.03. The albedo from radiance measuring devices is almost independent of the
instrument’s opening angle (RMSD < 0.01). The total uncertainty of the satellitederived surface broadband albedo depends strongly on the SZA, with RMSDs between
0.02 and 0.26. It is mainly caused by the angular correction (RMSD ≤ 0.25) and
the NTBC (RMSD ≤ 0.09). Their designs significantly control the satellite albedo
accuracy. One crucial finding is that measurement-based NTBCs provide smaller
uncertainties than simulation-based NTBCs. The impacts of the satellite instrument
spectral bandwidths (RMSD ≤ 0.01) and the atmospheric correction (RMSD ≤ 0.04)
are of less importance. New, most accurate NTBCs for the satellite instruments
MODIS, AVHRR, MERIS, OLCI, and MSI have been developed in this thesis based
on measurements (RMSD ≤ 0.02). Applying these NTBCs and the RossThickLiSparseReciprocal or the modified Walthall model (Lucht et al., 2000) as angular
correction (RMSD ≤ 0.15) minimize the total satellite albedo uncertainty by almost
one half to a RMSD of 0.03 for SZAs smaller than 60 ° and 0.15 at SZA of 80 °.
The new NTBC combined with the MPD algorithm improves the broadband albedo
retrieval from MERIS optical data by up to one third, achieving RMSDs between 0.04
and 0.07 for SZAs smaller than 60 ° (Pohl et al., 2020a). Radiances from observation
geometries close to the principal plane at VZAs larger than 20 ° should be avoided as
input in the MPD algorithm, as the latter might introduce an additional error in the
derived albedo. The MERIS albedo is now defined in the waveband between 300 nm
and 3000 nm, making it comparable to other satellite albedo products (see Tab. 1.1).
In Chapter 6, a literature study has identified surface inhomogeneities as an additional, significant source of uncertainty in the detected Arctic sea-ice surface albedo.
Poor spatial representativeness, surface roughness, spatio-temporal mismatches, and
smearing effects due to long instrument response times reduce the comparability of
different surface albedo products. The adjacency effect has to be taken into account
in satellite albedo retrieval algorithms if the instrument footprint size is smaller than
or similar to the spatial surface variability scale such as for the high spatial resolution
imager MSI aboard Sentinel-2. Additionally, a seasonal comparison of the Arctic
sea-ice broadband albedo from two satellites, MERIS, CLARA-A2, with the atmo-
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spheric reanalysis ERA5 reveals agreement in the large-scale pattern and seasonal
evolution. However, consistency in point-to-point comparison is rather poor. RMSDs
can exceed 0.1 as a consequence of uncertainties found above, undetected clouds,
influence of open water, and inadequate climatological sea-ice albedo values in ERA5
(Pohl et al., 2020a). The CLARA-A2 broadband albedo is generally negative-biased
resulting from the applied angular correction in the retrieval algorithm, which needs
to be revised. The ERA5 parameterization should be replaced by a prognostic sea-ice
albedo modeling scheme or by a satellite albedo data assimilation for a more accurate
simulation of the surface radiative fluxes over the Arctic sea ice. The improved
MERIS-derived broadband albedo (Pohl et al., 2020a) can be useful in this context
because it is not based on a priori values and is available on a daily basis even though
only at daylight and under cloud-free conditions.
The above-mentioned results can also be applied to snow- and ice-covered areas
and shallow melt ponds found all over the world as long as they are horizontal, flat,
less contaminated, and, in case of snow-covered land, optically thick enough. These
surfaces include the Antarctic and Greenland ice sheet outside the ragged ablation
zone (Ryan et al., 2017), flat ice shelves, snow-covered frozen lakes (Grenfell and
Perovich, 2004), as well as snow- and ice fields of flat topography (Kuchiki et al.,
2011; Picard et al., 2020).
Besides identifying and constraining the uncertainties in Arctic sea-ice surface
albedo products, this work increases the fundamental knowledge of the radiative
surface-atmosphere(-cloud) interaction required for a realistic simulation of the sea-ice
surface albedo and its feedback mechanism in, e. g., climate models (Holland et al.,
2012; Jäkel et al., 2019). The Yang database implemented in SCIATRAN (Pohl
et al., 2020b) has already been utilized in several research studies in order to retrieve
grain sizes and shapes in snow layers (Mei et al., 2021a,b), to understand the impact
of aerosols (Jafariserajehlou et al., 2021), or to improve aerosol optical thickness
retrievals above snow-covered regions (Mei et al., 2020b).

7.2 Outlook
In a future step, the extensive data set of simulated reflectance factors, spectral and
broadband albedo values from 238 Arctic sea-ice surface types at TOA and at 10 m
altitude under black-, blue-, and overcast-sky conditions will be made available to
the research community. It then may allow to improve various radiative studies,
such as the assessment of atmospheric correction methods (e. g., Hu et al., 1999),
albedo retrieval algorithms (see Tab. 1.1), and parameterizations which adjust the
sea-ice surface albedo for cloud effects (Gardner and Sharp, 2010; Key et al., 2001).
Furthermore, it may allow to quantify the cloud radiative feedback (Stapf et al.,
2020), or to verify and improve sea-ice surface albedo parameterizations in climate
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models and atmospheric reanalysis (Cao et al., 2016; Holland et al., 2012; Jäkel et al.,
2019).
The quality of this uncertainty analysis can only be as good as the data set on
which it is based. The quality of the latter can be further improved in the future:
• Up to the current version of SCIATRAN (4.2.3), the Fresnel reflection is
not taken into account in the simulation of melt pond reflectance factors
(Sect. 2.2.4). Consequentially, the optical properties of melt ponds resemble
those of a Lambertian surface. This restriction has been recently removed by
the implementation of the analytical melt pond model (Malinka et al., 2018)
as a lower boundary condition into SCIATRAN (Vladimir Rozanov, personal
communication). The additional implementation of the analytical ice surface
model (Malinka et al., 2016) would also allow a linear mixture of ice and melt
pond optical properties to simulate inhomogeneous sea-ice surface types with
SCIATRAN without the adjacency effect. This fact will make the model much
more suitable and valuable in the Arctic remote sensing research.
• Considerable differences between measured and simulated snow reflectance
factors at viewing zenith angles larger than 𝜃r > 40 ° (Sect. 3.3.2) are caused,
among other things, by the assumption of monodisperse single-habits as snow
particles. As demonstrated in Pohl et al. (2020b), the differences are clearly
minimized if a mixture of different ice crystal shapes of arbitrary particle sizes
in the snow layer is assumed instead.
• The spectral snow albedo in the VIS range has been reduced by adding an
unphysically large amount of BC in the snow layer to represent the albedo of
aged or melting snow surface types (Sect. 3.3.2). In the asymptotic radiative
transfer theory, the VIS albedo is instead controlled by the snow optical
thickness. Both approaches achieve the same snow reflectance and albedo
distribution when the BC concentration and the optical thickness are adapted
accordingly (not shown). The physically more plausible solution is a mixture
of snow grains and water, which should be investigated.
• The unphysically large amount of BC within the simulated aged and melting
snow layers might be caused by two facts. Firstly, the BC has been externally
mixed with snow grains in SCIATRAN (Sect. 2.2.3). An internal mixture
instead, which is a realistic case for snow layers, would require a smaller
amount of BC to achieve the same VIS spectral albedo (Dombrovsky and
Kokhanovsky, 2020). Secondly, the snow grain size in the model set-up might
be inadequate. As the influence of BC on VIS albedo depends on the grain
size, larger grain sizes achieve the same albedo reduction with smaller BC
concentrations (Aoki et al., 2020). Investigating both effects should enable a
more realistic simulation of snow reflective properties.
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• Since the cloud-surface albedo interactions are specified for only two clouds,
it is not possible to determine their dependence on the liquid and ice water
contents, respectively. According to Stapf et al. (2020), this dependency is
non-linear. It is suggested to study the cloud-surface albedo interactions for
several cloud and sea-ice surface types. A specific question in this context is
in which extent water and ice clouds influence the albedo differently. Gaining
this knowledge can further improve parameterizations of the cloud-influenced
sea-ice surface albedo in climate models (e. g., Jäkel et al., 2019).
• The literature review of the adjacency effect on the surface albedo reveals its
significance and the need of its further investigation in the Arctic region. For
this purpose, three-dimensional RT simulations (e. g., Iwabuchi, 2006) and
vertically measured reflectance and albedo profiles, such as those obtained at
the MOSAiC campaign (Calmer et al., 2021), are required. Studies of the
adjacency effect should also cover the influence of inhomogeneous cloud covers.
• Three-dimensional RT models allow to investigate the uncertainties in the
measured reflectance factor and the albedo of inhomogeneous sea-ice surface
types. Then, not only snow, ice, and melt pond surface types but also leads
can be considered whose strong triggering adjacency effect can be taken into
account by the model.
Additionally, the partly contradictory data from ERA5 and derived by the MPD
model reveal the need for a revision of the MPD model. For instance, the MPD,
which has been only designed for 100 % sea-ice concentration, derives the surface
albedo in regions where the ERA5 sea-ice concentration is significantly lower than
100 %. It implies a disregarded, strong open water influence on the MPD algorithm
which distorts the retrieval results, i. e., the surface albedo and melt pond fraction.
As a subject of current work, this influence will be minimized by implementing the
open water as an additional component in the MPD algorithm.
Altogether, the accurate observation of the Arctic sea-ice surface albedo is a key
factor in Arctic climate studies. This thesis has identified uncertainties in the observed
albedo often larger than required (0.02 − 0.05), caused by varying insolation and
instrument characteristics, and associated satellite retrieval algorithms. Moreover, it
contributes to reducing these uncertainties by almost up to one half.
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