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Abstract

The lack knowledge of aerosol optical properties is one of the sources of uncertainty in
assessment and projections of the evolution of climate change and the phenomenon of
Arctic Amplification. The spatial and temporal change of microphysical, chemical
and optical properties of aerosols in the Arctic and the induced effects through
direct and indirect radiative forcing of aerosols remain an open question. The cause
of this gap in our understanding and therefore in the global aerosol optical thickness
(AOT) maps is associated with the difficulty of retrieving aerosol properties over
bright surfaces covered with snow and ice. Decoupling a strong surface signal from
that of aerosol in the measured top-of-atmosphere reflectance is challenging and still
hampered due to remaining unresolved issues in state-of-the-art algorithms. Despite
the promising performance of previously-developed methods and ongoing research,
there is no published long-term AOT product over polar regions (over land and
ocean) to be used for climate studies.

In this work, to extend our knowledge about the open issues and improve the existing
algorithms, first we focus on the two major obstacles in the retrieval of AOT over
snow/ice surfaces: i) cloud identification, and ii) surface properties; Second, we apply
the outcome of studying the two mentioned prerequisites to improve the previously-
developed aerosol retrieval algorithm called AEROSNOW (Istomina, 2012; Istomina
et al., 2011) and create a long-term data record for aerosol optical thickness over
the Arctic circle.

In the framework of this work, a new cloud identification algorithm called the
AATSR/SLSTR Cloud Identification Algorithm (ASCIA) has been developed to
screen cloudy scenes in observations of Advanced Along-Track Scanning Radiome-
ter (AATSR) on-board ENVISAT as well as its successor Sea and Land Surface
Temperature Radiometer (SLSTR) on-board Sentinel-3. The cloud detection results
are verified by comparing them with available cloud products over the Arctic. Fur-
thermore, the cloud product from ASCIA is validated using the ground-based mea-
surements SYNOP, resulting in a promising agreement. In general, ASCIA shows
an improved performance in comparison with other algorithms applied to AATSR
measurements over snow/ice.

For the study of snow surface properties, the reflectance is simulated in a snow–atmo-
sphere system, using the SCIATRAN radiative transfer model, and the results are
compared with those of airborne measurements. A sensitivity study is conducted
to highlight the importance of having a priori knowledge about snow morphology
(size and shape) and atmospheric parameters to minimise the difference between
simulated and real world reflectance. The absolute difference between the modelled
results and measurements in off-glint regions is generally small and promising.

In the final step, we apply the outcome of previous steps in the AEROSNOW al-
gorithm as far as possible within the scope of this work and retrieve AOT over
the Arctic circle for the 2002-2012 period with the spatial resolution of 1×1 km2.
The retrieved AOT is validated using ground-based measurements AErosol RObotic
NETwork (AERONET). The results of validation are promising and show the suc-
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cessful performance of the algorithm especially during haze episodes. However, in
some cases large differences exist between the retrieved AOT and AERONET mea-
surements for which more statistical and physical analysis are necessary to better
understand the cause. Nevertheless, the long-term data record and validation pro-
duced hold significant value as are the first attempt to better understand the role
of aerosols in the Arctic Amplification over land and ocean on the full Arctic scale.
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1 Introduction

1 Introduction

Over the past 25 years, scientists have observed that the average rate of temperature
increase in the Arctic is about twice that of the global average temperature (Fig. 1).
The strong trends in warming accompanied by the change in other climate variables
such as dramatic loss of sea ice and decrease of snow cover over the Arctic have
received strong attention from the climate change research community. A number
of studies using global and regional observations and climate models have confirmed
this phenomenon called Arctic Amplification (AA) and provided evidence that its
impact extends beyond the Arctic, e.g. a large number of extreme heat and rainfall
events (Wendisch et al., 2017; Cohen et al., 2014; Kim et al., 2017; Cohen et al.,
2020).

The attribution of the origins of this phenomenon is controversially discussed and

Figure 1: Mean temperatures (unit Kelvins) shown per location and year as vari-
ations from 1951–1980 mean temperatures (Wendisch et al., 2017). The
data are provided by the NASA Goddard Institute for Space Studies.
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has emerged as a major debate among scientists (Serreze and Barry, 2011; Pithan
and Mauritsen, 2014). Several processes are mentioned to be involved in AA includ-
ing local radiative effects from increased greenhouse gas forcing, changes in the snow
and ice-albedo feedback induced by a diminishing cryosphere, aerosol concentration
changes and deposits of black carbon on snow and ice surfaces, changes in Arctic
cloud cover and water vapour content, and a relatively smaller increase in emissions
of longwave radiation to space in the Arctic compared with the tropics for the same
temperature (Cohen et al., 2014, and references therein). We need to identify, inves-
tigate, and evaluate the key processes involved in AA to improve our understanding
of the major feedback mechanisms and quantify the relative importance of these
mechanisms (Wendisch et al., 2017). The focus of this work is to study aerosol as
one of the known key parameters in AA.

In general, the spatial and temporal variation of microphysical, chemical and op-
tical properties of aerosol as well as their concentration introduce direct radiative
forcing effects on the surface–atmosphere system. Additionally, the indirect impact
of aerosols on the climate is connected to the complex of aerosol-cloud interac-
tions, which results in a change in cloud microphysical, radiative properties, amount
and lifetime. Scattering and absorption of aerosols are enhanced if the surface is
highly reflecting due to multiple scattering of solar radiation between the surface
and aerosol particles, which leads to warming at the surface. For this reason, the
Arctic is more sensitive to changes in aerosol properties compared to lower latitudes
(Randles et al., 2004; Quinn et al., 2007, and references therein). To better under-
stand and quantify the impact of aerosol and its changes on AA, we need to extend
our knowledge about the source of Arctic aerosol, their spatial and temporal distri-
bution and optical, chemical and microphysical properties. One of the most famous
aerosol events in the polar regions is the regularly occurring ”Arctic haze”, which
is a remarkable increase in concentrations of several key particulate pollutants, e.g.
sulphate (Mitchell, 1956; Shaw, 1995; Quinn et al., 2007).

The long range transport of pollutants from mid-latitudes contributes to the forma-
tion of haze in late winter and early spring, leaving the seasonal mark of haze

Figure 2: Time series of monthly averaged particulate sulphate and nitrate concen-
trations for (a) Barrow, Alaska (Quinn et al., 2007), Data made available
for Barrow by NOAA PMEL (http://saga.pmel.noaa.gov/data/).
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1 Introduction

in time series of measurements (see Fig. 2). Several studies have been conducted
across decades to determine the chemical and physical fingerprints of haze, besides
its origin and radiative fluxes. Despite a large number of studies, the severe condi-
tions and remoteness of the polar region significantly limit the availability of ground-
based sun photometers, e.g. AErosol RObotic NETwork (AERONET), ship-borne
(e.g. MAN or campaign measurements) and airborne (sun photometer) data. This
limitation prevents us from having a big picture of Arctic aerosol that meets the
necessary temporal and spatial resolution and coverage for climate change studies.
For this reason, the analysis of the growing number of long-term records of the data
products (e.g. the amount of trace gases, aerosol, and cloud parameters) retrieved
from passive and active satellite observations provides potentially invaluable infor-
mation for identifying and quantifying the evolution and consequences of AA and
the role of aerosol in this phenomenon (Wendisch et al., 2017). Retrieving aerosol
over highly reflecting snow/ice surface using space-borne data is challenging and
state-of-the-art algorithms are not optimised for this purpose. Figure 3 is one ex-
ample of aerosol load (smoke) in the Arctic region and it displays the challenge of
aerosol remote sensing in the Arctic region.

Figure 3: Aerosol and cloud above the Cryosphere and ocean: the MODIS true color
RGB image, smoke over Svalbard, 11th July 2002, adapted from the NASA
website (https://visibleearth.nasa.gov/images/).

The greyish smoke highlighted with a dashed red line originates from wildfires in
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Saskatchewan, Canada, and has crossed the Atlantic Ocean, passing over Svalbard
(top centre) and arriving over the shores of Norway (bottom centre) on 11th July
2002, which was out of the classical haze period. This case shows the major obstacle
in retrieving aerosol over snow/ice in Polar Regions, namely a lack of adequate
contrast between aerosol, cloud and underlying surface, a criterion based on which
most aerosol retrieval algorithms are designed.

1.1 Aerosol remote sensing and the challenge over the Arctic

Satellite remote sensing has been used for the retrieval of aerosol properties since
40 years ago (Kokhanovsky and de Leeuw, 2009; Lee et al., 2009). Many aerosol re-
trieval algorithms have been developed for use with various satellite measurements,
exploiting the unique feature of the sensors such as having single or multiple wave-
lengths, nadir view and multi-angle views, with or without polarisation, and being
low Earth or with geostationary orbits. Some of the widely-known and commonly-
used retrieval algorithms and relevant publications are as follows:

• Geostationary satellite algorithms (Knapp et al., 2005);

• Single-channel algorithm for Advanced Very High Resolution Radiometer (AV-
HRR) (Rao et al., 1989; Stowe, 1991);

• Dual-Channel AVHRR algorithm (Stowe et al., 1997; Mishchenko et al., 1999b);

• Multi-channel algorithms for Sea-viewing Wide Field-of-view Sensor (SeaW-
iFS) (von Hoyningen-Huene et al., 2003);

• Multi-channel algorithms for Moderate Resolution Imaging Spectroradiometer
(MODIS) (Kaufman et al., 1997; Tanre et al., 1997, 1999; Remer et al., 2005b;
Levy et al., 2007b; Remer et al., 2006; Hsu et al., 2004);

• Multi-channel algorithms for MEdium Resolution Imaging Spectrometer (ME-
RIS) (von Hoyningen-Huene et al., 2006);

• Multi-angle, multi-channel algorithm for Multi-angle Imaging SpectroRadiome-
ter (MISR) (Martonchik and Diner, 1992; Martonchik and Gordon, 1998);

• Polarization based algorithms for POLarization and Directionality of the Earth
Reflectance (POLDER) (Herman et al., 1997; Deuze et al., 1999; Dubovik
et al., 2011; Vountas et al., 2020); and

• Algorithms for Advanced Along-Track Scanning Radiometer (AATSR) (Xue
et al., 2009; Sayer et al., 2010; North, 2002; Veefkind and de Leeuw, 1998;
Veefkind et al., 1999).

Despite the successful performance of the mentioned algorithms, there remains a
large gap over the Arctic on snow/ice-covered surface especially over land (see Fig.
4). Although, algorithms differ based on characteristics of the relevant sensor, there
are generic processes and common steps applied in many of them. Many satellite in-
struments measure the top-of-atmosphere (TOA) reflectance in a specific geometry
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that varies with sensors and the time of the day/year. The measured reflectance can
be used to retrieve several surface and atmospheric parameters, all of which inter-
act with electromagnetic radiation scattered and/or absorbed by the atmospheric
constituents and the surface. To retrieve aerosol properties, we need to decompose
the elements mixed in the measured signal by satellite: atmospheric gases, clouds,
aerosols, and the surface (Lee et al., 2009).

To obtain aerosol properties from satellite measurements based on inverse modelling,
there are three steps common in many retrieval algorithms:

• Cloud detection: Clouds are highly reflective and they overwhelm the TOA
reflectance in the observed scene by satellite. The first step is to identify and
mask cloudy scenes out;

• Decoupling surface reflection from the atmospheric path in the measured TOA
signal in cloud-free scenes;

• Accounting for molecular scattering due to atmospheric molecules and gas
absorption in the atmospheric path. The Rayleigh path radiance can be deter-
mined using the spectral dependence of the well-known Rayleigh optical depth
(ROD) and the Rayleigh phase function.

The first two steps can be implemented in different ways. Depending on the un-
derlying surface type, reflectance range and wavelengths used, we may face unique
challenges. For example, many cloud detection algorithms over land and ocean ex-
ploit the coldness and brightness tests in visible or thermal channels with the as-
sumption that clouds are colder and brighter than the underlying surface. However,
this assumption does not necessarily hold over snow/ice surface. This means that
the common threshold-based methods for cloud detection are often inadequate over
snow/ice surface (Rossow and Garder, 1993; Curry et al., 1996).

Over ocean surfaces, AOT retrieval can be achieved with comparatively simple meth-
ods because the surface is dark in the visible and near IR wavelengths range and
therefore TOA reflectance is mostly determined by scattering in the atmosphere (in
the absence of gaseous absorption). Over land, aerosol retrieval is more complicated
compared to the ocean case due to the relatively strong contribution of surface re-
flectance to TOA signal, directional properties of surface and larger inhomogeneities.
The level of contribution of the surface reflectance to TOA signal depends on the
surface type and selected wavelength. For example, the contamination caused by a
dark surface covered with vegetation in TOA reflectance at a visible channel is weak
in comparison to that of a bright desert surface in the same spectral range. Using the
wavelengths in UV or near UV can solve this issue for bright desert surface because
most of the surfaces appear dark in these wavelengths. The retrieval routine becomes
more complicated and difficult if the underlying surface is covered with snow/ice,
because surface reflectance dominates the aerosol signal in TOA reflectance. Addi-
tionally, snow surface has specific directional signatures, e.g. a strong increase with
viewing angle, which makes the task of aerosol retrieval in polar regions difficult.

In general, there are several ways to account for surface reflectance: i) using an
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external surface database, ii) simultaneous retrieval of surface and atmospheric pa-
rameters, and iii) removal of surface in the algorithm. The latter solution has been
used with sensors using multiple viewing (e.g. multi-angle imaging spectroradiome-
ter (MISR)) or dual view (e.g. AATSR) capabilities, since, observing the target from
several different viewing angles enables gathering additional information about the
target. This method has been initially proposed by Leroy et al. (1997).

Figure 4: Arctic maps for the seasonal average of level-3 AOT at 0.55 µm derived
from MODIS/Aqua (upper panel) and MODIS/Terra data (bottom panel)
recorded from 2005 to 2012 during the spring (left column) and summer
(right column) periods (Tomasi et al., 2015).

Istomina (2012) applied the same concept of dual-viewing to retrieve AOT over
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snow/ice-covered surface. In this work, we apply the same method to retrieve AOT
in the Arctic region. Despite the promising performance reported in Istomina (2012),
we have attempted to address several technical and scientific issues in this work.
In addition, the mentioned major obstacles for the retrieval of aerosol over snow
highlight the importance of studying the prerequisites to better address unresolved
issues. For this reason, this work starts with prerequisites including cloud identifi-
cation and surface properties. Using the outcome of these two studies, the existing
retrieval algorithm has been improved. The new version of the aerosol retrieval algo-
rithm is applied on the full data set delivered by AATSR in 2002 to 2012 to create
a long-term data record of AOT.

The outcome of this research will also be used for the investigations of the trans-
regional ArctiC Amplification: Climate relevant Atmospheric and surfaCe processes
and feedback mechanisms (AC)3 project (Wendisch et al., 2017). This project aims
to identify and quantify the different parameters involved in the rapidly changing
climate in the Arctic. In this respect, the analysis of this study will be used to
improve the assumptions made for snow/ice surface, cloud and aerosol in different
studies above polar regions.

1.2 Aims of this work

The main scientific objectives of this work are as follows:

• to study the prerequisites for aerosol retrieval in the Arctic, i.e. cloud detection
and surface properties;

• to improve the previously-developed aerosol retrieval algorithm using the out-
come of studying the prerequisites; and

• to apply the new improved version of aerosol retrieval algorithm on long-term
data of AATSR and validate it.

To achieve the mentioned objectives, the following key points have been considered
and implemented:

• developing a new cloud identification algorithm to overcome the known limita-
tion and unresolved issues with respect to thin cloud detection in previously-
developed cloud screening algorithms (Istomina et al., 2010);

• simulation of reflectance in a snow-atmosphere system and comparing the re-
sults with airborne measurement, evaluating the accuracy of SCIATRAN ra-
diative transfer modelling in simulation of reflectance in a snow-atmosphere
system;

• retrieval of snow surface properties (morphology) using airborne measure-
ments;

• conducting a sensitivity study to indicate the importance of a priori infor-
mation about the surface and atmosphere to achieve an accurate reflectance
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simulation;

• identifying and solving some of the scientific and technical issues in the previo-
usly-developed aerosol retrieval algorithm;

• application of the improved version of aerosol retrieval algorithm to a long
dataset of AATSR measurements from 2002 to 2012 and creating a long data
record of AOT;

• validation of AOT retrieved using ground-based measurements and producing
first long-term validation results.

1.3 Thesis outline

In the next chapter, the scientific background of this work is presented, which in-
cludes the necessary points about atmosphere, environmental issues related to the
atmosphere, global warming and AA. In the second half of chapter 2, the necessary
theoretical background about atmospheric aerosol, the radiative transfer and light
scattering in the atmosphere is presented.

Chapter 3 is dedicated to introducing the data utilised in this study, including
satellite data, airborne data and ground-based measurements.

Chapter 4 describes the study for the first prerequisite for aerosol retrieval, namely
cloud detection. Here, the newly-developed cloud identification algorithm ASCIA
for use with AATSR and SLSTR data is explained, as well as the theoretical back-
ground, methodology, cloud detection results, validation and verification of the cloud
product.

In chapter 5, we present the study on the second prerequisites for aerosol retrieval,
namely surface reflectance. We use SCIATRAN RTM to simulate reflectance in a
snow-atmosphere system, conduct a sensitivity study, retrieve surface properties,
and evaluate the accuracy of SCIATRAN in simulating the reflectance in a snow-
atmosphere system.

In chapter 6, the AOT retrieval over snow in the visible spectral range using the
AATSR dual viewing observations is described. Several scientific and technical issues
are discussed and solved. The algorithm is applied on a long data set, and a long-term
data record of AOT has been produced. The second half of chapter 6 is dedicated
to the validation of the retrieved AOT.

The summary and conclusions are drawn in chapter 7, followed by an outlook and
recommendations.
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2 Scientific background

2.1 Atmosphere

The atmosphere of the Earth is the thin layers of gases expanded up to 120 km above
the mean sea level, surrounding the Earth and retained by its gravitation (Burrows
et al., 2011). The mixture of these gases is called ”air”.

Air is primarily composed of the gases N2 (78.09%), O2 (20.95%) and Ar (0.93%),
CO2 (0.04%), and small amounts of other gases called ”trace gases” including green-
house gases (e.g. CO2, CH4, N2O, O3) and gaseous pollutants with a relative short
life-time (e.g. NO2, SO2, CO etc.). The composition of today’s atmosphere is of little
resemblance to the early form, which was rich in H2 and He.

Approximately 4 billion years ago, after the dissipation of cosmic gases, the primor-
dial atmosphere was produced. Several gaseous materials were liberated from solid
Earth (volcanic eruptions, disruption and chemical reactions) and formed secondary
constituents. With the increase of secondary substances e.g. CO2, and H2O, which
absorb the infrared radiation emitted by the Earth’s surface, atmosphere started
playing a role in controlling the temperature. The Earth’s temperature raised from
-15◦ to 0◦.

A turning point in the history of the dramatically evolving atmosphere was ap-
proximately 2.4 billion years ago, during the Great Oxidation Event (GOE). In this
period, the biologically-produced molecular oxygen (O2) started to accumulate in
Earth’s atmosphere. There is considerable documentation in the literature to show
that the major part of the increase in the oxygen level during geological time was
due to the photosynthetic activity of the biosphere (Mészáros, 1981).

To explain the state of an air parcel - a mixture of gases - in the atmosphere, we
use the equation of state. In terrestrial conditions, many atmospheric gases behave
as ideal gases and obey the gas laws. Therefore, using ideal gas laws we can see how
the condition, state and volume of an air parcel depends on its temperature and
pressure (Hobgood, 1993). For one mole of gas, we can write:

PV = R · T (2.1)

where P is pressure, V is the volume of the gas, T is temperature and R is the gas
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constant. We can replace the volume of gas with its density ρ as follows:

P = ρR · T (2.2)

where R is the specific gas constant. To obtain the similar equation for an air parcel,
we can sum up the state equations written for each individual gas in air. The state
equation is used in meteorology to determine one of the three variables of density,
temperature and pressure when the other two are known. In this section, we briefly
explain the vertical profile of temperature, pressure and density in the atmosphere
to better understand the state of the air.

2.1.1 Vertical structure of atmosphere

2.1.1.1 Vertical profile of temperature

The dependency of atmosphere on temperature leads to dividing it into four regions
either with positive or negative temperature gradients as shown in Fig. 5 (Hobgood,
1993):

i) Troposphere (Greek: well-mixed region) below ∼12 to ∼20 km:

As the lowest layer of Earth’s atmosphere structure, the troposphere extends from
the Earth’s surface to an average height of about 12 km above sea level at mid-
latitudes. This altitude varies from about 6-8 km at the geographic poles to 18 km
in the tropics. In this layer, the temperature declines fairly with increasing altitude.
The temperature lapse rate is closely linked to frequently occurring convection in
this layer, in particular vertical movement of air. Although the value of lapse rate
changes with time and geographical location, it is generally close to 6 ◦C km−1.

ii) Stratosphere (Greek: stratified region) ∼20 to ∼50 km:

The lapse rate of temperature ends at the tropopause, above which the stratosphere
starts as the second-lowest layer of the Earth’s atmosphere. The atmospheric be-
haviour is significantly different in the stratosphere compared with that of the tropo-
sphere. This layer extends from the top of the troposphere at roughly 12 km above
the Earth’s surface to the stratopause at an altitude of about 50 to 55 km. This
layer of the Earth’s atmosphere contains relatively high concentrations of ozone. In
the absence of vertical motion, the stratosphere defines a layer in which tempera-
tures changes non-adiabatically and rises with increasing altitude. The increase of
temperature in this layer is caused by the absorption of ultraviolet (UV) radiation
from the Sun by the ozone layer, which restricts turbulence and mixing. Although
the temperature may be −60 ◦C at the tropopause, the top of the stratosphere is
much warmer, and may be close to 0◦.

iii) Mesosphere (Greek: middle) ∼50 to ∼90 km:
The mesosphere is the third highest layer of the Earth’s atmosphere, occupying the
region above the stratosphere. It extends from the stratopause at an altitude of
about 50 km to the mesopause at 80–85 km above sea level.
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Figure 5: The temperature variation in the atmosphere as a function of altitude
(http://unilaggeography2012.blogspot.com/p/gry-101-introduct
ion-to-physical.html).

Temperature drops with increasing altitude to the mesopause, which marks the top
of this middle layer of the atmosphere. It is the coldest place on Earth and has an
average temperature of around −100 ◦C.

iv) Thermosphere (Greek: heated region) above ∼90 km:
The thermosphere is the second-highest layer of the Earth’s atmosphere. It extends
from the mesopause (which separates it from the mesosphere) at an altitude of
about 80 km up to 120 km. Within this layer of the atmosphere, ultraviolet ra-
diation causes photoionisation/photodissociation of molecules, creating ions. The
temperature sharply increases with height due to the absorption of highly energetic
solar radiation and it can reach values up to 1500 ◦C.

2.1.1.2 Vertical profile of pressure

Air pressure at any height in the atmosphere is due to the force per unit area exerted
by the weight of all of the air located above that height. An air parcel experiences
the gravitational attraction (between the parcel and the Earth), as a downward
force, which by definition is the weight of the parcel. The change of pressure with
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altitude within the atmosphere is huge, decreasing by a factor of about of one million
between surface and tropopause. However, unlike the vertical profile of temperature,
this huge change is distributed evenly within the atmosphere and pressure changes
smoothly with altitude (Hobgood, 1993).

We can explain the upward lapse of pressure with altitude by describing the balance
of forces on air parcels in the atmosphere. In a static atmosphere, the upward and
downward forces on any air parcel must balance. If we assume an air parcel in an
unbalanced state, the air will move towards another altitude, to the point where the
net upward pressure force on the parcel exactly balances its weight. This balance is
known as hydrostatic equilibrium and it can explain the observed upward lapse of
pressure. In hydrostatic equilibrium, the atmospheric pressure obeys the barometric
equation and exponentially decreases with altitude by about a factor of ten every
17 km.

Figure 6: The pressure variation in the atmosphere as a function of altitude (http:
//www.atmo.arizona.edu/)

2.1.1.3 Vertical profile of air density

Following the vertical distribution of temperature and pressure, we can explain
the vertical profile of air density using the equation of state Eq. 2.2. The pres-
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sure strongly varies with altitude but the change of temperature is small compared
to that of pressure. Therefore, the vertical profile of air density is quite similar to
that of pressure and density decreases exponentially with altitude.

In addition to the distribution of mass, vertical profiles of air density can explain
density-related phenomena such as chemical reactions or the interaction of solar
radiation with air molecules. One example is blue sky that turns to black with
increasing altitude and therefore the decreasing density of molecules that scatter
the light (Hobgood, 1993).

2.2 Atmospheric general circulation

The horizontal gradients of pressure and temperature are much smaller compared
to vertical changes in atmosphere, yet they have important impacts on the state of
atmosphere. The most pronounced horizontal gradients are in meridional directions.
These gradients are associated with the strong variation and uneven distribution of
solar radiation along a meridian due to the axial tilt of the Earth for 23.44◦. The
downward gradient leads to circulation of air masses in the north-south direction as
shown in Fig. 7.

Here, a brief explanation of the fundamentals of the atmospheric general circulation
is provided. Moving from the subtropics toward the pole, temperature decreases.
In response, tropics warm and polar regions cool, leading to a heating gradient in
the atmosphere as shown in Fig. 7a. Thermal expansion in the tropics develops an
upward move of pressure surfaces, while the opposite effect in the polar regions forces
the pressure surfaces to bend downward. Latitudinal redistribution of mass causes
the pressure to drop in the tropics and rise in high latitudes. The equator-to-pole
pressure gradient leads to equator-ward flow and circulation cells depicted in Fig.
7b as the first response to the heating gradient.

This meridional circulation is modified by Coriolis force created by the Earth’s
rotation as shown in Fig. 7c. The equator-ward flow in the lower troposphere deviates
to the west and pole-ward flow in the upper part of the troposphere deviates to the
east. The flows become more zonal until the pressure gradient and Coriolis forces
balance each other and result in geostrophic flow or balance. The difference between
geostrophic wind at upper and lower altitudes is known as thermal wind, which
is the hypothetical vertical wind shear (or wind gradient) and it increases with a
strengthening equator-to-pole temperature gradient. The vertical component of wind
is created by Coriolis force because winds originating from the west are amplified
by Coriolis force while winds from the east are weakened due to the friction.

The final pattern of general atmospheric circulation indicated in Fig. 7d originates
from baroclinic instability (baro: pressure, cline: slope; barocline), i.e. instability
arising from sloped pressure contours. In baroclinic atmosphere, the density de-
pends on both the temperature and the pressure, unlike barotropic atmosphere in
which the density depends only on the pressure. When the meridional temperature
gradient reaches a critical value, baroclinic instability emerges in the mid-latitude
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lower troposphere and adds a wave-like character to the flow. In these waves, warm,
humid subtropical air masses flow pole-ward, while cold, dry polar air masses flow
equator-ward through the cyclones (rotating large-scale air mass around a low pres-
sure centre in the atmosphere). Baroclinic waves develop weak northern and southern
hemisphere circulation cells called Ferrel cells at 45◦. Hadley cells appear at sub-
tropical latitudes 30◦ where we also have anticyclones (rotating large scale air mass
around a high pressure center in the atmosphere). In the Hadley cell, the winds that
flow from the east to the west (easterly wind) at the ground level are called trade
winds.

Figure 7: Schematic representation of the atmospheric circulation patterns (Wallace
and Hobbs, 2006).

Part of the air rising at 60◦ latitude diverges at high altitude towards the poles
and creates the polar cell, which is not shown in Fig. 7.Although the air masses at
the poles are cold and dry relative to the equator, they are still sufficiently warm
and moist to undergo convection and drive a thermal loop. In addition to Hadley,
Ferrel, and polar cells that are oriented along the latitudes and have a synoptic scale
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(thousands of kilometres), there are more circulation cells whose axes of circulation
are longitudinally oriented and occur at the mesoscale (a horizontal range of 5 to
several hundred kilometres). Longitudinal circulation occurs due to the heat capacity
of water, its absorptivity, and mixing. Water absorbs more heat than land, but its
temperature does not rise as strongly as the land. As a result, temperature variations
on land are greater than on water. The Pacific Ocean cell is an entirely ocean-based
cell originating from a remarkable difference in the surface temperatures of the
western and eastern Pacific. This circulation plays a key role in the El Niño and La
Niña phenomena.

2.3 Environmental issues relevant to the atmosphere

2.3.1 Global warming and Arctic amplification

In the recent centuries, one of the most important environmental issues relevant to
the atmosphere, and more specifically troposphere is global warming. Global warm-
ing means that the temperature is increased (Fig. 8) and the increased concentration
of greenhouse gases (infrared absorbing gases) is widely believed to be part of the
reason (Serreze and Francis, 2006).

Although greenhouse gases are fairly uniformly distributed around the world, the
warming is accelerated in the Arctic region and upward trends of near-surface air
temperature accompanied by a reduction in sea ice have been observed in polar
areas in recent decades (Serreze and Francis, 2006; Serreze and Barry, 2011). The
rate of temperature increase in the Arctic has been significantly larger compared to
the global average warming, almost twice as large as the global average (Serreze and
Francis, 2006). This phenomenon is called Arctic Amplification (AA). Fig 8 and 9
indicates that AA is prominent in the annual surface air temperature trend in recent
decades (Serreze and Barry, 2011).

AA was first investigated by Arrhenius (1896) over one hundred years ago. Budyko
(1969) and Sellers (1969) are well known for their contribution to understanding of
climate change and the first publications about the concept. AA was later confirmed
by a number of studies using observations and climate models, and whereby now it
is well established as an inherent feature of the global climate system (Stroeve et al.,
2012; Cohen et al., 2014; Pithan and Mauritsen, 2014; Wendisch et al., 2017).

AA and therefore the consequent profound changes in the Arctic environment have
resulted in huge impacts within the Arctic on the local ecosystem (Hinzman et al.,
2013), greening of coastal tundra (Bhatt et al., 2010), altering wind patterns (Over-
land and Wang, 2010) and on the global scale impacts beyond the Arctic region in
extreme weather conditions at mid-latitudes (Cohen et al., 2014; Kim et al., 2017;
Cohen et al., 2020). For this reason, AA has received strong attention from the
climate change research community in recent years.
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Figure 8: Upper panel: Land-ocean temperature anomaly, 1880 to present, with base
period 1951-1980. The solid black line is the global annual mean and the
solid red line is the five-year LOWESS smooth (locally weighted scatterplot
smoothing). The gray shading represents the total (LSAT and SST) annual
uncertainty at a 95% confidence interval. Bottom panel shows how much
warmer each month is than the annual global mean (http://data.giss.
nasa.gov/gistemp).

AA is best expressed during the autumn and winter and it is much weaker in spring
and summer, as shown in Fig. 10. The most striking evidence of AA is declining
sea ice coverage in summer and early autumn over recent decades (Stroeve et al.,
2012). The long-term satellite data record starting from 1978 monitoring the sea ice
concentration and extent indicates a decline of -12.9% per decade in summer sea
ice (Pithan and Mauritsen, 2014) in which several amplifying/reinforcing feedbacks
originating from changes in Arctic atmosphere and ocean play a role (Stroeve et al.,
2012; Pithan and Mauritsen, 2014; Cohen et al., 2020).
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Figure 9: Upper panel: Linear trends in annual mean surface air temperature for the
period 1960–2019, based on the National Aeronautics and Space Admin-
istration Goddard Institute for Space Sciences (NASA GISS) temperature
analysis (http://data.giss.nasa.gov/gistemp). Bottom panel: Linear
trends over the 60-year analysis period averaged by latitude.

A quantitative understanding of the physical mechanisms underlying AA has con-
siderably evolved in recent decades (Cohen et al., 2020). The most important con-
tributions to AA are associated with feedbacks of: i) temperature, ii) water vapour,
iii) clouds, iv) surface albedo, v) aerosol particles and vi) changes in atmospheric
and oceanic heat transport (Pithan and Mauritsen, 2014). In a simple sense, these
feedbacks can be explained as follows:

Temperature feedback

The increasing temperature of the surface or atmosphere leads to an increase in
longwave radiation at TOA by the fourth power of the temperature. Temperature
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feedback can be decomposed into two different contributions (Pithan and Mauritsen,
2014; Döscher et al., 2014):

• Planck feedback: associated with the vertically homogeneous warming of the
surface and troposphere. Assuming Stephan-Boltzman law, the longwave ther-
mal-infrared radiation emitted from the surface increases with temperature,
and therefore thermal energy transforms to radiative energy and surface cools
and results in a negative feedback.

• Lapse rate feedback: associated with the tropospheric warming and its vertical
structure that deviates from vertically uniform warming as a result of the
interaction between thermal radiation and natural convection. In the tropics,
this mechanism leads to greater warming in the upper troposphere compared
to that at the surface, and results in a negative feedback there. However, in the
Arctic the stably stratified atmosphere, prevents transferring heat to higher
altitudes, and therefore warming resides close to the surface and additional
warming leads to further warming of surface, and results in a positive feedback.

Figure 10: Anomalies in winter (a, December–February), spring (b, March–May),
summer (c, June–August) and autumn (d, October–November) temper-
ature for the 1960–2019 computed with respect to the reference period
1960–2019. Results are based on the NASA GISS temperature analysis,
(http://data.giss.nasa.gov/gistemp).

Cloud feedback and water vapour feedback

Cloud and water vapour play a key role in unbalancing the radiative budget in Arctic
in different ways (Serreze and Barry, 2011; Pithan and Mauritsen, 2014):
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• decreasing solar radiation due to high albedo of cloud and the consequent
cooling effect at the surface;

• warming temperature leads to an increased amount of water vapour in the
atmosphere as a greenhouse gas and to amplify other positive feedbacks such
as ice-albedo feedback (Döscher et al., 2014);

• increasing the downward longwave flux and therefore warming surface, acceler-
ating sea-ice loss and extending ice-free state (Serreze and Barry, 2011). The
net effect of cloud and water vapour is found to have a warming impact in
the Arctic region, unlike lower latitude clouds, which have a net cooling effect
(Serreze and Barry, 2011).

Surface albedo feedback

The positive feedback of surface albedo initiates with the increase of temperature
due to different forcings, namely natural or anthropogenic. Consequent warming
leads to melting of snow/ice cover in the Arctic and therefore replacing a highly
reflecting surface with a darker one with lower albedo, which absorbs more solar
energy and results in further warming and reduction of the snow/ice extent (Serreze
and Barry, 2011).

The surface albedo feedback is known as the most significant contributor to AA
(Taylor et al., 2013). However, Graversen and Wang (2009) showed that the differ-
ence between the amplification signal with varying albedo and that of fixed albedo is
only 15%. Model studies indicated that we can explain the AA with a fixed surface
albedo, thus accounting for the leading contribution from cloud feedback (Döscher
et al., 2014; Langen and Alexeev, 2007). A similar conclusion was drawn by Winton
(2006) based on twelve climate models used in the IPCC Fourth Assessment Report.

Changes in atmospheric and oceanic heat transport

Common to all of aforementioned feedbacks is the notion that we expect to see their
peak impact close to the surface in the lowest part of the atmosphere due to the
strong atmospheric stratification in the Arctic (Serreze and Barry, 2011; Graversen
et al., 2008). However, Graversen et al. (2008) found that this pattern with a near-
surface maximum was observed only in spring.

In summer time, they found an amplification signal throughout most of the tro-
posphere with a peak between 800 and 600 hPa. This evidence was indicative of
the impact from atmospheric heat transport into the Arctic and the sensitivity of
the Arctic temperature to changes in the mid-latitude circulation (Graversen et al.,
2008; Graversen, 2006).

Aerosol feedback

Although the contribution of key parameters and mechanisms to AA is discussed
controversially (Serreze and Barry, 2011; Pithan and Mauritsen, 2014), aerosol is
one of the well-known parameters that plays a role in the Arctic climate and there-
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fore changes on a global scale (Abbatt et al., 2019; Tomasi et al., 2015). For this
reason, aerosol in the Arctic has received strong attention from the climate change
research community in recent years and our understanding of the Arctic aerosol has
been strongly advanced from the time that the Arctic was thought to be a pristine
environment.

Ten years ago, the first pieces of evidence to highlight the aerosol influence on AA
was provided by Shindell and Faluvegi (2009). They indicated that decreasing con-
centrations of sulphate aerosols and increasing concentrations of black carbon have
substantially contributed to rapid Arctic warming during the past three decades
(Shindell and Faluvegi, 2009). More details on aerosols in the Arctic are presented
in the following section.

Comparison of feedback contribution to Arctic Amplification:

Pithan and Mauritsen (2014) used TOA fluxes to decompose feedbacks and de-
termine their relative contribution to AA. As can be seen in Fig. 11, the largest
contribution belongs to lapse rate feedback. In absolute terms, albedo feedback is
the largest contributor but lapse rate feedback reduces tropical warming, which leads
to further AA. On the contrary, CO2 and water vapour feedback amplify tropical
warming and therefore weaken AA.

Figure 11: Warming contributions of individual feedback mechanisms, a) Arctic ver-
sus tropical warming from a TOA perspective, b) Arctic winter versus
summer warming, c) Arctic versus tropical warming from a surface per-
spective. For a, b and c, feedbacks above the 1:1 line contribute to Arctic
amplification, whereas feedbacks below the line oppose Arctic amplifica-
tion. Grey is the residual error of the decomposition. ‘Ocean’ includes
the effect of ocean transport changes and ocean heat uptake (Pithan and
Mauritsen, 2014).

From a seasonal perspective, Arctic warming is stronger in winter (December-Febru-
ary) compared to summer (June-August), as shown in Fig. 11. The largest contrib-
utor to seasonal warming is lapse rate feedback in winter, which dominates the

40



warming effect from water vapour and albedo feedbacks in summer (Pithan and
Mauritsen, 2014).

In non-Arctic regions where we have well-mixed troposphere, the surface tempera-
ture behaviour can be estimated from TOA fluxes. However, this is not the case in the
Arctic where a positive lapse rate feedback decouples the surface and troposphere.
To compare the effect of different feedbacks at the surface, we can break tempera-
ture feedback into two surface (emitted longwave) and atmospheric (down-welling
longwave radiation received by surface) feedbacks. The efficiency of each feedback in
increasing surface temperature is shown in Fig. 11. Surface temperature feedback is
the largest contributor (for further information, see Pithan and Mauritsen (2014)).

In the next section, we will continue discussing aerosol in the Arctic, as the main
focus of this study.

2.4 Atmospheric aerosol

Aerosol is defined as the mixture of suspended solid or liquid particles in a gas (Sein-
feld and Pandis, 1998). The radii of aerosol particles vary from nanometers to more
than a hundred micrometers and they have a different shape, size and composition
(Seinfeld and Pandis, 1998). Atmospheric aerosol - in other words, particulate matter
- can be directly injected into the atmosphere from different sources (e.g. sea spray
aerosol, dust, biomass burning aerosol, volcanic ash, primary organic aerosol) or
produced from precursor gases (e.g. sulphates, nitrates, ammonium salts, secondary
organic aerosol). These particles are found in the lowest layers of the atmosphere,
namely the troposphere and stratosphere (having a scale height of about 2–3 km),
and they can be classified in two different categories:

• primary aerosol: from anthropogenic and natural sources, e.g. industry, traffic,
households, biomass burning, agriculture, sea spray, mineral dust, volcanic ash,
plant and animal debris.

• secondary aerosol: produced from chemical processes in the atmosphere such
as gas-to-particle conversion based on precursor gases such as SO2, NO2, and
volatile organic compounds (VOC).

Figure 12: Desert dust, volatile organic compounds from vegetation, smoke from for-
est fires, and volcanic ash (credit (left to right): Western Sahara Project,
Jonathan Jessup, Vox, and Ludie Cochrane).

41



2 Scientific background

Figure 13: An aerosol model shows swirls of sea salt caught in cyclones (blue), black
and organic carbon particles emitted by fires (green), sulfate (white) and
desert dust (red). Credit: NASA Global modeling and assimilation office.

Once suspended in the atmosphere from natural or anthropogenic sources, aerosols
can be transported over long distances that may stay a few hours to several weeks
and experience different chemical and physical processes by which the size, shape,
composition and therefore physical and chemical properties of aerosols change. The
removal of aerosol from the atmosphere occurs by going through dry and wet deposi-
tions (Seinfeld and Pandis, 1998). Dry deposition includes all mechanisms involved
in the direct transport of particles onto surfaces (e.g. gravitation, collisions with
obstacles). In case of wet deposition or precipitation scavenging, a particle is inter-
cepted by cloud or fog drops, rain or snow. Due to the time scales characterising
these processes, the residence time of aerosols in the atmosphere is relatively short
compared to those of most greenhouse gases. Their relatively short lifetime together
with the heterogeneity of the sources render aerosol concentrations and composition
over the globe highly variable in both space and time.

2.4.1 Aerosols in the Arctic

The history and first signs of Arctic aerosol (haze) started with the documentation
from Nordenskiöld (1883) and Nansen (1924) about pollutants and their deposition
on the surface as dark stains in the Arctic. Later on, pilots flying over Canadian and
Alaskan Arctic (Greenaway, 1950; Mitchell, 1956) reported reduced visibility due
to a so-called ”Arctic haze”. In the beginning, the source of the haze was unknown
and debated to be the ice crystals from open leads (Ottar et al., 1986). However,
twenty years later, observations made in the 1970s raised new questions and led to
a better understanding of the chemical composition, morphology of the Arctic haze,
its structure and source. It was suggested that Arctic haze - observed as thick layers
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of 1-3 km, being hundreds to thousands of kilometres wide, with grey-blue colour in
anti-solar direction and reddish-brown in solar direction - are truly aerosols (Rahn
et al., 1977). Arctic haze occurs in vertically and spatially inhomogeneous layers
located at the lowest 5 km of the Arctic atmosphere, with the highest concentration
in the lowest 2 km. The haze is mainly composed of non-sea salt (NSS) sulphate and
particulate organic matter (POM). It also contains ammonium, nitrate, black carbon
(BC), dust aerosols, Ozone precursors (nitrogen oxides NOx) and VOCs (Law and
Stohl, 2007; Quinn et al., 2007).

Through rough trajectory analysis and experiments of chemical fingerprints showing
urban-industrial pollutants, crustal aerosols and sea salt, the origin of haze was
attributed to anthropogenic emissions and natural aerosols transported from mid-
latitudes (Rahn et al., 1977; Ottar et al., 1986).

To explain this long range transport over more than 1000 km, it is necessary to
consider several mechanisms (Ottar et al., 1986; Quinn et al., 2007). The haze event
is regularly observed in late winter and early spring (December through April). At
this time, surface temperature is low and therefore strong surface-based temperature
inversions and consequently a stable atmosphere form and reduce wet/dry deposi-
tion or any removal processes (Bradley et al., 1992). In addition, the formation of
constant potential temperature surfaces and a closed dome over the Arctic isolates
the Arctic lower troposphere from the rest of the atmosphere by a seasonally shifting
transport barrier referred to as the Arctic front (Klonecki et al., 2003). Under these
circumstances, the pollution transport is only possible from regions with the same
low potential temperature such as northern Eurasia on time scales of a few days to
weeks (Carlson, 1981; Iversen, 1984; Barrie, 1986; Rahn et al., 1977). Iversen (1986)
confirmed the linkage between the episodical occurrence of Arctic haze and indices
of meridional air exchange.

In summer time, when areas at lower latitude warm, the Arctic front recedes north-
ward and prevents the direct transport of pollution into the Arctic. Instead, long
range transport mechanisms lead to an accumulation of aerosol into the middle and
upper troposphere rather than near the surface, which is the case in winter time.
Therefore, Arctic haze is characterised with strong seasonality, with the maximum
concentration in late winter and early spring. This is linked to (Willis et al., 2018):

• the pattern and seasonality of mean circulation of the atmosphere;

• Arctic front; and

• wet removal processes during long range transport in summer.

In addition to long range transport, the regional Arctic processes associated with
solar radiation (its changes from dark polar night to polar sunrise), temperature and
sea ice also lead to change of aerosol load and its properties in the Arctic (Willis
et al., 2018):

• photochemical oxidation of organic species (from biological production, atmo-
spheric deposition, or in-situ chemical formation) within snow and ice, which
produces VOCs (Fu et al., 2009; Kawamura et al., 2010);
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• primary salt-containing aerosol from snow and ice processes (frost flowers at
ice surfaces, blowing snow which contains salt from different sources e.g. de-
position of sea salt) (Abram et al., 2013; Rhodes et al., 2018);

• release of primary marine aerosol in marginal ice zone and open leads (Kirpes
et al., 2018; Gilgen et al., 2018; Browse et al., 2014; May et al., 2016; Deshpande
and Kamra, 2014; Leck and Svensson, 2015);

• planktonic organisms within and below the sea ice that produce dimethyl-
sulphfide (DMS) and organic matter (Galindo et al., 2014; Levasseur, 2013);

• accumulation of surface emissions due to persistent temperature inversions
induced by sea ice (Pavelsky and Hall);

• control of removal processes of aerosols by sea ice via controlling moisture
transport to atmosphere and cloud formation;

• formation of new particles by oxidation products of DMS, ammonia, amines,
iodine oxides, and condensible organic species (Asmi et al., 2016; Dall’Osto
et al., 2017; Leaitch et al., 2013).

2.4.2 Physical and chemical properties

To explain aerosol properties, multiple parameters need to be taken into account
including particle size, particle number distribution (aerosol concentration as a func-
tion of size), shape and chemical composition (which determines complex refractive
index). Optical properties of aerosols are identified by the latter two parameters.

Figure 14: Scanning electron microscope images of aerosols: volcanic ash, pollen, sea
salt, and soot. Micrographs courtesy USGS, UMBC (Chere Petty), and
Arizona State University (Peter Buseck).
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In this section, the terms: volume or area distribution, the number density of the
log normal mode, an n-mode log-normal distribution, some of the relevant moments
of a log normal distribution and the effective radius are explained. The definitions
and the derivation of the terms aerosol, size, size distribution, relevant moments,
effective radius are well described by Grainger (2015) and Levy (2009).

Aerosol size, size distribution and effective radius

Aerosols can be classified based on their size or mode. The term size refer to the
diameter as defined by in-situ measurements community, or radius, used in remote-
sensing terminology. Particles with a radius larger than 1.0 µm are referred to as
coarse aerosols. Two main sources of coarse particles are mineral dust and sea salt.
Particles with a size below 1.0 µm are known as fine aerosols and include two sub-
modes: the accumulation mode (with size 0.1 to 1 µm) and nuclei or the Aitken mode
with a typical size below 0.1 µm. The primary source of the accumulation mode is
incomplete combustion (from biomass burning or coal power plants) and coagula-
tion of very fine particles categorised in the Aitken nuclei mode. These particles
are usually secondary aerosols that are produced by nucleation or condensation of
atmospheric gas compounds, but primary sea salt particles have also been observed
in this mode.

Aerosol size distribution describes the number of aerosols as a function of size. For
any size distribution of aerosol, the number concentration of aerosols as a function
of radius is related to volume or area distribution as follows:
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Aerosols in the atmosphere are found to have approximately lognormal distribution
and therefore in theoretical studies they are modelled as a lognormal distribution
defined by the effective mean radius and standard deviation. For a single lognormal
mode, the number size distribution can be written as:
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where N is the number distribution of aerosols with radius of r, N0 is the total
number, rg is the geometric mean radius and σ is the geometric standard deviation
of the lognormal mode. Bimodal size distributions are often assumed. An n-mode
lognormal distribution can be written as:
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Figure 15 indicates the typical size distribution of atmospheric aerosols. It is well
known that particles of an intermediate size in the range of 0.1 − 1 µm remain for
the longest times in atmosphere due to two main mechanisms (Shaw, 1987): coarse
particles with diameters above 1.0 µm (e.g. grains of windblown sand) are
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Figure 15: Typical bimodal atmospheric aerosol volume size distribution (Covert
et al., 1980).

Figure 16: Monthly median number size distributions (20–500 nm), measured with
a scanning mobility particle sizer at Alert, Nunavut, for 2011–2013
and with a differential mobility particle sizer at Zeppelin, Svalbard, for
2011–2013. Error bars are 20th–80th percentiles (Croft et al., 2016).
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rapidly removed, e.g. by precipitation. Fine particles with a diameter below 0.1 µm
are quickly removed by diffusion and coagulation.

The moments of a size distribution are simple metrics to express the shape of the
distribution. For a lognormal, the moments of order k, Mk are:

Mk =

 ∞

0

rk
dN

dlnr
dlnr = (rg)

kexp(0.5k2σ2) (2.6)

For example, the mean is the first raw moment of a size distribution. The effective
radius of aerosols is defined as the ratio of the third moment of the particle size
distribution to the second moment. The usefulness of effective radius, re, comes
from the fact that energy removed from a light beam by a particle is proportional
to the particle’s area (provided the radius of the particle is similar to or larger than
the wavelength of the incident light), which is why the effective radius is sometimes
called the area weighted mean radius. The effective radius of aerosols is calculated
as follows:

reff =
M3

M2
=

∞
0
r3 dN

dlnr
dlnr∞

0
r2 dN

dlnr
dlnr

=
3

4

V0

A0

= rgexp(
5

2
σ2) (2.7)

The number size distribution of Arctic haze pictured via measurements can be ex-
plained by well-aged particles with a median size of 0.2 micron (Leaitch et al., 1984;
Heintzenberg, 1980; Shaw, 1984), a range in which particles are efficient scatters of
visible solar radiation.

Chemical properties

To compute optical properties of aerosol particles, first the chemical composition and
microphysics of particles should be discussed, which tacitly expresses the amount
of water in the particle (Burrows et al., 2011). Hygroscopicity means the ability of
an aerosol particle to absorb water. Most atmospheric aerosols are hygroscopic if
the relative humidity is above the deliquescence point, the threshold at which the
aerosol goes from a solid dry phase to an aqueous or mixed solid-aqueous phase
(Tang et al., 1997). For common atmospheric aerosol particles, the deliquescence
point occurs at a very low RH (Seinfeld and Pandis, 1998). Therefore, most aerosols
can be assumed as spherical particles.

Tropospheric aerosols contain sulphate, ammonium, nitrate, sodium, chloride, trace
metals, carbonaceous material (both elemental - BC or soot - and organic carbon),
crustal element and water (Seinfeld and Pandis, 1998). Aerosols can be divided into
six major categories according to their chemical composition:

• sulfate based: produced from the oxidation of sulphur dioxide (SO2) of anthro-
pogenic (e.g. fossil fuel combustion) or natural origin (e.g. volcanic eruptions
and dimethyl sulphide (DMS) from phytoplankton);

• nitrate based: formed by oxidation processes applying to nitrate dioxide (NO2)
from anthropogenic (e.g. combustion of fossil fuels, biomass burning) or natural
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sources (e.g. microbial activity in soils, marine emissions);

• sea salt: produced by ocean-wave activity that propels salt particles into the
air, and by spume drops generated from surface tearing at the wave crests,
with a radius of 0.8 − 4 µm primarily comprising sodium chloride (NaCl).
These particles are hygroscopic and known to be the major source of cloud
condensation nuclei (CCN) (Monahan et al., 1986; Tang et al., 1997);

• ammonium salts: produced either by the reaction of gas phase ammonia NH3

with acidic species or the dissolution of NH3 in water (e.g. cloud or rain
droplets). Ammonium salts are emitted into the atmosphere from anthro-
pogenic (e.g. fertiliser application in agriculture, combustion, fossil fuels from
traffic, ships, domestic and industrial heating, etc.) and natural sources (exc-
reta of wild animals, emission from soil vegetation and ocean) (Bouwman et al.,
1997);

• mineral dust: emitted to the atmosphere during storms over arid/semiarid ar-
eas and deserts or dried agricultural lands (Ginoux et al., 2010). Dust particles
are composed of minerals such as aluminium, silicon, iron oxide and carbon-
ates;

• carbonaceous aerosols are composed of organic carbon and BC. OC is emit-
ted from both anthropogenic sources (e.g. vehicular exhaust, biomass burning,
cooking, agriculture, industry practices emitting VOC, etc.) and natural ones
(biogenic emissions in the marine atmospheric boundary layer and sea spray,
forest emissions, natural forest fires and biological metabolic processes) (Kawa-
mura and Bikkina, 2016; Rinaldi et al., 2011; Steinberg and Bada, 1984).

Arctic aerosols originate from both primary and secondary processes including nat-
ural and anthropogenic aerosols. Therefore, the chemical composition of Arctic
aerosols can significantly vary over space and time (Kokhanovsky and Tomasi, 2020).
The multimodal aerosol size distribution over the Arctic indicates three modes:

• nucleation mode with a mean geometric diameter of 0.02 µm and a geometric
standard deviation of 1.8 mainly containing small sulphuric acid droplets or
combustion matter;

• accumulation mode with a mean diameter of 0.15 µm and standard deviation
of 1.4;

• coarse particle mode containing particles mainly in the size range of 5 to more
than 8 µm from mineral dust and sea salt.

The chemical composition of Arctic haze particles has been measured and under-
stood well: Arctic haze mainly contains a mixture of sulphate, organic particulate
matter, ammonium, nitrate, dust, BC and heavy metals (Law and Stohl, 2007;
Quinn et al., 2007). Figure 17 shows one example from measurements of aerosol
chemical composition at Ny-Ålesund (N 78◦56 E 11◦55) on the island of Spitsber-
gen (Svalbard, Norway) during March-September campaigns from 2010 to 2015 and
the comparison with the central Arctic ocean.
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In Svalbard, the main source of sea salt is open ocean, and it is mainly present in
the super-micrometric fraction 1 − 10 µm (Huang and Jaeglé, 2017). Its concentra-
tion is higher in spring compared to summer. Anthropogenic sulfate together with
ammonium is known to be the major source of Arctic haze. Since sulphate is a
secondary aerosol, it is mainly present in the sub-micrometre fraction as methane-
sulphonic acid (MSA). In Fig. 17, strong seasonality of sulphate is observed with the
maximum concentration in spring because the dominant source of these particles in
the Arctic is anthropogenic and transported by Arctic haze. Nitrate plays a minor
role in Arctic haze, while OC is a major component in PM10 (coarse particulate
matter, particles in the order of 10 micrometres or less) measurements. As can be
seen from Fig. 17, mineral dust is the second most important component observed
at Ny-Ålesund.

Figure 17: Ground-level particulate matter sampled at Ny-Ålesund for different sea-
sonal periods March-May in Spring 2011-2015 and June-September in
summer 2011-2015: (a) and (b) PM10 in spring and summer respectively,
(c) and (d) sub-micrometric particles in spring and summer, (e) and (f)
super micrometric (1-10 micrometer) particles in spring and summer.
Colors indicate different constituents: sea-salt, non sea-salt sulfate and
nitrate, methanesulfonic acid (MSA), mineral dust, black carbon (BC)
and organic carbon (OC) (Udisti et al., 2020).

Since mineral dust originates from primary sources, these particles should mainly
be observed in the super-micrometric mode. However, considering the long-range
transport of mineral dust from southern latitudes and the deposition of large parti-
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cles during and before the transport, the mineral dust in the Arctic contains many
small particles, as can be seen in the sub-micrometric as well as super-micrometric
components of Fig. 17.

Figure 18: Sub-micrometric particles samples in the Central Arctic Ocean during
the ASCOS experiment from 5th August to 8th September 2008, (a) to (f)
panels show measurements at different stations. Colors indicate different
constituents: sea-salt, non sea-salt sulfate and nitrate, methanesulfonic
acid (MSA), mineral dust, black carbon (BC) and organic matter (OM)
(Udisti et al., 2020).

As mentioned above, the chemical composition of aerosols can significantly differ
with respect to time and location, as can be seen in Fig. 18 for the remote Arctic
ocean.

2.4.3 Aerosol radiative properties

Molecules and particles in the atmosphere attenuate incident solar radiation. Aerosols
may absorb or scatter radiation depending on their chemical composition, size, ori-
entation of particles and the wavelength of electromagnetic radiation. For a single
spherical aerosol, the two wavelength-dependent parameters of the complex refrac-
tive index (determined by chemical composition) and size parameter are used to
describe scattering and absorbing properties of aerosol particles and they are de-
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fined as follows, respectively:

m(λ) = n(λ) + i · k(λ) (2.8)

X =
2πr

λ
(2.9)

where the real part (n) of the complex refractive index (m) represents scattering
and the imaginary part (k) the absorption of an aerosol particle.

Scattering

Depending on the value of the size parameter, we have different scattering regimes
in the atmosphere, as shown in Fig. 19. In this section, we explain two scattering
regimes in which aerosol particles are involved: Mie theory, which is applied to
many aerosols, and Rayleigh scattering theory, which is relevant only for very small
particles compared to the wavelength of the radiation.

Figure 19: Size parameter depending on the particle radius and wavelength showing
different scattering regimes (Wallace and Hobbs, 2006).

Rayleigh scattering

If the size parameter is much smaller than the wavelength of the incident radiation
(X λ), the scattering process by molecules and small aerosol particles in the at-
mosphere is called Rayleigh or molecular scattering (Wallace and Hobbs, 2006). In
this case, the interaction of light with particles creates a dipole moment inside of
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the particle, which is proportional to the power of incident light and oscillates with
its frequency. The scattered intensity can be formulated as follows (Liou, 1992):

I(Θ, r) =
I0

r2
α2


2π

λ

4
1 + cos2 Θ

2
. (2.10)

where I is the scattered intensity with an angle of Θ to the incident intensity I0, in
a medium containing molecules or particles, and r is the distance from scattering
particle. α represents the polarizability of small particles, which can be calculated
by:

α =
3

4πNs


m2 − 1

m2 + 2


. (2.11)

Ns is the number of molecules in a unit volume and m is the refractive index of the
molecules (Liou, 1992).

As can be seen from the equation, some characteristics of Rayleigh scattering are as
follows:

• being symmetrical in backward and forward direction: I(Θ, r) = I(π − Θ, r)

• being inversely proportional to λ4, meaning that Rayleigh scattering is stronger
for shortwave radiation and therefore longwave radiation is weakly scattered
in this regime.

Figure 20: Rayleigh phase function for aerosol particle with different radii (Sinnhu-
ber, 2015).
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• being proportional to the particle size (diameter) and thus having a stronger
effect from larger particles.

• being inversely proportional to the r, meaning that the effect becomes smaller
if the distance from particle increases.

The angular distribution of scattered light (phase function) integrated over all solid
angles is as follows:

P (Θ) =
3

16π
(1 + cos2 Θ) (2.12)

The phase function for Rayleigh scattering is shown in Fig. 20. The degree of asym-
metry of scattering is indicated by the asymmetry factor (the average or statistically
expected value of the cosine of the scattering angle for the scattered radiation):

g =
1

2

 π

0

P (Θ) cos Θ sin Θ (2.13)

Values of g range from -1 for entirely back-scattered light to +1 for entirely forward
scattering. In Rayleigh scattering, g is equal to zero.

Mie scattering

If the particle size is comparable to the wavelength of the incident electromag-
netic radiation, the assumption of a single dipole moment no longer applies and a
three-dimensional charge distribution is induced. The Mie theory provides an exact
solution of the Maxwell’s equations for scattering at spherical particles, e.g. many
aerosols (Mie, 1908). The scattered intensity can be written as:

I(Θ) = I0Ωeff
P (Θ)

4π
= I0

σs
r2

 P (Θ)

4π
(2.14)

where I is the scattered intensity with a scattering angle of Θ to the initial intensity
I0, P is the phase function, Ωeff is the effective solid angle and r is the distance be-
tween the particle and the observer, σs is Mie scattering cross-section, the scattering
efficiency Qs is given as:

σs/πr
2 = Qs = c1X

4(1 + c2X
2 + c3X

4 + ...) (2.15)

where X is the size parameter and the coefficients can be written for non-absorbing
particles as:

c1 =
8

3


m2 − 1

m2 + 2

2

, c2 =
6

5


m2 − 1

m2 + 2


,

c3 =
3

175

m6 + 41m4 − 28m2 + 284

(m2 + 2)2
+

1

900


m2 + 2

2m2 + 2

2

[15 + (2m2 + 3)2].

with m being the refractive index (Liou, 1992). The phase function for Mie scattering
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is shown in Fig. 21.

The asymmetry factor is given by:

g =
4

X2Qs

∞

n=1


n(n+ 2)

n+ 1
Re(anan+1 + bnbn+1) +

2n+ 1

n(n+ 1)
Re(anbn)


(2.16)

Figure 21: Mie phase function for aerosol particle with different radii (Sinnhuber,
2015).

Mie scattering has a strong forward peak and - as can be seen from the equation
above - the asymmetry increases with the decrease of size parameter. For aerosol,
g typically ranges between 0.6 and 0.7 (mostly forward scattering) (Andrews et al.,
2006).

The Mie theory is only applicable if we assume spherical particles. For non-spherical
particles, Mishchenko (1993) showed the significant sensitivity of phase function to
the shape of particle and the importance of taking non-sphericity into account.

Extinction

For a single spherical particle, extinction is defined as the sum of wavelength-
dependent absorption and scattering coefficient or cross-section:

σext(λ) = σsca(λ) + σabs(λ) (2.17)

To calculate the extinction for a distribution of aerosol particles, one can assume
that the distance between particles is much larger compared to particle radius, and
therefore particles can be supposed to be independent of each other. For a media
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(unit volume) containing N particles with radii of r, the integrated extinction cross-
section/coefficient, is given by:

βext =


σext(r)N(r)dr (2.18)

Extinction represents the amount of electromagnetic radiation lost through its in-
teraction with particles. Following the Beer-Lambert-Bouguer law, the attenuation
of light over an infinitesimal path of length dz is given by:

dI(z, µ, φ) = −βext(z)

µ
I(z, µ, φ)dz (2.19)

where the direction of incident light is identified by the zenith angle θ (with µ = cosθ)
and the solar azimuth angle φ, z is the altitude, and σext(z) is the volume extinction
coefficient.

Aerosol optical thickness

The AOT is the integration of the aerosol extinction coefficient over the vertical
path from the surface to the TOA:

τaer(λ) =

 TOA

0

βext(λ, z)dz. (2.20)

Considering the contribution from other atmospheric particles, the optical thickness
can be re-written as:

τ(λ) = τaer(λ) + τRay(λ) + τGas(λ) (2.21)

where τaer(λ), τRay(λ) and τGas(λ) stand for aerosol, Rayleigh and atmospheric gases
optical thickness. Subsequently, the Beer-Lambert-Bouguer law (Eq. 2.19) can be
re-written as:

I(z, µ, φ) = I0(τ, µ, φ)e−
τλ
µ (2.22)

Single scattering albedo

Single scattering albedo ω0 is defined as the ratio of the total scattering to the total
extinction:

ω0 =
βscat
βext

(2.23)

Hence, ω0 is 0 for a solely absorbing particles and 1 for a solely scattering ones.
Most aerosols are weakly absorbing in mid-visible wavelengths (such as sea-salt and
water-soluble aerosols) and extinction is mainly by scattering, leading to a larger
single scattering albedo (SSA), > 0.9 at 0.55 µm wavelength. Black or elemental
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carbon have a SSA < 0.5. Mineral dust has spectral-dependent absorption and it
strongly absorbs in short visible in UV (λ < 0.47 µm) (Bond and Bergstrom, 2006).

Angstrom exponent

The Angstrom exponent α describes how AOT depends on the wavelength of elec-
tromagnetic radiation (Angstrom, 1929):

τλ
τλ0

=


λ

λ0

−α

(2.24)

where λ is the wavelength. Calculating the Angstrom exponent provides information
about the aerosol size and the slope of aerosol size distribution. If the size distribution
is dominated by large particles (e.g. sea salt and dust), α decreases and it is closer to
zero, but it increases up to 3 if the size distribution mainly contains small particles
(e.g. small sulphate and nitrate). In case of very large particles such as freshly-
injected sea salt or desert dust, the Angstrom parameter may also have negative
values.

2.4.4 Climatic effects of Aerosol

The sun is the primary source of energy for the Earth’s surface and atmosphere. The
sun’s energy in the blue, visible and near-infrared (shortwave) spectrum reaches to
the Earth. A portion of this energy is reflected back to space, while another por-
tion is absorbed and scattered by the atmosphere (aerosol, clouds and greenhouse
gases). In turn, land and ocean surfaces emit energy back as longwave radiation. The
amount of emitted longwave energy is balanced by the shortwave solar energy and
the Earth system reaches a thermal equilibrium. The Earth’s radiative forcing (RF)
can be defined as the difference between incoming and outgoing radiative energy
(Wm−2) at the tropopause after stratospheric temperatures re-adjust to radiative
equilibrium. Climate forcing factor is expressed as the imposed change of energy
(Wm−2) that affects the planetary radiation balance and changes the climate sys-
tem. In the presence of climate forcing, the climate system evolves towards a new
equilibrium. A net negative radiative budget is associated with a cooling effect, while
a positive net leads to warming the atmosphere.

Aerosol particles interact with short and longwave radiation and therefore have a
significant impact on the Arctic climate system (Najafi et al., 2015; Navarro et al.,
2016). There is strong uncertainty in our understanding of the climatic effect of
aerosols due to their short lifetime and highly uneven distribution in space and
time, which make them difficult to detect in the whole Arctic. Aerosols influence the
climate system in two different ways, namely through direct and indirect effects.

Direct radiative effects

The interaction of aerosol particles with light is strongest when the particle size is
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comparable to the wavelength of radiation. Figure 22 shows that the efficiency of
scattering and absorption of light by aerosol particles is dependent on the parti-
cle diameter. Here for light with a wavelength of 550 nm and a particle complex
refractive index, m = (1.5-0.02i), i.e. a moderately scattering and fairly weakly ab-
sorbing aerosol (Covert et al., 1980). One can see that the maximum efficiency of
scattering and absorption occurs around particle diameters of 0.4−0.5 µm at which
atmospheric aerosols also have the largest number size distribution. This coinci-
dence means atmospheric turbidity is mostly affected by aerosols in the size range
of 0.1 − 1 µm (Shaw, 1987).

The sum of scattering and absorption of shortwave (solar energy) and longwave radi-
ation (emitted from surface, cloud and atmosphere) is known as the direct radiative
effect of aerosol particles. Therefore, absorption is relatively minor compared to the
scattering effect of aerosols because most outgoing radiation has the wavelength of
7 µm at which only sea salts and some desert dust have the potential to absorb radi-
ation. Scattering of solar radiation is connected to a cooling effect while absorption
is associated with a trapping energy.

To assess the relative importance of scattering and absorption and the resulting
cooling or warming effect more precisely, one needs to consider SSA of aerosols
and surface albedo. The basic idea is that aerosols lead to cooling if they have a
SSA larger than the underlying surface, and to warming if they are darker. Figure
23 represents the combinations of aerosol SSA and surface albedo that reflects the
cooling or warming effect of aerosol particles (Kellogg, 1980). It is evident from
this figure that only some very dark aerosols can lead to warming. Anthropogenic
aerosols remote from their sources with typical SSA values in the range of 0.85-0.95
will have a cooling effect unless they are over clouds, snow or ice.

Figure 22: The extinction, scattering and absorption cross section of aerosol particles
per unit volume as a function of size, calculated from Mie theory (Covert
et al., 1980).
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In general, aerosols are known to cause a net negative direct RF (cooling) over darker
surfaces (e.g. oceans or dark forest areas) and a positive RF (warming) over brighter
surfaces (e.g. desert, snow, ice or cloud cover). Soil dust aerosols typically have a
higher SSA of 0.97-0.99, although very low values of 0.86 have been reported for the
highly absorbing red Saharan dust. Thus, most mineral dust aerosols will also result
in cooling, especially if they are blown over the oceans or vegetated areas. One can see
that dust aerosols over desert regions are near the division line between warming and
cooling. In such cases, more information with respect to aerosol size distribution and
size-dependent optical properties is necessary to determine the warming or cooling
effect.

Figure 23: The relationship between absorption-to-backscattering ratio (a/b) and
the critical surface albedo α (lower scale), and between a/b and the
imaginary index of refraction (nim, upper scale) for a given radius of
particle (dashed line). Calculations are for real part of index of refraction
equal to 1.5, and for a solar zenith angle of 65◦ (an average value taking
the globe as a whole). Shaded area indicates locus of some critical values
when infrared radiation was taken into account along with solar radiation
(Kellogg, 1980).

In the Arctic, the dominant radiative effect of aerosols is known to be cooling and
decrease of pollution in the Arctic circle, leading to a warming effect (Najafi et al.,
2015; Navarro et al., 2016). Absorbing aerosols such as BC contributes to further
Arctic warming in three different ways (Willis et al., 2018):

• trapping the incoming solar radiation, warming the lower troposphere and
cooling the surface, enhancing the atmospheric stratification and thus inducing
changes in local circulation (Engvall et al., 2009; Shindell and Faluvegi, 2009;
Rinke et al., 2004);
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• absorbing aerosols at lower latitudes, which enhances latitudinal temperature
gradients and also leads to increased pole-ward heat transport (Sand et al.,
2013a,b); and

• absorbing aerosol deposits at snow/ice-covered surface reducing the surface
albedo (Flanner, 2013).

Indirect radiative effects

Cloud-aerosol interactions affect cloud microphysical and radiative properties be-
sides the amount and lifetime of clouds and lead to indirect climate forcing by
aerosols.

Water-soluble aerosol particles with a sufficiently large size can serve as a nucleus
for the growth of water droplets (Kohler, 1921). These particles are called CCN on
which water vapour condenses when relative humidity increases until a level after
which the nucleus reaches a critical diameter and becomes activated CCN and grows
rapidly into a cloud droplet. The presence of CCN in the rapid formation of cloud
droplets is critical since the formation of cloud droplets from gas molecules requires
a large amount of energy (Wallace and Hobbs, 2006). The fraction of particles that
contribute to the formation of cloud droplets depends on the particle size, the chem-
ical composition (solubility) of the particles, the rising rate of the air mass, and the
total number of CCN present.

Although, there is no linear relationship between the CCN concentration in a given
air mass and the number of cloud droplets, an increase in the concentration of
CCN leads to a higher number of cloud droplets in a cloud. The cloud optical
depth is a function of the number of droplets besides the size of droplets, cloud
geometric thickness and the extinction efficiency of cloud droplets. The cloud albedo
is a function of cloud optical thickness, liquid water content (LWC), droplet number
concentration, size distribution, and solar elevation. Therefore, CCN can affect the
cloud albedo. In other words, an increase in the number of CCN present in a specific
amount of water vapour leads to a lesser amount of water vapour condensation on
each CCN, and as a result cloud droplets become smaller. Droplets with smaller
size scatter light more efficiently and lead to a higher albedo of cloud, whereby this
effect is called cloud albedo or the Twomey effect (Twomey et al., 1984).

In addition, the probability that raindrops can form from smaller cloud droplets is
low, which leads to a longer cloud lifetime and consequently a larger fraction of the
Earth that is covered by cloud (Albrecht, 1989). This effect is known as the cloud
lifetime effect or Albrecht effect (Albrecht, 1989).

Clouds cover on average 60% of the globe and therefore the increase in CCN num-
ber may have a significant cooling impact on the Earth. However, clouds interact
not only with the incident shortwave radiation, but also with the infrared radia-
tion emitted by the Earth. For this reason, they also have a greenhouse function
and absorbing aerosol enhances the ability of clouds to absorb longwave radiation.
Therefore, an increase in cloud density or fractional cloud cover should in princi-
ple also have a warming component in addition to their cooling effect (Ackerman
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et al., 2000). The overall outcome of aerosol and cloud interaction remains subject
to strong uncertainty. In the Arctic, different studies have indicated that clouds only
contribute to a cooling effect only in the summer and a warming effect in the rest
of the year (Doscher et al., 2014). Therefore, the increase of CCN may have either
warming or cooling effect (Willis et al., 2018). Figure 24 presents a schematic of
the above-mentioned different direct and indirect effects induced by cloud-aerosol
interactions.

Figure 24: Schematic illustration of aerosol radiative effects on climate including the
different direct and indirect effects (Haywood and Boucher, 2000).

2.5 Theoretical background for space-based aerosol retrieval

2.5.1 Radiative transfer in the atmosphere

Radiative transfer in the atmosphere describes light propagation through a medium
and the processes of scattering, absorption and emission by which electromagnetic
radiation is affected. The radiative transfer equation includes all of these processes
in a mathematical form and can be written under two different assumptions: i) plane
parallel atmosphere, and ii) spherical atmosphere. In each case, we may assume Lam-
bertian or non-Lambertian surface assumptions. Regardless of these assumptions,
there are three main sources of loss and gain of radiance Iλ along the path ds:

i) loss of radiation due to extinction (sum of scattering and absorption):

dIλ = −σext,λIλds (2.25)

where σext,λ is the volume extinction coefficient as the sum of absorption and scat-
tering coefficients.

ii) gain due to multiple scattering, whereby the scattered intensity from the direction
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Θ in direction Θ can be written as follows:

dIλ =
1

4π
ds


4π

P (Θ,Θ)Iν(Θ
)dΘ. (2.26)

where P is the phase function.

iii) gain through emission by molecules, whereby following Planck law, we can write
the emitted intensity for a black-body as follows:

Bλ(T ) =
2hc2

λ5(e
hc
kλT − 1)

; (2.27)

where k is the Boltzmann constant, λ stands for the wavelength and h is the Planck’s
constant (Salby, 1996).

Accordingly, we can write the radiative transfer equation as follows:

dIλ
ds

= −σext,λIλ +
2hc2

λ5(e
hc
kλT − 1)

+
1

4π


4π

P (Θ,Θ)Iν(Θ
)dΘ (2.28)

If we ignore multi-scattering components, the basic form of the radiative transfer
equation can be written as the Schwartzschild equation:

dIλ
σext,λρds

= −Iλ + Jλ (2.29)

where Jλ is the source function, which comprises the emitted radiation into the
beam.

The basic RTE with the assumption of a plane parallel and spherical plane will be
re-written as follows:

Plane parallel atmosphere

Atmospheric stratification results from vertical variations of temperature, air pres-
sure and density. For example, temperature has a complicated profile with altitude,
and it may increase or decrease with altitude in some regions as discussed in the
beginning of this chapter. In radiation models, to simplify the solutions and reduce
the number of computations with respect to vertical stratification of the atmosphere,
one can assume the plane parallel or flat atmosphere. In this assumption, the at-
mosphere is composed of layers that are horizontally homogeneous, and the only
variation occurs in the vertical direction. Each layer is identified by its bottom and
top. Assuming a light beam that travels in a plane parallel atmosphere, we can write
ds = dz

cosθ
, and thus RTE will be as follows:

cosθ
dIλ

σext,λρdz
= −Iλ + Jλ (2.30)
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where θ is the angle from zenith. Additionally, the optical thickness τ is defined by:

τ =

 ∞

z

σλρdz. (2.31)

This can be inserted in Eq. 2.30, giving:

µ
dIλ
dτ

= −Iλ + Jλ. (2.32)

We can apply the plane parallel assumption for cases in which the solar zenith angle
is below 60◦.
If we multiply both sides by exp(− τ

µ
) and integrate the equation from τ to τ1, the

up-welling radiation (µ ≥ 0) is formulated as follows:

I ↑ (τ, µv, φr) = I ↑ (τ1, µv, φr)exp(−
τ1 − τ

µ
) +

1

µ

 τ1

τ

exp(−τ
 − τ

µ
)J ↑ (τ , µv, φr)dτ



(2.33)

The down-welling radiation (µ< 0) is written as follows:

I ↓ (τ, µv, φr) = I ↓ (0, µv, φr)exp(−
τ

|µ|
) +

1

|µ|

 τ1

τ

exp(−τ − τ 

|µ|
)J ↓ (τ , µv, φr)dτ



(2.34)

Using Eq. 2.33 and 2.34, the radiant flux at TOA (τ=0) and surface level (τ = τ1)
are calculated as follows:

I ↑ (τ, µv, φr) = I ↑ (τ1, µv, φr)exp(−
τ1

µ
) +

1

µ

 τ1

0

exp(−τ


µ
)J ↑ (τ , µv, φr)dτ



(2.35)

I ↓ (τ1, µv, φr) = I ↓ (0, µv, φr)exp(−
τ1

|µ|
) +

1

|µ|

 τ1

0

exp(−τ1 − τ 

|µ|
)J ↓ (τ , µv, φr)dτ



(2.36)

In Eq. 2.35 and 2.36, the first term on the right side is the radiation at TOA and
surface, respectively. The second term is the atmospheric part of up-welling and
down-welling radiation in Eq. 2.35 and 2.36 respectively.

Solving these equations to obtain the radiant flux at TOA and the Earth’s surface
is a challenging task due to multiple interactions over the full range of solid angles.
Several numerical approaches (Stamnes et al., 1988; C.E., 2000; Min and Duan,
2004) have provided solutions - mostly assuming a plane parallel atmosphere - for
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this challenging task.

Spherical atmosphere

If the sun is low and the sun zenith angle is larger than 60◦, we need to take the
curvature of the atmosphere into account. Fig. 25 shows how the path of light beam
changes from a plane parallel atmosphere to spherical one. To bring a spherical
atmosphere into RTE, we need to add air mass M(z) (Kasten and Young, 1989):

dIλ
M(z)σext,λρds

= −Iλ + Jλ (2.37)

where M(z) is given by Kasten and Young (1989):

M(z) =
1

cos(z) + a(b− c)−c
(2.38)

where a=0.50572, b=6.07995 and c=1.6364.

Figure 25: Successive orders of radiation interactions in the surface and atmosphere
system, Tanre et al. (1979).

2.5.2 Reflectance in the atmosphere-surface system

To retrieve aerosol properties from space-based data, we apply the retrieval meth-
ods to TOA reflectance measurements from satellites. The geometry of sun-Earth-
satellite for TOA measurements is shown in Fig. 26: θs; θ0 and Φ are the solar zenith,
target view zenith and relative solar/target relative azimuth angles, respectively.

The scattering angle (angle between incident and reflected radiation), Θ is:

Θ = arccos(−cosθ0cosθs + sinθ0sinθscosΦ) (2.39)
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2 Scientific background

TOA reflectance is a dimensionless parameter formulated as below:

ρ(λ, µs, µv, φr) =
π · L(λ, µs, µv, φr)

cos(θ0) · F0(λ)
(2.40)

Figure 26: Sun-Earth-satellite remote sensing geometry. This schematic of observa-
tion geometry is from Kokhanovsky and de Leeuw (2009).

where L is the measured radiance (W · m−2 · s−1), and F0(W · m−2 · s−1) is the
extra-terrestrial solar irradiance at the wavelength λ.

The bidirectional reflectance measured at TOA includes different contributions from
the underlying surface and atmosphere containing gas molecules, aerosols and clouds.

To decouple surface and atmosphere contribution and isolate the aerosol impact,
the measured signal is expressed as the sum of different radiation interactions in
the coupled atmosphere-surface system, and then in the next section the radiative
transfer theory is applied to this model.

To start, the two following assumptions are considered:

• When the light passes through the entire atmosphere from the sun to surface
(downward) and surface to satellite (upward) directions, its attenuation (by
scattering and absorption) is expressed by transmission coefficients.

• Each of the downward and upward transmissions is a combination of direct (T)
and a diffuse (t) component. The direct transmission is attenuation of light in
its way (upward or downward), and the diffuse component is to account for
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multiple scattering of photons in downward/upward direction.

Tanre et al. (1979) formulated TOA reflectance as the sum of five contributions
from the atmosphere and surface as shown in Fig. 27. The TOA reflectance can be
decomposed as follows:

ρ(λ, µs, µv, φr) = ρatm + T ↓ ρsfcdirT ↑ +t ↓ ρsfcdifT ↑ +T ↓ ρsfct ↑ +t ↓ ρsfcisot ↑
(2.41)

where
- ρatm is the intrinsic atmospheric contribution (from atmospheric gases and aerosol
particles) in terms of reflectance. This term is also called path reflectance;

- ρsfc is ground reflectance and terms 2,3,4 and 5 are the interaction of photons with
surface reflectance:

• term 2 stands for the direct solar radiation reflected by the surface and repre-
sents bidirectional reflectance distribution function (BRDF);

• term 3 contains the diffuse part of solar radiation reflected by the surface, and
thus the average of the surface BRDF weighted by the contribution of the
downward diffuse;

• term 4 represents target background of target; and

• term 5 represents radiation interaction for n times with the ground.

As can be seen from Eq. 2.41, we have different terms related to the surface re-
flectance:
- ρsfcdir : the specular component of surface reflectance;
- ρsfcdif : the diffuse component of surface reflectance or the fraction of diffuse incident
radiation with solar zenith angle of θ0 scattered by the surface at θv and a relative
azimuth angle of Φ, which can be formulated as the average of BRDF weighted by
the ratio of downward diffuse radiation to the total downward radiation integrated
over all incident angles (Tanre et al., 1979):

ρsfcdif = ρ(λ, µs, µv, φr) =

 2π

0

 1

0
µL ↓ (µs, µ, φ

) · ρsfcdir(µs, µ, φ − φr)dµdφ
 2π

0

 π/2
0

µL ↓ (µs, µ,Φ) · dµdφ

(2.42)

- ρsfc: the average reflectance of the environment, which is not easy to formulate
(for further details, see (Tanre et al., 1979)). We can assume a simplified form as
ρsfcdif but at a target point of M :

ρsfc(M
, µs, µv, φr) = ρsfcdif (M

, µs, µv, φr) (2.43)

- ρsfciso : the isotropic component of surface reflectance, which can be approximated
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2 Scientific background

by the hemispherical albedo:

ρsfciso = ρdir(λ) =

 1

0

µ

 2π

0

 1

0

µρsfcdir(µ, µ, φ − φr)dµ
dφdµ (2.44)

The radiative transfer solution for surface-atmosphere is expressed as follows (Tanre
et al., 1979):

Figure 27: Successive orders of radiation interactions in the surface-atmosphere sys-
tem (Tanre et al., 1979).

ρ(M,µ0, µ, φ) = ρa(µ0, µ, φ) + exp


− τ

µ0


ρ exp


−τ
µ


+

E(µ0) ρ exp


−τ
µ


+ [exp


− τ

µ0


+ E(µ0)] ρ E (µ)+

∞
n=1

[exp


− τ

µ0


+ E(µ0)](pr)n

(2.45)

where τ is the optical thickness of the atmosphere, θ=arccosµ is the zenith viewing
angle, and φ is the relative azimuth angle. ρa(µ0, µ, φ) is the intrinsic atmospheric

contribution in terms of reflectance, exp

− τ
µ0


ρexp


− τ
µ


is the term that contains

the information from direct solar radiation reflected by the target, E(µ0)ρexp

− τ
µ


is the contribution from diffuse downward solar radiation at the ground at point M,

and [exp

− τ
µ0


+ E(µ0)] ρ E (µ) represents the first-order contribution of the tar-

get background. The geometric series in Eq. 2.45 corresponds to higher orders of

interaction with the ground, and the term [exp

− τ
µ0


+ E(µ0)](pr)n corresponds
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to radiation having interacted n times with the ground. E(µ0) and E (µ) are dif-
fuse transmittances from TOA to the surface and from the surface to the receiver,
respectively, and are given by:

E(µ0) =
1

µ0 f

 2π

0

 1

0

I ↓ (τ, µ0, µ, φ)µdµdφ (2.46)

If we assume that the surface is Lambertian - which means that it reflects the
incident radiation equally in all directions - we can write a simple approximation of
Eq. 2.40 suggested by Chandrasekhar (1960):

ρ = ρatm +
ρsfc

1 − sλρsfc
Ttotal (2.47)

where sλ is the spherical albedo of the atmosphere (atmospheric backscattering
ratio: diffuse reflectance of the atmosphere for isotropic light leaving the surface)
and Ttotal is the upward and downward transmission for both direct and diffuse
components. The second term in this simplified form accounts for multiple orders of
interaction between the ground and atmosphere. In fact, all terms in this equation
except that of the surface are a function of aerosol type, chemical composition, size
and optical depth. If the surface contribution is small (e.g. land in the UV range of
the spectrum), this approximation is sufficiently good because it is less sensitive to
the errors induced by neglecting surface BRDF effects. If the surface is black, the
entire second term on the right side is 0 (Torres et al., 2002), and therefore aerosols
can be retrieved easily. If the surface becomes brighter, larger errors are possible
when calculating surface-atmosphere interactions. In numerous aerosol and surface
property retrieval works, Eq. 2.47 is used extensively (Veefkind and de Leeuw, 1998;
Vermote et al., 1977; von Hoyningen-Huene et al., 2006).

In the following section, we will apply radiative transfer theory to the TOA re-
flectance defined above and its components.
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3 Data

In this work, several space-borne, airborne and ground-based measurements are
used for different purposes, e.g. retrieval of atmospheric and surface parameters,
validation and verification of the retrieved parameters. In the following section, all
of the data and relevant instruments are introduced in detail and the motivation
behind selecting them for this work is described:

• space-borne data for cloud identification and AOT retrieval: AATSR, SLSTR,
and for verification of cloud detection: MODIS;

• airborne data to study surface properties: Cloud absorption radiometer (CAR);

• ground-based measurements to validate cloud fraction and retrieved AOT:
SYNOP and AERONET.

3.1 Satellite data

3.1.1 Advanced Along-Track Scanning Radiometer

The Advanced Along-Track Scanning Radiometer (AATSR) was on-board Euro-
pean Space Agency (ESA)’s ENVISAT satellite, an advanced polar-orbiting Earth
observation satellite. This imaging radiometer was the third in the series of instru-
ments designed to collect data of sea surface temperature (SST) after ATSR-1 and
ATSR-2 on European Remote Sensing-1, ERS-1 and ERS-2, AATSR. AATSR was
operational from the launch of ENIVSAT in March 2002 until its failure in 2012. The
primary scientific objective behind the design of AATSR was the continuity of pre-
vious missions for SST measurement with high accuracy (higher than 0.3 K) needed
for climate research (0.5 K or better). The secondary objective was the observation
of environmental parameters such as aerosols, clouds, fires, gas flares, vegetation
moisture, biomass, and vegetation health and growth.

To meet the high accuracy of surface temperature measurement, in addition to an ex-
ceptionally precise and stable on-board calibration system, an optimal and accurate
atmospheric correction is needed. For this purpose, the conical imaging geometry
was used in AATSR to have dual-viewing capability as shown in Fig. 28. Each scene
was imaged twice sequentially to have two different atmospheric path lengths. The
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first measurement of the ground scenes is along the track of satellite but in the for-
ward direction at a viewing angle of 55◦. The second occurs 150 sec later at a close
to nadir angle. The two views theoretically yield independent information about
atmosphere and the surface to be retrieved, which makes AATSR an ideal radiome-
ter to be used in a range of atmospheric conditions and for the study of surfaces
with complex reflectance characteristics, such as snow and ice (Istomina et al., 2010).

Figure 28: Typical AATSR viewing geometries (image credit: ESA).

To derive the surface temperature, AATSR had three channels in thermal infrared
(3.7 µm, 10.85 µm, 12.00 µm). In addition, AATSR had four more channels in visible
and near-infrared spectrum: (0.55 µm, 0.66 µm), NIR (0.87 µm, 1.6 µm) to identify
cloudy areas and measure solar radiation scattered and reflected from the Earth’s
surface and atmosphere (see Table 1). The spatial resolution of the instrument is
1×1 km2 at nadir view and the swath width is 512 km.

Central wavelength in µm Bandwidth in nm Retrieval parameter

0.555 20 Chlorophyll
0.659 20 Vegetation index
0.865 20 Vegetation index
1.61 300 Cloud clearing
3.7 300 SST

10.85 1000 SST
12.00 1000 SST

Table 1: AATSR spectral channels (Huot et al., 2001).
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The unique design of AATSR offers the opportunity to extract different information
from the wide spectral coverage of this instrument, as shown in the example of the
AATSR image over Svalbard in Fig. 29. One can see the notable contrast between
the cloud and the underlying surface in the upper right panel in Fig. 29. At this
channel (1.6 µm), the reflectance over snow/ice-covered surface significantly decline.
A similar separation of snow/ice and cloud is observed in the reflectance at 3.7
µm shown in the lower left panel in Fig. 29. At the longer wavelength of 11 µm,
temperature information helps to detect thin clouds, as can be seen in the bottom
right panel. Here, thin cloud patterns appear in the south-western scenes close to
and above Svalbard, which have small signatures in the shorter wavelength.

Having a broad spectral range holds strong importance over complicated scenes
measured from satellite in which there is insufficient contrast between cloud and
the underlying surface in visible wavelengths. Combining the information from the
different channels in an appropriate way enables identifying cloud over such scenes.

Figure 29: Upper left: the RGB image of AATSR over Svalbard, 10th May 2006,
upper right: 1.6 µm reflectance, lower left: 3.7 µm reflectance, lower right:
11 µm brightness temperature.

Examples of AOT algorithms applied to AATSR data including the AATSR Dual-
View algorithm (ADV) which was initially proposed by Veefkind et al. (1999) and
AATSR single-view algorithm (ASV) by Veefkind and de Leeuw (1998), the Swansea
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University (SU) algorithm (North et al., 1999) and Oxford RAL Aerosol and Cloud
retrieval (ORAC) algorithm (Thomas et al., 2009). These algorithms typically are
not optimised for the retrieval of AOT at high latitudes, which is the focus of this
study.

3.1.2 Sea and Land Surface Temperature Radiometer

The SLSTR is on-board Sentinel-3A, which was launched on 16th February 2016 as
part of the Copernicus programme. Sentinel-3B is the second satellite in the orbit
launched on 25th April 2018. The primary mission objective was to continue the long-
term sea surface temperature data with a high level of accuracy (better than 0.3 K
for SST) provided by the previous series ATSR-1 and -2, and their successor AATSR.
The secondary objective was being used for aerosol retrieval and fire radiative power
products. The design of the SLSTR instrument follows its predecessors with respect
to conical imaging and the capability of dual-viewing to enable a robust atmospheric
correction. In addition, SLSTR has some significant improvements compared to
A(A)TSR (Coppo et al., 2010b). For instance, the swath width is increased from
500 km in AATSR to 1420 km (in single view) and 750 km (in dual view) in SLSTR.
The wider swath coverage enables the instrument to provide global revisit times of
1.9 days at the equator for the dual view and 1 day for the single view.

Table 2 indicates the wavelengths at which SLSTR delivers data. As can be seen,
the channels are similar to that of AATSR in Table 1, but with two more channels
in the SWIR, one at the wavelength of 1.37 µm and the other at 2.25 µm. The two
new extra channels are used extensively to provide more accurate cloud, cirrus and
aerosol information and also are used to correct for atmospheric radiative transfer
effects in the determination of surface reflectance (Coppo et al., 2010b). The 2.25
µm channel is also dedicated to fire detection (Coppo et al., 2010b).

Central wavelength in µm Bandwidth in nm Primary application

0.554 19.26 Cloud, vegetation, aerosol
0.659 19.25 NDVI, vegetation, aerosol
0.868 20.60 NDVI, cloud, co-registration
1.374 20.80 Cirrus detection over land
1.613 60.68 Cloud, ice, snow, vegetation
2.255 50.15 Vegetation state, cloud
3.742 398 SST, LST, Active fire
10.854 776 SST, LST, Active fire
12.022 905 SST, LST
3.742 398 Active fire
10.854 776 Active fire

Table 2: SLSTR radiometric bands (https://sentinels.copernicus.eu/web/se
ntinel/user-guides/).

One example of the SLSTR data over Svalbard is shown in Fig. 30. The upper
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left panel shows the RGB image and the upper right panel depicts the new 1.37
µm measurements. As we see from the figure, thin cirrus clouds are highlighted at
1.37 µm while they are only weakly identified in reflectance at 3.7 µm shown in
Fig. 30. Despite the strong opportunity that this wavelength offers to improve the
cloud detection methods, it is not used in this study because the developed retrieval
algorithm is designed to be applied to both SLSTR and AATSR, while the latter
did not measure the radiance and TOA reflectance at the 1.37 µm wavelength.
In addition, to incorporate 1.37 µm in any cloud detection algorithm, e.g. cirrus
detection, one should consider the high amount of water vapour absorption above
and within clouds (Meyer and Platnick, 2010).

/

Figure 30: Upper left: the RGB image of SLSTR over Svalbard, 18th April 2017,
upper right: 1.37 µm reflectance, lower left: 1.6 µm reflectance, lower
right: 3.7 µm reflectance.

In addition to the more advanced spectral coverage, SLSTR has a higher spatial
resolution (0.5×0.5 km2 in the VIS and SWIR measurements) compared to AATSR.
As mentioned above, there are differences between AATSR and SLSTR, which means
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that any algorithm developed for common use should incorporate these differences.
However, the use of the observations from SLSTR and AATSR together enables
a long-term time series of clouds and aerosol parameter retrieval, which was the
motivation behind including SLSTR in this study besides AATSR. Nevertheless,
there is a gap of 4 years between the end of the ENVISAT mission and the start of
SLSTR.

3.1.3 Moderate Resolution Imaging Spectroradiometer

The Moderate Resolution Imaging Spectroradiometer (MODIS) from National Aero-
nautics and Space Administration (NASA) flies on-board the Terra and Aqua satel-
lite launched in 1999 and 2002, respectively, as part of the Earth Observing System
(EOS) programme of NASA, and it has delivered data up to present. Terra flies on
a descending orbit (equatorial crossing time at 10:30 am), while Aqua operates in
an ascending mode and crosses the equator at 1:30 pm. The MODIS instruments
were developed for various land, ocean and atmospheric applications.

MODIS measures radiances at 36 wavelengths between 0.41 and 14µm. Depending
on the channel, the spatial resolution of the measurements lies between 250, 500 and
1000 m. Furthermore, MODIS has a short revisit time and provides nearly every
day global coverage. Global coverage, multi-spatial resolution and multi-spectral
images make MODIS a powerful instrument to meet atmospheric, oceanographic,
and terrestrial needs. In this work, we use the MODIS cloud product for verifying
the developed cloud identification algorithm.

3.2 Airborne data

3.2.1 Cloud absorption radiometer

The CAR is an airborne multi-spectral and multi-angular scanning radiometer de-
veloped at NASA’s Goddard Space Flight Center. CAR has been mounted and
operated on several aircraft from 1984 up to present within the framework of differ-
ent field campaigns around the world. The main objective of developing CAR was
to measure the SSA of clouds, the bidirectional reflectance of various surface types
and acquiring images of cloud and Earth surface features.

CAR measures both up-welling and down-welling radiances at fourteen narrow spec-
tral bands located in the atmospheric block regions of UV, visible and near-infrared
from 0.34 µm to 2.3 µm. As can be seen from Table 3, the spectral coverage of CAR
comprises important wavelengths relevant for remote sensing applications such as
aerosol retrievals. Therefore, CAR has been used in many remote sensing studies be-
sides satellite data to address the need for information about the surface reflectance.

In addition to the wide spectral coverage, the geometry of data acquisition in CAR
makes this instrument suitable for surface BRDF calculation and studies. The mea-
surement is conducted by a rotating scan mirror, which measures the full hemisphere
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and covers a wide range of zenith and azimuth angles. CAR acquires data by ro-
tating 360◦ in a plane perpendicular to the direction of flight with a 190◦ aperture
that allows collecting data from local zenith to nadir or horizon to horizon - viewing
zenith angle (VZA) [-90◦,90◦]) - with an angular resolution of 1◦. Besides, the aircraft
flies in full circles, which results in having all angles for a full BRDF in 2-3 minutes.
Depending on the flight altitude, the spatial resolution of CAR can be different, e.g.
10 m2 and 18 m2 at nadir for 600 m and 1000 m flight altitude, respectively, which
increases with the VZA, e.g. 580 m2 at 80◦ VZA for 1000 m flight altitude.

Central wavelength in µm Bandwidth in nm

0.480 21
0.687 26
0.340 9
0.381 6
0.870 10
1.028 4
0.609 9
1.275 24
1.554 33
1.644 46
1.713 46
2.116 43
2.203 43
2.324 48

Table 3: Spectral specification of the CAR instrument (https://airbornescienc
e.nasa.gov/instrument/CAR).

In addition to the special measurement geometry and wide spectral range, CAR data
are acquired at different altitudes (200, 600 and 1700 m), which provides the oppor-
tunity to evaluate the sensitivity of reflectance with respect to atmospheric effects
in the radiative transfer simulation. Having measurements close to the surface (e.g.
200 m) minimises the effect of atmosphere and makes the measurement very close
to surface reflectance. Depending on the altitude, no further atmospheric correction
is necessary and measurements can be used as surface reflectance in remote sensing
applications.

For this study, we used CAR data from the Arctic Research of the Composition of
the Troposphere from the Aircraft and Satellites (ARCTAS) campaign conducted
at Elson Lagoon, near Barrow/Utqiaġvik, Alaska, in April 2008 (Lyapustin et al.,
2010; Gatebe and King, 2016). The goal of this campaign was to study physical and
chemical processes in the Arctic atmosphere and surface.
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3.3 Ground-based measurements

3.3.1 Synoptic surface measurements

The surface synoptic observations (SYNOP) are ground-based measurement con-
ducted at manual and automated weather stations. The data are provided as nu-
merical code (called FM-12) by World Meteorological Organization (WMO). The
main objective of the product is mapping large-scale weather information around
the world. SYNOP reports a variety of meteorological parameters such as tempera-
ture, barometric pressure, visibility, etc., as well as cloud amount, which are observed
at standard synoptic hours (every 3 or 6 hours, sometimes 1 hour) simultaneously
throughout the globe. Although, SYNOP data cover the whole globe, its coverage is
limited in the Arctic circle, especially in central Arctic where data is almost entirely
absent, as can be seen in Fig. 31.

Figure 31: SYNOP network coverage over the Arctic, the dark blue points indicate
the location of SYNOP stations.

The SYNOP measurements are extensively used to validate cloud screening algo-
rithms or forecast models. In such comparison and validation studies, it is necessary
to take into account the fact that the SYNOP cloud fraction is reported in okta
scale, and proper conversion is necessary. Okta scale ranges from 0 (completely
clear sky) to 8 (completely obscured by clouds). Converting discrete okta values
to continuous percentage can be achieved in different ways. A common assumption
made by climatologists is that 1 okta is equal to 12.5% of cloud coverage (Boers
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et al., 2010; Kotarba, 2009). In addition to okta conversion, one needs to make an
estimate of the error or uncertainty contained in the measurements. It is assumed
that the man-made cloudiness estimation introduces an error of ±1 okta and even
larger values of ±2 okta in the non-zero or non-eight okta situations (Boers et al.,
2010; Werkmeister et al., 2015). Boers et al. (2010) suggested defining a larger range
of 18.75% for 1 okta instead of the commonly-used value of 12.5%. Following this
idea, Table 4 can be used for the SYNOP data application.

Percentage of cloud okta

0 0
0 <%< 18.75 1

18.75 ≤% < 31.25 2
31.25 ≤% < 43.75 3
43.75 ≤% < 56.25 4
56.25 ≤% < 68.75 5
68.75 ≤% < 81.25 6
81.25 ≤% < 100 7

100 8

Table 4: Calculation of cloudiness in percentage for corresponding okta value (Boers
et al., 2010).

3.3.2 Aerosol Robotic Network

The Aerosol RObotic NETwork (AERONET) is a network of ground-based sun pho-
tometers which measure aerosol properties under cloud-free conditions continuously
with passive remote sensing technique. NASA and the University of Lille (PHOtom-

Figure 32: AERONET global network coverage, credit: NASA.
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étrie pour le Traitement Opérationnel de Normalisation Satellitaire (PHOTONS)
established AERONET which, comprises about 700 stations around the globe (see
Fig. 32) and provided data for 25 years. The primary scientific objective behind the
AERONET was to create a database for validation of AOT retrieval within the EOS
programme of NASA.

AERONET data provide AOT, inversion products such as aerosol volume size dis-
tribution, complex index of refraction, single scattering albedo, phase functions and
perceptible water in diverse aerosol regimes (Holben et al., 1998).

AERONET data are extensively used in aerosol validation studies (Vountas et al.,
2020) due to the high temporal resolution (15 minutes), being accurate (within 0.01
to 0.021) as well as freely available.

AERONET data are categorised and available in three levels: level 1.0 (unscreened),
level 1.5 (cloud screened and quality controlled) and level 2.0 (quality assured). Data
are available via NASA website (https://aeronet.gsfc.nasa.gov/).
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4 Improved Cloud detection for Aerosol Optical Thickness retrieval

4 Improved Cloud detection for Aerosol Optical
Thickness retrieval

AOT retrieval algorithms include different steps, and cloud screening is one of the
essential ones because clouds are much brighter (depending on the cloud type and
microphysics) compared to aerosols. The strong contribution of cloud to the TOA
reflectance overwhelms the magnitude of change in reflectance due to aerosols. There-
fore, for accurate aerosol retrieval, the area of interest must be cloud-free.

In a cloud-free scene, the TOA reflectance can be decomposed into three main con-
tributions:

• reflection by the surface;

• molecular scattering; and

• aerosol scattering.

All three components are affected by scattering and absorption within the atmo-
sphere. After cloud screening, any aerosol retrieval algorithm needs to decouple the
three components or use radiative transfer models to create look-up tables and ac-
count for cross-terms.

In the following sub-sections, cloud identification and its theoretical background,
state-of-the-art algorithms, the new identification algorithm, results, validation and
verification will be discussed. A large part of the research conducted in this section
has been published by Jafariserajehlou et al. (2019).

4.1 Overview of cloud detection methods

The accuracy of cloud filtering significantly affects the accuracy of aerosol retrieval.
An inadequate cloud screening and the resulting cloud residual in the retrieval scene
leads to an over-estimation of the retrieved AOT. This is a well-known issue in
aerosol retrieval methods that use passive remote sensing (Shi et al., 2014b; Várnai
and Marshak, 2015; Christensen et al., 2017; Arola et al., 2017).

In addition, cloud contamination in aerosol retrieval limits the accuracy of further
analysis and aerosol products based on the preliminary retrieval, e.g. estimation of
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the aerosol indirect and direct effect in climate change. To minimise the uncertainty
originating from cloud contamination, the development of an adequate cloud screen-
ing method is a prerequisite to any AOT retrieval algorithm (Martins et al., 2002;
Remer et al., 2012; Wind et al., 2016; Christensen et al., 2017).

The key concept of cloud detection methods is the variation of radiance whether in
wavelength, space, time or spectral domain (Rossow, 1998). One can classify them
in four general scenarios:

• Algorithms employing time series of satellite measurements, which rely on the
fact that a clear surface exhibits unchanged or a little changed pattern within
the time series of data within a suitable time interval, whereas the radiative
properties measured at cloudy pixels show high variability in space and time.
Therefore, the clear surface is reproducible from a time series of data and
cloud patterns would be detectable by computing covariance values between
various images. Since cloudy pixels exhibit a low covariance, a clear surface
can be discriminated with a high covariance value among images (Reynolds
and Vonder Haar, 1977; Minnis and Harrison, 1984; Key and Barry, 1989;
Lyapustin et al., 2008; Lyapustin and Wang, 2009; Lyapustin et al., 2012).

• Algorithms applying single or a group of thresholds, whereby some empirically-
determined thresholds are applied to each pixel. These thresholds can be ap-
plied to spectral features or other properties of objects, such as cloud height.
In other words, the thresholds enable classifying images in different groups,
which may include cloud, snow, etc. (Rossow, 1998; Rossow et al., 1985; Allen
et al., 1990b; Breon and Colzy, 1999; Minnis et al., 2001; Trepte et al., 2001;
Spangenberg et al., 2001; Lotz et al., 2009; Kokhanovsky et al., 2009; Schlundt
et al., 2011; von Hoyningen-Huene et al., 2011; Thompson et al., 2015; Werner
et al., 2016).

• Algorithms following the spatial variability of reflectance in a scene, whereby
such approaches consider the high spatial variability of clouds in comparison
with aerosols and other surface types (Koffler et al., 1973; Coakley et al., 1982;
Gutman et al., 1987; SÈZE and Rossow, 1991; Martins et al., 2002).

• Algorithms introducing the spectral signature of an object (from surface or
cloud) as the principle parameter for picking out cloud-free pixels or classifying
clouds. In these methods, a spectral shape criterion for cloud-free surface (for
example snow) is used to screen out cloudy or other type of surface pixels
(Shenk and Holub, 1976; Inoue, 1987; Raschke et al., 1987; Istomina et al.,
2010).

4.2 AATSR standard cloud product

The standard cloud product of AATSR has been developed by ESA. This product
covers the Arctic circle, although it is not optimised for the Arctic environment. The
operational cloud mask called Synthesis of ATSR Data Into Sea-surface Temperature
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(SADIST) was initially developed to be used over the ocean surface (Zavody et al.,
2000).

The AATSR standard cloud product is developed using a threshold-based method by
applying the latitudinal thresholds for various cloud types, and it was subsequently
modified by Birks (2007) to be applicable over land (Ghent et al., 2017).

Despite the extensive successful application of the global cloud product by the
remote-sensing community, there are reported problems. For example, Kolmonen
et al. (2013a) studied the uncertainty of the AATSR cloud product and indicated
that the cloud flags in this product are noticeably restricted. In other words, using
the AATSR cloud product for aerosol retrieval led to aerosol episodes not being
observed. Additionally, SADIST is known to misclassify ice, cloud and open ocean
in polar regions. To resolve this problem, Bulgin et al. (2015) developed a Bayesian
approach within ESA’s Climate Change Initiative (CCI) project (Hollmann et al.,
2013).

Sobrino et al. (2016) reviewed different cloud-clearing methods including the AATSR
operational cloud mask in the framework of the Synergistic Use of the Sentinel Mis-
sions for Estimating and Monitoring Land Surface Temperature (SEN4LST) project.
They highlighted the potential uncertainty in different versions of this product,
which results in these errors being propagated in subsequent data products. For
example, the AATSR operational cloud mask falsely detects cloud in 16% of the
observations. This is attributed to the flagging of land features (such as rivers)
incorrectly as cloud (see Sobrino et al. (2016)).

4.3 Cloud detection over the Arctic

Cloud screening using space-borne data over the Arctic region is a challenging task
compared to masking clouds over lower latitudes. This is based on the unique at-
mospheric and environmental conditions in the Arctic, e.g. the minimal contrast be-
tween cloud and the underlying surface covered by snow and ice in commonly-used
optical, thermal and microwave channels in cloud identification methods (Rossow
and Garder, 1993; Curry et al., 1996). Figure 3 is one example of a MODIS RGB
to illustrate the challenge of separating cloud, cloud-free and aerosol scenes in the
cryosphere. In addition, the Arctic atmosphere exhibits hazes and fogs due to tem-
perature and humidity inversions, which have only a small signature in satellite
observations. Furthermore, strong variability of clouds and limitations of satellite
performance in the Arctic regions due to the poor solar illumination amplify the
difficulty of cloud detection over the Arctic (Curry et al., 1996).

One method to detect cloud-free snow and ice over high latitudes using AATSR
data was developed by Istomina et al. (2010). In this approach - here called ISTO -,
the spectral shape of clear snow is used to identify cloud-free surface covered with
snow and ice within the ground scene (Istomina et al., 2010). The ISTO method
was designed to be used as a prerequisite for aerosol retrieval over snow and ice.
Therefore, in the result, cloud-free land and ocean is also masked out in addition to
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clouds.

To detect cloud-free snow scenes which also contain air masses over snow and ice
to retrieve aerosols, a series of empirically-determined thresholds has been applied
to reflectance ratios calculated from measurements at different spectral wavelengths
selected from seven AATSR channels in the range of VIS to thermal infrared (TIR).
Although a validation study indicates that this method screens out cloudy scenes
over snow and ice in most cases, the similarity of spectral signature of snow/ice and
cloud lead to under-/over-estimation of clouds. In fact, this problem is an inherent
limitation of many threshold-based techniques, because defining a reliable threshold
to guarantee a successful identification of cloud under different atmospheric condi-
tions over various snow/ice surface types remains a challenging task.

To avoid the error arising from similarity of snow/ice spectral shape to that of
thin clouds and minimise the amount of residual thin clouds in the scene for fur-
ther aerosol retrieval, a new cloud detection method has been developed within the
framework of this doctoral work, which is explained in the following sub-sections.

4.4 Developing a new cloud detection algorithm

In this work, a new cloud identification algorithm has been developed based on
time series of space-borne measurements. Identification of clouds using a time series
of observations has a long history in remote-sensing studies (Leese et al., 1970;
Lyapustin et al., 2008). The key idea behind this approach is that cloud reflectance
significantly varies in the time series of TOA reflectance, while the surface reflectance
remains unchanged or exhibits only small variation (Lyapustin et al., 2008; Gómez-
Chova et al., 2017). To measure the temporal variation of reflectance within a scene,
an indicator such as covariance is needed. The textural pattern at the surface such as
topography features, lakes, man-made buildings and structures, etc. remains almost
entirely unchanged during a specific time interval and the coherency of data over
these features separates them from highly variable clouds (Lyapustin et al., 2008).
In this work, the Pearson correlation coefficient (PCC) is used, which is a function
of covariance.

The use of the knowledge of geometrical structures in the method minimises the error
and uncertainties arising from illumination conditions and might lead to a successful
performance of the algorithm under different conditions. However, the lack of surface
features makes the standalone use of the covarinace inadequate because the value
of covariance decreases while there is no change in the reflectance within the scene.
In addition, thin clouds do not considerably alter the reflectance of a scene, causing
under-estimation of clouds within pixels (Lyapustin et al., 2008). For this reason,
the use of PCC analysis is combined with a threshold on the reflectance of solar
radiation at 3.7 µm in which a large contrast between cloud and snow/ice-covered
surface exists. The use of this channel is described in the next sub-section.

Another argument that makes the use of time series method over the Arctic favourable
is the availability of multiple data delivered by the AATSR and SLSTR sensors over
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the polar regions. The larger the number of observations over a scene, the more
information that is available about the surface as well as more reliable statistics
and a better separation of cloud and cloud-free scene. The revisit time of AATSR
is 3-4 days over the mid-latitudes (Kolmonen et al., 2013b). At high latitudes, the
number of measured scenes increase and due to orbital convergence and therefore,
the revisit time decreases to two days over the Arctic circle (Soliman et al., 2012).
For the two SLSTR-A/B, the revisit time is less than one day at the equator (Coppo
et al., 2010a), which decreases at higher latitudes.

The newly-developed ASCIA is designed to be used as a prerequisite for AOT re-
trieval and producing a long-term data record. Therefore, it is important to account
for distinguishing cloud and heavy aerosol load adequately.

In the following sections, the theoretical background behind the algorithm design
and its application to AATSR and SLSTR is described in detail. The result of
cloud detection is validated and verified using ground-based and space-borne mea-
surement, the ESA standard cloud product for AATSR and SLSTR, MODIS cloud
product and previously-developed ISTO method.

4.4.1 Theoretical background

4.4.1.1 Pearson correlation coefficient

To analyse and have a measure of the correlation between features in the sequence
of satellite images in the given time period, the PCC (Pearson, 1896) is used. PCC
has been used in many studies as a standard statistical parameter to indicate the
strength and direction of correlation between two variables (Benesty et al., 2009).

Assuming x and y as two random variables, PCC is formulated as follows:

PCC =
COV (x, y)

σxσy
(4.1)

where COV (x, y) is the covariance of two variables and σ is the root mean square
variation of each random variable. PCC is a function of covariance, as can be seen
in Eq. 4.1. In PCC, the covariance of two variables is normalised by their standard
deviations (Rodgers and Nicewander, 1988; Benesty et al., 2009).
The covariance of two variables x and y is calculated as follows (Rodgers and Nice-
wander, 1988; Benesty et al., 2009):

COV (x, y) =
1

N2

N

i=1

N

i=1
(xi − x)(yi − y) (4.2)

and

σ2
x =

1

N2

N

i=1
(xi − x) (4.3)
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σ2
y =

1

N2

N

i=1
(yi − y) (4.4)

where x and y are the mean value of x and y variables respectively. If we combine
all equations, PCC can be formulated as follows:

PCC =

N
i=1(xi − x)(yi − y)

(
N

i=1(xi − x)2
N

i=1(yi − y)2)
1
2

(4.5)

In ASCIA, x and y refer to the reflectance of one pixel (pointing to the same target)
in two images, x and y correspond to the mean reflectance values in the selected
block (in our case 10 × 10 pixels), and N is equal to the number of images used in
PCC analysis. We assume that under cloud-free conditions the selected blocks are
stable in a short period and the resultant PCC is high. Under cloudy conditions -
at which two blocks include pixels with more variable reflectance - the PCC value
decreases.

From statistical perspective, PCC values range from −1 to +1. The larger the PCC,
the stronger the correlation (Rodgers and Nicewander, 1988). A value of +1 implies
a total positive linear correlation between the two variables x and y, which means
that a linear equation can perfectly describe the relation between x and y, whereby
both variables increase or decrease. The 0 value indicates that there is no linear
correlation, and −1 refers to a total negative linear correlation between x and y,
meaning that the increase in one variable corresponds to the decrease of another
(Benesty et al., 2009).

Prior to the implementation of the PCC analysis, two questions should be answered:

• What is the best wavelength to use for the PPC calculation?

• What is the best block size for the PCC calculation?

To answer the first question, the use of all seven channels of AATSR is tested,
including 0.55 µm, 0.66 µm, 0.87 µm, 1.6 µm, 3.7 µm, 11 µm, 12 µm. The outcome
of the analysis indicates that the visible channels (0.55 µm, 0.66 µm) are not optimal
for cloud detection over snow and ice especially in case of thin cloud, because the
contrast between cloud and surface is very small. However, the channels in SWIR
and TIR such as 1.6 µm and beyond are very suitable for PCC analysis because
the reflectance of snow and ice significantly declines at these wavelengths due to
strong absorption of liquid water and ice. The large reduction of reflectance between
clear snow/ice as compared to liquid clouds between 0.87 µm and 1.6 µm provides a
noticeable contrast between cloud and cloud-free scene, which is favourable for PCC
analysis (Kokhanovsky, 2006).

In addition to placing the PCC analysis at wavelengths where we have sufficient
contrast between cloud and the underlying surface, we need to take into account the
capability of the selected wavelengths in classifying heavy aerosol loads and clouds
correctly, because the disentangling of cloud and heavy aerosol load is a challenging
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and known issue in cloud and aerosol studies (Remer et al., 2005a; Shi et al., 2014a;
Grandey et al., 2013; Sogacheva et al., 2017). The use of the 1.6 µm reflectance partly
addresses this need because it is less affected by aerosols than visible wavelengths
(Lyapustin et al., 2008).

To answer the second question about the block size in PCC analysis, initially it
was defined as 10 by 10 pixels because ASCIA is developed to be used for aerosol
retrieval, which will be carried out with the resolution of 10 × 10 pixels. However,
our tests and previous studies show that 10 × 10 km2 is not sufficient to capture
surface patterns. Thus, blocks of 25 × 25 km2 area as proposed in previous studies
(Lyapustin et al., 2008) were used. More details about the implementation of PCC
analysis are described in the next sub-sections.

4.4.1.2 Reflectance of 3.7 µm wavelength

Cloud detection algorithms often take the advantage of contrast between cloud and
the underlying surface. In visible wavelengths, this contrast is manifested through
the measured reflectance, but in infrared channels the difference is expressed by
brightness temperature (BT), which is comprised of emission and solar reflection.
In other words, the observed signal (radiance or BT) at the top of atmosphere
during day-time in the infrared spectrum, 3 − 4 µm is a combination of thermal
(emission) and reflected part of radiation (Musial et al., 2014). To use reflectance
or emission for quantitative applications, one needs to separate them by applying
some assumptions explained in the following section. Indeed, different studies have
used the extracted information from the reflectance part of 3.7 µm or 3.9 µm to
retrieve cloud properties (e.g. effective radius, thermodynamic phase of cloud) or
separating cloud and snow/ice-covered surfaces.(Meirink and van Zadelhoff, 2016;
Klüser et al., 2015; Musial et al., 2014; Kokhanovsky, 2006; Pavolonis et al., 2005;
Rosenfeld et al., 2004; Spangenberg et al., 2001; Allen et al., 1990a).

There are two main reasons behind the extensive application of this wavelength
range in cloud identification and retrieval algorithms:

• First, the SSA of cloud at this band compared to shorter VIS and NIR wave-
lengths is different. SSA is highly sensitive to the thermodynamic phase and
particle size of clouds (Platnick and Fontenla, 2008). For example, the scatter-
ing of liquid clouds having small droplets is relatively larger than the absorp-
tion and the ratio of NIR/VIS reflectance approaches one, while in the case of
large liquid droplets or ice particles the absorption increases and this ratio is
closer to zero (Platnick and Fontenla, 2008).

• Second, the reflectance of surfaces covered with snow and ice is relatively
small compared to that of clouds at 3.7 µm channel, leading to a considerable
contrast (Derrien et al., 1993; Platnick and Fontenla, 2008).

To use the reflectance of 3.7 µm wavelength in ASCIA that detects cloud during
daytime, we need to remove the emission part from the up-welling radiation. For
this purpose, we follow the method and applied assumptions in previous studies.
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To have an estimate of emission, the independent temperature data from 11 µm
channel is used, because most phenomena behave as black-bodies and the impact
from water vapour and other gases for this channel is small (Istomina et al., 2010;
Musial et al., 2014).

To extract the reflectance of 3.7 µm, Eq. 4.6 (Meirink and van Zadelhoff, 2016;
Musial et al., 2014) is used:

R3.7 =
L3.7 −B3.7(T11)

µ0F0,3.7 −B3.7(T11)
(4.6)

where R3.7 is the reflectance, i.e. the ratio of scattered radiance to incident solar ra-
diance, whereby L3.7 is measured radiance at 3.7 µm. The contribution from thermal
emission at 3.7 µm is expressed by the Planck function radiance B3.7(T11) estimated
from the temperature value obtained from the measurements at 11 µm, whereby
F0,3.7 is the solar constant at 3.7 µm, which is weighted by µ0 as the cosine of the
solar zenith angle.

Allen et al. (1990a) calculated the reflectance at 3.7 µm channel using Advanced
Very High Resolution Radiometer (AVHRR) measurements and compared it to that
of simulations. In this work, the results of the investigation by Allen et al. (1990a)
are used to define thresholds for discriminating cloud and cloud-free snow and ice.
Table 5 shows a summary of the study by Allen et al. (1990a):

Surface/cloud type simulated R3.7 observed R3.7

Ice cloud 0.01–0.3 0.02–0.27
Liquid cloud 0.1–0.45 0.08–0.36
Clear land 0.15 0.03-0.1
Snow cover 0.005–0.025 0.02–0.04

Table 5: Simulated and observed reflectance values at 3.7 µm (Allen et al., 1990a).

Allen et al. (1990a) investigated the dependency of reflectance at 3.7 µm to different
parameters:

• for liquid clouds, R3.7 of TOA observation ranges between 0.08-0.36 and it
mainly varies by the change in cloud droplet size and solar zenith angle;

• for ice clouds, R3.7 of TOA observation is between 0.02-0.27 and it primarily
depends on the ice particle shape, size distribution, cloud optical thickness
(COT), and sun-satellite geometry.

Another study conducted by Arking and Childs (1985) indicated that calculated
3.7 µm reflectance for ice clouds varies between 0.01 to 0.30 for the COT of 0.1
to 100 and ice crystal effective radius of 2 µm to 32 µm, solar zenith angle of 60◦.
Spangenberg et al. (2001) reported a typical value of 0.04 to 0.4 for clouds.

The reflectance of snow/ice-covered surfaces depends on the snow grain size, solar
zenith angle, LWC, snow impurities, etc. Allen et al. (1990a) reported that the R3.7
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ranges between 0.005 and 0.025, assuming the snow grain size is in the range of
50 µm to 200 µm, with a solar zenith angle of 40◦ to 80◦, while the simulated values
for snow reflectance vary between 0.005 and 0.025. From satellite TOA observation,
snow reflectance varies between 0.02 to 0.04 and the difference with simulated values
can be due to several parameters such as snow impurities.

As can be seen from Table 5, R3.7 for clear land is about 0.15. Allen et al. (1990a)
indicated that this value changes with soil type, vegetation type, coverage and mois-
ture content.

In ASCIA, the advantage of existing contrast between cloud-free snow/ice and cloudy
scenes at the reflectance of 3.7 µm is exploited. Nevertheless, the following issues
need to be taken into account:

• the reflectance of snow is close to that of ice cloud: to solve this issue we
combine the information extracted from 3.7 µm with the PCC analysis;

• the reflectance of cloud is close to land (not covered with snow/ice): for this, we
extract more information from visible channels at which land is much darker
than cloud.

In the next section, the methodology and the design of ASCIA are explained in
detail.

4.4.2 Methodology

4.4.2.1 Time series data preparation

In any algorithm developed based on time-series, the first step is the preparation of
the data series. In ASCIA, we defined the temporal interval as one month. Hagolle
et al. (2015) indicated that in a series of Sentinel-2 measurements with a revisit time
of five days, each ground scene appears cloud-free at least once a month. This means
that for AATSR and SLSTR, with a shorter revisit time, this possibility is higher
and one month is sufficiently long to capture cloud-free scene at least once.

For AATSR, the amount of data over a scene varies for different latitudes between
10 to 50 per month. The number of data increases at higher latitudes. In summer
and spring - longer polar days - the number of measurements over the Arctic circle
increases.

ESA provides the geolocated and calibrated AATSR L1b data at a spatial resolution
of 1×1 km2. The second step is to geo-reference all data acquired within one month.
The geo-location information is already provided with AATSR L1b data. This in-
formation is created from the interpolation of the tie points distributed across a
single AATSR image. The geo-referencing and re-gridding step in time-series meth-
ods, leads to altering the original intensity of each pixel. However, in AATSR, there
is no need for this step as the geo-location for each pixel is already provided in the
L1b data.

It is necessary to take into account the fact that the time series data are acquired by
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the satellite from different viewing geometries. Therefore, to calculate PCC values
over the same areas from data acquired on different days, the approach looks for the
closest similar scenes using geo-location information. The closest distance is often
found to be within 0.006 degree and increases to 0.01 degree in the worst case, and
thus it is of negligible significance.

Figure 33: The schematic flowchart of ASCIA.

4.4.2.2 Cloudy and cloud-free scene identification

After finding the same targets and blocks over different dates within a month, ASCIA
comprises two main parts:

• PCC analysis at 1.6 µm;

• applying thresholds to the reflectance of 3.7 µm channel.
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In the first step, we calculate the PCC value between two images using blocks of
25×25 km2. If the PCC value is high, the block is assumed to be cloud-free. In case
of low values for PCC, the block is considered cloudy. The output of this step is a
binary value at the block level.

In the second step, ASCIA uses the information extracted from 3.7 µm channel
to produce a binary flag at the pixel level. For AATSR, pixel-level output has a
resolution of 1 × 1 km2, while for SLSTR the resolution is 0.5 × 0.5 km2.

The key idea in the design of ASCIA is to combine the above-mentioned two steps
to avoid the shortcomings of each standalone step. For example, a high PCC value
cannot guarantee the accurate identification of cloudiness, especially in the case of
thin clouds or broken clouds in which the number of cloudy pixels is not sufficiently
high within a block to significantly reduce the PCC. Another argument regarding
the shortcomings of the usage of the PCC is that the value is low if the surface
does not include sufficient textural patterns or a sudden change in the short time
interval. Again, in this case the reflectance of 3.7 µm channel provides important
information.

Lyapustin et al. (2008) suggested a PCC of 0.63 as the suitable threshold to iden-
tify cloudy and cloud-free blocks at mid-latitudes where we have sufficient textural
patterns. Considering the decrease of surface topography and man-made structures
in the Arctic circle, we defined a lower value of 0.4 for ASCIA in the polar regions.
Based on the statistics in this work, 0.6 is appropriate over lower latitudes.

First, two images (the last and previous one) are compared and the first binary flag
at the block level is produced. ASCIA keeps the result in memory and repeats the
PCC calculation between the last image and second previous data. Based on the
new outcome, the binary flag is updated. This procedure continuous until the last
data of month is involved in the PCC calculation.

The output of the first step enters the second step to convert the block-level cloud
to pixel-level one. We emphasise that the threshold of reflection at 3.7 µm channel is
defined differently for cloudy (with low PCC) and cloud-free blocks (with high PCC).
Because the snow/ice reflectance at 3.7 µm channel (0.005-0.025) has interference
with those of ice clouds (0.01-0.3) at this wavelength, the PCC analysis is defined
as a decision point of ASCIA for further steps as follows:

• For a high PCC ≥ 0.4, the whole block is considered to be cloud-free and then
the algorithm starts looking for remaining small cloud scenes within a block,
with scenes with R3.7 larger than the maximum value observed over snow at
3.7 µm: R3.7 >0.04, (Allen et al., 1990a).

• For PCC <0.4, the block is assumed to be cloudy, whereby ASCIA removes all
scenes within the block and only keeps scenes that satisfy the R3.7 test when
<0.015. This threshold is equal to or smaller than the lowest observation of
ice cloud reflectance at 3.7 µm (Allen et al., 1990a).

In summary, in the ASCIA, PCC analysis controls the procedure and the conser-
vative decision is only made within blocks with a low PCC value. The loss of some
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cloud-free scenes in blocks with a small PCC is an unavoidable side effect of using
strict criteria in particular over land if it has small PCC and large 3.7 µm reflectance
values. However, the ASCIA detects the presence of thin cirrus cases with a rela-
tively high accuracy. A schematic flowchart of the approach is shown in Fig. 33, with
the use of the two main constraints being highlighted.

Surface type Test Description

Water R0.87 <11% and NDSI ≥ 0.4 MODIS ATBD
Sea ice R0.87>11% and NDSI ≥ 0.4 Hall et al. (2001)
Land R3.7 >0.04 and R0.66 <0.2 or NDSI <0.4 Allen et al. (1990a)
Snow R3.7 ≤ 0.04 Allen et al. (1990a)

Table 6: Land classification criteria for cloud-free scenes.

Figure 34: Examples of the results of ASCIA on AATSR observations, first row:
over the scenes over Greenland, between (75◦N, 48◦W), (75◦N, 75◦W),
(81◦N, 48◦W), (81◦N, 75◦W), taken on 18th May 2008 and second row:
over Svalbard, within (75◦N, 4◦E), (75◦N, 32◦E), (81◦N, 4◦E), (81◦N,
32◦E) on 1st March 2008. Left panels: RGB false-colour images (using
0.67, 0.87 and 0.55 µm channels), middle panels: cloud detection at block
level(25×25 km2), right panels: cloud detection at scene level (1×1 km2).

In addition to picking out cloudy scenes, a simple land classification procedure is
undertaken in this step of the ASCIA. Snow/ice scenes are identified with low 3.7 µm
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reflection, whereas land scenes with high reflection are classified with the aid of
the darkness test over visible channels. The corresponding thresholds for the land
classification scheme are listed in Table 6.

In ASCIA, a land scene may refer to soil, different types of vegetation cover or
even melting snow. If the latter is mixed with soil, it becomes sufficiently dark to
be filtered out from the snow class. Sea ice is distinguished from water based on
its higher brightness: one scene might be sufficiently white to be considered as ice,
whereas melting or broken ice would not be labelled as ice. Snow over sea ice is not
distinguished from pure sea ice and both of them are labelled as sea ice. This also
means that ice over land is also marked as snow as well as pure snow.

Figure 34 shows representative examples of the ACIA performance and the resultant
cloud flag at the block level 25 × 25 km2 in the middle panel and converted to the
pixel level of 1 × 1 km2. The scene depicts the region over northwest Greenland
in spring-time enclosed in the coordinates for four corners (75◦N, 48◦W), (75◦N,
75◦W), (81◦N, 48◦W), (81◦N, 75◦W) taken on 18th May 2008. In this example, we
can see the performance of ASCIA over a combination of fairly homogeneous snow
cover, land, ocean, sea ice and cloud. As we discussed earlier, the ambiguity of the
PCC analysis over homogeneous surfaces on the right side of AATSR scene in Fig.
34 is entirely compensated by using additional information from the 3.7 µm channel.
Another example in Fig. 34 is taken over a surface with highly variable topography
at Svalbard in March with a relatively high solar zenith angle (>80◦), enclosed in the
coordinates for four corners (75◦N, 4◦E), (75◦N, 32◦E), (81◦N, 4◦E), (81◦N, 32◦E)
acquired on 1st March 2008.

4.4.3 Results and comparison to space-borne cloud products

In this section, the developed ASCIA algorithm is applied to AATSR and SLSTR
L1b (TOA reflectance) gridded data with a nominal spatial resolution of 1 km at
nadir view and a swath width of 512 km. The input file to the process chain is one
scene of the AATSR L1b product with the whole month data of the date of interest.
The output comprises five classes of surface types including snow/ice, sea ice, ocean,
cloud and land. The location and time of selected case studies are considered to
match with our main purpose, which is cloud detection for aerosol retrieval over the
Arctic.

For this aim, the data are selected from:

• 2006, when a strong Arctic haze was reported with an origin in agricultural
fires burning in Eastern Europe (Law and Stohl, 2007); and

• 2008, when validation data is available from SYNOP stations.

One month of data from each season of these years is selected from AATSR mea-
surements over Greenland and Svalbard to assess the performance of the algorithm
under a wide range of conditions. In order to take into account various surface types
in the Arctic, case studies including highly variable topography (e.g. Svalbard) and
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very homogeneous snow cover (e.g. Greenland), coast lines, land and ocean along
snow- and ice-covered surfaces are defined. Therefore, the design of algorithm is ad-
justed to make the algorithm sufficiently flexible to perform adequately over various
parts of the Arctic under different solar illumination conditions, except for polar
winter-time, when only thermal measurements are available.

The results obtained in this study are compared with AATSR L2 nadir cloud flag
and those of a previously-suggested method using the spectral shape of cloud-free
snow. Further details about this approach can be found in Istomina et al. (2010).

In summary, three different satellite cloud products have been used in this work
to qualitatively validate and verify ASCIA: (i) the AATSR L2 nadir cloud flag;
(ii) results obtained with ISTO (Istomina et al., 2010); and (iii) the MODIS cloud
product. For a quantitative validation, the results of ASCIA are compared with
ground-based measurements described in the next section.

Figure 35 shows the AATSR scene over northwest Greenland where a combination of
very homogeneous snow cover, land, ocean, sea ice and cloud was found. As discussed
before, the lack of performance of the PCC analysis over a very homogeneous surface
due to less surface patterns like on the right side of the AATSR scene in Fig. 35
is entirely compensated by additional information from the 3.7 µm channel. Thin
and broken clouds are well detected over smooth snow cover as well as clouds over
the southern part of the scene, which is covered with snow and ocean. However, the
ESA standard nadir cloud flag and the ISTO method based on spectral shape of
snow were unable to detect these thin and broken clouds. Misclassification of thin
cirrus cloud and clear snow is reported to be an unresolved problem of the ISTO
approach.

The difference between the results of ASCIA and ISTO is described in the right panel
of Fig. 35, in which the dark-blue regions show clouds not detected by ISTO but
identified by ASCIA. The reddish regions show cloud-free cases that ISTO fails to
detect but are correctly labelled by ASCIA as cloud-free. In addition to the edge of
clouds - which are difficult to detect over snow and ice - there is a significant number
of undetected cloud scenes in the ISTO results, which are identified successfully by
ASCIA. However, for the rest of these two scenes, the two algorithms show good
agreement. The ESA cloud product from L2 data over-estimates cloud, which leads
to a loss of clear snow and ice scenes. The tendency of this product to flag clear
scenes as cloud is also visible in the next examples.

Figure 36 is another example of cloud detection over Svalbard on 10th May 2006. The
AATSR scene includes ocean, cloud over the ocean, the snow/ice-covered surface of
Svalbard with highly variable topography and sea ice with a thin cloud over it.
In addition to a clear signature of thin cloud over sea ice in the 1.6 µm channel
that is distinguishable based on visual inspection, the extracted reflection part of
the 3.7 µm channel confirmed the presence of a thin cloud over the south-west
part of Svalbard. Nevertheless, both the ESA standard cloud detection method and
the previous approach failed to detect this thin cloud, which is mostly detected by
ASCIA.
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Figure 35: (a) The RGB false-colour image (using 0.67, 0.87 and 0.55 µm channels)
of AATSR over northern Greenland, 24th May 2008; (b) nadir cloud flag
from the AATSR L2 product; (c) cloud detection based on the spectral
shape of clear snow; (d) cloud detection of ASCIA and (e) the difference
between ISTO and ASCIA.

In addition to the problem with thin cloud, the lack of good performance in winter-
time over the Arctic with high solar zenith is observed in all of the results of the
ISTO method and AATSR standard cloud product. In winter time, the problems
of cloud detection over highly reflecting surface are amplified with a very large
solar zenith angle (larger than 80◦), which leads to false detection of clouds in the
mentioned methods. Figures 36 and 37 are two examples over Svalbard that reveal
the potential deficiency of these methods, which is considered and mitigated in our
algorithm. The time series algorithm is adjusted to this problem by considering a
wide range of solar zenith angle (40◦ − 80◦), which leads to defining the reflectance
of snow/ice between 0.02 and 0.04 at the 3.7 µm channel.

Figure 36: (a) The RGB false-colour image (using 0.67, 0.87 and 0.55 µm channels)
of AATSR over Svalbard, 10th May 2006; (b) nadir cloud flag from the
AATSR L2 product, (c) cloud detection based on the spectral shape of
clear snow, (d) cloud detection of ASCIA and (e) the difference between
ISTO and ASCIA.

The results in Fig. 37 show undetected clouds as another problem of the AATSR
level 2 cloud product, which happens frequently at large solar zenith angles. Over
a highly variable surface type such as Svalbard, the reflection at 3.7 µm can have
large values such as 0.035, which is similar to that from cloud reflection. In this case,
the PCC analysis holds strong importance for keeping cloud-free snow scenes from
the strict criteria of the second step, in particular in cases with larger solar zenith
angles.
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Figure 37: (a)The RGB false-colour image (using 0.67, 0.87 and 0.55 µm channels)
of AATSR over Svalbard, 18th March 2008; (b) nadir cloud flag from the
AATSR L2 product; (c) cloud detection based on the spectral shape of
clear snow; (d) cloud detection of ASCIA and (e) the difference between
ISTO and ASCIA.

Figure 39 shows an example of a haze event over Svalbard on 3rd May 2006. As dis-
cussed in Section 4, computing the PCC using 1.6 µm channel provides the algorithm
with the capability of cloud detection without misclassifying it with heavy aerosol
plumes over the Arctic. Both the ESA cloud product and ISTO method showed good
performance in this case, except the undetected thin cloud pixels that are falsely
detected as clear snow in case of the ISTO. The appropriate design and applica-
tion of PCC analysis enables clouds to be discriminated from heavy aerosol loads.
However, aerosol loads above clouds could not be separated from cloudy scenes. The
only season in which all three approaches detected clouds with similar efficiency was
in July, as shown in Fig. 38.

Figure 38: (a) The RGB false-colour image (using 0.67, 0.87 and 0.55 µm channels)
of AATSR over Svalbard, 6th July 2008; (b) nadir cloud flag from the
AATSR L2 product; (c) cloud detection based on the spectral shape of
clear snow; (d) cloud detection of ASCIA and (e) the difference between
ISTO and ASCIA.

ASCIA has an overall better performance compared to the standard AATSR cloud
mask and the ISTO approach, in particular for thin clouds. However, the required
computational time for cloud detection and surface classification is larger than for
the two other methods.

In addition, the results of ASICA are compared with the MODIS cloud product. As
an example, Fig. 40 shows the AATSR scene over Svalbard on 14th July 2008 where

95



4 Improved Cloud detection for Aerosol Optical Thickness retrieval

a large part of sea ice is covered with thin clouds which have a negligible signature in
visible channels. The middle panel shows the MODIS cloud mask for the same area.
In spite of a small time difference of 15 minutes between MODIS and AATSR data
acquisition time, we can see cloudy scenes of ASCIA highly correspond to those of
MODIS.

Figure 39: (a) The RGB false-colour image (using 0.67, 0.87 and 0.55 µm channels)
of AATSR over Svalbard, 3rd May 2006; (b) nadir cloud flag from the
AATSR L2 product; (c) cloud detection based on the spectral shape of
clear snow; (d) cloud detection of ASCIA and (e) the difference between
ISTO and ASCIA.

Figure 40: (a) The RGB false-colour image (using 0.67, 0.87 and 0.55 µm channels)
of AATSR over Svalbard, 14th July 2008, 16 h 40 min 45 s, (b) The
MODIS cloud mask algorithm retrieved data: 1 is cloudy, 2 is probably
cloudy, 3 is probably clear, 4 is clear (red rectangle shows the coverage
of AATSR) for 16 h 25 min, (c) the results for the cloud detection of
ASCIA.

Figure 41 shows another example over the north-west of Greenland on 18th May
2008. The thin and broken clouds are well detected over the snow cover by ASCIA,
as well as the clouds over the southern part of the scene, which is covered with snow
and ocean. As we can see from the comparison between ASCIA and MODIS cloud
identification, cloudy scenes in the northern part of scene are not captured by the
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MODIS product, but the presence of clouds is seen in the RGB image in the left
panel.

Figure 41: (a) The RGB false-colour image (using 0.67, 0.87 and 0.55 µm channels)
of AATSR over Greenland, 18th May 2008, 23 h 13 min 38 s, (b) The
MODIS cloud mask: 1 is cloudy, 2 is probably cloudy, 3 is probably clear,
4 is clear (red rectangle shows the coverage of AATSR) for 23 h 5 min,
(c) cloud detection of ASCIA.

Other cases with similar differences have been found, especially for thin and broken
clouds. There are two potential sources of these differences: (1) time differences,
which are 10 minutes in this case; or (2) an inadequate performance of the MODIS
cloud mask over bright surfaces covered by snow and ice.

Figure 42: (a) The RGB false-colour image (using 0.67, 0.87 and 0.55 µm channels)
of SLSTR over Svalbard, 18th April 2017, 10 h 15 min 6 s, (b) The MODIS
cloud mask: 1 is cloudy, 2 is probably cloudy, 3 is probably clear, 4 is
clear (red rectangle shows the coverage of AATSR) for 11 h 30 min, (c)
cloud detection of ASCIA.
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Due to the loss of ENVISAT and thus AATSR data in 2012 and the need for long
time series of consistent data, we also tested ASCIA with data of the AATSR suc-
cessor SLSTR. Figure 42 shows results over Svalbard from 18th April 2017. Due to
the smaller swath width of AATSR compared to SLSTR, ASCIA is not applied to
the full coverage of SLSTR and the selected scene is cropped to have a similar cov-
erage of 500×500 km2. Despite, of some unresolved calibration issues in this sensor,
the higher spatial resolution in SLSTR clearly helps to improve cloud identification
in the first step, because the PCC analysis is more sensitive to smaller changes in
0.5×0.5 km2 scenes compared to 1×1 km2. Moreover, the shorter revisit time of
the Sentinel-3 satellite provides more acquired images over the same scene. This
results in a larger number of reference images compared to those from ENVISAT.
Overall, these effects result in an expected improved performance of ASCIA when
applied to SLSTR data compared to when it is applied to AATSR. The comparison
of MODIS and ASCIA results indicates that ASCIA detected more cloudy scenes
than the MODIS algorithm in agreement with the above.

4.4.4 Comparison to ground-based measurements

In this section, a quantitative validation of ASCIA results against SYNOP and
AERONET measurements is presented. The ESA standard cloud product is also
compared with the mentioned validation data sets.

In addition to the discussed details for recalculating continuous percentage values
using discrete okta ones, one might take into account the difference in spatial and
temporal resolution of two products to increase the reliability of validation.

To define the optimal maximum temporal difference between SYNOP and satellite
data, other validation activities used different temporal intervals such as 10 min
(Werkmeister et al., 2015), 15 min (Musial et al., 2014), 1 h (Dybbroe et al., 2005)
and 4 h (Meerkötter et al., 2004).

The investigation and results in the previous publications indicate that temporal
differences in the validation of satellite retrievals against SYNOP depend on meteo-
rological conditions. Allowing only a small temporal difference between measurement
data sets (here, SYNOP and ASCIA) ensures an optimal temporal overall but can
introduce a significant sampling error due to the small number of scenes suitable for
validation (Bojanowski et al., 2014). According to Bojanowski et al. (2014), tempo-
ral difference of 90 min between measurement datasets (SYNOP measurements at a
temporal resolution of 3 hand satellite retrievals) minimises the sampling error. How-
ever, a potentially longer temporal difference will introduce an error, which should
be considered among other sources of uncertainty (different viewing perspective,
different spatial footprint, etc.).

Here, we considered only the AATSR measurements with suitable acquisition time,
which means that the difference between the recording time of satellite data and
SYNOP is minimal. In most cases, this time difference is below ±20 minutes and
generally does not exceed ±45 minutes. Moreover, to compare surface measurement
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from the SYNOP hemispheric view with the cloud mask (with 1×1 km2 resolution)
achieved from satellite measurement, the cloudiness is calculated as the percentage
of cloudy pixels within a block of 20×20 km2 around each SYNOP station over
the cloud mask, since, similar distance is considered in previous studies to validate
satellite-based cloud masks against surface measurements (Kotarba, 2017; Werk-
meister et al., 2015; Minnis et al., 2003).

The cloud detection data product was then compared to the three selected months
(March, May and July) of SYNOP observations. These result in 100 measurements
over Svalbard and Greenland. In Fig. 43, the relation between the calculated cloud
fractional cover (CFC) from ASCIA and SYNOP measurements, is presented as well
as the density plot of occurrences of the CFC by ASCIA as a function of SYNOP,
following the idea of Werkmeister et al. (2015).

The two data sets have a correlation coefficient of R=0.92. In 31% of the scenarios,
ASCIA estimates one okta more than SYNOP, while in 14% of match-ups SYNOP
shows a higher CFC of one okta. Figure 43 also reveals that most of the ±1 okta
differences occur when either SYNOP or ASCIA estimate seven or eight oktas, which
could be due to the definition of eight oktas (100% CFC) and the conversion of a
continuous percentage to okta (Werkmeister et al., 2015). For instance, CFC of
99.9% is considered as seven oktas by using Table 4, but the CFC difference is only
0.1% with eight oktas.

The under-estimation of CFC by SYNOP is also indicated in the histogram of the
difference between ASCIA and SYNOP in Fig. 44. This under-estimation has also
been confirmed by previous studies (Kotarba, 2009; Werkmeister et al., 2015).

Figure 43: Density plot of occurrences of the CFC by ASCIA as a function of
SYNOP.

The accuracy of ASCIA for cloud detection is better compared to the ESA cloud
product. The cloud cover reported from SYNOP agrees in 96% (within ±2 okta)
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and 83% (within ±1 okta) of the observations with the cloud identification data
from ASCIA. As discussed earlier, an error of ±1 to ±2 okta would be expected as
the accepted accuracy range from SYNOP cloud cover values due to the man-made
nature of the observation and viewing conditions (Boers et al., 2010; Werkmeister
et al., 2015).

In comparison, the ESA cloud product agrees 68% (within ±2 okta) and 50% (within
±1 okta) with SYNOP CFCs.

Figure 44: Histogram of CFC differences (blue is ASCIA minus SYNOP; red is ESA
cloud product minus SYNOP).

Figure 45: CFC in percentage by ASCIA (red), SYNOP (blue) and ESA Cloud Prod-
uct (green) for 100 scenarios in March, May and July 2008over Svalbard
and Greenland. Light-blue error bars show the range of percentage values
for each okta from SYNOP measurements.

The larger differences between the SYNOP and ESA cloud products are also indi-
cated in Fig. 45, where the CFC values are shown as percentages for ASCIA, ESA
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and SYNOP for the validation scenarios. The blue error bars indicate the range of
okta values for each SYNOP as explained in Table 4. The ASCIA cloud identification
results have been validated against AERONET level 1.5 measurements, which are
cloud screened. The procedure for this validation takes place in two steps: (1) con-
verting AERONET-observed AOT to a cloud flag (AOT is provided in AERONET
only under cloud-free conditions); and (2) validation of ASCIA with AERONET
cloud flag. In 86.1% of 36 studied scenes over Svalbard, both ASCIA and AERONET
confirm the presence of clouds.

4.4.5 Supporting ACLOUD/PASCAL campaign with ASCIA

In the framework of (AC)3 project, two comprehensive field studies were conducted:
the Arctic Cloud Observations Using Airborne Measurements during Polar Day
(ACLOUD) aircraft campaign and the Physical Feedbacks of Arctic Boundary Layer,
Sea Ice, Cloud and Aerosol (PASCAL). The aim of these campaigns was to study
cloud properties, aerosol impact on clouds, atmospheric radiation, and turbulent
dynamical processes. The location of both campaigns was in the vicinity of Svalbard,
Norway, in May and June 2017.

Figure 46: Multiplatform measurement setup during the ACLOUD/PASCAL cam-
paigns, for details see Wendisch et al. (2019).

Figure 46 is a schematic presentation of different platforms involved in ACLOUD and
PASCAL campaigns. For instance, one aircraft (Polar 5) observed cloud from top
while another aircraft (Polar 6) conducted measurements into and below the clouds.
Ground-based observations provided measurements of vertical column of cloud. The
aerosol particles were measured using remote-sensing techniques with instruments
carried by the R/V Polarstern (ship and ice floe camp) and at Ny-Ålesund. Satellite
observations are also part of these multiplatform campaigns. More details about
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ACLOUD and PASCAL campaigns can be found in Wendisch et al. (2019). Figure
47 shows the flight paths and ship tracks during ACLOUD/PASCAL campaigns.

Figure 47: Flight paths (light blue for Polar 5 aircraft, pink for Polar 6 air-
craft) and R/V Polarstern ship track (black and white line) during the
ACLOUD/PASCAL campaigns. For details see Wendisch et al. (2019).

ASCIA was involved in the ACLOUD/PASCAL campaign, and it provided daily
cloud fraction in the region of interest using SLSTR measurements. Figures 48 and
49 show two examples of cloud detection results and calculated cloud fraction per
orbit pass. In each day, there are at least six satellite overpasses for this area. To
calculate the daily average cloud fraction, we selected only morning orbits by which
the region of interest is fully covered. Note that the Svalbard archipelago is excluded
from the cloud fraction calculation.

In Fig. 48 and 49, the measurements at 1.6 µm beside the result of cloud detection
from ACIA are depicted, because the contrast between cloud and snow/ice surface
at 1.6 µm helps to estimate cloudiness visually and compare it with the results
of ASCIA. Figure 50 shows the calculated cloud fraction for the whole time series
of ACLOUD/PASCAL campaign from 23rd May to 26th June 2017. In addition to
ASCIA, the cloud fraction from MODIS is presented as well as the cloud type. The
general agreement between ASCIA and MODIS is promising. Nevertheless, as can
be seen, ASCIA indicates higher cloud fraction especially in the presence of high ice
cloud. The comparison studies shown thus far in this work indicated that ASCIA
shows better performance compared to MODIS, but the difference between ASCIA
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Figure 48: Cloud fraction calculated by ASCIA using SLSTR measurements over
Svalbard, on 23rd May 2017 for 6 orbits with corresponding measurements
from 1.6 µm channel. Cloud fraction is derived for the area of the airborne
operation (77.5◦–80◦N, 0◦–10.5◦E and 80◦–82.5◦N, 0◦–20◦E), excluding
the Svalbard archipelago.

Figure 49: Cloud fraction calculated by ASCIA using SLSTR measurements over
Svalbard, on 10th June 2017 for 6 orbits with corresponding measurements
from 1.6 µm channel. Cloud fraction is derived for the area of the airborne
operation (77.5◦–80◦N, 0◦–10.5◦E and 80◦–82.5◦N, 0◦–20◦E), excluding
the Svalbard archipelago.
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Figure 50: Time series of daily means of cloud fraction of different cloud types as
derived from MODIS cloud product (Collection 6.1). The daily mean
values of the top height of low-level clouds and cloud fraction were de-
rived for the area of the airborne operation (77.5◦–80◦N, 0◦–10.5◦E and
80◦–82.5◦N, 0◦–20◦E), excluding the Svalbard archipelago. Daily mean
cloud fraction, derived from ASCIA using the SLSTR data, is shown by
triangles. For details see Wendisch et al. (2019)

and MODIS could also originate from the difference in the orbit overpass time of
satellites. The minimum and maximum cloud fraction of the day is shown in Fig. 51.
Interestingly, in some of cases, e.g. 1st June, the results of ASCIA (minimum cloud)
are closer to that of MODIS. This can partly explain the origin of differences: time
difference between the acquisition of measurements.

Figure 51: Similar to Fig. 50 but showing minimum and maximum cloud fraction
per day.
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5 Improved assessment of BRF and snow surface
reflectance for Aerosol Optical Thickness retrieval

5.1 Introduction

For aerosol retrievals over the Arctic area, accurate knowledge about the surface is
needed. In fact, retrieving atmospheric variables, e.g. aerosol, trace gases, etc. over
polar regions using space-borne data requires accurate modelling of directional signa-
ture of the snow reflectance to decouple the measured TOA reflectance from highly
reflecting snow/ice-covered surface (Istomina et al., 2010; Jafariserajehlou et al.,
2019). In this section, the properties of snow covered surface and the reflectance in
a snow-atmosphere system are presented. To better understand the effect of surface
properties and different parameters in the overlaying atmosphere that contributes
to the reflected radiance from a snow-atmosphere system, a sensitivity study is con-
ducted. Furthermore, the accuracy of the radiative transfer model - used in this
work - for modelling the reflectance of snow surface for aerosol retrieval is esti-
mated. A large part of the research conducted in this section has been published by
Jafariserajehlou et al. (2021).

In addition to the importance of surface properties for aerosol retrieval - which is the
main motivation behind the study - the key role of snow extent and type in climate
change, highlights the importance of developing methods for better modelling of
snow. Snow/ice-covered surface has the highest reflectivity among different surface
types on Earth. The changes of snow extent and therefore albedo - especially over the
polar regions - influence the climate of the globe and play an important role in AA
(Schneider and Dickinson, 1974; Curry et al., 1995; Cohen et al., 2014; Kim et al.,
2017). An accurate knowledge of optical properties of snow, angular distribution of
reflected light from the snow surface and the subsequent derivation of albedo hold
fundamental importance for assessing snow/ice-related climate feedbacks.

In the past, a large number of experimental and theoretical studies have been con-
ducted to measure and model the reflectance properties of snow. The beginning of
these studies started with the analysis of transmittance and reflectance of a layer
comprising snow (Middleton and Mungal, 1952; Dunkle and Bevans, 1956). The scat-
tering of snow surface was explained by a radiative transfer model for the first time
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by Barkstrom (1972). These studies continued with substantial progress in under-
standing the angular distribution of snow reflectance that have been made through
applying RT models and experimental efforts (Wiscombe and Warren, 1980; Warren
et al., 1998; Arnold et al., 2002; Painter et al., 2003; Kokhanovsky and Zege, 2004;
Li and Zhou, 2004; Hudson et al., 2006; Hudson and Warren, 2007; Lyapustin et al.,
2010; Kokhanovsky and Breon, 2012).

The main scattering patterns of a snow/ice-covered surface have been revealed
throughout these studies. Snow surface has an anisotropic nature and is not a Lam-
bertian reflector (Warren, 1982; Lyapustin et al., 2010), e.g. it has a pronounced
forward peak, the larger anisotropy in the principal plane (i.e. observations that lie
in the same plane as the local vertical and the incoming direct solar radiation are
referred to as reflectance in the principal plane) compared to perpendicular plane
(orthogonal to principal plane). These features can be seen in measurement examples
in Fig. 52 and 53.

Figure 52: Angular distribution of a reflectance in the snow–atmosphere system
derived from CAR measurements on 7th April 2008 at Elson Lagoon
(71.3◦N, 156.4◦W), showing reflectance in the spectral range between
0.339 µm and 1.032 µm, and three flight altitudes of 206, 647, and 1700
m. The principal plane is the horizontal line (Φ = 0◦ and Φ = 180◦), and
the viewing zenith angle is shown as the radius of the polar plots from
0◦ (nadir) to 70◦. The solar zenith angle is 70.23, 69.11, and 67.78◦ for
flight altitudes of 206, 647, and 1700 m, respectively.

Despite the incredible progress in our understanding about reflectance above a snow-
covered surface, remaining discrepancies were found between the simulated results
and field measurements which led to further investigations in single scattering prop-
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erties of snow grains (Mishchenko et al., 1999a; Jin et al., 2008; Yang and Liou, 1998;
Yang et al., 2013), surface roughness (Warren et al., 1998; Hudson et al., 2006;
Hudson and Warren, 2007; Lyapustin et al., 2010; Zhuravleva and Kokhanovsky,
2011) and atmospheric correction methods (Lyapustin et al., 2010). Although, sub-
stantial improvements have been made, radiative transfer models still predict more
anisotropic behaviour for snow, e.g. in glint region than observed in reality (Zhu-
ravleva and Kokhanovsky, 2011; Lyapustin et al., 2010; Hudson and Warren, 2007;
Warren et al., 1998).

Figure 53: Reflectance factor in the snow–atmosphere system derived from CAR
measurements in principal plane (left) (Φ = 0◦ and Φ = 180◦) and cross
plane (right) (Φ = 90◦ and Φ = 270◦), on 15th April 2008 at Elson Lagoon
(71.3◦N, 156.4◦W), showing reflectance at the spectral range between
0.67 µm and 1.649 µm, flight altitude 180m. The shadow of aircraft can
be seen as a reduction of reflectance in the left panel.

5.2 Theoretical background

The reflectance of a surface element is defined as the ratio of the reflected radiance
in the direction (θ1, φ1) and the incident irradiance from the direction (θ2, φ2). By
integrating this quantity over the solid angle of a hemisphere, the directional re-
flectance (θi, φi) will be achieved, which is the fraction of the radiant power incident
on the direction (θi, φi) that is reflected in all directions into a hemisphere. This
quantity can be used for describing the directional signature of a surface reflectance.

Nicodemus (1965) defined the mathematical form of BRDF below (Schaepman-Strub
et al., 2006):

RRDFλ =
dLr(θi, φi, θr, φr;λ)

dEi(θi, φi;λ)
(5.1)
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where Lr is the reflected radiance, θ and φ are the zenith and azimuth angles re-
spectively, i corresponds to the incident and r to the reflected solar beams. E is the
incident flux density (Irradiance) and λ is the wavelength.

Nevertheless, BRDF is not a measurable quantity due to being formulated as a
ratio of infinitesimal elements (Nicodemus et al., 1977; Schaepman-Strub et al.,
2006). Nicodemus (1965) gave an extensive description of reflectance terminologies
and measurable quantities in practice, e.g. bidirectional reflectance factor (BRF),
hemispherical directional reflectance factor (HDRF), directional hemispherical re-
flectance (DHR), etc. According to Nicodemus et al. (1977) and Schaepman-Strub
et al. (2006), each of the above-mentioned terms is defined to resemble the specific
illumination and reflectance geometries in which the reflectance properties are mea-
sured, e.g. satellite, airborne or laboratory measurement conditions. Following the
method of Gatebe and King (2016), in this study the effective BRDF at a horizontal
reference plane is used, which is as an average of BRDF over an appropriate area,
angle and solid angle for a specific source-target-sensor geometry (Gatebe and King,
2016):

BRDF e
λ =

∆Lr(θi, φi, θr, φr;λ)

∆Ei(θi, φi;λ)
(5.2)

=
∆Lr(θi, φi, θr, φr;λ)

∆Li(θi, φi;λ) cos θi∆ωi
(5.3)

where ∆ωi is a finite solid angle element. However, the validity of this approximation
depends on experimental evidence that BRDF is not significantly influenced by the
effect of finite intervals of area, angle, solid angle and the distribution function,
the effect of sub-surface scattering, the effect of other radiation parameters such as
wavelength and polarisation, fluorescence, etc. (Nicodemus et al., 1977; Gatebe and
King, 2016). Following the above-mentioned definition, BRDF e

λ of measurements
and simulations in this study calculated by:

BRDF e
λ =

Ler(θi, φi, θr, φr;λ)

F0,λ cos θi
(5.4)

where Ler is the measured radiance, F0,λ is the solar irradiance incident on the TOA.
To have a better description of the difference between measured surface and a Lam-
bertian reflector, equivalent BRF, which is BRDF e

λ times π, is more representative.
However, to calculate precise BRF values, the application of atmospheric correction
methods, e.g. by using radiative transfer schemes, is necessary. In fact, the mea-
sured radiance includes four diffuse components due to atmosphere (Schaepman-
Strub et al., 2006): i) atmospheric path radiance, ii) scattering by the atmosphere
before reaching the surface, iii) scattering by the atmosphere after being reflected
by the surface, and iv) scattering by the atmosphere before and after reaching the
surface. For measurements close to the surface, the diffuse components of i, iii and iv
are almost zero, although without correcting for the second diffuse component, mea-
surements should be reported as HDRF. Schaepman-Strub et al. (2006) statistically
analysed the difference between HDRF (includes diffuse component coming from
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atmosphere) and BRF (without diffuse component). They indicated that the effect
due to the atmospheric diffuse component of measured radiance is largest at blue
wavelengths (because of atmospheric Rayleigh scattering dominance at these wave-
lengths). However, HDRF and BRF are strongly correlated (r2 > 0.98) throughout
the spectral bands considered (Schaepman-Strub et al., 2006). Therefore, in this
study, to avoid uncertainties arising from different assumptions included in atmo-
spheric correction methods and evaluate the ability of the radiative transfer model
used in this work for simulating atmospheric conditions, no atmospheric correction is
applied to measured radiances yet. However, independent information of atmospheric
parameters at the time and location of measurements are acquired and applied to
simulation routine. Therefore, we calculate and use the reflectance at flight altitude
with the following equation:

R =
πLr,h(θi, φi, θr, φr;λ)

F0,λ cos θi
(5.5)

where Lr,h is the measured radiance at flight altitude.

5.3 Reflectance modelling

The reflectance in a snow-atmosphere system can be defined by multiple scattering
by snow grains, and the radiative interaction between the snow layer and atmosphere
(Aoki et al., 1999). The reflectance varies with the snow physical parameters and the
external parameters (e.g. atmospheric conditions and measurement geometry). For
modelling purposes, the physical parameters are categorised in two groups, which
affect:

• single scattering (snow grain size, morphology and impurities); and

• multiple scattering (snow depth, layer structure, density, water contents, sur-
face condition and impurities).

Although, all of the mentioned parameters play a key role in defining the reflectance,
it is not always possible to take into account all of them in the simulation due
to the lack of knowledge (e.g. about snow impurities in the area of interest) or
the limited capabilities of the software used for simulation (e.g. the possibility to
simulate snow/ice surface roughness).

The external parameters refer to the atmospheric effects and conditions such as
cloud cover, aerosols, air pressure, atmospheric gases and solar zenith angle.

To simulate the reflectance in the solar wavelength range over snow surface or in
a coupled snow-atmosphere system, radiative transfer models have been used in
different studies (Perovich, 1990; Grenfell et al., 1994; Leroux et al., 1998; Aoki et al.,
2000; Green et al., 2002; Xie et al., 2006; Kokhanovsky et al., 2018). In all of these
RT models, first the single scattering properties of snow has to be defined: extinction
and scattering coefficients, SSA, phase function and asymmetry parameter. All of
these parameters depend on wavelength, the size and shape and the refractive index
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of snow particle.

The accurate calculation of the single scattering properties of a snow grain is chal-
lenging due to the complexity of particle shapes. For this reason, in most previous
modelling efforts, the “equivalent spheres” with same volume-to-surface ratio as the
actual snow grains are commonly assumed to represent snow grains. Therefore, the
Mie theory could be used to compute single scattering parameters. The scatter-
ing phase function for an ice crystal is linked to particle shape, whereby the phase
function of non-spherical particles may differ dramatically from those of spheres.
However, directional quantities such as bidirectional reflectance and radiance are
more sensitive to scattering phase function and hence to the particle shape. There-
fore, models that take the particle shape into account advance the retrieval of snow
properties (e.g. snow grain size) using space-borne measurements (Jin et al., 2008).

In this work, the SCIATRAN RTM is used to simulate the reflectance in the snow-
atmosphere system. SCIATRAN is a software package developed at the Institute
of Environmental Physics (IUP) at the university of Bremen (Rozanov et al., 2002,
2014). The SCIATRAN RTM is applied in a variety of studies to simulate trans-
mittance, scattering, reflection, thermal emission and surface reflection processes in
the spectral range from the ultraviolet to the thermal infrared (0.18 µm - 40 µm)
assuming either a plane parallel or a spherical atmosphere (Rozanov et al., 2014).

The BRDF of a snow-covered surface in SCIATRAN is implemented based on an ex-
tended Rahman Pinty Verstraete (RPV) model (Degünther and Meerkötter, 2000).
Instead of using the RPV model, a more accurate treatment of the snow surface re-
flectance is performed, and the radiative transfer within the snow layer is calculated
(Rozanov et al., 2014).

For this purpose, a vertically and horizontally homogeneous ice cloud layer composed
of monodisperse snow grains is added. This layer is optically thick but geometrically
thin, below the atmospheric layers (Rozanov et al., 2014; Kokhanovsky et al., 2011).
The optical characteristics of ice clouds are approximated by the ray tracing Monte-
Carlo technique in the framework of the geometrical optics (Macke et al., 1996). For
the ice refractive index, the data tabulated by Warren and Brandt (2008) is used.
The ice particles are assumed to be randomly oriented and represented by different
shapes (see Section 5.3.1). The assumption is a snow layer comprising equal size ice
particles. The impact of snow impurities on absorption and scattering of electromag-
netic waves is neglected. The calculations are performed at a source-target-sensor
geometry extracted from airborne measurements with solar zenith angles of 70.23◦,
69.11◦ and 67.68◦, VZA 0◦ - 70◦ and relative azimuth angles 0 − 360◦ with angular
resolution of 1◦ and three different altitudes of 206 m, 647 m and 1700 m. More
detailed information of atmospheric and surface parameters in modelling snow BRF
is given and discussed separately in the following sub-sections.

Since the measured reflectance over a snow field is governed by light scattering from
snow grains (determined by snow physical parameters) and atmospheric transmit-
tance, in this section the results are presented in two steps discussing the dependence
of snow BRF on:
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• snow physical parameters such as snow grain size and morphology; and

• external parameters such as atmospheric gases and aerosols.

Because the effect of external parameters varies with snow physical parameters, the
snow surface has to be known before introducing the atmospheric conditions (Aoki
et al., 1999; Leroux et al., 1998). Therefore, we start our investigation with snow
physical parameters.

5.3.1 Snow physical parameters (shape and size)

To simulate snow surface with RTMs, the single scattering properties of ice particles
including extinction and scattering efficiencies, SSA, phase function and asymme-
try parameter need to be defined. All of these parameters are dependent on the
wavelength, size and shape of the particle (Leroux et al., 1998).

In SCIATRAN RTM, the fractal particle model introduced by Macke et al. (1996)
has been used as the representative shape to account for non-sphericity and irreg-
ularity of ice particles. This model is constructed of an initial regular tetrahedron
that grows and results in first and second generation of the triadic Koch-fractal
(Macke et al., 1996; Rozanov et al., 2014). A new database of basic single scattering
properties of ice particles from Yang et al. (2013) has recently been incorporated in
SCIATRAN. In this newly-expanded database, eleven ice crystal habits, droxtals,
solid and hallow columns, compact aggregates composed of eight solid columns,
prolate spheroids, oblate spheroids, hexagonal plates, small spatial aggregates com-
posed of five plates, large spatial aggregates composed of ten plates, and solid and
hollow bullet rosettes are considered for calculating single scattering properties at
the wavelengths from UV to far IR. To study the influence of ice particle morphology
on BRF values of snow surface, the simulation is performed at the wavelength of
1.649 µm for three main reasons (Leroux et al., 1998):

• The absorption of ice particles is very small in the visible domain of the spec-
trum and therefore the effect of ice particle shape and size on snow BRF is
negligible. However, in the near-infrared range, the snow reflectance is sig-
nificantly affected by the snow grain size, due to the large absorption of ice
particles at these wavelengths;

• The BRF properties at 1.649 µm are closer to single scattering behaviour
and linked to the phase matrix, which strongly depends on the shape of ice
particles;

• The diffuse incident irradiance (originating from atmosphere) is very small and
negligible.

To illustrate the sensitivity of BRF values to the varying size of ice particles, at
1.649 µm, snow reflectance is simulated assuming the above-mentioned ice crystal
habits with varying size. For each particle shape, the range of size in terms of
maximum dimension and the equivalent effective radius are presented besides the
results in Figure 54. For example, in the model, the maximum dimension of ice
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particles changes from 60 µm 10000 µm for the aggregate of eight column shape,
60 µm to 10000 µm for droxtal and 50 µm to 300 µm for Koch fractals. The maximum
dimension and effective radius are represented for each ice crystal habit.

Figure 54: The change in reflectance factor in the principal plane (Φ = 0◦ and
Φ = 180◦) with the size and shape of ice crystals at the wavelength of
1.649 µm. The left column of the legend in each panel shows the maximum
length of the ice crystal, and the right column is its equivalent effective
radius.

The simulated values are calculated in the principal plane at which the relative
azimuth angle between the sun and observing instrument is 0◦ or 180◦. The results
indicate that the effect of changing size of particles is more important and larger
than the impact of differentiating between various shapes of ice particles. Fig. 54
shows the effect of changing ice particle size and shape for nine ice crystal habits
according to modelling the reflectance factor using SCIATRAN. Each panel in this
figure shows the change of BRF in principal plane as a function of VZA over a snow
layer composed of the specified ice crystal habit. The aggregate of eight columns
ice particles exhibits BRF changes ranging from 40% at the nadir to 70% in the
forward scattering direction due to the changing dimension of particles from 60 µm
to 10000 µm, which is considerably large.
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5.3.1.1 Snow grain size and shape retrieval

The large impact of snow grain size and shape on the reflectance in a snow-atmosphere
system shows the importance of having a priori information about snow morphology
for an accurate simulation and further analysis. The a priori information about ice
crystal size (here size refers to the effective radius of ice crystal) and shape can be
obtained from field measurements, which were not available for our case study. In
order to estimate the optimal ice crystal morphology, a snow grain size and shape
retrieval algorithm is used.

For the selected snow models using different ice crystal morphologies, the variation
in the snow reflectance R(λ,Ω) at wavelength λ and direction Ω with respect to the
variation δre(z) in the effective radius profile re(z) along the vertical coordinate z
within snow layer can be presented - neglecting non-linear terms - by the following
equation:

R(λ,Ω) = R0(λ,Ω) +

 Zt

0

Wr(z, λ,Ω)δre(z)dz (5.6)

where R0(λ,Ω) and R(λ,Ω) are the reflection functions calculated, assuming an
effective radius profile of re(z) and re(z) + δre(z), respectively. For the angular
variables, θ0 is the solar zenith angle, θ and φ are the zenith and relative azimuthal
angles of observation direction Zt is the top altitude of snow layer and in the following

Wr(Z, λ,Ω) =
δR(λ,Ω)

δre(z)
(5.7)

is the functional derivative of the function R(λ,Ω) with respect to the function
re(z), which is also called the weighting function (Rozanov et al., 2007). The weight-
ing function was calculated using a numerically efficient forward–adjoint approach
(Rozanov and Rozanov, 2007; Rozanov, 2006) implemented in the SCIATRAN
model. Here, it is assumed that properties of snow do not change in the horizontal
plane, and within the snow layer there is no additional absorber such as soot, dust,
or other pollutants. We note that the weighting function includes the contribution
of variations not only by the scattering and extinction coefficients but also by the
phase function. The linear relationship given by Eq. 5.6 can be used to retrieve the
vertical profile of the effective radius within the snow layer in a way similar to that
used for the morphology of water droplets Kokhanovsky and Rozanov (2012). By
introducing the weighting function for the absolute variation of the effective radius
as follows:

Wr(Zt, λ,Ω) =

 Zt

0

Wr(z, λ,Ω)dz (5.8)
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we have the following:

R(λ,Ω) = R0(λ,Ω) +Wr(z, λ,Ω)δre. (5.9)

The resultant linear relationship is a basic equation used to formulate the in-
verse problem with respect to the parameter re, using measurements of spectral
reflectance.
For practical applications, Eq. 5.9 should be re-written in the vector–matrix form
as follows:

Y − Y0 = K(X −X0) (5.10)

The components of vectors Y and Y0 are the measured and simulated reflectance at a
discrete number of observation direction j and wavelengths λi, the elements of matrix
K are weighting functions Wr(λi,Ωj), X = [re] is the state vector, and X0 = [re] is
the a priori state vector. We note that in the case under consideration, the matrix
K and state vector X are represented by the column vector and scalar, respectively.
Assuming that the number of discrete observation directions and wavelengths λi is
larger than the dimensions of the state vector, the solution of Eq. 5.10 is obtained
by minimising the following cost function:

∆ = ||Y − Y0 −K(X −X0)||2 (5.11)

which describes the root mean square deviation between measured and simulated
snow reflectance. Owing to the linear relationship given by Eq. 5.10, the minimisation
problem formulated above can be solved analytically as follows:

X = X0 + (KTK)−1KT (Y − Y0) (5.12)

when deriving Eq. 5.12, we have neglected the linearisation error, which can be
significant if X0 is far from X. To mitigate the impact of the linearisation error, we
solve the minimisation problem given by Eq. 5.11 iteratively. In particular, instead
of Eq. 5.12, the following is used:

Xn = Xn−1 + (KT
n−1Kn−1)−1KT

n−1(Y − Yn−1) (5.13)

where n=1,2, ... is the iteration number, Kn−1 and Yn−1 are the matrix of the
weighting functions and reflectance vector calculated using the state vector Xn−1.
The iteration process is finished if the difference betweenXn andXn−1 is smaller than
a pre-selected criterion. The calculation of the weighting functions and reflectance
at flight altitude is performed at each iteration step, using SCIATRAN.

In SCIATRAN, weighting functions are calculated employing an efficient forward–ad-
joint technique, which is based on the joint solution of the linearised forward and
adjoint radiative transfer equations (Rozanov and Rozanov, 2007; Rozanov, 2006).
This enables the TOA reflectance and required weighting function to be calculated
simultaneously.
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Figure 55: Comparison of measured and simulated reflectance factors. Measure-
ments were performed by the CAR instrument over old snow at 647 m
flight altitude on 7th April 2008 at 1.649 µm. The uncertainty in CAR
measurements is indicated by the envelope (shading). SCIATRAN simu-
lations in the principal and cross plane given by the dashed–dotted and
dotted lines, respectively, and by different colors (green, blue, and red)
present smooth, moderately roughened, and severely roughened crystal
surfaces. Positive and negative VZA (viewing zenith angles) correspond
to azimuthal angles Φ = 0◦ and Φ = 180◦ for the principal plane and
Φ = 90◦ and Φ = 270◦ for the perpendicular plane, respectively.

The retrieval algorithm is applied to measurements at principal and cross planes at
1.649 µm, assuming different shape and crystal surface roughness. To find the best
representative shape and size, the bias and root mean square error (RMSE) between
the measured and simulated reflectance factor were determined for each case study.

Figures 55 and 56 show the comparison between RMSE and bias values for different
shapes in case of aged and fresh snow, respectively. Each panel indicates CAR mea-
surement with its corresponding accuracy within 5% and the simulated BRF values
using SCIATRAN with the accuracy of 1%.

116



Old snow case

In general, as can be seen in Fig 55, for the case of old snow, the angular pattern
of reflectance observation is reproduced by SCIATRAN successfully. The highest
accuracy is achieved using the aggregate of eight columns with a maximum size of
650 µm. Using the severely roughened habit, the RMSE is 6.97% and bias is 2.79%,
which is the smallest compared to those of other habits. These results make the
aggregate of eight columns habit the best representative shape for the simulation of
reflectance over a snow layer covered with old snow particles.

In all cases, the largest difference between measurement and simulation occurs in the
forward direction at which reflectance of snow has a strong peak, while the smallest
difference is observed at nadir. After the aggregate of eight columns, the second and
third best results are achieved using column (RMSE of 7.32% and bias of 2.17%)
and fractal (RMSE of 9.75% and bias of 3.50%) shape. Among different habits, the
largest RMSE is observed for the case of droxtal, which is 25.5%. A summary of
statistics for the snow grain size and shape retrieval is provided in Table 7.

Table 7: Retrieval of the physical characteristics of ice crystals with different shapes
in the case of most roughened habits. Numbers in italics indicate minimum
root mean square error (RMSE).

Fresh snow case

For the case study of fresh fallen snow on 15th April, the retrieved snow shape and
size is presented in Fig. 56. For this case, the effect of surface inhomogeneity is
larger because the measurement is only available at a lower altitude compared to
aged snow, and therefore the RMSE and bias values are in general larger compared
to the previous case of old snow. The best representative shape for fresh fallen snow
is the aggregate of five plates with the corresponding RMSE value of 12.85% and
bias of 11.23%. The second and third best ice crystal morphology is the aggregate of
ten plates (RMSE of 13.16% and bias of 11.52%) and the fractal (RMSE of 14.69%
and bias of 13.16%), respectively.

Although, there is no snow grain morphology measurement available for the time
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and location of CAR measurements in Barrow, Alaska in April 2008, there are a
number of studies indicating the relationship between temperature, wind, humidity
and snow grain morphology (Slater and Michaelides, 2019; Shultz, 2018; Libbrecht,
2007; Bailey and Hallett, 2004). Based on the relationship between temperature
and snow grain morphology, the column-based shapes are the dominant ice crystal
morphology in environments with temperatures higher than -10◦C, whereas plates
are dominant if the temperature is less than -10◦C. The results are in line with this
argument.

Figure 56: The same as Fig. 55 but the measurements by the CAR instrument were
performed on 15th April at 181 m flight altitude over fresh snow.

Effect of selected shape on the size retrieval

The selected ice crystal shape plays a key role in the final size retrieval. Here,
this effect is investigated and Fig. 57 and 58 show the results. For this purpose, the
measurements at 1.649 µm at principal plane are used to retrieve the effective radius
per ice crystal shape. Measurements are selected from the old snow case in which
the effect of surface inhomogeneity is less significant compared to fresh snow. To
calculate the reflectance factor at 0.677 and 0.873 µm, we use the effective radius
obtained by using measurements at 1.649 µm. The uncertainty of the effective radius

118



retrieval is estimated to be 10%, based on the optimal estimation technique. The
RMSE and bias is presented for each retrieved size and selected shape.

The variation of the retrieved effective radius value as a function of ice crystal shape
can be seen in Fig. 57 and 58. The difference in retrieved effective radius generally
does not exceed 40%, but in the case of the plate ice crystals, the retrieved effec-
tive radius is about 70% smaller than the other shapes, e.g. the aggregate of eight
columns. This is a large difference. However, these results are presented for the prin-
cipal plane in which the maximum differences between simulation and measurement
are expected. Therefore, the overall bias and RMSE value for all azimuth directions
is smaller than what is presented here.

Figure 57: Comparison of snow grain size retrieval and best fit of reflectance at three
wavelengths of 0.677, 0.873, and 1.649 µm.Old snow case. Effective radius
is retrieved at 1.649 µm.

It can be seen that the RMSE values at 0.677 and 0.873 µm are significantly smaller
than that at 1.649 µm. This can be explained by the high reflectance values at
these wavelengths, and therefore the larger denominator in the RMSE formula, in
which the difference of measured and simulated reflectance factor is divided by the
measured reflectance.
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Figure 58: Comparison of snow grain size retrieval and best fit of reflectance at three
wavelengths of 0.677, 0.873, and 1.649 µm. for fresh snow case. Effective
radius is retrieved at 1.649 µm.

5.3.2 Atmospheric effect

The atmosphere varies spatially and temporally and therefore plays a role in the
variation of reflectance in a snow-atmosphere system. In this section, the sensitivity
of the reflectance to the changes in aerosol load and gases absorption is calculated.
For this purpose, three different scenarios are assumed for the atmospheric condition
over a snow layer:

• Rayleigh scattering (scattering by the air molecules);

• gases absorption; and

• absorption and scattering by aerosols.

The variability due to atmospheric effects is dependent on wavelength since aerosol
load increases the diffuse component in solar flux and the dependence of BRF on
incident zenith angle also varies with wavelength (Aoki et al., 1999). The difference is
largest at absorption bands for the same reason. For the sensitivity study, reflectance
is calculated at 0.65 µm.

To evaluate the effect of atmospheric scattering and absorption, the reflectance in
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the snow-atmosphere system is calculated and compared in different conditions: first
with an atmosphere above snow layer containing only a Rayleigh scattering; then
Rayleigh plus absorption by Ozone (O3) and Nitrogen-dioxide (NO2). The radia-
tive transfer calculation of water vapour (H2O) absorption is time consuming and
is not considered in current analysis. To quantify absorption effects by the other
gases, SCIATRAN incorporates a comprehensive database containing monthly and
zonally vertical distribution of trace gases e.g. O3, NO2, SO2 etc., spectral character-
istics of gases absorbers, vertical profiles of pressure and temperature and molecular
scattering characteristics (for more information, see Rozanov et al. (2014)).

Figure 59: Measured and simulated reflectance factor at (0.67 µm) versus the view-
ing zenith angle (VZA) in the principal plane (Φ=0◦ and 180◦) at three
different flight altitudes. Panels represent results at 206, 647, and 1700
m flight altitudes, respectively. The green lines indicate simulated re-
flectance assuming Rayleigh scattering (case i). The blue line shows re-
flectance for case ii (as in case i, including absorption of O3 and NO2).
The orange lines show the reflectance for case iii (as in case ii but adding
aerosol with an aerosol optical thickness (AOT) of 0.11 for three types of
aerosol, namely (i) weakly absorbing, (ii) moderately absorbing, and (iii)
strongly absorbing)

To calculate the aerosol effect on reflectance in a snow-atmosphere system in the
framework of SCIATRAN, the optical characteristics (extinction, scattering cross-
section and scattering matrix) and vertical distribution of number density of aerosols
are defined within aerosol layers with a defined bottom at top altitude (Aoki et al.,
1999). In this study, the internal database of MODIS aerosol model is used (Levy
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et al., 2007a). In this database, a spherical shape for aerosol particles is assumed. By
defining the aerosol type as i) weakly absorbing, ii) moderately absorbing and iii)
strongly absorbing, the refractive index and particle size distribution are also speci-
fied (for more information, see Levy et al. (2007a)). To calculate AOT, the ground-
based measurement of AERONET is used, which is located at Barrow, Alaska. These
measurements are provided at different wavelengths. The Angstrom exponent is used
to calculate AOT values at the reference wavelength (0.55 µm) needed for SCIA-
TRAN simulation.

Figure 59 shows the difference between BRF values for an atmosphere above snow
layer containing 1) only Rayleigh scattering, 2) with gas absorption and 3) aerosol
scattering and absorption. The snow surface is assumed to contain aggregates com-
posed of eight columns particles with a maximum dimension of 650 µm. The BRF
reduction at 647 m flight altitude due to gas absorption is smallest at the nadir re-
gion 5% and becomes larger in the forward scattering direction 10%, which decreases
to 8% at 1700 m altitude. The results in the Fig. 59 also show the BRF values with
an atmosphere containing aerosol and without aerosol (only Rayleigh and gases ab-
sorption). The changes in BRFs due to weakly absorbing aerosol with AOT of 0.11
at 206 m flight altitude are 5% at nadir and increases in forward scattering direction
to 13%.

The strongly absorbing aerosol reduces the BRFs by 7% at the nadir and 20% in
the forward scattering direction, which decreases 6% at the nadir and 7% in the
forward scattering direction at 1700 m altitude. In general, differentiating between
three aerosol types does not bring a BRF change larger than 5% in close to nadir
areas.

5.4 Comparison of results: CAR measurements vs. SCIATRAN
modelling

Figure 60 shows the scatter plot and the correlation coefficient between CAR and
SCIATRAN BRF reproduced by the aggregate of eight columns ice crystals with a
dimension of 650 µm., an atmosphere containing O3 and NO2 and weakly absorbing
aerosol with AOT of 0.11. The correlation coefficient is high at about 0.98 and the
RMS error is 0.03 and 0.05 at 0.67 µm and 0.87 µm, respectively. The deviation of
SCIATRAN simulation values from those of measurements is largest in the forward
scattering region where |∆Φ| < 40◦ reaching 0.06 but in close to nadir areas it is
0.04. These values are larger at 0.87 µm, and the maximum difference is around 0.08
in the glint region (where |∆Φ| < 40◦ and SZA is almost equal to VZA) but 0.05 in
smaller VZA. The results in the principal plane indicate that the general snow BRF
pattern of CAR measurement is reproduced by SCIATRAN successfully with the
highest accuracy assuming ice crystals with an aggregate of eight columns shape.
The lesser degree of agreement between modelling and measurements compared to
the aggregate of eight columns shape is provided by Koch fractals.

Going from Koch fractals to the aggregate of eight columns shape provides a no-
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ticeable reduction 10% in forward peak and helps to obtain better agreement with
CAR airborne measurements. However, the results obtained by using the droxtal
ice crystals exhibit large discrepancies, reaching to 20% in the forward or backward
scattering direction.

Figure 60: Left column: the reflectance factor at three wavelengths, namely 0.677,
0.873, and 1.649 µm, from the CAR measurements acquired on 7th April
2008 at Barrow, Alaska, at an altitude of 647 m. middle column column:
the absolute difference between reflectance of simulation(RSCIATRAN)
and that of measurement (RCAR): (RSCIATRAN − RCAR); right col-
umn depicts the relative difference in percent (%).

Although the real nature of ice crystal shape at the time of measurement is not
known, the existence of droxtal ice particles in the measurement field is of less
probability, since, previous studies have shown that the extremely low temperature
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(-50◦) is needed to form droxtal or quasi-spherical shape of ice crystals (Yang et al.,
2003), whereas the temperature during CAR measurements was about -14 to -21◦.

Figure 61: The same as Fig. 60 but the measurements by the CAR instrument were
performed on 15th April 2008 at 181 m flight altitude over fresh snow.

This partly explains why the aggregate of eight columns shape ice crystals better
capture the derived snow BRF values from CAR measurements as compared to
droxtals. In general, the comparison between SCIATRAN and CAR measurements
show that SCIATRAN reproduces the BRF measurements at the 1.649 µm channel
with a high accuracy in the principal plane. By using the aggregate of eight columns
shape with the maximum dimension of 650 µm, the overall difference between the
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Figure 62: The scatterplot with corresponding Pearson correlation coefficient of re-
flectance factor measured by CAR and simulated by SCIATRAN. Left
column: the results for old snow and right column: fresh snow. Here the
color bar represents the number density of the pixels.

CAR and SCIATRAN BRF is small. The largest discrepancy is in the backward
scattering direction with high VZA. The minimal difference is about 3%, which is
observed in the close to nadir area where |V ZA| < 25◦. To have an analysis of the
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SCIATRAN accuracy for all azimuth angles, the correlation plot and the correlation
coefficient between CAR and SCIATRAN BRF reproduced by an aggregate of eight
column ice crystals with the dimension of 650 µm are shown in Fig 62. The corre-
lation coefficient is high at about 0.98 and the RMS error is 0.04. The deviation of
SCIATRAN simulation values from those of measurements is small on average and
about 0.04 in regions of VZA < 50◦ and does not exceed 0.07 for larger VZA.

The results show the high accuracy of the SCIATRAN RTM in simulating the ra-
diation field in the snow-atmosphere scenes for off-glint observations. For the glint
condition, one way to mitigate the relatively large differences between measurements
and simulation is the use of a vertically inhomogeneous snow layer comprising differ-
ent ice crystal shapes and sizes in future works. The outcome of this work will help
to improve the calculation of snow-atmosphere reflectance and relevant assumptions
in future works for the inversion of snow and atmospheric data products from the
satellite or airborne passive remote sensing measurements above snow.
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6 Retrieval of Aerosol Optical Thickness in the Arctic
using satellite measurements

As discussed in Section 2, aerosols in the Arctic have origins from both anthropogenic
sources (with a high concentration of sulphate, organic matter and BC) and natural
ones (mainly containing sea salt with more than 50% mass fraction, mineral dust
with 35% mass fraction, and a lesser amount of NSS sulphate and biomass burning
combustion products) (Quinn et al., 2007; Tomasi et al., 2015). The variability of
microphysical, chemical and optical characteristics of aerosol particles in space and
time and its direct and indirect RF effects in the surface-atmosphere system highlight
the importance of aerosols in climate change studies. In the last two decades, several
ground-based and airborne measurements have been conducted to determine the
aerosol characteristics observed in polar regions. A review of these measurements
can be found in Tomasi et al. (2015) and Willis et al. (2018). Nevertheless, the
remoteness and special environmental conditions in the Arctic makes satellite-based
observation a valuable tool for retrieving Arctic aerosol on a large scale.

Although, the spatial and temporal change of aerosols in the Arctic region - as
the sentinel of climate change - holds strong importance, quantification of these
changes using space-borne measurements remains uncertain due to the difficulties
in retrieving aerosol over highly reflecting surface covered with snow/ice. The small
values of AOT in the Arctic lead to the strong contribution of surface reflectance to
the measured TOA signal and therefore to the challenge of decoupling the surface
signal from that of the atmosphere. The study of snow surface properties in Section
5 indicated the importance of having a priori information about surface properties
for accurate estimation of reflectance in snow-atmosphere system. Nevertheless, this
information is not available for the Arctic circle.

One solution to minimise the assumptions about the surface and overcome this
challenge is using multi-angle measurements from which more information about
surface can be obtained to ease the removal of surface signal. The multi-angle imag-
ing spectroradiometer (MISR) on-board the Terra satellite -launched by NASA in
1999- and the AATSR on-board ENVISAT satellite - launched by ESA in 2002 - are
the two instruments used for a number of Arctic applications. The common feature
making these two instruments favourable for remote sensing of the Arctic is the
enhanced capability of acquiring multi-angle measurements nearly simultaneously.
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The current operational products for MISR (Diner et al., 2005; Kahn et al., 2010)
and AATSR (Holzer-Popp et al., 2013) can determine AOT over the Arctic ocean
(Ice-free). Glantz et al. (2014) validated nine years of MODIS/Aqua AOT product
against AERONET measurements over Svalbard and found accuracy of ±0.03 ±
0.05 AOT. The maps from Holzer-Popp et al. (2013) shows over-estimation of AOT
in the Arctic ocean compared to mean AOT values provided by Glantz et al. (2014).
The analysis of the operational MISR product over the Arctic ocean shows similar
results to that of MODIS (Tomasi et al., 2015). The mentioned satellite-based op-
erational AOT products can be utilised for studying aerosol climatology associated
with the sources, transport and sinks of specific aerosol types. Nevertheless, AOT
retrieval over land covered by snow/ice and sea ice is an unresolved problem due to
the high reflectance of the surface encountered for large solar zenith angles in the
Arctic.

Examples of AOT algorithms applied to AATSR data include the AATSR Dual-View
algorithm (ADV) which was initially proposed by Veefkind et al. (1999) and AATSR
single-view algorithm (ASV) by Veefkind and de Leeuw (1998), the SU algorithm
(North et al., 1999) and Oxford RAL Aerosol and Cloud retrieval (ORAC) algorithm
(Thomas et al., 2009). These algorithms typically are not optimised for the retrieval
of AOT at high latitudes. Istomina et al. (2011) developed a method to retrieve
AOT over snow/ice-covered surface using AATSR measurements. The central idea
in this approach is the usage of the dual view capability of AATSR and determining
the ratio between observations in the forward and nadir directions by calculating
the difference between TOA reflectance and atmospheric path reflectance in both
directions and taking features of the total atmospheric transmission into account
(Istomina et al., 2011). In order to reduce the role of the unknown snow spectral
albedo in the retrieval, the ratio of observations in different views is used and account
for the asymmetry of the TOA reflectance and not for its magnitude. The retrieval
method is a look-up table (LUT) based approach developed for a single aerosol type
”Arctic haze” that appears regularly in late winter and early spring in the Arctic
region. In this work, the algorithm developed by Istomina (2012) is improved and
used.

In the following, a summary of the approach developed by Istomina (2012) called
AEROSNOW is briefly presented with the theoretical background, uncertainty and
limitations, for which a complete description can be found in Istomina (2012). In this
work, the AEROSNOW algorithm is improved using the cloud identification algo-
rithm presented in Section 4. The improved algorithm is applied to a long-term data
record of AATSR and the results are validated against AERONET measurements.
Details of validation, the conclusion and outlook are presented in the following sub-
sections.

6.1 Theoretical background

The measured TOA reflectance comprises the effects from both surface and at-
mosphere and their interaction, which vary with the geometry of observation. Re-
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flectance is defined as follows:

R =
πI

µ0F0

(6.1)

where I is the measured radiance, µ0 is the cosine of solar zenith angle and F0 is
solar irradiance at TOA.

Aerosols scatter light in different directions (dependent on aerosol size, shape and
chemical composition) and this information is provided by the scattering phase func-
tion (for more details see Section 2). To retrieve aerosol properties under cloud-free
condition, an adequate cloud screening is needed as a prerequisite for the retrieval
(for more details see Section 4). After cloud screening, the next step is to account for
surface contribution to the TOA signal (more details in Section 5). In development of
dual-view algorithms (Veefkind et al., 1999), surface is assumed to be isotropic over
water in single view. With this assumption, the difference between the two views is
associated with the atmospheric effect. However, over land and the cryosphere, sur-
face BRDF affects the interactions between surface and atmosphere. For this reason,
a more complex model is needed to retrieve atmospheric contribution.

For a surface-atmosphere system with a Lambertian surface, the TOA reflectance
can be re-written as follows:

RTOA(λ, µ0, µ, φ) = Ratm(λ, µ0, µ, φ) +
RSur(λ)T (λ, µ0, µ)

1 −RSur(λ).s(λ)
(6.2)

where RTOA is the total reflectance of the surface-atmosphere system, Ratm is the at-
mospheric reflectance (the reflectance of the aerosol, Rayleigh scattering, ozone gas),
s is the atmospheric hemispherical albedo, and RSur is the Lambertian reflectance
of the surface. All parameters except the surface reflectance RSur, are dependent on
AOT. The value of RSur must be either retrieved during the inversion process or
removed in the retrieval process. Another solution can be the usage of an indepen-
dent spectral surface reflectance database (dependent on a given location) in the
retrieval process. T is the total atmospheric transmittance defined as the product of
the downward and upward transmissions: T1(λ, µ0) and T2(λ, µ). Each transmission
is the sum of a diffuse and direct component as follows:

For the atmospheric transmittance from the TOA to the surface:

T1(µ, φ0) = E(µ0) + exp(−τ/µ0) (6.3)

where E(µ0) is the diffuse transmittance from TOA to surface, and exp(−τ/µ0) is
the direct component respectively. The total atmospheric transmittance from the
surface to satellite is:

T2(µ, φ) = E(µ) + exp(−τ/µ) (6.4)

where E(µ) is the diffuse transmittance from surface to TOA, and exp(−τ/µ) is the
direct component respectively.
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6.2 AOT retrieval algorithm: AEROSNOW

In the sensitivity study reported in Section 5, variation of the range of snow re-
flectance with temperature, humidity, age, pollution and snow morphology is shown.
A priori knowledge about snow surface properties is necessary to have an accurate
reflectance model of the surface. In this work, the goal is to retrieve AOT in the
Arctic circle for which the required a priori information is not available at a large
scale. Therefore, reducing the role of snow surface reflectance in the aerosol retrieval
method holds strong importance. Istomina (2012) applied the same idea for develop-
ment of AEROSNOW, which we briefly explain in this section (for more information
about AEROSNOW, see Istomina (2012)).

Assuming that RSur.s 1, the LTE solution can be written for the surface and
atmosphere for the nadir and forward view as follows:

Rf
TOA(λ, µ0, µ, φ) = Rf

atm(λ, µ0, µ, φ) +Rf
Sur(λ, µ0, µ, φ)T f (λ, µ0, µ) (6.5)

Rn
TOA(λ, µ0, µ, φ) = Rn

atm(λ, µ0, µ, φ) +Rn
Sur(λ, µ0, µ, φ)T n(λ, µ0, µ) (6.6)

where the superscripts f and n stand for forward and nadir, respectively. To reduce
the role of surface reflectance, the ratio of surface reflectance at nadir to forward
view is calculated:

Rf
Sur(λ, µ0, µ, φ) =

Rf
TOA(λ, µ0, µ, φ) −Rf

atm(λ, µ0, µ, φ)

T f (λ, µ0, µ)
(6.7)

Rn
Sur(λ, µ0, µ, φ) =

Rn
TOA(λ, µ0, µ, φ) −Rn

atm(λ, µ0, µ, φ)

T n(λ, µ0, µ)
(6.8)

By taking the ratio of surface reflectance:

Rf
Sur(λ, µ0, µ, φ)

Rn
Sur(λ, µ0, µ, φ)

=
Rf
TOA(λ, µ0, µ, φ) −Rf

atm(λ, µ0, µ, φ)

Rn
TOA(λ, µ0, µ, φ) −Rn

atm(λ, µ0, µ, φ)
.
T n(λ, µ0, µ)

T f (λ, µ0, µ)
(6.9)

This ratio is sensitive to the shape of snow BRF rather to the value of BRF. In
Section 5, several points about the shape of snow BRF and its dependency on
several factors have been highlighted:

• The anisotropy of reflectance increases with wavelength. This means that the
value of surface reflectance ratio has greater values at longer wavelengths.

• The change of reflectance and therefore the surface reflectance ratio at princi-
pal plane is much larger than for the perpendicular plane.

• The study of fresh and old snow in Section 5 indicated that BRF shape and
its anisotropy is more pronounced for old snow compared to the fresh case.

In addition, the reflectance ratio cannot be defined in a way that meets all snow
surface conditions. Istomina et al. (2009) mentioned the effect of surface inhomo-
geneities and proposed to weight the pre-assumed snow surface reflectance model by
the measured TOA reflectance. Following this idea, the surface reflectance equation
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can be written as:

Rf
Sur(λ, µ0, µ, φ)

Rn
Sur(λ, µ0, µ, φ)

=
Rf
Sur,sim(λ)

Rn
Sur,sim(λ)

.
Rn
TOA,sim(λ, µ0, µ, φ)

Rf
TOA,sim(λ, µ0, µ, φ)

Rf
TOA(λ, µ0, µ, φ)

Rn
TOA(λ, µ0, µ, φ)

(6.10)

whereRSur,sim(λ, µ0, µ, φ) is the simulated snow surface reflectance,RTOA,sim(λ, µ0, µ, φ)
is the simulated TOA reflectance for a given AOT, and RTOA(λ, µ0, µ, φ) observed
top-of-atmosphere reflectance. The optical thickness and type of aerosol is contained
in the observed and simulated TOA reflectance. Assuming that the aerosol type is
chosen appropriately and the AOT is retrieved correctly, the two terms of TOA re-
flectance from simulated and observed data will cancel out each other. For the sim-
ulated surface reflectance of snow, a semi-analytical model of a medium comprising
fractal grains (Kokhanovsky et al., 2005) is used. To retrieve AOT, we replace Eq.
6.10 in 6.9, and minimise the difference until we find the appropriate AOT from the
LUT.

Weighting the snow surface reflectance with reflectance of TOA will reduce the im-
pact of not having sufficient knowledge of surface, e.g. by accounting for surface
inhomogeneities in real snow surfaces, being adjusted to the variations originating
from snow grain size and shape for which data in full scale is not available, and finally
the difference in scale and resolution of observation from satellite compared to mod-
els or field measurements. Nevertheless, using the ratio of TOA reflectance measured
by satellite measurement instead of the ratio of true snow surface reflectance intro-
duces an error due to the atmospheric contribution included in TOA reflectance,
e.g. caused by aerosols. To estimate this error, Istomina (2012) performed radiative
transfer simulations using SCIATRAN, for two different scenarios:

• reflectance above surface covered with clean snow;

• TOA reflectance over clean snow (containing Rayleigh scattering, aerosol scat-
tering and absorption and gases absorption e.g., by Ozone).

The two different ratios calculated for the two mentioned scenarios indicate the
strong dependence of relative error on the relative azimuth angle and AOT Istomina
(2012):

• for a relative azimuth angle around 90◦, the error is within 0.02%, with no
dependence on AOT;

• for larger/smaller relative azimuth angles, the error is larger and changes with
AOT; in the forward scattering direction (∆φ = 0◦), the relative error varies
between 0.02% to 0.04% for AOT of 0 to 1, while in the backward scattering
direction (∆φ = 180◦), the range of relative error can be 0.02% to -12% for
AOT of 0 to 1, respectively.

The difference in relative error for various angles can be interpreted using the shape
of the aerosol phase function. When the relative azimuth angle is about 90◦, the
amplitude of the phase function is similar for nadir and forward direction. This
means the effect of aerosol reflectance is similar in the forward and nadir direction.
Therefore, the aerosol effect is mostly cancelled when we calculate the ratio of TOA
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reflectance. For this reason, the relative error is minimal (0.02%) for this azimuth
angle (for more details, see Istomina (2012)). The independence of relative error from
AOT means that this error is not caused by aerosols but rather the atmospheric
contribution. The extreme relative azimuth angles in which the relative error is
larger are less likely to occur. To compensate for the residual (0.02%), we account
for simulated TOA reflectance in Eq. 6.10.

The above-mentioned equations are written for a surface-atmosphere system as-
suming a Lambertian surface. In Section 5 we indicated that the effect of taking
directional surface reflectance into account is not negligible. Istomina (2012) con-
ducted a sensitivity study on introducing surface BRDF effects on Eq. 6.9. Istomina
(2012) applied the assumption from Tanre et al. (1979) to have an approximate ana-
lytical expression for TOA reflectance in case of non-Lambertian non-homogeneous
surface, which accounts for light scattering between the observed point M, its neigh-
bour surface areas, and an atmosphere with optical thickness of τ . The sensitivity
study shows that:

• for relatively high sun elevation θe = 45◦ and observation angles close to the
nadir, the accuracy of TOA reflectance calculated using assumptions from
Tanre et al. (1979) is around 5%, which is much better than that of Eq. 6.2
formulated assuming a Lambertian surface.

• for lower sun elevations, TOA reflectance - calculated by Tanre et al. (1979) -
is underestimated by around 30%. For larger observation angles, θe = 65◦−85◦

the error is decreasing and in some cases becomes close to zero. For θe = 45◦,
the error is increasing to 20% for viewing angles of 50◦.

Although accounting for a non-Lambertian surface leads to achieving higher accu-
racy when the sun elevation is high (e.g. 45◦), it does not indicate an improvement in
accuracy when the sun elevation is low (e.g. 5◦ − 25◦). In addition, equations based
on a non-Lambertian surface assumption show different accuracies for nadir and
forward observation angles, which will cause stray asymmetry between forward and
nadir views during the retrieval (Istomina, 2012). This effect is less pronounced in
Eq. 6.2. Therefore, for further AOT retrieval in this study we will use the mentioned
equations with the assumption of a Lambertian surface.

Istomina (2012) estimated the uncertainty in aerosol retrieval method and indicated
that for the AOTs smaller than 0.3 and a difference of 5% between the surface
assumptions in the retrieval and the real surface, the AOT retrieval error can be
assumed to be constant, giving the value of approximately ±0.1.

6.3 Look-up table calculation

For the retrieval of AOT from space-borne AATSR data, using the explained algo-
rithm, a LUT is constructed that describes the relation between AOT, atmospheric
reflectance, TOA reflectance and surface reflectance for channel 0.55 µm). For this
purpose, the SCIATRAN RTM has been used. The atmospheric reflectance includes
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Rayleigh scattering, aerosol scattering and absorption and gas absorption.

In the following, the specific implementation in AEROSNOW is described.

6.3.1 Rayleigh scattering

The phase function of Rayleigh scattering is well known and considered based on the
study by Bucholtz (1995). For elevated areas, the dependency of Rayleigh scattering
on temperature and pressure is taken into account and can be written as follows:

τRay(λ, z) =
P (z)

P0

· T0

T (Z)
· τRay(λ, 0) (6.11)

for which the altitude is taken from the gtopo30 elevation model (Danielson and
Gesch, 2011) and temperature from AATSR measurements at the 12 µm channel.
The pressure at altitude z can be calculated using the barometric equation as follows:

P (z) = P0e
−M·g0·z
R·T (z) (6.12)

where M is the molar mass of Earth’s air, g0 is the gravitational constant, R is
the universal gas constant, and T(z) is the temperature at the surface. Rayleigh
reflectance is simulated using RTM at sea level, and scaling it with the above-
mentioned formulation:

ρRay(λ, z) = ρRay(λ, 0).
T0

T (Z)
.e

−M.g0.z
R.T (z) (6.13)

For the low sun case when the solar zenith angle is greater than 60◦, the curvature
of the atmosphere has to be considered. To account for air mass correction, in
RTM the pseudospherical model of the atmosphere is assumed, and the AATSR
measurements using the method explained in Section 2.5.2 are corrected. (Kasten
and Young, 1989).

6.3.2 Aerosol scattering and absorption

The aerosol phase function varies with particle size distribution, particle shape and
chemical composition and this affects the aerosol single SSA and extinction. Since the
resultant atmospheric reflectance depends on aerosol type and observation geometry,
the aerosol retrieval methods utilises several LUTs to account for different types and
models of aerosols.

The aerosol retrieval over snow/ice surface is challenging and the goal of this work is
not to find the best representative aerosol type and model, but rather to overcome
the challenge of decoupling atmospheric reflectance from that of TOA in presence
of a highly reflecting snow/ice surface. For this reason, the aerosol phase function
of Arctic haze (see Fig. 63) is used, which is representative of frequently occurring
haze episodes in the Arctic. This phase function is measured during one of regular
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Arctic haze events occurred 23rd March 2000 at Ny Ålesund, Svalbard, 78◦55
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11◦56

00


E, by the Alfred Wegener Institute of Polar and Marine Research.

Figure 63: Measured aerosol phase function of Arctic haze, on 23rd March 2000, and
Spitsbergen, Ny Ålesund, Svalbard (Istomina, 2012).

6.4 Application limits of the algorithm

Despite the advantages of the dual-view algorithm in reducing the role of surface in
retrieving aerosol over snow/ice-covered surfaces, there are inherent sources of errors
that limit the application of the described algorithm under specific conditions:

1) Effect of observation geometry

The low sun elevation in the Arctic leads to a small signal to noise ratio in the
measured reflectance at the satellite level. In addition, as explained in Section 5,
at extreme scattering angles, surface and aerosol properties significantly vary with
aerosol type, i.e. in the presence of an unknown aerosol type or surface, the assump-
tions about the directional properties might be inadequate and lead to incorrect
AOT. One solution for the two mentioned problems is limiting the retrieval to solar
zenith angles smaller than 75◦.

2) Surface properties
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The principle assumption behind the design of the AOT retrieval algorithm is that
the snow/ice surface reflectance contributes significantly to the TOA reflectance,
unlike the aerosol reflectance. Otherwise, Eq. 6.9 will not be valid. Nevertheless,
there are situations that contradict this assumption, e.g. a darker surface covered
by melting snow. Another assumption is the sufficiently accurate simulation of snow
reflectance. As indicated in Section 5, the largest differences between measured and
simulated reflectance in the snow-atmosphere system occur in the principal plane. It
has been shown that the effect of snow morphology (shape and size) is much smaller
in the perpendicular plane at which the relative azimuth angle is 90◦. Therefore, at
relative azimuth angles around 90◦, the simulated reflectance over the snow surface
is sufficiently close to a real one unlike extreme relative azimuth angles.

3) Aerosol type and amount

It is important to note that the LUT in this work was created using the phase func-
tion measured during an Arctic haze event. This potentially limits the application
of retrieval algorithm to regularly occurring Arctic haze in late winter and early
spring. Istomina et al. (2009) conducted a sensitivity study and showed that the
retrieved AOT significantly varies if the assumed aerosol type and therefore phase
function changes in calculation of LUT. In addition, Eq. 6.10 is only valid if the TOA
reflectance is mostly affected by surface reflectance. As discussed, for AOT<0.3 and
the case of 5% between the surface assumptions in the retrieval and the real surface,
the uncertainty of the retrieved AOT is about ±0.1. This means that, if the surface
reflectance in reality differs from the simulated reflectance by more than 5% (e.g. in
the case of old snow), larger error will contribute to the retrieved AOT.

6.5 Brief highlights of anomaly fixes and improvements in the
updated version of AEROSNOW

In this section, the main anomalies in the application of AEROSNOW algorithm
to the AATSR measurements are briefly explained. There is a list of technical and
scientific issues addressed in this work before applying AEROSNOW to the long-
term data record of AATSR from 2002-2012:

Technical issues

• The required libraries and tools for running AEROSNOW were out of date,
which is expected if we take the date of development in 2012 into account. For
this reason, the necessary updates were applied.

• The run time of AEROSNOW algorithm was significantly long, e.g. several
hours per orbit over the Arctic circle. This issue limits the application of
AEROSNOW to process ten years of AATSR data, which was solved by ap-
plying parallel processing with a significant speed-up.

Scientific issues
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1) Error in the programming of AEROSNOW processor

In this work, the initial AOT retrieved in the Arctic comprised invalid values (e.g.
zero or AOT significantly larger than 1) over most observed scenes. For instance, the
left panel of Fig. 64 indicates the result of using AEROSNOW to retrieve AOT for
the case study of a well-known haze event occurred in May 2006 over Svalbard during
which, smoke from agricultural fires burning in Eastern Europe was transported
to Svalbard (for more details about this event, see Law and Stohl (2007)). The
AERONET measurements made at Zeppelin observatory indicate a large AOT - up
to 0.6 - on this day. As can be seen, the AOT result from AEROSNOW indicates
incorrect values. This example highlights the necessity of reviewing the entire source
code of AEROSNOW and comparing it with the scientific background to understand
the cause of unsuccessful AOT retrieval.

We found that a programming error in the formulation of the scattering angle in
the AEROSNOW processor resulted in ineffective performance of AEROSNOW.
The invalid scattering angle used in AEROSNOW was corrected using the relevant
theoretical background. The right panel of Fig. 64, presents AOT after applying the
correction of scattering angle to the AEROSNOW processor. As can be seen, AOT

Figure 64: Haze event, 3rd May 2006, Svalbard, left panel: output of AEROSNOW
with the incorrect formulation of the scattering angle, right panel: the
output of AEROSNOW after solving the issue.
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Figure 65: Time series of AOT maps before and during the Haze event, May 2006,
Svalbard.
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values become larger than zero and remain in the range expected for this particular
haze event.

Fig. 65 shows a short time series of AOT maps before and during a haze event in
May 2006 over Svalbard, retrieved using AEROSNOW and the AATSR data. The
general pattern seems to be consistent with the existing information about the haze
event in this particular period. Nevertheless, the impact of cloud residuals can be
seen in the retrieved AOT. In the following sub-sections, we will focus on this issue
and present the solution applied to fix it.

2) Artificial glint condition and large AOT

In the global map of AOT over the Arctic circle, a halo-like pattern around the
central Arctic has been found (see Fig. 66 upper panel). This pattern is constructed
from smaller stripe-like patterns (see Fig. 66 bottom panel). The pixels forming the
artificial patterns all show large AOT values. Several parameters have been tested
and finally the source of this issue was found to be ”an artificial glint condition”
created due to an error in the libraries used to read AATSR L1B data within the
processing chain of AEROSNOW. The cause of issue originates from an interpolation
method used in the reading libraries to fill the gaps between the azimuth angles of
tie points. However, in this particular area the azimuth angle has different signs
on the two sides of stripe pattern, which leads to the creation of incorrect azimuth
angles - with values around 0◦ - in the output.

To better represent the issue, Fig. 67 shows the stripe-like pattern over a small
region with the corresponding AOT and reflectance values together with all relevant
geometry parameters (VZA, SZA and RAA). One can see that the very large AOT
in the stripe-like pattern corresponds to a RAA value of 0◦, while VZA and SZA are
almost equal and both close to 50◦. This geometry is close to the glint condition
at which the snow surface reflectance is significantly high and the performance of
AEROSNOW is limited (for further details, see Section 5 and 6.2).

Nevertheless, the observed glint condition is not real, and it has been created arti-
ficially. To solve this issue, the relative azimuth angles of these pixels are replaced
with those of the closest neighbours. The updated result after excluding the artificial
glint condition is presented in Fig. 68.
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Figure 66: The impact of creating artificial glint conditions using the AEROSNOW
algorithm, shown for May 2006 over the Arctic circle, upper panel: the
average AOT for the whole of May, bottom panel: one selected day to
highlight the stripe pattern in the AOT records for all of orbits.
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Figure 67: Zoom into one region where the pattern could be detected to study all
parameters related to AOT on the sample pixels: reflectane, AOT and
corresponding VZA, SZA and RAA.
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Figure 68: The impact of solving the artificial glint condition, for one day selected
in May 2006, over the Arctic circle.

3) Residual clouds

Unresolved residual clouds were a known limitation of AEROSNOW algorithm as
reported by Istomina (2012). The cause was presence of thin clouds and inadequate
cloud masking for detecting them.

In this work, a simplified version of the ASCIA algorithm is applied to improve the
cloud mask of AEROSNOW (Istomina et al., 2010). The simple version contains only
tests on the reflectance of (3.7 µm) (for details see, Section 4.4.1.2). The reason for
not implementing the full version of ASCIA in AEROSNOW is the high processing
time of ASCIA, which is not optimal for the application to long data record.

Figure 69 shows two examples of the improvement made in cloud detection: the left
column shows the retrieved AOT from AEROSNOW with the original cloud detec-
tion method (based on spectral shape of snow/ice, for further details, see Istomina
et al. (2010)) and the right column shows the same dates and scenes but after im-
proving cloud masking in AEROSNOW using ASCIA. One can easily see the high
AOT values indicated by blue colour in the left panel, which are all excluded in the
right one. This is a promising confirmation for the successful performance of ASCIA
and improvements made in the cloud detection scheme.
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Figure 69: The effect of improving cloud detection in AEROSNOW AOT retrieval
algorithm for two days. Left column: AEROSNOW with original cloud
detection method (see details in Istomina et al. (2010)). Right column:
AOT after improving cloud detection in AEROSNOW algorithm using
ASCIA (see Sect. 4). Upper row: 29th March 2006, bottom panel: During
Haze event, 3rd May 2006, Svalbard.

6.6 Processing of a long-term AOT data record

After finding and solving several technical and scientific issues in the application
of AEROSNOW over the Arctic circle, the algorithm is applied to the whole time

143



6 Retrieval of Aerosol Optical Thickness in the Arctic using satellite measurements

series of data from AATSR delivered during its operation from 2002-2012 comprising
51,100 orbits. For the spatial coverage, the whole Arctic circle is selected and created
a AOT data record with the spatial resolution of 1 × 1 km2.
Figure 70 shows one example of monthly mean AOT in 2006 over the Arctic. In the
following sub-section, the retrieved long-term AOT data record is validated using
AERONET measurements.

Figure 70: Monthly mean AOT over the Arctic circle in 2006, reprocessed using the
new version of AEROSNOW algorithm.

144



6.7 Validation vs. AERONET

For the validation of the newly-created AOT data record, the ground-based AERONET
data is used. In Section 3.3.2, the AERONET global network and its data content
is explained. Despite the extensive use of AERONET data for AOT validation in
several studies, the validation of AOT over the Arctic region using AERONET is
limited due to the lack of adequate spatial and temporal coverage. Figure 71 shows
the distribution of available AERONET stations in the polar region. As it can be
seen, there are twenty AERONET stations in this area, of which only eight stations
provide data for the period of interest in 2002-2012. Additionally, most of the avail-
able AERONET stations are located at the coastal areas with open water at which
AOT retrieval is challenging because AEROSNOW has been designed for retrieval
over snow and ice-covered surfaces and AOT retrieval over melting snow is a known
limitation of AEROSNOW. Table 8 shows the list of stations used, their location
and the temporal coverage of the measured data.

Figure 71: AERONET stations in the Arctic region.

The validation method is based on defining a suitable spatial distance and temporal
interval between AERONET data and retrieved AOT from AATSR. In this work,
the spatial distance is about 25 km and temporal interval of 1h around the time of
measurement acquisition by AATSR.
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Station name Geographical coordinate available data period

Resolute Bay 74.705N, 94.969W 2006-2011
Pearl 80.054N, 86.417W 2007-2011

Kangerlussuaq 66.996N, 50.621W 2008-2011
Barrow 71.312N,156.665W 2005-2011
Opal 79.990N, 85.939W 2007-2010
Thule 76.516N, 68.769W 2007-2011

Hornsund 77.001N, 15.540E 2005-2011
Ny Alesund AWI 78.923N, 11.923E 2006

Table 8: Available AERONET stations and corresponding coordinates and temporal
coverage.

Figure 72: Top panel: Hornsund station, the red star shows the location of station
at Svalbard, bottom panel: Monthly mean AOT in 2006-2011. AATSR
data are shown with blue lines and symbols, AERONET measurements
are shown in orange.

The results of two representative stations providing a sufficiently long temporal
record are presented in Fig. 72 and 73. Here, the monthly mean AOT retrieved with
the new version of AEROSNOW and that of AERONET measurements at 0.55 µm
is presented. The temporal coverage is mostly limited to the spring-time (March-
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May) in which Arctic haze frequently occurs. AEROSNOW is optimised for haze
events (see Section 6.3.2,). The results shown here indicate a peak per year in the
retrieved AOT occurring every April-May, which is in line with our expectations
and understanding of Arctic haze.

Figure 73: Monthly mean AOT at Kangerlussuaq station, Greenland, 2008-2011.
AATSR data are shown with blue lines and symbols, AERONET mea-
surements are shown in orange.

To take a closer look at the comparison of AOT retrieved from AATSR and that
of AERONET, here the daily time series are presented from the mentioned two
stations. The AOT time series of other stations indicate more or less similar fea-
tures. For example, at some temporal points a very good agreement exists be-
tween AEROSNOW result and AERONET, while large discrepancies occur with
some other cases. Despite discrepancies, a general agreement pattern exists between
AATSR and AERONET, as can be seen in Fig. 74. In addition, a seasonality pattern
that corresponds to haze episodes (late winter-early spring) can be distinguished in
the time series. Nevertheless, more analysis is needed to better understand the rea-
son behind having less accurate retrievals. For this purpose, we divided the whole
times series in two categories:
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6 Retrieval of Aerosol Optical Thickness in the Arctic using satellite measurements

• Cases in which retrieved AOT is very close to measurement from AERONET,
whereby the difference is smaller than 0.05;

• Cases in which the difference between AOT of AATSR and AERONET is
larger than 0.05.

Figure 74: Daily AOT at Hornsund station, Svalbard, 2006-2011. AATSR data are
shown with blue line and symbols, AERONET measurements are shown
in orange.

Figure 75: Daily AOT at Kangerlussuaq station, Greenland, 2008-2011. AATSR
data are shown with blue line and symbols, AERONET measurements
are shown in orange.

Before focusing on the less accurate retrievals, here measurements from category 1
are shown, and it can be seen that AEROSNOW captures the signature of Arctic
haze successfully. Despite having well representative cases as shown in Fig. 76 and
77, there are several issues occurring repeatedly in all stations:

• In case of having several satellite orbit overpasses over a station in one day, we
usually observe significantly different values for morning and afternoon orbits.

• For extreme observation geometries (e.g. close to glint), the retrieved AOT is
much higher than the AOT from AERONET.
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Figure 76: Daily AOT at Hornsund station, Svalbard, 2008-2009. AATSR data are
shown with blue line and symbols, AERONET measurements are shown
in orange.

Figure 77: Daily AOT at Kangerlussuaq station, Greenland, 2008-2011. AATSR
data are shown with blue line and symbols, AERONET measurements
are shown in orange.

The latter is in line with the discussion about the application limits of AEROS-
NOW in Section 6.4. Therefore, the AOT retrieval cases, which are processed under
extreme observation geometry can be excluded from the validation routine. One ex-
ample of such cases is shown in Fig. 78. The upper panel shows all of retrieved cases
including pixels in glint condition, and the bottom panel shows the same time series
but excluding the glint geometry from the retrieval cases.

As mentioned before, another issue is having different AOT values for various satel-
lite orbits during different time of one day. Over some stations (e.g. OPAL station
in the Canadian Arctic), this issue is more highlighted due to having more satellite
overpasses compared to other AERONET stations. As can be seen in Fig. 79, there
is a strong oscillation of AOT. It can be seen in the bottom panel of Fig. 79 that
four different values of AOT are retrieved in one day (highlighted with the green
oval). However, this change of AOT with time of day, is not observed in AERONET
measurements. Several points have been checked to understand the reason behind
the variation of AOT across day-time, e.g. the geometry of observation and hav-
ing different values for azimuth angle in ascending/descending orbits of satellites.
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6 Retrieval of Aerosol Optical Thickness in the Arctic using satellite measurements

Another reason could be having a different contribution of surface BRDF to the
retrieved AOT, since observation geometry changes for different orbits during day.
Nevertheless, the current tests are not adequate to confirm the cause of this issue
and further investigation is necessary.

Figure 78: Daily AOT at Hornsund station, Svalbard, 2006. AATSR data are shown
with blue line and symbols, AERONET measurements are shown in or-
ange.
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Figure 79: Daily AOT at OPAL station, Ellesmere Island, Nunavut, Canada, 2008.
AATSR data are shown with blue line and symbols, AERONET mea-
surements are shown in orange, upper panel shows daily AOT, bottom
panel: zoom in upper panel, the green ellipse highlights the 4 different
AOT value in one day.
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7 Summary and outlook

The main motivation behind this doctoral work is to retrieve AOT over the Arctic
circle using space-borne data and for the first time to create a long-term data record.
This AOT dataset holds immense importance because it can be used to study the
change of aerosol load and properties during the period of AA. Furthermore, based
on the statistical analysis - e.g. trend analysis - the role and impact of aerosols in
AA can be determined.

The challenging task of aerosol retrieval over highly reflecting snow/ice surface and
the resultant gap in the global AOT products over the Arctic circle is well known
to the aerosol community. In this work, to overcome the difficulties and extend our
understanding, first we focus on two main obstacles of cloud detection and snow
surface properties to improve the AOT retrieval in the Arctic. The outcome of this
step was partly used to improve the previously-developed AEROSNOW algorithm
(for AOT retrieval) (Istomina, 2012). After the creation of long-term AOT data, the
product is validated using ground-based AERONET measurements.

This work is defined in the framework of (AC)3 project (Wendisch et al., 2017).

Improved Cloud detection for Aerosol Optical Thickness retrieval

In this work, a new cloud detection algorithm has been developed called ASCIA
as a prerequisite for aerosol retrieval over the Arctic using AATSR and SLSTR
measurements. ASCIA is based on using time series of data, exploiting the stability of
reflectance in cloud-free scenes throughout time. The central component of algorithm
is PCC analysis as an indicator of the stability of reflectance. As a complementary
step, the extracted reflectance part of thermal infrared channel of AATSR/SLSTR
at 3.7 µm is used.

One of the main issues in Arctic applications is the failure of threshold-based meth-
ods due to the lack of sufficient contrast between clouds and the underlying surface.
In ASCIA, this problem is solved by applying the concept of PCC statistical analysis
as the key parameter in the cloud detection algorithm. The PCC parameter mainly
controls the procedure, whereby the algorithm is independent from many problems
originated by various threshold sets and therefore the cloud detection algorithm is
unlikely to misclassify cloud and snow. Additionally, we use the BT measurements
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7 Summary and outlook

from the 3.7 µm channel as complementary data to provide extra information and
compensate the shortcomings of the PCC analysis and convert a block-level (25×25
km2) cloud mask resulted from PCC analysis to a pixel-level (1 × 1 km2) one. It is
important to note that we need to exclude the emission part of the 3.7 µm channel
and create a substantial contrast in the remaining reflectance part between snow/ice
and cloud at 3.7 µm.

The cloud detection algorithm is applied to AATSR and SLSTR data and the re-
sults have been validated against four existing cloud products over the Arctic: 1)
surface synoptic observations (SYNOP), 2) one existing method based on spectral
shape of clear snow (Istomina et al., 2010), 3) AATSR L2 nadir cloud flag, and 4)
The MODIS cloud product. The validation indicates 90.19% and 92.86% agreement
between SYNOP and ASCIA in May and March, respectively. The comparison be-
tween the new algorithm and the previous method has revealed the beneficial aspect
of the used method particularly in the case of detecting thin clouds and its sufficient
performance in extreme situations such as having a large solar zenith angle. Accord-
ing to the validation results, the AATSR L2 nadir cloud flag often falsely identifies
clouds over snow/ice, except during summer time.

The comparison between the AATSR L2 cloud product and the SYNOP measure-
ments resulted in 60% and 48.27% agreement in May and March, respectively. The
overall better performance of the newly-developed time series algorithm over snow
and ice has proven its capability to be applied to SLSTR data. However, according
to the results, more investigation and modification is needed to detect cloud over
land (soil, vegetation, etc.) specifically for blocks with small PCC values, since the
strict performance of the algorithm in cloudy blocks result in labelling clear land as
cloud due to the high reflectance of land pixels at 3.7 µm. Additionally, sub-pixel
water clouds detection is not carried out yet in the current version of ASCIA.

The outcome of this study has been published in Jafariserajehlou et al. (2019).

Improved assessment of BRF and snow surface reflectance for Aerosol
Optical Thickness retrieval

In this study, the objective was to extend our knowledge about snow surface proper-
ties and assess the accuracy of the simulation of the reflectance in a snow–atmosphere
system, taking different snow morphology and atmospheric absorption and scatter-
ing into account. For this purpose, we used a state-of-the-art RTM, SCIATRAN
(Rozanov et al., 2002, 2014), and the airborne CAR measurements (Gatebe and
King, 2016).

The airborne CAR data were acquired by NASA over Elson Lagoon at Barrow/Utqi-
aġvik, Alaska, during the Arctic Research of the Composition of the Troposphere
from Aircraft and Satellites (ARCTAS) campaign in spring 2008 (Lyapustin et al.,
2010). The spectral coverage of the airborne measurements is wide (0.3–2.30 µm),
comprising important wavelengths relevant for remote-sensing applications such as
aerosol retrievals, in which the outcome of this study can be used. Measurements
obtained at different flight altitudes (200, 600, and 1700m) provided an opportunity
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to investigate the sensitivity of simulated reflectance to atmospheric parameters.

The SCIATRAN RTM was used to simulate the reflectance factor in the snow–atmo-
sphere system and its changes related to different snow morphologies (i.e. snow grain
size and shape). These simulations explicitly take atmospheric scattering and ab-
sorption into account. The sensitivity of reflectance in the snow–atmosphere system
to snow grain size and shape has been investigated. It has been shown that the
selection of the most representative shape and size of the nine ice crystals used
in SCIATRAN to describe the snow surface is essential to minimise the difference
between simulations and measurements.

To obtain a priori knowledge of snow morphology, the snow grain size and shape
retrieval algorithm is used and applied to CAR data. In the case study at Bar-
row/Utqiaġvik, the simulated reflectance factor assuming the ice crystals with an
aggregate composed of eight column shape agreed well with measurements for the
old snow case. The results show an RMSE of 6.9% and an average bias of 2.7% for
the measured CAR reflectance in the principal plane where the largest discrepancies
are expected. For the case of freshly fallen snow, an aggregate of five plates shape
was the most representative ice crystal, with an RMSE value of 12.8% and a bias
of 11.23% with respect to the measured CAR reflectance. The data for the freshly
fallen snow case were acquired at altitude of 181 m. Larger differences compared
to the older snow case at 647 m are attributed to surface inhomogeneity. The sur-
face inhomogeneity most likely originates from sastrugi. Simulations in which the
snow layer was comprised of ice crystals with a droxtal shape (being semispherical
particles) did not yield accurate reflectance for the snow–atmosphere system in any
of our case studies. The knowledge from studies of the temperature dependence of
ice crystal morphologies agrees with our findings about the most representative ice
crystal size and shape for our case studies.

In our study, the simulated reflectance agrees well with the measurements with
respect to spectral and directional signatures. This is evidenced by the high correla-
tion coefficients in the range from 0.88 to 0.98 between measurements (old and fresh
snow) and simulations at the selected wavelengths of 0.677, 0.873, and 1.649 µm.
In the off-glint regions |∆Φ| > 40◦ and VZA<50◦, the overall absolute difference
between the modelled reflectance factor from SCIATRAN and CAR measurements
is below 0.05. This absolute difference in the off-glint area is smaller in the short-
wave infrared region compared to the visible one. It should be noted here that the
reflectance of the snow is lower in the shortwave infrared compared to the visible
one.

In summary, the approach shows the high accuracy of SCIATRAN in simulating
the radiation field in the snow–atmosphere scenes for off-glint observations. The
results are applicable for the inversion of snow and atmospheric data products from
satellite or airborne passive remote-sensing measurements above snow. To mitigate
the relatively large differences between measurements and simulation for the glint
condition compared to the off-glint region, the use of a vertically inhomogeneous
snow layer comprising different ice crystal shapes and sizes is proposed.
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7 Summary and outlook

The outcome of this study has been published in Jafariserajehlou et al. (2021).

Retrieval of Aerosol Optical Thickness in the Arctic using satellite mea-
surements

To retrieve AOT over a highly reflective surface, a previously-developed dual-view
algorithm called AEROSNOW (Istomina, 2012) is improved and used. The main
motivation to use AATSR and dual view in this method is to reduce the role of
surface reflectance in the retrieval approach because highly reflecting surfaces are a
known obstacle in the retrieval of aerosol above snow/ice. The principle idea behind
the algorithm is using the ratio of reflectance measured at the forward and nadir
view and weighting it by TOA reflectance to account for unique surface features
besides including surface reflectance simulations to account for modelled surface
directionality.

The AEROSNOW algorithm is applied in the visible spectrum using the LUT set
up to retrieve AOT during Arctic haze. When applying the algorithm to long-term
data of AATSR (2002-2012), several technical and scientific issues were found and
solved:

• The required libraries were out of date and needed to be checked, updated or
changed if needed.

• Sanity check and bug fixes were required for AEROSNOW source code.

• The run time was quite high (several hours per orbit over the Arctic circle),
which was not optimal for the creation of ten years of AOT data (51,100
orbits).

• Artificial glint geometry that was found and understood by the knowledge
gained from snow surface properties study (details in Section 5).

• Residual clouds are minimised by applying cloud detection criteria from AS-
CIA (details in Section 4).

After solving technical and scientific issues, the new version of the AEROSNOW
algorithm is applied to AATSR data from 2002-2012 and created ten years of AOT
data. The retrieved AOT is validated using AERONET measurements during spring-
time in which an adequate performance of algorithm is expected due the LUT, which
is set up using aerosol phase function measured during a haze event.

In general, the results of validation show promising agreement between AERONET
and AATSR based AOT, especially during haze events. Nevertheless, there are also
degraded validation results, some of which are common for all AERONET stations.
For example, having different AOT value for different satellite overpasses and corre-
sponding orbits during different times of day, e.g. morning and afternoon. Current
analyses are not adequate to explain this issue yet. In addition, there are cases for
which we did not expect to have accurate retrievals due to the known limitations
of AEROSNOW such as retrieval at extreme relative azimuth angles and retrieval
over surfaces covered with melting snow/ice (this was the case for some of coastal
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stations).

Open questions and future work

The application of AEROSNOW to the AATSR data is the first step for the creation
of a long-term AOT product over the Arctic. This product can be used to study the
change of AOT and aerosol properties during AA. Nevertheless, to cover the whole
period of AA, it is necessary to apply AEROSNOW on SLSTR data (the successor of
AATSR after the failure of ENVISAT). To fill the four-year gap between AATSR and
SLSTR, one can use another instrument such as AVHRR. The statistical approaches
can be used to exclude outliers and apply trend analysis.

To improve the AEROSNOW algorithm, one can introduce new/more LUTs to
account for different aerosol types. Although the current version of AEROSNOW is
able to retrieve AOT during haze episodes in late winter and early spring, a new
additional aerosol type will also enable AEROSNOW to retrieve AOT in summer-
time.

The snow grain morphology retrieval study presented in this work can be applied
to space-borne data to create a database of snow properties in the Arctic circle by
which a better estimation of surface directional properties can be obtained.
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D. J. Ghent, G. K. Corlett, F.-M. Göttsche, and J. J. Remedios. Globalland surface
temperature from the along-track scanning radiometers. J. Geophys. Res., 122:
12167–12193, 2017.

A. Gilgen, W. T. K. Huang, L. Ickes, D. Neubauer, and U. . Lohmann. How impor-
tant are future marine and shipping aerosol emissions in a warming arctic summer
and autumn? Atmos. Chem. Phys., 18(14):10,521–10,555, 2018.

P. Ginoux, D. Garbuzov, and H. C. Hsu. Identification of anthropogenic and natural
dust sources using moderate resolution imaging spectroradiometer (modis) deep
blue level 2 data. J. Geophys. Res., Atmospheres, 115:D05204, 2010.

P. Glantz, A. Bourassa, A. Herber, T. Iversen, J. Karlsson, A. Kirkev̊ag, M. Maturilli,
Ø. Seland, K. Stebel, H. Struthers, M. Tesche, and L. Thomason. Remote sensing
of aerosols in the arctic for an evaluation of global climate model simulations. J.
Geophys. Res., 119 (13):8169–8188, 2014.

162



References

R.G. Grainger. Some useful formulae for aerosol size dis-
tributions and optical properties. Available online:
http://eodg.atm.ox.ac.uk/user/grainger/research/aerosols.pdf (accessed on
15 September 2021), 2015.

B. S. Grandey, P. Stier, and T. M. Wagner. Investigating relationships between
aerosol optical depth and cloud fraction using satellite, aerosol reanalysis and
general circulation model data. Atmos. Chem. Phys., 13:3177–3184, 2013.

R. G. Graversen. Do changes in the midlatitude circulation have any impact on the
Arctic surface air temperature trend? J. Clim., 19:5422–5438, 2006.

R.G. Graversen and M. Wang. Polar amplification in a coupled climate model with
locked albedo. Climate Dyn., 33:629–643, 2009.

R.G. Graversen, T. Mauritsen, M. Tjernstrom, E. Kallen, and G. Svensson. Vertical
structure of recent Arctic warming. Nature, 451:53–56, 2008.

RO. Green, J. Dozier, D. Roberts, and T. Painter. Spectral snow reflectance mod-
els for grain-size and liquid-water fraction in melted snow for the solar-reflected
spectrum. J. Geophys. Res., 34:71–3, 2002.

K. R. Greenaway. Experiences with Arctic flying weather. Royal Meteorological
Society Canadian Branch, 1950.

TC. Grenfell, SG Warren, and PC. Mullen. Reflection of solar radiation by the
antarctic snow surface at ultraviolet, visible, and near-infrared wavelengths. J.
Geophys. Res., 99(D9):18669–84, 1994.

G. Gutman, D. Tarpley, and Ohring G. Cloud screening for determination of land
surface characteristics in a reduced resolution satellite data set. Int. J. Remote
Sens., 8:859–870, 1987.
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J. A. Sobrino, J. C. Jiménez-Muñoz, G. Sòria, A. B. Ruescas, O. Danne, C. Brockmann,
D. Ghent, J. Reme-dios, P. North, C. Merchant, M. Berger, P.P. Mathieu, and F. M.
Göttsche. Synergistic use of meris and aatsr as a proxy for estimating land surface
temperature from sentinel-3 data. Remote Sens. Environ., 179:149–161, 2016.

L. Sogacheva, P. Kolmonen, T. H. Virtanen, E. Rodriguez, G. Saponaro, and
G. de Leeuw. Post-processing to remove residual clouds from aerosol optical depth
retrieved using the advanced along track scanning radiometer. Atmos. Meas. Tech.,
10:491–505, 2017.

A. Soliman, C. Duguay, W. Saunders, and S Hachem. Pan-arctic land surface tem-
perature from modis and aatsr: Product development and intercomparison. Remote
Sens. Base, 4:3833–3856, 2012.

D. A. Spangenberg, V. Chakrapani, D. R. Doelling, P. Minnis, and R. F. Arduini.
Development of an automated arctic cloud mask using clear-sky satellite observa-
tions taken over the sheba and arm nsa sites. Proc. 6th Conf. on Polar Meteor. and
Oceanography, San Diego, CA, page 246–249, 2001.

K. Stamnes, S. Tsay, W. Wiscombe, and K. Jayaweera. Numerically stable algorithm
for discrete-ordinate-method radiative transfer in multiple scattering and emitting
layered media. Appl. Opt., 27:2502–2509, 1988.

S. M. Steinberg and J. L. Bada. Oxalic, glyoxalic and pyruvic acids in eastern pacific-
ocean waters. Journal of Marine Research, 42(3):697–708, 1984.

LL. Stowe. Cloud and aerosol products at noaa/ nesdis. Paleogeogr. Paleoclimatol.

174



References

Paleoecol, 90:25–32, 1991.

LL. Stowe, AM Ignatov, and RR. Singh. Development, validation, and potential en-
hancements to the second-generation operational aerosol product at the national
environmental satellite, data, and information service of the national oceanic and
atmospheric administration. J. Geophys. Res., 102:16923–16934., 1997.

J. C. Stroeve, V. Kattsov, A. Barrett, M. Serreze, T. Pavlova, M. Holland, and W. N.
Meier. Trends in Arctic sea ice extent from CMIP5, CMIP3 and observations.
Geophys. Research letter, 39:L16502, 2012.
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