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Abstract  
 

Atmospheric aerosols influence energy balance of the Arctic region via scattering solar 
radiation, influencing albedo and lifetime of clouds, and via deposition on snow and ice 
surfaces. To know about the impact of arctic aerosols is crucial, because the Arctic region is a 
very sensitive area and an important factor in global circulation and climate.  

Due to severe conditions and remoteness of the area, there are few ground based or airborne 
data available on atmospheric aerosols in the Arctic. Remote sensing has therefore a strong 
potential to provide the necessary spatial and temporal observation coverage of the area. 
Passive remote sensing of aerosols in the Arctic region is a challenging task: the underlying 
snow and ice reflect much more than aerosol layer in the atmosphere, i.e. the underlying 
surfaces compose most of the top of atmosphere signal observed by the satellite. State-of-the 
art algorithms are not able to resolve this task, leading to gaps in aerosol data in the Polar 
regions. 

This thesis describes an algorithm, which takes into account the bright reflecting underlying 
surface and establishes the retrieval of the atmospheric aerosol amount in the Arctic region 
using passive remote sensing. The goal of this work is to provide the maps of aerosol optical 
thickness over snow and help to better understand the global aerosol distribution. 

The algorithm is a multi-angle approach, based on the dual-viewing Advanced Along-Track 
Scanning Radiometer (AATSR) onboard ENVISAT. A number of conducted simulation and 
modeling studies preceded the establishment of automatic snow/cloud discrimination 
algorithm and aerosol optical thickness retrievals in the visible and infrared spectral regions. 
Extensive validation and application studies, which have been chosen in order to cover 
possibly greater spatial and temporal range of data, show the ability of the developed 
methods to provide the maps of aerosol optical thickness over various snow types, for 
different aerosol types. The results of the aerosol retrieval for pollution events featuring 
mineral dust, volcanic aerosol, biomass burning and pollution associated with boreal forest 
fires are compared to independent space borne and ground based observations and showed 
coinciding temporal and spatial dynamics of the aerosol distribution. Additionally, a cloud 
screening routine, based on visible and infrared AATSR observations, was also successfully 
validated against independent space borne and ground based data and ensures the absence of 
cloud contamination in the resulting aerosol product. Applied together, these methods allow 
for the first time the retrieval of aerosol amount over snow and ice on local to global scales. 

The developed methods and resulting aerosol product are of major importance for better 
understanding of aerosol distribution over snow and its effect on the local and global energy 
balance, which is necessary for the evaluation of the Arctic climate status. The resulting 
aerosol product can be also used as the atmospheric correction for the snow surface retrievals 
not only in the Arctic region, but also over any snow covered surface. 
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1 Introduction and motivation  
 

The fundamental role of the Arctic in the global climate system is to be the Northern 
Hemisphere “heat sink”. One of the main ruling forces of the global atmospheric circulation 
is the poleward transport of energy by the atmosphere and oceans from the equatorial regions, 
which receive the largest amount of solar radiation on an annual average, but emit less than 
they receive. The remaining part is heat transfer into the Arctic. Therefore changes of the 
energy balance in the Arctic region may distort the atmospheric circulation of the whole 
planet, which in turn may result in a lot of climatic consequences, also on regional and global 
scale. Atmospheric aerosols1

                                                           
1 The definition will be given in 2.1.2 

 play a major role in the Arctic climate, both locally in terms of 
air pollution and visibility reduction and regionally with respect to their radiative forcing 
effects (scattering and absorbing solar radiation, deposition on the snow surface and thus 
changing its albedo, changing the lifetime and albedo of clouds). Aerosols in the Arctic are 
even more important than elsewhere because their scattering and absorption effects are 
enhanced by the high albedo of the underlying snow and ice surfaces, which enables multiple 
acts of light scattering between the surface and aerosol particles and might produce 
significant warming at the surface (Randles et al., 2004). Arctic atmosphere has been 
degrading in air quality since the industrial development in the 18th century, and especially in 
the 20th century, as the amount of aerosol pollution on Earth was strongly increasing. There 
are very few sources of pollution in the Arctic itself, but this region was found to be highly 
affected by the long range transport from midlatitudes. In 1957, the term “Arctic haze” has 
been introduced by Mitchell (1957) to describe the regular pollution events occurring in the 
Arctic during late winter and spring and associated with the long range transport of industrial 
and natural pollution. There are high uncertainties about the fact what fraction of pollution 
leaves the Arctic and what fraction is deposited within the Arctic region on land and sea 
surfaces. But it is clear that some of the aerosol contaminants end up in Arctic ecosystems 
(Meijer et al., 2003). At the same time, recent researches (e.g. D. Shindell, G. Faluvegi, 2009) 
indicate the alarming climate response to the regional radiative forcing in the Arctic 
associated with aerosol pollution (Fig. 1.1). Satellite records beginning in 1979 show a strong 
decline in the extent of floating sea-ice (Fig. 1.2), with extreme minima for every September 
since 2002 (Stroeve et al., 2005). The sea-ice cover appears to be thinning (Rothrock et al., 
2003; Lindsay and Zhang, 2005). Paleoclimate research indicates that recent Arctic 
temperatures are the highest of the past 400 years (Overpeck et al., 1997). The Arctic climate 
system may be moving toward an entirely new energy balance (Overpeck et al., 2005.) 
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In order to realistically evaluate the reasons and perspectives of such changes in the Arctic 
climate, also more information about the distribution and amount of the polar aerosols is 
strongly necessary. This will help to assess and understand the status of the global climate as 
well, as atmospheric aerosols are the largest uncertainty in global climate models and the 
mechanisms of their effect on climate are not well understood even for midlatitude 
conditions, and even less in the Polar regions. Due to the hard weather conditions and 
remoteness of the area, there are only a few ground based stations which measure the aerosol 
amount and optical properties in the Arctic.  

 
Fig. 1.1 Area-weighted change of mean observed surface air temperatures (SAT) over the indicated 
latitude bands. The values are nine-year running means relative to the 1880-1890 mean. Note the steep 
curve corresponding to the Arctic region as compared to the other latitude bands. From Shindell, 
Faluvegi, 2009. 

Because of short lifetime of aerosols in the troposphere, the aerosol is highly variable in both 
space and time and ground based observations do not have the potential to satisfy the need for 
aerosol data on a global scale during long periods of time. 

The currently available information on the atmospheric aerosols in the Arctic is listed below: 

1. Aerosol product from a few ground based stations in the Arctic available on a 
constant basis (AERONET: http://aeronet.gsfc.nasa.gov, AEROCAN: 
http://www.aerocanonline.com/templates/nature/index.html); 

2. Aerosol product available on episodic basis, like aerosol measurements from 
pollution episodes (Stohl et al., 2006; Stohl et al., 2007; Treffeisen et al., 2007), 
airborne campaigns (Dörnbrack et al., 2010; POLARCAT: http://www.polarcat.no/) 
or temporal effort of scientific community such as research within the International 
Polar Year (ICSU, 2004); 
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Fig. 1.2. Time series of monthly anomalies of the area of minimum extent of Arctic sea ice from 1979 
to 2004. The thick solid line represents 12-month running means; the thin straight line is least-squares 
linear fit. From Serreze and Francis, 2006, courtesy of National Snow and Ice Data Center, Boulder, 
CO. 

3. Modeling of chemical dynamics and particle dispersion in the atmosphere, like 
GEM-AQ  (Global Environmental Multiscale Air Quality, O’Neil et al., 2006), or 
FLEXPART models (Stohl et al., 2005); 

4. Active remote sensing, e.g. CALIPSO which acquires aerosol optical thickness2

Among all the listed data sources, only the first data source is providing data on a constant 
temporal basis, yet often interrupted in the difficult Arctic conditions. The spatial coverage of 
these data is poor. Satellite remote sensing has the potential to provide much better temporal 
and spatial coverage necessary to analyze highly variable aerosol spatial and temporal 
distribution on local to global scales. However, atmospheric remote sensing over bright 
reflecting snow and ice surfaces presents a problem, which has not been solved so far. Until 
now, there are no published researches on the retrieval of aerosol amount over snow and ice, 
which work on the global scale with no assistance from complementary field or airborne 
measurements of the surface optical properties. The current understanding of global aerosol 
distribution has therefore gaps in the Polar regions (see Fig. 1.3). The focal point of this 
thesis is to fill in these gaps and provide information on aerosol amount and distribution over 

 
(AOT) from integrated backscatter profiles (http://www-calipso.larc.nasa.gov/). 
Among passive remote sensing only MISR (Multi-angle Imaging SpectroRadiometer, 
http://www-misr.jpl.nasa.gov/) provides aerosol product over snow; this product is, 
however, not quality assured (personal communication with Ralph Kahn, 2010). 

                                                           
2 The definition is given in Sect. 2.3 



1 Introduction and motivation 

14  

bright reflecting snow and ice surfaces, particularly in the Arctic region, using passive remote 
sensing means. 

 
Fig. 1.3. The annual mean of aerosol optical depth at 550 nm from Moderate Resolution Imaging 
Spectroradiometer (MODIS) for 2006. Note the heavy aerosol load over the Eastern Russia and Siberia 
that appears to be intensified over the Arctic Ocean. This has been caused by biomass burning of 
agricultural lands and boreal forest in Russia during May and transported across Scandinavia into the 
Arctic. 

1.1 Aerosol satellite remote sensing 

To understand the effects of aerosols on climate, their spatial and temporal distribution needs 
to be known at a global scale; neither ground based nor airborne measurements are capable of 
providing the necessary coverage of the data. Since decades it was recognized that solar 
radiation scattered back to space is influenced by aerosols (as well as other atmospheric 
compounds and the surface properties), and analyzing the top of atmosphere (TOA) radiation 
observed by a satellite has the potential of bringing information about aerosol amount and 
optical properties.  

The effect of atmospheric aerosols on the TOA radiance cannot be evaluated without the 
knowledge about the underlying surface. This is because an increasing aerosol load decreases 
the role of the surface in the TOA radiance (via decreasing the transmittance) and increases 
the atmospheric role in it (via increasing reflective properties of atmospheric layer). For the 
simplest case of black underlying surface (ocean of land with the spectral albedo less than 
0.05 in the VIS), the main effect of the AOT increase  is the increase of the TOA reflectance 
(see Fig.1.4). As the surface albedo increases, the decrease of the aerosol transmittance with 
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Fig. 1.4 The dependence of TOA reflectance on AOT(550nm) of 2km layer of maritime aerosol over a 
black Lambertian reflector for two observational geometries: nadir (satellite zenith angle = 0°) and 
forward (satellite zenith angle = 55°). Solar zenith angle = 65°, relative azimuth = 0°. Ozone 
absorption and Rayleigh scattering are taken into account. Calculated with forward RT model 
SCIATRAN (see Sect. 2.4.2). 

 
Fig. 1.5 The dependence of TOA reflectance on AOT(550nm) of 2km layer of maritime aerosol over a 
bright non-Lambertian snow surface for two observational geometries: nadir (satellite zenith angle = 
0°) and forward (satellite zenith angle = 55°). Solar zenith angle = 65°, relative azimuth = 0°. Ozone 
absorption and Rayleigh scattering are taken into account. The bidirectional reflectance distribution 
function (BRDF) of snow is equal to 0.93 for the nadir geometry and 1.05 for the forward geometry. 
Calculated with forward RT model SCIATRAN. 

increasing AOT plays greater role, being extremely important for the brightest surfaces. For 
the brightest surfaces the role of the reflectance of the aerosol layer on the TOA radiance will 
be very small, as the high surface reflectance dominates the aerosol reflectance in the visible 
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spectral region (VIS) both via single scattering and multiple scattering (see Fig. 1.5). For low 
absorbing aerosols the dependence of the TOA reflectance on the AOT will therefore be 
much less pronounced over bright surfaces than over dark surfaces, as can be seen from Fig. 
1.4 and 1.5.  

Snow has the highest spectral albedo among all the surface types in the VIS (spherical albedo 
0.8-0.9 for snow at 550nm). The effects discussed above are most significant for the case of 
snow surface, and also depend on the geometry of observations (Fig. 1.5) due to the 
directional behavior of snow optical properties (see Sect. 2.2.1). It is also visible from Fig. 
1.4 and 1.5 that the TOA reflectance of the system “surface + atmosphere” is not a simple 
sum of the surface and atmospheric components. Multiple scattering between the surface and 
atmosphere increases as the surface reflectance grows. Along with the direct surface 
component in the TOA reflectance, the multiple scattered component also depends drastically 
on the surface optical properties. This makes it important for remote sensing applications to 
have a good understanding about the directional and spectral optical properties of underlying 
surfaces, especially for those with high spectral reflectance. The least “convenient” surface 
for the AOT retrieval is therefore snow: rapid temporal and significant spatial variability of 
both spectral and directional optical properties of snow, together with its high spectral albedo 
in the visible spectral region, make snow surface maybe the least “convenient” surface for the 
AOT retrieval. The drastic difference of snow optical properties as compared to the other 
surface types (water, vegetation, bare soil, etc.) makes it impossible to use conventional AOT 
retrieval algorithms developed for use over land or open water for the AOT retrieval over 
snow. 

The level of difficulty of the AOT retrievals over various surface types is connected to the 
level of the surface contamination of the TOA radiance signal. For a given AOT of 0.1 at 
550nm (see Fig. 1.4) the TOA atmospheric reflectance is about 0.05, which is of the same 
order of magnitude as the ocean and land spectral albedos, but only about 5%-10% of the 
snow spectral albedo at this wavelength (see Table 1.1).  

Table 1.1. Evaluation of the AOT retrieval “convenience” for the four main surface types. 

Surface 
type 

 Albedo 
(550nm) 

Aerosol role in 
TOA signal 

Surface 

Temporal variability Spatial 
variability 

Ocean <0.05 High Low Low 

Vegetatio
n 

0.05-0.1 Moderate Moderate Moderate 

Desert 0.2 Low Low Moderate 

Snow and 
ice 

0.3-0.95 Very low High High 



1.1 Aerosol satellite remote sensing 

17  

As opposed to the case of bright snow surface, the case of e.g. open water has been 
elaborated since mid- 1970s (Griggs, 1975; Fraser, 1976, Durkee et al., 1991; Husar et al., 
1997). Currently, there is a variety of AOT retrieval algorithms designed for various satellite 
sensors and capable of retrieving AOT over various ocean and land surface types. But given 
the high spatial, temporal and directional variability of snow optical properties, the 
subtraction of the surface signal from the TOA reflectance becomes an immensely 
challenging task over snow and ice surfaces.  

The common AOT retrieval algorithms are very much sensor dependent, as each satellite 
instrument has unique spectral and spatial resolutions and observation geometries. But all of 
them solve the radiative transfer (RT) equation (see Sect. 2.4) in order to extract the aerosol 
role from the TOA radiance measured from space. For this the knowledge of the surface 
properties is needed; while some of the retrievals utilize ready surface reflectance databases, 
others retrieve surface and aerosol properties simultaneously. Some of the major sensors 
involved in aerosol remote sensing and the key publications describing their AOT retrieval 
are MODIS, Multi-angle Imaging SpectroRadiometer (MISR), MEdium Resolution Imaging 
Spectrometer (MERIS), Sea-viewing Wide Field-of-view Sensor (SeaWiFS), Advanced 
Along-Track Scanning Radiometer (AATSR) and its precursors Along-Track Scanning 
Radiometer (ATSR) and ATSR2, POLarization and Directionality of the Earth Reflectance 
(POLDER), Second Global Imager (SGLI) and its precursor GLI, Spinning Enhanced Visible 
Infra-Red Imager (SEVIRI), Advanced Very High Resolution Radiometer (AVHRR), etc. All 
these satellite sensors can be roughly separated into two groups relevant for the current study: 
multi-view instruments (POLDER, MISR, AATSR) and single-view instruments (all others). 

Among the single-view instruments, MODIS and its extensive algorithm of the AOT retrieval 
over land and ocean surfaces is probably the most developed by now. The collective effort of 
the scientific community resulted in many publications, some of which are listed further:  

- AOT retrieval over ocean: e.g. Kaufman et al., 1997; Levy et al., 2003;  

- AOT retrieval over land: e.g. Tanré et al., 1997; Vermote et al., 1997;  

- AOT retrieval over land and ocean: e.g. Remer et al., 2005; Levy et. al., 2010; Lyapustin et 
al., 2011). 

The relatively high for a radiometer spectral resolution of this instrument and availability of 
complementary products such as global surface reflectance databases enables the coverage 
and quality of the MODIS AOT product over most of the surface types, with the latest 
inclusion of bright reflecting desert case (Lyapustin et al., 2011).  

Both the land and ocean parts of the AOT retrieval are based on the correlation of surface 
spectral reflectances in the visible and shortwave infrared (SWIR) spectral regions, with the 
assumption of negligible aerosol influence in the SWIR. However, this approach cannot be 
used for snow surfaces due to strong variability of the snow directional reflectance properties 
along the spectrum. 

Observations from different angles could improve such observations. The importance of 
multiangular observations for aerosol retrievals over land has been underlined by e.g. Leroy 
et al. (1997) and Herman et al. (1997). This observational scheme enables gathering 
additional information about the target via observing it from several different viewing angles. 
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The AOT retrieval task usually includes more unknown than known values (i.e. aerosol 
remote sensing is an ill-conditioned problem with too little experimental parameters), with 
the two major unknowns being the AOT and the surface directional reflectance. So, one 
needs at least two different observations of the target in order to retrieve both parameters, in 
addition to assumptions and models to provide the other parameters. An additional 
observation angle is therefore of immense importance in cases when additional spectral 
channels are not available, or cannot be used due to high variability of the surface spectral 
behavior. Multiangular instruments POLDER (Deuze et al., 2001), MISR (Martonchik et al., 
2004; Martonchik et al., 2002; Diner et al., 2005) and AATSR (Xue et al., 2009; Sayer et al., 
2010; North, 2002; Grey et al., 2006a; Thomas et al., 2005; Veefkind et al., 1998) perform 
AOT retrievals over ocean and land, and have the potential to provide enough information for 
AOT retrievals also over bright reflecting surfaces. The aim of the current work is therefore 
to develop an algorithm for multi-angle observations over bright surfaces. For this purpose, 
the data from the dual viewing AATSR sensor onboard ENVISAT is utilized (see Sect. 
2.5.1). 

An overview and comparison of AOT retrievals over land using various satellite retrievals 
and instruments can be found in (Kokhanovsky et al., 2007; Grey et al., 2006b). 

Currently there are no publications considering the passive remote sensing algorithms over 
snow and ice regions which can be used for aerosol observations in the Arctic. Therefore the 
task of this work is the investigation of the feasibility of an estimation of aerosol information 
over such bright surfaces and closing the existing gap in the satellite observations. 

1.2 Aim of this work 

The objective of this work is to develop an AOT retrieval method for snow covered regions 
using the dual view multispectral satellite sensor data. This task includes the following key 
points: 

- Developing a method of considering the role of the high reflecting snow surface in 
the TOA radiance signal in the visible spectral regions and evaluating its accuracy; 

- Evaluating the accuracy of existing approximate solutions of the radiative transfer 
equation for the case of very bright surface and utilizing one of them for the AOT 
retrieval; 

- Developing a method to account for the surface contamination for the AOT retrieval 
in the IR spectral region, which stems from varying snow surface emittances; 

- Setup the modeling techniques to associate the AOT with the aerosol TOA 
reflectance for various AOTs and observation-illumination geometries (LUT3

- Elaborating the assumptions on the aerosol optical properties in the visible and 
infrared (IR) spectral regions (phase function and single scattering albedo input 
parameters for the RT modeling of LUTs) 

 
approach); 

                                                           
3 Look-up table, a precalculated table connecting the aerosol amount to the atmospheric TOA 
reflectance for a set of varying observation-illumination geometries, wavelengths, aerosol or surface 
types. 
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- Application and validation of the approach using available ground based and 
spaceborne data of the aerosol pollution events in the Arctic region. 

- Developing an automatic cloud clearing and snow flagging routine which provides 
the mask of clear snow pixels for the AOT retrieval; 

As the output of the developed approach we should get the AOT maps for snow covered 
regions. The resulting algorithms and methods can also be applied to another multiangle, 
multispectral satellite sensors, potentially to the data of the AATSR-like sensor SLST (Sea 
and Land Surface Temperature Instrument) onboard the future Sentinel3 mission (launch 
planned on 2013). 

1.3 Outline of this thesis 

Chapter 2 of this thesis explains the necessary scientific background. The role of the Arctic in 
global climate and the radiative forcing of aerosol in both global and regional Arctic climate 
systems are discussed for better understanding of the motivation behind this work. In the 
second half of Chapter 2 the theory of the radiative transfer and light scattering in the 
atmosphere is given. The forward RT model SCIATRAN, used satellite sensors and ground 
based measurements are described. 

Chapter 3 is dedicated to the satellite data selection and three parts of the AOT retrieval over 
snow developed within this work, which are  

1) the cloud clearing and snow flagging;  

2) the AOT retrieval over snow in the visible spectral range, which utilizes the AATSR dual 
viewing observations in order to decrease the drastic influence of high snow spectral albedo 
on the TOA radiance signal;  

3) the AOT retrieval over snow in the IR spectral region, which utilizes both AATSR 
observational angles for the surface correction as well. The details on the LUT calculations 
with the forward RT model, sensitivity study and expected sources of errors of these 
algorithm parts are also given in this chapter. 

Chapter 4 is dedicated to the validation of all the three parts of the presented algorithm. The 
section 4.1 describes how our cloud screening approach was validated with the use of 
MODIS and Micro Pulse Lidar data, sections 4.2 and 4.3 give the validation of the AOT 
retrieval over snow in the visible and infrared spectral regions using ground based AOT 
measurements. 

Chapter 5 presents the applications of both AOT retrieval parts to the following pollution 
events in the Arctic: 

- formation and transport on Greenland during July 04/05, 2008; 
- biomass burning pollution transport to Ny Ålesund, spring 2006; 
- boreal forest burning in Canada and transport to Alaska, summer 2004; 
- Kizimen volcano eruption at Kamchatka, spring 2011. 

Within these case studies the AOT maps over snow are presented for the selected scenes at 
local and also global scales for the whole Arctic region, along with the comparisons to 
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ground based and space-borne observations. The algorithm was also applied to a scene 
featuring background aerosol in the Antarctic region. 

Chapter 6 contains final remarks and conclusions, and provides an outlook for the future 
research. 
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2 Scientific Background 

2.1 Introduction to the Earth’s atmosphere 

The atmosphere can be defined as gas layers surrounding the Earth, mainly consisting of N2, 
O2, H2O, CO2 and other trace gases. Basic information about these can be found in standard 
textbooks, such as e.g. (Brasseur, Orlando, Tyndall, 1999). In this section, we will only cover 
some details about atmospheric vertical structure, circulation and chemical composition, 
necessary for understanding of the future sections on global heat budget, radiative forcing, 
and the role of the Arctic region in the global climate. 

The atmosphere is characterized by specific vertical temperature gradients, changing its sign 
between the layers (see Fig. 2.1).  

The troposphere is the lowest layer of atmospheric structure ranging from the surface to 
about 18 km in the tropics, 12 km at midlatitudes and 6-8 km at the poles. This layer contains 
about 85-90% of the atmospheric mass and can be characterized by high convective activity. 
The vertical transport of energy and mass exchanges happens at a temporal scale of several 
weeks. The planetary boundary layer is the lower region of the troposphere at the surface 
with the height about the order of 1 km. Above the troposphere (see Fig. 2.1) is the 
stratosphere, a very stable atmospheric layer ranging up to 50km containing 90% of the 
atmospheric ozone. The atmospheric layer between 50 and 90 km is called the mesosphere 
and the temperature gradient again reverses as compared to the stratosphere, causing 
instability and vertical mixing. The layer above 85-90 km is called the thermosphere, and the 
vertical temperature increases with height to the values that depend mostly on the solar 
activity. The upper atmospheric layer contacting with the interplanetary medium is called the 
exosphere.  

Due to the Earth’s axial tilt of 23.44°, the solar radiation is distributed unevenly along the 
latitude. This causes circulation of air masses in the north-south direction (see Fig. 2.2), with 
rising motion at low latitudes and sinking motion at mid- and high latitudes. This meridional 
circulation is modified by the Earth's rotation, and the residual meridional component 
transfers heat from equatorial to polar regions. Figure 2.2 shows a schematic representation 
of the atmospheric circulation patterns for Northern Hemisphere summer. The transport paths 
from the equatorial region to the Poles are visible. 

The Earth's atmosphere is a mixture of many chemical constituents, among which are the 
nitrogen N2 (78%) and oxygen O2 (21%). These gases together with the noble gases (argon, 
neon, helium, krypton, xenon) can be characterized by long lifetimes and are therefore well  
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Figure 2.1. Atmosperic vertical structure. Note the behavior of the vertical temperature gradient at 
different heights. Figure adapted from (Brasseur, Orlando, Tyndall, 1999). 

mixed up to the mesosphere. Water vapor, carbon dioxide, ozone, and many others are 
present at much lower concentrations in the atmosphere, but they influence the transmission 
of solar and terrestrial radiation in the atmosphere. 

Except for the gaseous component of the atmosphere, there is also an aerosol component. 

An aerosol is defined as a system of solid or liquid particles in gaseous suspension. In 
atmospheric physics the term “aerosol” is used in the meaning of “aerosol particle”. This 
defines atmospheric aerosols as all the particles in the atmosphere larger than a few 
molecules and smaller than cloud droplets.  

Along with the effect of atmospheric aerosols on human environment and visibility, aerosols 
affect climate by scattering and absorbing solar radiation, by interacting with clouds and by 
providing surfaces for chemical reactions in the atmosphere. The mechanisms of these 
processes and the amount of aerosols on the global scale are not yet well known. Aerosols are 
considered to be one of the largest uncertainties in today’s climate modeling (IPCC, 2007).  

This work is dedicated to aerosols, more detailed information on aerosols is necessary and 
will be provided in Sect 2.1.2 (aerosol types, chemical composition, size distribution, 
transport) and Sect. 2.1.3 (aerosol radiative forcing). 
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Figure 2.2. Circulation of the atmosphere during Northern Hemisphere summer. Figure adapted from 
(Brasseur, Orlando, Tyndall, 1999). 

2.1.1 Radiative balance of the atmosphere 

On the long term scale, the Earth can be considered to be in a state of radiative equilibrium, 
with the solar radiation serving as the only energy source. This source emits 99.9% of the 
radiation in the range of 0.15 to 4 μm (peak of intensity at 0.5 μm). The net incoming solar 
radiation to the Earth system at the top of atmosphere (TOA) can be written as: 

Net incoming solar = (1 − 𝐴)𝑆𝜋𝑅2    (2.1) 

where S is the solar constant (1367 W m-2), A is the planetary albedo (approximately 0.3), and 
R is the radius of the Earth (6371 km). Albedo is the ratio of radiation reflected from the 
surface to the incident radiation. The planetary albedo includes the effects of scattering and 
absorption by clouds, aerosols and atmospheric gases, as well as the surface albedo4

                                                           
4 Albedo of the surface is defined as the ratio of solar radiation reflected by a surface (upward flux 
integrated over the hemisphere) to the incident direct beam illumination. This is also called the 
directional-hemispheric reflectance. The albedo measured near the Earth’s surface usually contains a 
significant diffuse component and is termed the bihemispherical reflectance factor (Nolin and Liang, 
2000). Albedo differs from spectral reflectance, which is the reflectance at a single wavelength or in a 
narrow spectral band. It is also sometimes called spectral albedo. 

. The  
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Fig. 2.3. Schematic diagram of the global energy budget. The values are expressed in W m-2. The 
picture is adapted from Trenberth, Fasullo, Kiehl, 2009. 

schematic representation of the Earth’s global energy budget and the role of the atmosphere 
in it are shown in Fig. 2.3. 

In radiative equilibrium, the net TOA solar radiation flux is balanced by the radiation emitted 
to space by the Earth’s atmosphere and surface. This outgoing TOA longwave radiation can 
be written as: 

Outgoing longwave =  𝜎𝑇𝑒44𝜋𝑅2     (2.2) 

where 𝜎 is the Stefan-Boltzmann constant (5.7 × 10−8Wm−2K−4), and 𝑇𝑒  is the effective 
radiation emission temperature of the Earth. It depends on both physical temperature and the 
longwave emissivity of the atmosphere and surface. This outgoing longwave radiation is in 
the wavelengths range of about 4-300 μm, peaking at about 10 μm. The atmosphere is semi-
opaque to longwave radiation and the direct emission to space is only possible through the 
atmospheric transparency windows, e.g. 3-5 μm and 8-14 μm, where the role of the 
atmosphere can be neglected. One can use these spectral regions to obtain the information 
about the surface from the satellite, which is used in this work. The other longwave spectral 
regions are affected by gas absorption (Fig. 2.4). 

In the visible region of spectrum, incoming solar radiation is attenuated when propagating 
through the Earth’s atmosphere due to absorption by gas constituents and by scattering  

1) on molecular density fluctuations (molecular or Rayleigh scattering, independent of time 
and space and well known. It will be described in Sect. 2.4.1.); 

2) on clouds and aerosol particles (aerosol scattering, highly variable in space and time, more 
details will be given in Sect. 2.4.2-2.4.3); 
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Figure 2.4. Patterns of absorption bands generated by various greenhouse gases and their impact on 
both solar radiation and upgoing thermal radiation from the Earth's surface (courtesy Robert A. 
Rohde). 

3) on inhomogenities, induced by turbulent motion of the atmosphere.  

Attenuation on molecules and aerosols is much greater than that on turbulent cells, and while 
the Rayleigh scattering is relatively well known, the quantitative role of the aerosol in the 
energy budget of the planet is difficult to assess. The state of knowledge on the role of 
aerosol in the radiation budget will be covered in Sect. 2.1.3. 

 

2.1.2 Aerosols and clouds 

The main feature of atmospheric aerosols is their high spatial and temporal variability. 
Natural, anthropogenic, biogenic processes are responsible for production of particles from 
parts of nanometers to tens or even hundreds of micrometers, with their chemical 
composition varying widely not only from place to place but also from particle to particle.  

Aerosols can be produced by ejection into the atmosphere (primary aerosol), or by physical 
and chemical processes inside the atmosphere (secondary aerosol). Examples of primary 
aerosol are sea spray and windblown dust. Secondary aerosols are produced by condensation 
of atmospheric gases or by cooling water vapor (gas to particle conversion).The size, shape 
and chemical composition of aerosols is determined by their production mechanisms. The 
variety of these natural (forest fires , windblown dust, organics, sea salt, volcanoes, gas to 
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particle conversion of volcanic SO2 and biogenic NOx) and anthropogenic (biomass burning, 
industrial dust and soot, windblown dust, gas to particle conversion of power plants and 
traffic NOx and SO2) sources creates a great variety of aerosol types of different shape, size 
distribution, chemical composition and radiative properties. Particles produced with 
coagulation or condensation have almost correct shapes and are more or less close to spheres. 
Otherwise produced aerosol particles can only be thought of being spheres as a very rough 
approximation. Fig 2.5 illustrates the variety of particle shapes of several aerosol types such 
as fly ash, pollen, sea salt and soot.  

 
Figure 2.5. The wide variety of aerosol shapes. From left to right: volcanic ash, pollen, sea salt, and 
soot. Micrographs courtesy USGS, UMBC (Chere Petty), and Arizona State University (Peter Buseck). 

Particles of incorrect shapes cannot be fully described in terms of just one dimension 
(diameter). When speaking of “particle size” of nonspherical particles, one can utilize the 
following possibilities to conveniently describe the size of the particle using just one 
dimension (Kokhanovsky, 2004):  

- Volume diameter, which is the diameter of a sphere having the same volume as the 
particle; 

- Surface diameter, which is the diameter of a sphere having the same surface area as 
the particle; 

- Surface volume diameter, which is the diameter of a sphere having the same volume 
to the surface area ratio as the particle; 

- Projected area diameter, which is the diameter of the circle having the same area as 
the projected area of the particle resting in a stable position or randomly oriented. 

In the absence of possibility to describe each aerosol particle separately, we are forced to 
address much simpler descriptions in which the whole aerosol load is described by one 
parameter – particle size – and the total number of particles of a given size within the given 
air volume. For this purpose, one can use (with different level of accuracy) the common 
gamma and lognormal size distributions. E.g. water soluble, dust, soot and oceanic aerosols 
can be characterized by lognormal size distribution, whereas stratospheric aerosol – by 
gamma size distribution (Kokhanovsky, 2004). 

The aerosol particles are often grouped around several size subranges, i.e. the aerosol size 
distribution exhibits “modes”. They are schematically showed in Fig. 2.6 together with the 
corresponding production and removal mechanisms. Whitby and Cantrell (1976) also 
proposed the commonly used descriptors for the subpopulations: nucleation or Aitken 
(diameter < 0.1μm), accumulation (diameter between ~ 0.1 μm and 2.0 μm), and coarse 
(diameter > 2.0 μm) modes. Additionally, particles smaller than 2 μm are referred as the fine 
particles.  
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Figure 2.6. The distribution of particle surface area in the atmosphere. Modes, sources and removal 
mechanisms are indicated (Whitby and Cantrell, 1976). 

The spatial and temporal variability of stratospheric and tropospheric aerosol is usually 
different. The hydrological cycle taking place in the troposphere is in part responsible for this 
variability. Physical and chemical sources of stratospheric aerosols are fewer in number 
(mainly volcano eruptions), and stratospheric particles have a relatively long lifetime, a 
consequence of the lack of wet removal processes and the stable thermal structure of the 
stratosphere, which inhibits dynamic mixing processes. Aerosol residence time determines 
the homogeneous or inhomogeneous nature of the global aerosol distribution. 

The lifetime of aerosol particles depends on the efficiency of their removal mechanisms. The 
mean lifetime may generally be computed from: 

Σ𝑟𝑒𝑠 = 1
𝛽𝑑+𝛽𝑤+𝛽𝑡

      (2.3) 

where 𝛽𝑑 is the first-order loss rate constant for dry deposition, 𝛽𝑤 is that for wet depostition, 
and 𝛽𝑡 is that for transport to the stratosphere.  

Dry particle deposition is dominated by large particles with the diameter > 1 μm and is 
gravitational settling (sedimentation) which takes place in the lower troposphere and happens 
within seconds (very large particles at the surface) up to tens of days (smaller particles in the 
tropopause). Coagulation affects wide range of particle sizes of the fine mode and takes 
places throughout the whole troposphere, taking for up to hundreds of days. Wet removal 
(precipitation) affects particles of accumulation mode and happens within several days in the  
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middle and low troposphere depending on particle size and hygroscopicity. This is the 
primary mechanism of aerosol removal.  

Therefore, the residence time of tropospheric aerosols can vary over several orders of 
magnitude, from a few minutes to a month, depending upon particle size and other properties, 
and enables tropospheric aerosol to be transported over relatively large distances, e.g. with 
Asian and Saharan dust reaching far into the Atlantic and even as far as Greenland or South 
America (Hobbs, 1993). Arctic Haze is the result of long-range transport from the continents. 
Aerosol sources, sinks and transport pathways are responsible for the existing geographical 
aerosol distribution shown in Fig. 1.3.  

The residence time of stratospheric aerosols is much greater and can reach several years, 
creating a spatially uniform aerosol layer. The major source of stratospheric aerosols is the 
volcano eruptions. For stratospheric aerosols, the dry removal mechanisms are still valid, but 
no wet removal occurs (except for possible role as condensation nuclei for polar stratospheric 
clouds). Stratospheric aerosols can rarely be transported to the troposphere and affect 
radiative properties of cirrus clouds. An example of time needed for removal of stratospheric 
aerosols after a volcano eruption is shown in Fig. 2.7.  

It is visible that it took 3 years at Mauna Loa and 5 years at Barrow for the stratospheric 
aerosols to be totally removed from the atmosphere. One disturbing point to note is that it 
appears to take much longer for aerosols to be removed from polar regions than from tropical 
regions. The reasons are in different atmospheric circulations and aerosol removal processes, 
which will be covered in Sect. 2.2.2. 

Haze is a special result due to aerosols in the air.  To define the haze particles, one has to 
refer to the classic experiments of Coulier (1875) and Aitken (1920) who demonstrated that 
water vapor condenses in particle free air only at the supersaturation of several hundred 
percent5

Aerosols can also affect clouds in the atmosphere and vice versa. The cloud droplets are tens 
to hundreds of micrometers in diameter. Clouds and aerosols are connected: aerosols act as 
cloud condensation nuclei and clouds depend on aerosols for their formation. If they 
evaporate, they can leave behind aerosol particles with changed chemical and optical 
properties. This source of aerosol mass is comparable in strength to other major sources like 
oceans and deserts (Hobbs, 1993). This changes radiative properties of clouds, which in turn  

, whereas in the presence of some condensation nuclei, water droplets form at 
supersaturations of about 2% or less. Atmospheric aerosol particles can serve as cloud 
condensation nuclei (CCN) and affect the cloud formation in case they are >0.5 μm (for 
insoluble particles) or >0.1 μm (for water soluble aerosol); the larger the particle, the lower 
the critical supersaturation at which it can become a CCN. In a slightly supersaturated 
condition, very small water soluble particles will only grow by condensation till the 
equilibrium with the water vapor pressure around them and then stop their growth. Such 
droplets are called unactivated droplets or haze. Haze can significantly decrease the intensity 
of solar radiation reaching the surface, it can also cause sharp decrease in visibility.  

                                                           
5Supersaturation in %= (𝑒 𝑒𝑠 − 1⁄ ) ∙ 100, where e is the vapor pressure of the air and es is the 
saturated vapor pressure over a plane surface of water. 
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Figure 2.7. In 1991 Mt. Pinatubo injectedinto the stratosphere 30 million tons of aerosols. This caused 
aerosol optical depth anomaly of about 0.2. The top panel shows measurements at Barrow, Alaska; the 
lower panel shows measurements at Mauna Loa, Hawaii. Source: NOAA/CMDL: 

is linked to energy balance of the atmosphere. The details of this climate forcing will be 
covered in Sect. 2.1.3. 

Aerosols also affect the formation of ice clouds. Ice particles can be nucleated either directly 
from the water vapor, or from freezing of supercooled droplets, at temperatures around and 
below -40°C. Ice can also form at higher temperatures by nucleation in the presence of 
atmospheric aerosol called ice nuclei. Ice nuclei need to satisfy several requirements: they are 
insoluble in water; large particles are more effective than small; good ice nuclei generally 
have chemical bonding and crystallographic structures similar to that of ice; and certain 
topographic surface features can play an important role in ice nucleation.  

Cloud influence the global energy budget by controlling the amount of solar radiation 
absorbed by the earth and by partitioning this energy between the atmosphere and the earth’s 
surface. Both aerosols and clouds take part in aerosol-cloud-climate interactions. The details 
of these climate forcing mechanisms will be covered in Sect. 2.1.3, while the basic 
information about the radiative and microphysical properties of aerosols and clouds will be 
given in Sect. 2.1.2. 

2.1.3 Aerosol radiative forcing 

The brightest objects seen at the satellite photographs of the Earth are clouds and snow-
covered surfaces. These reflect back to space most of the incoming solar radiation and affect 
the radiative balance of the planet. Atmospheric aerosols can alter radiative properties of both 
clouds and snow. This section will focus on aerosol radiative forcing over darker surfaces and  
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Figure 2.8. The global radiative forcings (RF) in 2005 relative to the beginning of industrial era (about 
1750).Columns on the right show best estimates and confidence intervals (RF values); spatial scale of 
the forcing and the level of scientific understanding (LOSU). Volcanic aerosols are not included due to 
their episodic nature. Figure adapted from IPCC (2007). 

aerosol effects on clouds, whereas the discussion of aerosol radiative forcing over snow and 
ice surfaces will be covered in Sect. 2.2.2. 

According to Ramaswamy et al. (2001), radiative forcing can be defined as ‘the change in net 
(down minus up) irradiance (solar plus longwave) at the tropopause after allowing for 
stratospheric temperatures to readjust to radiative equilibrium, but with surface and 
tropospheric temperatures and state held fixed at the unperturbed values’. To assess and 
compare various mechanisms of climate change, it is convenient to use the radiative forcing 
value (expressed inWm-2). Aerosols cause also radiative forcing (RF) and in Fig. 2.8. it can 
be seen, that current understanding of this problem is low: 

The direct effect is occurring when aerosols scatter and absorb shortwave and longwave 
radiation, both solar and reflected/emitted from the surface, which changes the radiative 
balance of the Earth-atmosphere system. The magnitude of direct RF is connected to aerosol 
single scattering albedo, extinction coefficient, scattering phase function (see definitions in 
Sect. 2.4). These optical properties vary both in space and time, therefore quantitative 
estimate of this RF is difficult, however, the tendency is that aerosols cause a net negative 
direct RF (cooling) over darker surfaces like oceans or dark forest areas, and a positive TOA 
RF (warming) over brighter surfaces such as desert, snow, ice or cloud cover (e.g. Chylek 
and Wong, 1995; Haywood and Shine, 1995).  
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The indirect effect is connected to the complex of aerosol-cloud interactions which result in 
the change of cloud microphysical, radiative properties, amount and lifetime (Figure 2.9). It 
is convenient to distinguish the effect of aerosol on the cloud droplet number concentration 
and size (the “first indirect effect” according to Ramaswamy et al., 2001, the “cloud albedo 
effect” Lohmann and Feichter, (2005), or the “Twomey effect” after the work by Twomey, 
1977) from the aerosol effect on the liquid water content, cloud height, and lifetime (”second 
indirect effect” as in Ramaswamy et al. (2001), or the ‘cloud lifetime effect’(Lohmann and 
Feichter, 2005, or the “Albrecht effect” after the work by Albrecht, 1989). 

Figure 2.9. Schematic diagram showing the various radiative mechanisms associated with cloud effects 
that have been identified as significant in relation to aerosols according to IPCC, 2007. Source: IPCC 
2007. The unperturbed cloud contains larger cloud drops as only natural aerosols are available as cloud 
condensation nuclei, while the perturbed cloud contains a greater number of smaller cloud drops as 
bothnatural and anthropogenic aerosols are available as CCN.  

Clouds cover around 60% of the globe and have high variety in radiative forcing. The first 
indirect effect of the cloud albedo effect is therefore currently considered to be the main 
uncertainty in the radiative forcing of climate (IPCC, 2007).The magnitude of the indirect 
effects depends on the effectiveness of aerosol particles to serve as condensation nuclei. It 
depends on the aerosol size, chemical composition, mixing state, ambient environment. The 
reader is referred to the above mentioned sources for details on this subject as well as to the 
following works: Penner et al., (2001), Hansen et al., (1997), Ackerman et al. (2000), 
Jacobson (2002). 

To assess total radiative forcing effects aerosols, information about aerosol optical thickness 
and its spatial distribution is needed. As shown in Fig 2.8, current progress in aerosol 
measurements and models only leads to low/medium level of scientific understanding. Large 
part of these uncertainties comes from lack of sufficient coverage of AOT data in Polar 
Regions.
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2.2 The Arctic, its climate system and role in global 

climate 

The Arctic can be defined as the region north to the Arctic Circle (66.5° N). According to 
broad climatic conditions, the Arctic can be separated into the High Arctic and Low Arctic. 
The High Arctic is considered to be a polar desert, whereas the tundra of the Low Arctic 
includes shrub vegetation. Surface air temperatures (approximately 2m above the surface) 
exhibit remarkable regional and seasonal variability (from -40 °C up to 10 °C or 20 °C) and 
also precipitation varies greatly. During the year, floating sea ice occupies most of the Arctic 
Ocean. Sea ice and snow cover are intimately coupled with the atmospheric energy budget 
and circulation. Among the permanent ice masses (which are glaciers, ice caps and ice 
sheets), the Greenland Ice Sheet is the largest in the Northern Hemisphere. This ice sheet 
covers the area of 1.71 million km2 and occupies the volume of 2.93·106 km3 (Serreze, Barry, 
2006), which, if completely melted, would cause a sea level rise of about 7.2m.  

The Arctic cloud cover reaches 80% in summer and 60% in winter for the central Arctic 
Ocean. Over the Atlantic sector, there is about 80% cloud cover during the year. Much of the 
summer cloud cover consists of low level horizontally spread water clouds (stratus clouds). 

The role of the Arctic in the global heat budget 

The Arctic plays an important role in the global heat budget. Annual zonal averages of the net 
solar flux depend greatly on the latitude, with the equatorial region receiving more than the 
Polar Regions. Annual means of different latitudinal bands indicate that equatorial region 
emits to space less than it receives, and the polar regions emit more radiation than they 
receive from space (Serreze, Barry, 2006). The uneven solar heating results in the poleward 
transport of energy by the atmosphere and oceans that pumps the heat away from the 
equatorial region.At lower latitudes such a transport is mainly associated with the Hadley 
circulation cells. At the middle and high latitudes, where the Coriolis force becomes 
significant and the tropospheric flow is not strictly meridional, but from west to east, the 
poleward energy transport is carried out via surface cyclones and anticyclones. Similar 
poleward energy transport also occurs in the ocean, however, atmospheric transport 
playsgreater role in pumping of the equatorial excess energy into the heat sinks in the Arctic 
and Antarctic. 

The Arctic surface albedo is at its minimum in July and August, associated with the melting 
of the land and sea ice snow cover. This temporally coincides with the summer maximum of 
the Arctic cloud cover and is outweighed by it. Several weeks of midsummer is the only 
period when clouds in the Arctic produce a net cooling effect. Due to the high surface albedo 
of this region, clouds cause positive RF throughout most of the year. Variations in the Arctic 
cloud cover result in corresponding change in the date of snowmelt. Surface radiative fluxes 
are also connected to the cloud cover, but may vary nonlinearly according to varying surface 
conditions (Curry, 1995).  

A prominent feature of the Arctic climate is the frequent occurrence of the low-level 
temperature inversions, when temperature increases with height for about 10-12K (as 
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compared to the temperature at the surface) above land or ice covered ocean. During winter, 
inversions occur very often, with frequency of occurrence decreasing toward spring and 
summer. In June or July inversions occur in approximately 50% of cases (Serreze, Barry, 
2006). It is the Arctic inversions that are responsible for the strong stability of the Arctic 
atmosphere in winter. Temperature increase with height limits the depth of heat and moisture 
vertical mixing, thus trapping pollution gases and aerosols within the inversion layer till 
further heating up of the environment (Bridgman et al., 1989). Photochemical destruction of 
boundary-layer ozone at Arctic sunrise refers to the ozone-depleted air being trapped in the 
inversion layer (Barrie et al., 1988; Oltmans et al., 1989). 

Climatic feedbacks 

The Arctic can respond to the global warming in many ways different from the climatic 
feedbacks appropriate for other climatic zones. A comprehensive review of the Arctic 
climatic feedbacks is the work by Curry et al. (1996). Here we will highlight the most 
important of them:  

a) snow and ice albedo effect (in case of climate warming, snow and ice cover will decrease, 
which increases the absorption of solar radiation and cause further warming);  

b) cloud-radiation feedbacks (changes in cloud fraction may accompany warming and further 
modify surface temperature. Also, warming may increase CCN production, which increases 
cloud optical thickness and LWC. Warming may increase the global cloud cover via 
depleting ice clouds and substituting them with slower depleting water clouds.); 

c) water vapor feedbacks (globally increased atmospheric humidity as a result of increased 
evaporation from warming oceans; in the Arctic, due to relative lack of convective coupling 
between the surface and the atmosphere, inversions, low temperature and humidity, the 
outcome of this feedback will be different. During the Arctic winter, temperature increase 
will increase the humidity in the lower troposphere, whereas during summertime the 
humidity in the upper troposphere will decrease due to advection from dry continental air 
rather than moist marine sources.);  

d) cloud-temperature feedbacks (as the atmosphere warms, there will be a feedback 
associated with increased IR emission from clouds.);  

e) cloud phase and precipitation feedbacks (increased amount of pollution aerosol in the 
Arctic would increase the amount of cloud water by decreasing the precipitation and thus 
extending the cloud lifetime, which in turn increases the CCN production via gas-to-particle 
conversion and aerosol production by clouds. Increased pollution may also result in 
deactivation of ice freezing nuclei and decreasing the aerosol scavenging by clouds. The 
result is a net increase of the aerosol amount. Blanchet and Girard (1995) suggested that an 
increase in the acid to insoluble mass ratio in the Arctic haze would increase the precipitation 
rate and the thus dehydrate the atmosphere, which in turn reduces the IR radiation at the 
surface. As cooling promotes condensation, more precipitation and further dehydration takes 
part.); 

The magnitude and even the sign of some of the feedbacks are currently not well understood. 
The major uncertainty is associated with the cloud-radiation interactions and the behavior of 
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clouds in the changing climate. The best estimate of all the climate feedback in the Arctic is 
that they all are positive, except for aerosol-dehydration feedback proposed by Blanchet and 
Girard (1995) and for negative cloud-radiation feedback during the summertime in the Arctic. 

2.2.1 Snow and ice coverage 

The Earth snow and ice covered regions are known as the cryosphere. The cryosphere 
consists of the snow cover, sea ice, freshwater ice, ice sheets, glaciers, ice shelves, icebergs, 
and permafrost. On the global scale, the cryosphere represents an important part of the 
Earth’s climate system.  

In the polar regions, time from snow deposition onto the surface till it melts can be rather 
long, giving a lot of time for the aging processes which alter the shape of the ice crystals. As 
opposed to fresh snow, where the shape of the ice crystals is still recognizable, old snow 
consists of rounded or angular compressed grains. The difference between all types of snow 
on the one hand and ice on the other hand is that snow has a connected system of air pores 
and with time can undergo large changes in the internal structure towards porosity decrease 
and density increase. E.g. firn is snow, which has existed through at least one summer season 
and is carried over to the next winter. Alpine firn originates in conditions of repeated melting 
and refreezing whereas polar firn is created without appreciable melting. The aging 
processes, which affect the shape of the ice crystal in the snow medium are responsible for 
existence of many snow types with varying optical properties. Remote sensing over snow (as 
opposed to other surface types) is therefore not a trivial task. 

Typical albedos for major surface types in the Arctic are summarized in Table 2.1. Geometry 
of illumination and heterogeneities in the physical properties of the surface cause a wide 
range of values within the general categories. Most surfaces are forward scattering and 
scattering differently in the different spectral regions. The provided range also includes 
variations in the spectral nature of the solar flux and the relative magnitude of direct versus 
diffuse components. Snow cover, both on land and sea ice, dominates the Arctic for much of 
the year. Warren (1982), Barry (1996), and Nolin and Liang (2000) provide comprehensive 
reviews on snow optical properties. Maykut (1986) discusses the spectral reflectance and 
albedo characteristics of the sea ice. 

Table 2.1 Representative albedos for different Arctic surfaces (Arctic climate surface) 

Fresh snow 0.70-0.90 
Melting snow 0.50-0.60 
Water 0.06-0.10 
Dry tundra 0.23-0.26 
Wet tundra 0.10-0.20 
Multiyear sea ice 0.55-0.75 
Thick firstyear sea ice 0.30-0.60 
Meltponds on sea ice 0.15-0.40 
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Spectral reflectivity of snow is dependent on snow parameters such as: grain size and shape, 
impurity content, near-surface liquid water content, depth and surface roughness as well as 
solar elevation. Freshly fallen snow has small grains and a very high reflectance in the visible 
wavelength as seen in Fig. 2.10. As it ages, the reflectivity of snow decreases differently in 
the visible and IR regions, dropping much more at the longer wavelengths due to melting and 
refreezing within the surface layers and to the natural addition of impurities. Melting of snow 
increases the mean grain size and density by melting the smaller particles. Fig. 2.10 illustrates 
the changes in snow reflectance with different snow-crystal radii. 
 

 

Figure 2.10 Spectral reflectance for a semi-infinite snowpack as a function of wavelength for grain 
radii for 0.05 to 1.00mm (from Dozier and Painter, 2004). 

Reflectivity of ice in the visible and infrared from aircraft and satellites varies greatly, 
depending on the overlaying material, impurities and the presence of meltponds. Thus, a wide 
range of reflectivities is known to characterize ice features as seen from satellite. The 
comparison between the reflectance of fresh snow, firn and the glacier ice is shown in Fig. 
2.11. 

Snow BRDF angular dependence 

For remote sensing applications over snow surfaces, it is important to have the information 
on snow optical properties in a variety of illumination-observation geometries. As reflection 
from a snow pack is anisotropic (as opposed to Lambertian6

                                                           
6A Lambertian surface is one that reflects radiation isotropically, i.e., with equal radiance in all 
directions, regardless of how it is illuminated. It is an “ideally rough” surface, reflective properties of 
which can be described by its albedo. 

) due to reflection from ice 
crystals, albedo is no longer sufficient to describe the reflective properties of the surface. 
Therefore a directional value is introduced in many works, both dedicated to modeling and 
measuring snow reflective properties (e.g. Peltoniemi et al., 2005; Winther, 1994; Peltoniemi, 
2007; Li and Zhou, 2004; Leroux et al., 1998b; Hudson et al., 2006; Winther et al., 1999; 
Kokhanovsky et al., 2005a; Negi et al., 2010; Aoki et al., 2000, etc.). 
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Fig. 2.11. Spectral reflectance curves for fresh snow, firn, glacier ice and dirty glacier ice. Note the 
extreme variability in the reflectance of ice and snow features. (adapted from Qunzhu et al., 1985). 

In a theoretical case of isotropic parallel direct incident beam of light, the ratio of the radiance 
reflected into a particular direction to the incident irradiance can be used. This ratio is called 
the bidirectional reflectance-distribution function (BRDF, f): 

𝑓(𝜃,𝜙;𝜃0,𝜙0) = 𝑑𝐼(𝜃,𝜙;𝜃0,𝜙0)
𝜇0𝑑𝐹(𝜃0,𝜙0)

     (2.4) 

where 𝜃 and 𝜃0 are the viewing and solar zenith angles, respectively, 𝜇0 = cos𝜃0, 𝜙 and 𝜙0 
are the azimuthal angles of the detector and the sun, respectively; 𝐹(𝜃0,𝜙0) is the solar 
irradiance at the top of the atmosphere; and 𝐼(𝜃,𝜙; 𝜃0,𝜙0) is the radiance reflected into a 
particular direction. Unless the surface has azimuthally dependent surface features, such as 
sastrugi7

The albedo is connected to the BRDF; it is the integral of f over all reflection angles: 

, the dependence of f on both 𝜙 and 𝜙0 can be reduced to a dependence only on the 
relative azimuth 𝜙0 − 𝜙.  

𝑎(𝜃0) = ∫ 𝜇 𝑑𝜇 ∫ 𝑓(𝜃,𝜙; 𝜃0,𝜙0) 𝑑𝜙′2𝜋
0

1
0     (2.5) 

where 𝜙′ = 𝜙0 − 𝜙 and 𝜇 = cos𝜃. More simply, the albedo is the ratio of the upward flux 
(into the hemisphere) by downflux (directional) at a particular wavelength, usually measured 
above the surface. It is also sometimes called directional-hemispherical reflectance. For the 
nomenclature of reflectance values the reader is referred to the work by Nicodemus et al. 
(1977). 

                                                           
7Sastrugi are irregular ridges formed on an otherwise smooth snow surface by the prevailing winds. 
Sastrugi often occur in the polar regions; their direction corresponds to the forming wind direction. For 
more details on how sastrugiaffect snow directional optical properties see Warren et al., 1998; Leroux 
and Fily, 1998. 
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Because of infinitesimal elements of solid angle used in the BRDF definition to indicate the 
angular dependencies of the radiance and irradiance, BRDF can never be measured directly. 
As actual measurements always involve non-zero intervals for the parameters to define 
position and direction, often deal with diffuse illumination or have other limitations, various 
reflectance factors can be used instead of the BRDF. They are bidirectional reflectance factor, 
hemispherical-directional reflectance factor (Li and Zhou, 2004) or anisotropic reflectance 
factor (Hudson and Warren, 2007).  

Figure 2.12 illustrates a simulated bidirectional reflectance factor (BRF), BRF = π BRDF, for 
snow surface illuminated at a solar zenith angle of 65°, for the four VIS to IR wavelengths. It 
is visible that snow reflectance pattern is far from isotropic and exhibits a strong forward 
scattering peak, which gets even more prominent with the increase of the solar zenith angle 
(Li and Zhou, 2004). Snow shows a great spatial and temporal variety of types, associated 
with disctinctively different directional reflectance patterns throughout the spectrum. 
Peltoniemi et al. (2005) measured directional and spectral reflectance characteristics of many 
snow types at various loations in Finland, from freshly fallen snow to wet, old, polluted snow 
at several visible and near infrared wavelengths, showing not only BRDF magnitude 
difference, but also difference of BRDF patterns depending on surface roughness, packing, 
wetness, grain size, pollution. Aoki et al. (2000) measured spectral albedo and bidirectional 
reflectance pattern at Hokkaido, Japan and studied the effects of snow impurities, density, 
layer structure, and grain size. They showed that the bidirectional reflectance patterns at 
visible wavelengths differ from that in the near-infrared region, with the anisotropicity 
increasing with the increase of the wavelength. The effects of solar zenith angle, snow grain 
size, impurities, snowpack thickness, and incident conditions on the spectral albedo and 
BRDF were examined by Wiscombe and Warren (1980), Warren and Wiscombe (1980), 
Warren (1982).  

The main effect of liquid water in snow is that it causes the grains to form clusters (Colbeck, 
1979), which behave optically as large grains, so reflectance in the near-infrared decreases 
and does not grow back when the snow refreezes (O’Brien and Munis, 1975).  

Absorbing impurities affect the reflectance in the visible wavelengths (Warren and 
Wiscombe, 1980), where there is a huge difference between the absorption coefficient of ice 
(10-8) and soot or dust (0.001–1.0).  

The variety of parameters determining optical properties of snow creates a large variety of 
snow types, which makes satellite retrievals of snow properties and remote sensing of aerosol 
and clouds over snow surfaces particularly challenging. While it is possible to parameterize 
or model measured BRDF of a given snow sample (Li, 1982; Han, 1996; Leroux et al., 
1998b; Leroux and Fily, 1998; Xie et al., 2006; Li and Zhou, 2004; Hudson et al., 2006; Jin 
and Simpson, 2000; Kokhanovsky et al., 2005a; Mishchenko et al., 1999; Peltoniemi, 2007), 
the applicability of such a model or parameterization on global scale cannot be guaranteed. 
Strictly saying, a snow sample in the field measurement and snow-covered terrain have 
different reflective properties, which means that the reflective properties of the surface for 
remote sensing tasks should be determined by remote sensing means. At the same time, snow 
albedo is so high in the VIS and NIR regions of spectrum that the role of snow surface in the  
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Figure 2.12. Polar plot of the simulated snow-surface bidirectional reflectance factor at wavelengths a) 
443, b) 551, c) 645, d) 905 nm. The solar incidence angle is 65°. The contour interval is 0.2. The 
increment in zenith viewing angle between the circles is 30°. (Source: Li and Zhou, 2004) 

TOA signal measured by a satellite sensor is dominating. This, combined with sometimes 
very rapid changes in the snowpack (reported by e.g. Peltoniemi at al., 2005), makes it 
apparent why a comprehensive description of reflective properties of snow-covered Arctic 
surfaces suitable for remote sensing tasks is currently not available. 

Snow in the IR 

Snow does not reflect much in the thermal infrared region. Figure 2.13 shows typical 
directional hemispherical reflectance spectra of fine, fresh snow, in the wavelength range 
from 2 to 14 μm. It is visible that for fresh snow IR reflectance does not exceed 1% 
throughout the thermal region. The emissivity8

Snow density, grain shape, liquid water content, and grain size do not affect snow emissivity 
much and can be neglected; however, at off-nadir viewing angles, snow emissivity varies to  

 of dry snow in the thermal IR region is about 
0.965 to 0.995 (Rees, 2006). In this spectral region the absorption of ice is high (peak at 10 
μm). The fine structure of snow increases its similarity to a black body. The snow and ice 
emissivity spectra are shown in Fig. 2.14 for comparison. The emissivity of water at these 
wavelengths is not much different from that of snow, so the effect of presence of liquid water 
can be neglected.  

 

                                                           
8Emissivity of a body describes its ability to radiate absorbed energy. It can be defined as the ratio of 
energy emitted by a givenbody to the energy emitted by a black body (a perfect emitter) with the same 
physical temperature. 
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Figure 2.13. Directional hemispherical reflectance spectra of fine fresh snow, measured by Salisbury et 
al., 1994. 

 
Figure 2.14. Thermal infrared emissivity spectra of two snow and two ice samples measured at 
Mammoth Lakes, USA, on 1.04.1996. Taken from UCSB Emissivity Library (Zhang, 1999) 

produce differences between thermodynamic temperature and brightness temperature as large 
as 3 K at 12–14 μm (Dozier & Warren 1982). 

More details on the snow IR behavior can be found in the above mentioned sources and in the 
review of Kuittinen (1997).  
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2.2.2 Atmospheric aerosol in the climate of the Arctic 

region. Arctic Haze 

Unlike the common belief suggests Arctic environment is no longer pristine with exceptional 
atmospheric visibility and always clean snow cover. Industrial development affected the 
Arctic region, causing air quality degradation and the increase of the atmospheric pollution. 
The first evidence of reduced slant visibility was reported by aircraft pilots operating in the 
Arctic in late winter and early spring (Mitchell, 1957). The haze of unknown nature and 
source was named “Arctic Haze” and initiated subsequent studies of Arctic air and pollution 
sources (Barrie, 1986). 

It was found that Arctic aerosol originates from maritime and terrestrial sources with the 
inclusions of anthropogenic component. The following characteristics of the Arctic aerosol 
were reported (Bigg, 1980): 

- winter aerosol mainly consists of sulfuric acid droplets; 
- spring aerosol consist of larger sulfuric acid particles with greater proportion of 

ammonium sulfate than in winter; 
- large part of the acid droplets contained insoluble inclusions; 
- seasalt component of the aerosol is present in summer aerosol for wind speeds of 5-

12 m s-1 (Leck et al., 2002); 
- fragments of bacteria, microalgae, and organic compounds are present in the summer 

aerosols (from leads in the sea ice cover); 
- mean optical depth9

Arctic haze exhibits highly pronounced seasonality with the late winter – early spring peak in 
the pollution level (Shaw and Wendler, 1972; Rahn et al., 1977). Springtime Arctic aerosol 
also exhibits large black carbon component (Rosen et al., 1981; Clarke and Noone 1985). The 
springtime Arctic aerosol (Arctic Haze) will be described in the next sub-section; for a review 
of Arctic air pollution, see Stonehouse (1986) and Barrie (1986). The other types of Arctic 
aerosol and their climatic effects are covered further in the current section. 

is about 0.06 at Barrow, 0.08 at Alert (Bokoye et al., 2002), 0.053  
at Koldewey (Herber et al., 2002) and doubling during the spring haze events. 

Arctic Haze 

As opposed to the background Arctic aerosol, which is present throughout the year, 
composed of sulfuric acid droplets and sea salt and originates from local natural sources (as 
few as there are), Arctic Haze is a seasonal pollution occurring in the late winter/early spring 
and originating from lower latitudes (often anthropogenic sources). Strong surface based 
inversions stabilize Arctic atmosphere in winter and prevent turbulent transfer, precipitation, 
and aerosol removal processes (Barrie et al., 1981; Shaw, 1981, 1995; Heintzerberg and 
Larssen, 1983). On the other hand, meridional transport of particulate matter from lower 
latitudes increases throughout the winter and spring (Iversen and Joranger, 1985). This results 
in transport of the pollution into the Arctic and trapping the particulates within the inversion 

                                                           
9Aerosol optical depth (AOD, τ) is a measure of the radiation attenuation in the atmosphere. For more 
detailed definition see Sect. 2.3. 
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layer until further atmosphere warming, which can take several weeks (Shaw, 1981, 1995). 
Various airborne and lidar studies showed that the trapped matter is located within the lowest 
2 km above the surface (Leaitch et al., 1984; Hoff, 1988; Pacyna and Ottar, 1988; Barrie, 
1996), with the pollution layer having highly inhomogeneous structure (Radke et al., 1984; 
Brock et al., 1989). 

Due to the specific origin of the Arctic haze phenomenon (being caused by atmospheric 
circulation peculiarities and not by pollution sources only emitting in late winter and spring), 
Arctic haze may originate from different sources (most times anthropogenic) and therefore 
have varying chemical composition. E.g., the chemically identifiable sources of pollution in 
the Arctic are industrial plants in northern and oil exploitation in the Tyumen area (Harris and 
Kahl, 1994). 

The constituents of Arctic Haze were first measured at Barrow, Alaska (Rahn et al., 1977) 
and were then continued within many researches (Li and Barrie, 1993; Quinn et al., 2002; 
Shaw, 1983; Polissar et al., 1998, 2001; Heintzenberg, 1980; Hoff et al., 1983; Pacyna et al., 
1984; Shaw, 1984; Clarke, 1989; Leaitch et al., 1989; Trivett et al., 1989; Hillamo et al., 
1993). These indicated that the haze is composed of a varying mixture of sulphate, particulate 
organic matter, ammonium, nitrate, dust and black carbon, with the inclusion of heavy metals 
coming from industrial sources. The particles of haze are well-aged, which proves the role of 
long-range transport in the formation of the haze.  

The Arctic haze is an efficient scatterer of solar radiation (Waggoner and Weiss, 1980; Shaw, 
1987); the presence of black carbon is responsible for the weak absorption (Hansen and 
Rosen, 1984; Noone and Clarke, 1988; Kahl and Hansen, 1989; Hopper et al., 1994). 
However, even the weakly absorbing aerosol may have large climatic effects in the Arctic. 
The highly reflective snow surface enhances interactions between the surface and the haze 
due to multiple scattering between the two (e.g., Shaw and Stamnes, 1980). 

As outlined in the review by Tomasi et al. (2007), except for Arctic Haze there are other 
types of aerosol pollutions, which occur in the Arctic. 

Diamond dust 

Another phenomenon that affects the turbidity of the Arctic air and is often mixed up with 
Arctic haze is “diamond dust” or ice crystals precipitating out of clear sky at low 
temperatures (Ohtake et al., 1982). Diamond dust affects visibility (Leaitch et al., 1989; 
Borys, 1989; Curry et al., 1990; Meyer et al., 1991), radiative balance of the Arctic (Curry 
1983, 1987) and may play a role in the ozone destruction (Curry and Radke, 1993). 
Furthermore, the diamond dust may interact strongly with the Arctic haze (Bowling and 
Shaw, 1992; Borys, 1989; Curry and Radke, 1993). Both the submicron aerosol component 
of arctic haze and ice crystal precipitations influence radiation budget of the Arctic. These 
crystalline precipitations may also be connected with anthropogenic emissions. For example, 
enhancements in sublimation ice nuclei may occur as the Arctic becomes more contaminated.  

Examples of Arctic pollution sources: Asian dust, smoke and biomass burning 

Since the long range transport plays a great role in the formation of the Artic aerosol, it is not 
surprising to discover that incursions of Asian dust occurred in the Arctic for many years 
(Shaw, 1983; Van Curen and Cahill, 2002; Bory et al., 2003). Rahn et al. (1977) describes a 
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large episode of Asian dust transport (combined with haze) which he observed at Barrow in 
spring 1976. It was shown that the fraction of the particles larger than 0.4-0.8 μm was mainly 
crustal, originating from TaklaMakan and Gobi deserts in eastern Asia. 

Stone et al., (2005) described the dust even on the Gobi desert in spring 2002, which caused 
an increase in AOD at visible and NIR wavelengths (up to 0.3 in mid-April at 500nm). As 
discussed by Tomasi et al. (2007), direct radiative forcing of this pollution event can be 
between -16 and -38 Wm-2, providing negative climatic feedback. 

Another high latitudes source of the Arctic haze is the boreal forest fires which occur across 
North America and Siberia each spring and summer. For example, during the summer 2004, 
boreal forests burned in Alaska and Canada and were the source of smoke at Barrow, Alert, 
Summit, and Zeppelin stations (Stohl et al., 2006). The estimates of direct aerosol radiative 
forcing given by Key et al. (2006) for an average case of boreal smoke event are between -45 
and -18 Wm-2 for solar zenith angle equal to 65° and surface albedo equal to 0.47 and 0.80. 

Stohl et al. (2007) described a record high air pollution event in the Scandinavian Arctic 
occurred in May 2006. This event has been associated with the transport of biomass burning 
aerosols from agricultural fires in Eastern Europe into the Arctic. The radiative effects of this 
event are described by Treffeisen et al. (2007). Depending on the underlying surface albedo, 
heating rates of about 0.43 – 0.64 K per day at the altitude of 0.5 km are reported for the 
surface albedo of 0.2 and 0.9 correspondingly. 

Climatic effects of aerosols in the Arctic 

It is known that haze contaminants end up in Arctic ecosystems (Meijer et al., 2003; Wania, 
2003), and some of the pollution that has accumulated during the polar night is released to the 
mid-latitudes (Penkett et al., 1993; Heintzenberg et al., 2003). But the timing, mechanisms of 
removal and even the fraction of pollution that stays in the system are not well known (Quinn 
et al., 2007). It is therefore important to discuss the possible climatic effects of aerosol in the 
Arctic. 

Direct effect 

Aerosols scatter and absorb radiation, which affects the radiation balance of the Arctic (Shaw 
and Stamnes, 1980). This effect is called the direct aerosol effect. Due to the fact that small 
amount of radiation is normally absorbed in the polar regions, the Arctic may be particularly 
sensitive to radiative flux changes introduced by aerosols (Valero et al., 1989). Chylek and 
Coakely (1973) showed that absorbing aerosol over a bright snow surface produces warming 
effect. Porch and MacCracken, (1982), Leighton, (1983), Blanchet and List, (1987), Emery et 
al., (1992), Shaw et al., (1993)  estimated the magnitude of this effect and gave the diurnal 
mean value between 2 and 20 Wm-2. This agrees with the sun photometer measurements 
(Mendonca et al., 1981). The vertical distribution of the haze layers causes no effect on the 
radiation balance of the Arctic (Cess, 1983) but may impact atmospheric circulation. The 
attenuation of the solar radiation by aerosol layer which causes surface cooling would be 
compensated by the IR emission from the atmosphere (McCracken et al., 1986). The aerosol 
absorption and scattering will have a cooling effect on the surface, which will be partly 
compensated by the increased diffuse component of shortwave radiation and the decreased 
surface albedo. On balance, the net change of the surface radiation balance is likely to be a 
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small, positive warming, as opposed to the cooling effect expected globally as a result of 
aerosol direct climate forcing. 

Indirect effects 

Aerosol particles in the Arctic atmosphere affect microphysical properties of clouds. The 
complex of these effects, which include the increase of cloud droplet concentration, cloud 
droplets size decease, drizzle suppression (Albrecht, 1989; Twomey, 1991), cloud lifetime 
and coverage increase (Hobbs and Rangno, 1998) is called the indirect aerosol effect.  

Remarkable stability of the Arctic atmosphere, persistence of low-level stratus clouds and 
relatively long lifetime of aerosols during haze events, the impact of aerosols on cloud 
microphysics and optical properties may be larger in the Arctic than elsewhere on earth 
(Curry, 1995; Garrett et al., 2004). 

Probably the most significant effect of the Arctic pollution is the decrease of the cloud 
droplet effective radius, which increases cloud IR emissivity and optical thickness (Curry and 
Herman, 1985; Garrett et al., 2002; Garrett and Zhao, 2006). The result of this increased 
downwelling IR irradiance is an increase of the snow pack melting rates in spring (Zhang et 
al., 1996This corresponds to positive feedback between 3.3 and 5.2 Wm-2 (Garrett and Zhao, 
2006).  

The sulfate component of the Arctic haze is a particularly good CCN (Garrett et al., 2004), 
but slows down ice nucleation (Borys, 1989) and produces fewer IN than nearly insoluble 
aerosols (Blanchet and Girard, 1995). The presence of ice crystals in the Arctic atmosphere 
invites to look for another ice nucleation mechanism. Ohtake (1993) hypothesized that the 
atmospheric ice particles including diamond dust occur from freezing of sulfate aerosols. As 
the crystals fall out, the dehydration of the Arctic air occurs, especially during the Arctic 
winter. 

Clouds affect aerosols via particle scavenging and precipitation, which are important sinks of 
aerosol. Scavenging by snow crystals is twice as efficient as that by rain drops (Shaw, 1986). 

Surface albedo 

One more mechanism of aerosol climate forcing particularly important in the Arctic is the 
deposition of absorbing aerosols onto the highly reflective snow surface, which reduces the 
snow albedo and enhances absorption of solar radiation at the ground (Warren and 
Wiscombe, 1980). The magnitude of snow albedo reduction was found to be around 1-3% 
(Clarke and Noone, 1985), which would cause warming of +0.3Wm-2 (Hansen and 
Nazarenko, 2004) The resulting warming may lead to the melting ice and snow cover on 
tundra in Siberia, Alaska, Canada and Scandinavia (Foster et al., 1992; Stone et al., 2002). 
Jacobson (2004) found that black carbon on snow and sea ice caused a decrease in the surface 
albedo of 0.4% globally and 1% in the Northern Hemisphere. According to (Forster et al, 
2007), the best estimate for surface albedo aerosol radiative forcing is around +0.10 ± 0.10 W 
m–2.
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2.3 Scattering in the atmosphere 

Air molecules, trace gases and aerosols attenuate the incoming solar electromagnetic 
radiation. The way these atmospheric constituents absorb, scatter, or emit the radiation is 
described by the radiative transfer equation (RTE). The RTE can be formulated differently 
depending on the varying representations of the RT problem. This topic is described 
extensively in the literature (Chandrasekhar, 1950; Sobolev, 1956, 1975; Lenoble et al., 1985; 
Goody & Yung, 1989; Liou, 2002). 

The intensity of radiation characterized as radiance I with the unit watts per square meter per 
steradian. It depends on wavelength and illumination geometry.  

A fraction of the incident radiation is removed (absorbed and scattered to other directions) 
from the path of propagation in the atmosphere. The Beer-Lambert-Bouguer law describes 
the reduction of the radiation intensity 𝐼 at wavelength 𝜆: 

𝑑𝐼(𝑧, 𝜇,𝜑) = −𝜎𝑒(𝑧)
𝜇

𝐼(𝑧, 𝜇,𝜑)𝑑𝑧    (2.6) 

The direction of the incident radiance (μ, φ) is definitely determined by the zenith angle θ 
(with μ= cosθ) and the solar azimuth angle 𝜑; z is the altitude, 𝜎𝑒(𝑧)is the volume extinction 
coefficient which determines how radiation is attenuated by absorption and scattering in the 
atmosphere. The volume extinction coefficient is defined by the sum of volume absorption 𝜎𝑎 
and volume scattering coefficient 𝜎𝑠: 

𝜎𝑒(𝑧) = 𝜎𝑎(𝑧) + 𝜎𝑠(𝑧)     (2.7) 

In RT calculations an integrated value is often used as a vertical component (as a measure of 
the altitude z). This value is optical thickness and can be written as follows: 

𝜏(𝜆, 𝑧) = ∫ 𝜎𝑒(𝑧)𝑑𝑧𝑇𝑂𝐴
𝑧0

     (2.8) 

The optical thickness (OT) is a measure of the penetrability or opacity of atmospheric 
constituents like aerosols, air, and gas molecules for a given wavelength. The total optical 
thickness of the atmosphere is the sum of the individual optical thicknesses: 

𝜏(𝜆, 𝑧) = 𝜏𝑅(𝜆, 𝑧) + 𝜏𝐺(𝜆, 𝑧) + 𝜏𝐴(𝜆, 𝑧)    (2.9) 

with 𝜏𝑅(𝜆, 𝑧), 𝜏𝐺(𝜆, 𝑧) and 𝜏𝐴(𝜆, 𝑧) being Rayleigh, gaseous and aerosols component optical 
thicknesses.  

Considering the above definition of OT, the Beer-Lambert-Bouguer law can be rewritten: 

𝐼(𝜏, 𝜇,𝜑) = 𝐼0(𝜏, 𝜇,𝜑)𝑒−
𝜏(𝜆,𝑧)
𝜇     (2.10) 

As the radiation propagates in the atmosphere, it experiences not only energy removal from 
the light beam (due to extinction), but also an increase of energy (due to scattering from other 
directions). This increase can be written as follows: 

𝑑𝐼(𝑧, 𝜇,𝜑) = −𝜎𝑠(𝑧)
𝜇

𝑑𝑧 ∫ 𝐼(𝑧, 𝜇,𝜑, Ω)𝑝(𝑧, 𝜇,𝜑, Ω)𝑑Ω4𝜋    (2.11) 
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where Ω is the unit solid angle and 𝑝(𝑧, 𝜇,𝜑, Ω) is the phase function or scattering indicatrix, 
which determines how much radiation is scattered into a given direction, in this case into the 
light path (𝜇,𝜑). 

The losses and gains due to extinction and scattering result in the following change of 
radiation along the light path through the atmosphere: 

𝜇 𝑑𝐼(𝜏,𝜇,𝜑)
𝑑𝜏

= −𝐼(𝜏, 𝜇,𝜑) + 𝜔0
4𝜋 ∫ 𝑑𝜑′∫ 𝐼�𝜇′,𝜑′�𝑝(cos𝜗)𝑑𝜇′1

−1
2𝜋
0    (2.12) 

where 𝜔0 is the single scattering albedo, which is defined as the ratio of the total scattering to 
the total extinction, so that 𝜔0 = 1 describes fully scattering medium and 𝜔0 = 0 - fully 
absorbing medium; 𝜗 is the scattering angle defined as  

cos𝜗 = 𝜇𝜇0 + �(1 − 𝜇2)(1 − 𝜇02) cos(𝜑 − 𝜑0)   (2.13) 

The equation 2.12 can be applied to radiative transfer problems in plane parallel media with 
discrete scatterers. To account for polarization, it must be rewritten in vector form, 
substituting the extinction and scattering coefficients with extinction and scattering matrices, 
and radiance intensity 𝐼 with Stokes vector 𝐈 = {𝐼,𝑄,𝑈,𝑉} with I being radiance intensity and 
Q, U and V describing linear and circular polarization.  

A lot of numerical and approximate solutions have been developed in order to solve the 
equation (2.12) (Lenoble, 1985). The radiative transfer programming code used within this 
work is SCIATRAN forward model (Rozanov et al., 1997, 2005). 

Maxwell’s electromagnetic theory describes single light scattering and absorption 
characteristics of an elementary volume light-scattering media. The scattering of the incident 
electromagnetic wave mainly depends on the relation between the wavelength and the 
characteristic particle size. Depending on this relation, three scattering regimes are usually 
distinguished and described with the solution of Maxwell’s equations for spherical particles 
of different sizes: Rayleigh scattering, (for particles with the characteristic size much smaller 
than the wavelength), Mie or particle scattering (for particles with the characteristic size 
comparable to the wavelength), and ray or linear optics (for particles much larger than the 
wavelength). Within this work, the first two scattering regimes are necessary (for gaseous and 
aerosol scattering). They will be described in the next two subsections. 

2.3.1 Molecular Rayleigh scattering 

Molecules and very small particles in the air scatter incoming light in a similar way. If 𝑑 ≪ 𝜆 
(the case for gases), the electromagnetic field can be assumed homogeneous at the scattering 
body. The interaction of the particle with the electromagnetic wave results in the induction of 
a dipole moment inside of the particle. This is proportional to the power of the incident 
electrical field and oscillates according to the frequency of the incident electromagnetic wave, 
in turn resulting in re-emission of the electromagnetic wave. This scattering process is called 
the Rayleigh scattering (molecular scattering).  

The scattered intensity in a direction with an angle θ to the incident radiation, at a distance r 
from the scattering body, for a media of mass concentration C, composed of spheres of 
diameter d and of density ρ, is then given by (Liou, 1992): 
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𝐼(𝜃, 𝑟) = 𝐼0
8𝜋4

𝑟2𝜆4
𝜌2𝑑6

𝐶2
�𝑚

2−1
𝑚2+2

�
2

(1 + cos2 𝜃)    (2.14) 

where 𝐼0 is the incident intensity, m is the complex refractive index. Equation 2.14 is 
inversely proportional to 𝜆4, which means that the scattering is much stronger for the 
shortwave radiation. As a result, the terrestrial longwave radiation is weakly scattered. 

Rayleigh scattering is symmetric in the backward and forward directions: 𝐼(𝜃, 𝑟) = 𝐼(𝜋 −
𝜃, 𝑟). Also, Rayleigh scattering is an increasing function of particle size d and is a decreasing 
function of the distance r. 

In RT studies the normalized phase function p(θ) is often used. It describes what fraction of 
the scattered radiation appears per unit solid angle in the direction θ. For Rayleigh scattering 
one can get: 

𝑝(𝜃) = 3
16𝜋

(1 + cos2 𝜃)    (2.15) 

The 3
16𝜋

 is the normalization factor which appears from integrating the (1 + cos2 𝜃) over all 

solid angles. Some researchers prefer to use a different unit solid angle ΔΩ
4𝜋

 with makes the 

normalization factor being equal to 3
4
. 

For Rayleigh particles of any shape, the asymmetry parameter  

g = 1
2 ∫ 𝑝(𝜃) sin𝜃𝜋

0 cos𝜃𝑑𝜃    (2.16) 

is always zero. 

2.3.2 Particle Mie scattering  

When the particle dimensions are comparable to the wavelength λ, a three-dimensional 
charge distribution is set up within the scatterer and it is no longer sufficient to just consider 
an induced dipole. The exact solution of the Maxwell equations for the scattering on a sphere 
with a given radius, a complex refractive index m at a wavelength λ was calculated by Gustav 
Mie in 1908. It was elaborated by Debye in 1909 and is described by e.g. van de Hulst 
(1981). 

Following extinction, scattering and absorption efficiencies, single scattering albedo and the 
asymmetry factor can be derived from Mie theory. To define the efficiency factors, the 
following quantities need to be introduced: 

-  the extinction efficiency 𝑄𝑒 (energy removed from an incident wave with energy 
flux density 𝐼0, equals 𝜋𝑟2𝑄𝑒𝐼0);  

- the scattering efficiency 𝑄𝑠 (energy which reappears as scattered energy, 𝜋𝑟2𝑄𝑠𝐼0);  
- the absorption efficiency 𝑄𝑎 (the absorbed energy 𝜋𝑟2𝑄𝑎𝐼0);  
- The single scattering albedo 𝜔0 (the fraction of the energy removed from the incident 

wave which reappears as scattered radiation); 
-  The asymmetry factor g (the average or statistically expected value of the cosine of 

the scattering angle for the scattered radiation);  
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These values can be written in terms of the complex-valued Mie coefficients an and bn, which 
provide the full solution to the scattering problem in the Mie theory. 

Extinction efficiency: 𝑄𝑒 = 2
𝛼2
∑ (2𝑛 + 1)𝑅𝑒(𝑎𝑛 + 𝑏𝑛)∞
1          (2.18) 

Scattering efficiency: 𝑄𝑠 = 2
𝛼2
∑ (2𝑛 + 1){|𝑎𝑛|2 + |𝑏𝑛|2}∞
1           (2.19) 

Absorption efficiency: 𝑄𝑎 = 𝑄𝑒 − 𝑄𝑠             (2.20) 

Single scattering albedo: 𝜔0 = 𝑄𝑠
𝑄𝑒

             (2.21) 

Asymmetry factor: g = 4
𝛼2𝑄𝑠

∑ �𝑛(𝑛+2)
𝑛+1

𝑅𝑒(𝑎𝑛𝑎𝑛+1∗ + 𝑏𝑛𝑏𝑛+1∗ ) + 2𝑛+1
𝑛(𝑛+1)𝑅𝑒(𝑎𝑛𝑏𝑛∗)�∞

1  (2.22) 

The extinction efficiency 𝑄𝑒 is an oscillating function of the size parameter α (see Fig. 2.15). 
It is visible that for a very large particle, the extinction efficiency converges at 2. This can be 
interpreted as a particle that removes twice the energy from the direct beam as compared to 
the energy fallen onto its cross-sectional area. This effect is called the “extinction paradox”. 

 
Figure 2.15. Extinction efficiency 𝑄𝑒  depending on the refractive index 𝑚 = 𝑛 − 𝜒𝑖 and size 
parameter 𝛼 = 2𝜋𝑅

𝜆
. 

It can be explained from the point of view of two different phenomena: diffraction and the 
geometrical optics effects of reflection, refraction and absorption are all occurring, with the 
efficiency of each equal to unity. This gives the convergence at 2. 

Unlike the symmetric Rayleigh scattering, Mie scattering has a strong forward scattering 
peak, which is partly due to diffraction of photons on the sphere. The asymmetry toward the 
forward scattering increases with the increase of the particle size. When the particle size 
parameter exceeds unity the scattering diagram, in addition to more pronounced forward 
scattering, would start developing peaks ending up with a finer highly oscillatory structure for 
size parameters of about 10. The backward hemisphere of scattering is not so much affected 
by the particle size, but connected to particle absorption and refractive index. Increasing the 
absorption coefficient causes a decrease in the backward scattering and in the asymmetry 
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parameter. For a large reflecting sphere the reflected and diffracted component are in balance, 
creating an asymmetry factor of about 1

2
. The reflected component is isotropic, and the 

diffracted component is responsible for the forward scattering peak which becomes narrower 
with increasing radius. 

2.3.3 Integrated optical properties of an aerosol 
medium 

In order to describe an elementary volume of an aerosol medium consisting of large amount 
of randomly oriented aerosol particles, one needs to integrate the contributions of single 
particles over the particle number size distribution.  

Then the definition of extinction coefficient for aerosol medium𝜎𝑒,𝜆 will look like: 

𝜎𝑒,𝜆 = ∫ 𝜋𝑟2𝑄𝑒 �
𝑟
𝜆
� 𝑛(𝑟)𝑑𝑟∞

0      (2.23) 

where 𝑛(𝑟) = 𝑑𝑁
𝑑𝑟

 is the number size distribution of N particles of aerosol. As can be seen, the 
wavelength dependence of the extinction coefficient is determined by the wavelength 
dependence of the extinction efficiencies only. 

In Equation (2.23) the extinction coefficient is determined by the scattering efficiency 
weighted by its geometrical cross-section 𝜋𝑟2. The number size distribution 𝑛(𝑟) that is used 
to describe the size distribution in aerosol is not able to indicate which particle size range 
contributes most to the scattering coefficient. For this purpose, Hansen and Hovenier (1974) 
suggested to use the effective radius re: 

𝑟𝑒 = ∫ 𝑟3𝑛(𝑟)𝑑𝑟∞
0
∫ 𝑟2𝑛(𝑟)𝑑𝑟∞
0

      (2.24) 

The bulk single scattering albedo represents the single scattering albedo of a population of 
particles. It can be written as the following ratio: 

𝜔�0 =
∫ 𝑟2𝑄𝑠�

𝑟
𝜆�𝑛(𝑟)𝑑𝑟∞

0

∫ 𝑟2𝑄𝑒�
𝑟
𝜆�𝑛(𝑟)𝑑𝑟∞

0
     (2.25) 

This ratio is unity for conservative scattering and zero for pure absorption. 

For an aerosol media, the asymmetry factor g still can be used. It describes an average or 
statistically expected value of the cosine of scattering angle for the radiation scattered on a 
population of spherical particles: 

g =
∫ 𝑟2𝑄𝑠�

𝑟
𝜆�g(𝑟𝜆)𝑛(𝑟)𝑑𝑟∞

0

∫ 𝑟2𝑄𝑠�
𝑟
𝜆�𝑛(𝑟)𝑑𝑟∞

0
     (2.26) 

Here the individual asymmetry factors must be weighted in proportion to the energy, which 
the individual particles scatter, hence the appearance of the scattering efficiency 𝑄𝑠. 

Atmospheric scattering phase function 𝑝(𝜗) describes the probability of photon scattered in 
the direction of scattering angle 𝜗. Generally it is composed of scattering on Rayleigh 
particles and aerosol particles, but unlike Rayleigh scattering phase function, the aerosol 
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contribution is strongly asymmetric and varies greatly. The aerosol phase function depends 
on aerosol type (size distribution, particle shape, chemical composition). For an example of 
an aerosol phase function, see e.g. Fig. 3.3. 

Mie theory is only suitable to calculate the optical properties of spherical particles. The effect 
of non-spherical particles on the aerosol optical properties was studied rather recently by 
Mishchenko (1993) and it was shown that the phase function is very sensitive to the particle 
shape, with the deviation from the reference phase function of a spherical particle by up to 3 
times in the middle scattering angles. It is therefore important to take the non-sphericity into 
account for satellite applications. For some of the aerosol particles the assumptions of 
spherical particles is realistic, due to hygroscopicity or origin of the aerosol particles (e.g. 
gas-to-particle conversion). To avoid possible inaccuracies connected with the particle shape, 
within this work we use calculated phase functions for theoretical studies, but measured 
phase functions for satellite retrievals.  

Another important integrated aerosol property is already defined aerosol optical thickness 𝜏𝜆: 

𝜏𝜆(𝑧0, 𝑧1) = ∫ 𝜎𝑒,𝜆(𝑧)𝑑𝑧𝑧1
𝑧0

    (2.27) 

The spectral behavior of the 𝜏𝜆 can be represented by a power law function (Ångström, 1961): 

𝜏𝜆~𝜆−𝛼      (2.28) 

where 𝜆 is the wavelength and 𝛼 is the Ångström wavelength exponent. The latter is related 
to the slope of the aerosol size distribution: the smaller the particles dominating in the 
scattering, the greater is the Ångström 𝛼. As the TOA reflectance is directly proportional to 
𝜏𝜆, the spectral behavior of the 𝜏𝜆 will also have large effects on the spectral behavior of the 
TOA reflectance, introducing the same spectral behavior. This can be used in retrieval 
algorithms to extract information on the size distribution of the aerosol particles dominating 
the scattering. 

2.4 Radiative transfer in the atmosphere 

Radiative transfer equations (RTE) describe how light travels through the atmosphere, 
considering all processes of absorption, scattering, reflection, refraction and emission. All 
radiation input and losses at a certain altitude and direction need to be considered accounting 
for both direct and diffuse radiation. Losses are caused by absorption and scattering of the 
direct and diffuse radiation, the source of radiation is the scattering into the respective 
altitude and angle as well as the reflection at the Earth’s surface. For our cases of cloud free 
relatively clean atmosphere, emission processes are negligible and therefore are not relevant 
for this study. The next section is dedicated to RTE solutions for plane parallel and spherical 
atmosphere with Lambertian and non-Lambertian underlying surface. These are useful for all 
applications of radiative transfer, which are radiative transfer modeling, remote sensing and 
ground based measurements. In the current work, we utilize all three, exploiting RT modeling 
for our theoretical studies and calculations of the look-up tables, ground based measurements 
serve as reference points for validation, and finally the remote sensing algorithms of aerosol 
retrieval developed within this work are based on the RTE solution. 
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2.4.1 Description of the radiative transfer 

Let us consider a volume ΔV of infinitesimal length ds and area ΔA containing radiating 
matter. Then one can write the change (loss plus gain) of radiance 𝐼𝜆 along the path ds while 
propagating in the medium: 

𝑑𝐼𝜆 = −𝜎𝑒,𝜆𝐼𝜆𝑑𝑠 + 𝜎𝑒,𝜆𝐽𝜆𝑑𝑠     (2.29) 

Dividing this equation by 𝜎𝑒,𝜆𝑑𝑠, we can write the RTE in its basic form (Schwartzschild 
equation): 

𝑑𝐼𝜆
𝜎𝑒,𝜆𝑑𝑠

= −𝐼𝜆 + 𝐽𝜆     (2.30) 

where 𝐼𝜆is the radiance before entering the medium and 𝐽𝜆 are the source terms within the 
medium.  

The energy losses occur due to scattering in the atmosphere (see Sect. 2.4). The energy gain 
is due to emission. Terrestrial temperature emission occurs at wavelengths above 3 μm with 
the source term described by the Planck law and depending on the physical temperature of 
the emitter. Spectral features based on discrete energy states of the molecules in the medium 
(rotation and vibration states) lead to emission lines or bands.  

Plane-parallel atmosphere 

To handle the vertical stratification of the atmosphere, the atmosphere has to be approximated 
by a set of layer having specific geometry. For cases of solar zenith angles below 60°, the 
atmosphere can be approximated by a plane parallel model. The layers in the plane-parallel 
atmosphere are characterized by homogeneous properties each. Such an atmosphere is 
bordered by the bottom and the top horizontal boundary layers. 

Let us be given a light beam with the spectral radiance 𝐼𝜆 entering the atmospheric layer with 
the geometrical thickness 𝑑𝑧 at an incident angle 𝜃 and an azimuth angle 𝜑. On its path 
𝑑𝑠 = 𝑐𝑜𝑠𝜃𝑑𝑧 = 𝜇𝑑𝑧 the light beam experiences gains and losses of its energy according to 
the medium it is traveling through, and the RTE then is: 

𝜇 𝑑𝐼𝜆(𝜏,𝜇,𝜑)
𝑑𝜏

= −𝐼𝜆(𝜏, 𝜇,𝜑) + 𝐽𝜆(𝜏, 𝜇,𝜑)    (2.31) 

This equation may be solved to yield the upwelling or downwelling intensity for a finite 
atmosphere bounded at the top and bottom.  

After multiplication with exp(−𝜏
μ
) and integration from 𝜏′ =  𝜏 to 𝜏1, we can write for μ ≥ 0 

(upward directed radiation) and an altitude 𝜏: 

𝐼𝜆
↑(𝜏, 𝜇,𝜑) = 𝐼𝜆

↑(𝜏1,𝜇,𝜑) exp �− 𝜏1−𝜏
𝜇
� + 1

𝜇 ∫ exp �− 𝜏′−𝜏
𝜇
� 𝐽𝜆

↑�𝜏 ′,𝜇,𝜑�𝑑𝜏′𝜏1
𝜏  (2.32) 

Correspondingly, for the downwelling radiation with μ<0 and at an altitude of 𝜏: 

𝐼𝜆↓(𝜏, 𝜇,𝜑) = 𝐼𝜆↓(0, 𝜇,𝜑) exp �− 𝜏
|𝜇|� + 1

|𝜇|∫ exp �− 𝜏−𝜏′
|𝜇| � 𝐽𝜆

↓�𝜏 ′,𝜇,𝜑�𝑑𝜏′𝜏1
𝜏  (2.33) 
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𝐼𝜆↓(0, 𝜇,𝜑)and 𝐼𝜆
↑(𝜏, 𝜇,𝜑) describe the inwards directed radiances into the atmosphere at the 

TOA 𝜏 = 0and at the ground 𝜏 = 𝜏1 (see Figure 2.16). 

 
Figure 2.16. Schematic representation of the plane-parallel atmosphere. 

For applications in RT modeling and remote sensing, it is useful to determine the radiant 
fluxes coming out at the TOA and at the surface. After applying these boundary conditions to 
Equations (2.32) and (2.33) for the upward directed radiation at TOA (𝜏 = 0 ):  

𝐼𝜆
↑(0, 𝜇,𝜑) = 𝐼𝜆

↑(𝜏1,𝜇,𝜑) exp �− 𝜏1
𝜇
� + 1

𝜇 ∫ exp �− 𝜏′
𝜇
� 𝐽𝜆

↑�𝜏 ′, 𝜇,𝜑�𝑑𝜏′𝜏1
0   (2.34) 

The first term on the right hand side is the altitude attenuated radiation from the surface. The 
second term describes the atmospheric part of the upward directed radiation. 

The same for the downward directed radiation at the surface: 

𝐼𝜆↓(𝜏1,𝜇,𝜑) = 𝐼𝜆↓(0, 𝜇,𝜑) exp �− 𝜏1
|𝜇|� + 1

|𝜇|∫ exp �− 𝜏1−𝜏′
|𝜇| � 𝐽𝜆

↓�𝜏 ′,𝜇,𝜑�𝑑𝜏′𝜏1
0  (2.35) 

As before, the first term on the right side is the downward radiation at the TOA which is 
attenuated by the optical thickness 𝜏1. The second term is the downward directed radiation 
intensity scattered by the atmosphere. 

Solving Equations (2.34) and (2.35) is needed to obtain the radiant flux densities at TOA and 
at the Earth's surface. This is in general a challenging task due to e.g. multiple integrations 
over the whole range of solid angles. Many numerical approaches deal with this problem 
(e.g., Stamnes et al., 1988;Siewert, 2000; Min and Duan, 2004). These attempts are mostly 
dedicated to homogeneous plane-parallel atmospheric layers which could lead to problems if 
horizontal structures dominate (e. g. convective clouds), but applicable for other cases.  
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Spherical atmosphere 

For the cases of low sun (solar zenith angle is greater than 60°), the curvature of the 
atmosphere has to be considered. 

The following sketch in Fig. 2.17 illustrates how the light beam path changes in the spherical 
atmosphere (path 𝑑𝑠′) relatively to the plane-parallel atmosphere without refraction (path 𝑑𝑠) 
for a given solar elevation angle θ. 

Atmospheric refraction also affects the path of the light beam and needs to be considered 
during the RT calculations. Its effect is shown in Fig. 2.18.  

Considering the mentioned changes of the path length and corresponding changes of the air 
masses, one can write the Schwartzschild equation again: 

𝑑𝐼𝜆
𝑀(𝑧)𝜎𝑒,𝜆𝑑𝑠′

= −𝐼𝜆 + 𝐽𝜆     (2.36) 

For a pure molecular atmosphere, the relative optical air mass M(z) is given by Kasten and 
Young (1989) or Bucholtz (1995): 

𝑀(𝑧) = 1
cos(𝑧)+𝑎∙(𝑏−𝑐)−𝑐

     (2.37) 

The coefficients a, b, and c are according to Kasten& Young (1989): 

a= 0.50572, b = 6.07995 and c = 1.6364 

In some case of strong vertical stratification (e.g. thin aerosol layer) the integration of the 
vertical profiles in needed. The use of incorrect air mass functions and vertical stratification 
can drastically affect the accuracy of e.g. RT modeling. For the path length element 𝑑𝑠′ and 
the extinction 𝜎𝑒,𝜆, we can use the relative optical mass: 

 𝑑𝑠 ′ = 𝑀(𝑧)𝑑𝑠𝜎𝑒,𝜆
′ = 𝑀(𝑧)𝜎𝑒,𝜆    (2.38) 

 

 
Figure 2.17.The shortening of the light beam path in the spherical atmosphere relatively to the plane-
parallel atmosphere. 
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Figure 2.18. The lengthening of the light beam path in the spherical atmosphere due to refraction. 

RTE solutions for the system “ground + atmosphere” 

Let it be given that the ground is a uniform Lambertian reflector. The atmosphere and 
particularly the atmospheric aerosol concentration are assumed to be horizontally uniform. 

It is convenient to express the signal received by the satellite using successive orders of 
scattering in the system ground+atmosphere (see e.g. Tanre et al., 1979). Let us use 
reflectances ρ rather than radiances I: 

      (2.39) 

where f is the solar flux at the TOA, and θ0=arccosμ0 is the solar zenith angle. 

The apparent reflectance is then: 

𝜌(𝑀, 𝜇0, 𝜇,𝜑) = 𝜌𝑎(𝜇0,𝜇,𝜑) + exp �− 𝜏
𝜇0
� 𝜌 exp �− 𝜏

𝜇
� +       (2.40) 

𝐸(𝜇0)𝜌 exp �−
𝜏
𝜇
� + �exp �−

𝜏
𝜇0
� + 𝐸(𝜇0)� 𝜌𝐸′(𝜇) + {�[exp �−

𝜏
𝜇0
� + 𝐸(𝜇0)](𝜌𝑟)𝑛

∞

𝑛=1

} 

where τ is the optical thickness of the atmosphere, θ=arccosμ is the zenith viewing angle, 𝜑 is 
the relative azimuth angle. 𝜌𝑎(𝜇0,𝜇,𝜑)is the intrinsic atmospheric contribution in terms of 

reflectance (Figure 2.19, a), exp �− 𝜏
𝜇0
� 𝜌 exp �− 𝜏

𝜇
� is the term that contains the information 

resulting from direct solar radiation reflected by the target (Figure 2.19, b), 𝐸(𝜇0)𝜌 exp �− 𝜏
𝜇
� 

is the contribution resulting from diffuse downward solar radiation attaining the ground at 

point M (Figure 2.19, c), �exp �− 𝜏
𝜇0
� + 𝐸(𝜇0)� 𝜌𝐸′(𝜇) represents the first order contribution 

of the target background (Figure 2.19, d). The geometric series in Eq. (2.40) corresponds to  

 

fμ
πI=ρ

0
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Figure 2.19. Successive orders of scattering in the ground+atmosphere system 

higher orders of interaction with the ground, the term [exp �− 𝜏
𝜇0
� + 𝐸(𝜇0)](𝜌𝑟)𝑛 

corresponds to radiation having interacted n times with the ground (Fig. 2.19, e). 

Equation (2.40) can be also written in the following way:  

𝜌𝑇𝑂𝐴(𝜆, 𝜇0, 𝜇,𝜑) = 𝜌𝑎𝑡𝑚(𝜆, 𝜇0,𝜇,𝜑) + 𝜌𝑠𝑓𝑐(𝜆)𝑇1(𝜆,𝜇0)𝑇2(𝜆,𝜇)
1−𝜌𝑠𝑓𝑐(𝜆)𝑟(𝜆)

   (2.41) 

where 𝜃 = arccos𝜇 is the observation zenith angle, 𝜑 is the relative azimuth angle, 
𝜌𝑇𝑂𝐴(𝜆, 𝜇0, 𝜇,𝜑) is the total reflectance of the system “surface + 
atmosphere”, 𝜌𝑎𝑡𝑚(𝜆, 𝜇0,𝜇,𝜑) is the atmospheric reflectance (the reflectance of the aerosol, 
Rayleigh scattering, ozone absorption),  𝑟(𝜆) is the atmospheric hemispherical albedo, 
𝑇1(𝜆, 𝜇0) = 𝐸(𝜇0) + exp(−𝜏/𝜇0) is the atmospheric transmittance from the top-of-
atmosphere to the surface, 𝑇2(𝜆, 𝜇) = 𝐸(𝜇) + exp(−𝜏/𝜇) is the total atmospheric 
transmittance from the surface to a receiver (e.g., placed on a satellite), 𝐸(𝜇0) and  𝐸(𝜇) are 
diffuse transmittances from top-of-atmosphere to the surface and from the surface to the 
receiver respectively, exp(−𝜏/𝜇0) and exp(−𝜏/𝜇) are the direct transmittances from top-of-
atmosphere to the surface and from the surface to the receiver respectively, 𝜌𝑠𝑓𝑐(𝜆) is the 
Lambertian reflectance of the surface.  

The normalized quantities 𝐸(𝜇0) and r are given by: 

𝐸(𝜇0) = 1
𝜇0𝑓

∫ ∫ 𝐼𝑑↓(𝜏, 𝜇0, 𝜇,𝜑)𝜇𝑑𝜇𝑑𝜑−1
0

2𝜋
0     (2.42) 

where 𝐼𝑑↓(𝜏, 𝜇0, 𝜇,𝜑) is the downward diffuse radiance at the bottom of the atmosphere for 
𝜌 = 0 (subscript λ is omitted for the sake of simplicity), and 

𝑟 = 1
𝜋 ∫ ∫ 𝐼↓(𝜏, 𝜇)𝜇𝑑𝜇𝑑𝜑−1

0
2𝜋
0      (2.43) 
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where 𝐼↓(𝜏, 𝜇) is the downward radiance at the surface for the case of an incident upward 
isotropic radiation at the bottom of the atmosphere 𝐼↑(𝜏, 𝜇) = 1. 

Expression (2.41) appears in numerous researches dedicated to retrievals of aerosol and 
surface properties (serving as a key to determine atmospheric correction in the latter case) 
(Vermote et al., 1997; Veefkind et al., 1998; Curier et al., 2009; von Hoyningen-Huene et al., 
2006; von Hoyningen-Huene et al., 2010; Dinter et al., 2009). Technically it can also be 
applied to non-Lambertian surfaces, by introducing BRDF effects in the numerator of the 
surface term of Eq. (2.41). However, its accuracy in this case is questionable due to the fact 
that directional properties of surface reflection function can have a significant effect on the 
redistribution of the incoming light, both direct and diffuse, and need to be taken into account 
more accurately. Ray tracing studies show that total intensity reflected from a dark particulate 
matter consists mainly of first orders of scattering, and the role of higher orders of scattering 
increases with the increase of single scattering albedo of the particles (e.g. Stankevich et al., 
2007). Therefore for darker surfaces the effect of surface directional properties on coupling 
tends to be rather small. However, in case of very bright surfaces it becomes significant and 
needs to be accounted for. 

Tanre et al. (1979) suggested an approximate analytical expression for top of atmosphere 
reflectance in case of non-Lambertian non-homogeneous surface, which accounts for light 
scattering between the observed point M, its neighbour surface areas, and the atmosphere of 
optical thickness τ: 

𝜌𝑇𝑂𝐴(𝑀, 𝜆) =
𝜌𝑎𝑡𝑚(𝜆, 𝜇0, 𝜇,𝜑) + 𝜌𝑠𝑓𝑐(𝑀, 𝜆, 𝜇0, 𝜇,𝜑) exp �− 𝜏

𝜇0
� exp �− 𝜏

𝜇
� +

�̅�𝑠𝑓𝑐(𝑀, 𝜆, 𝜇0, 𝜇,𝜑) exp �− 𝜏
𝜇
�𝐸(𝜇0) + 〈𝜌𝑠𝑓𝑐(𝑀, 𝜆, 𝜇0, 𝜇,𝜑)〉𝑇1(𝜆, 𝜇0)𝐸(𝜇) +

〈𝜌𝑠𝑓𝑐(𝑀, 𝜆, 𝜇0, 𝜇,𝜑)〉𝑟(𝜆) × �
𝜌�𝑠𝑓𝑐(𝑀,𝜆,𝜇0,𝜇,𝜑)exp�−𝜏

𝜇�+〈𝜌𝑠𝑓𝑐(𝑀,𝜆,𝜇0,𝜇,𝜑)〉𝐸(𝜇)

1−〈𝜌𝑠𝑓𝑐(𝑀,𝜆,𝜇0,𝜇,𝜑)〉𝑟(𝜆)
� 𝑇1(𝜆, 𝜇0)        (2.44) 

where 𝜌𝑇𝑂𝐴(𝑀, 𝜆) is the total reflectance of the system “surface + atmosphere” with respect 
to the target point M, 𝜌𝑎𝑡𝑚(𝜆, 𝜇0,𝜇,𝜑) is the atmospheric reflectance (the reflectance of the 
aerosol, Rayleigh scattering, ozone absorption), 𝐸(𝜇0)  and  𝐸(𝜇) are diffuse transmittances 
from top-of-atmosphere to the surface and from the surface to the receiver respectively, 
exp(−𝜏/𝜇0) and exp(−𝜏/𝜇) are the direct transmittances from top-of-atmosphere to the 
surface and from the surface to the receiver respectively,  𝑇1(𝜆, 𝜇0) = 𝐸(𝜇0) + exp(−𝜏/𝜇0) 
is the total atmospheric transmittance from the top-of-atmosphere to the surface, 𝑟(𝜆) is the 
atmospheric hemispherical albedo, 𝜌𝑠𝑓𝑐(𝑀, 𝜆, 𝜇0,𝜇,𝜑) is the BRDF of the target M for a 
given observation-illumination geometry. The term �̅�𝑠𝑓𝑐(𝑀, 𝜆, 𝜇0, 𝜇,𝜑) is the average angular 
reflectance of the target illuminated with the diffuse light only; 
〈𝜌𝑠𝑓𝑐(𝑀, 𝜆, 𝜇0, 𝜇,𝜑)〉 accounts for the effect of multiple light scattering from the environment 
of the target M in the observation direction. The last term is only different from 
�̅�𝑠𝑓𝑐(𝑀, 𝜆, 𝜇0, 𝜇,𝜑)in case of inhomogeneous spatial distribution of 𝜌𝑠𝑓𝑐(𝑀, 𝜆, 𝜇0,𝜇,𝜑). In 
this study we assume the surface to have a homogeneous 𝜌𝑠𝑓𝑐(𝑀, 𝜆, 𝜇0, 𝜇,𝜑), therefore the 
dependence on the target M can be waived and the Eq. (2.44) can be written in a simplified 
form as: 
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𝜌𝑇𝑂𝐴(𝑀, 𝜆) =
𝜌𝑎𝑡𝑚(𝜆, 𝜇0, 𝜇,𝜑) + 𝜌𝑠𝑓𝑐(𝑀, 𝜆, 𝜇0, 𝜇,𝜑) exp �− 𝜏

𝜇0
� exp �− 𝜏

𝜇
� + �̅�𝑠𝑓𝑐(𝑀, 𝜆, 𝜇0, 𝜇,𝜑) ×

�exp �− 𝜏
𝜇
� 𝐸(𝜇0) + 𝑇1(𝜆, 𝜇0)𝐸(𝜇) + 𝑟(𝜆) 𝜌�𝑠𝑓𝑐

(𝑀,𝜆,𝜇0,𝜇,𝜑)𝑇1(𝜆,𝜇0)𝑇2(𝜆,𝜇)
1−𝜌�𝑠𝑓𝑐(𝑀,𝜆,𝜇0,𝜇,𝜑)𝑟(𝜆)

�  (2.45) 

with all the terms defined as above. 

2.4.2 The forward radiative transfer model SCIATRAN 

In current work, we need to solve integro-differential RTE in order to obtain: 

- The dependence of aerosol TOA reflectance on AOT, observation-illumination 
geometry and wavelength; 

- The dependence of snow surface BRDF on observation-illumination geometry; 

- The dependence of TOA reflectance of the whole system “surface+atmosphere” on 
AOT and observation-illumination geometry. 

We do this numerically using forward radiative transfer code SCIATRAN (Rozanov et al., 
2005). 

The SCIATRAN RT model can be optionally operated in the plane-parallel mode or in the 
spherical/pseudospherical mode accounting for the spherical shape of the Earth’s atmosphere. 
In the spherical mode, the atmosphere is considered to be symmetrical with respect to the 
solar principal plane. There are also a options to describe surface reflective properties: 
constant or wavelength dependent Lambertian albedo as well as by the BRDF for various 
surface. In the pseudospherical mode, the program is calculating the light paths for the direct 
solar beam in a spherical atmosphere and then solving the plane-parallel RTE. 

A standard method to solve the integro-differential radiative transfer equation in a plane-
parallel atmosphere is the discrete-ordinates method (Stamnes et al., 1988 and Siewert, 2000. 
This scheme is employed in the model. Alternatively, to calculate the outgoing radiance at the 
TOA either the finite difference scheme (Rozanov et al., 1997) or the finite element approach 
(Samarskij, 2002) is used. At first, a variable separation is being performed for the azimuthal 
dependence of the radiances and phase functions. For this, the scattering phase functions need 
to be presented as sums of Legendre polynomials and the radiances are rewritten as Fourier 
series. To transform the integrals into sums, the finite difference approach is applied, so that 
gradients between the two altitude levels of the altitude grid will be presented as finite 
differences. In addition to the altitude, also all the angles are discretised. The step must be 
small enough to assume the depending functions to be constant within it.  

For the model run, the atmospheric state, surface reflective properties and the geometry of 
interest need to be defined. As our satellite retrievals are look-up table (LUT) based, a full set 
of illumination-observation geometries is usually calculated.  

Within this work, we do not use plane parallel mode of calculations as Arctic illumination 
conditions very often feature low solar zenith angles and the sphericity of the atmosphere 
needs to be considered. 
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Specific aerosol and surface properties used for our RT calculations vary for different LUTs 
will be described in further sections dedicated to the satellite AOT retrievals and LUT 
calculations. 

2.5 Description of the instruments 

2.5.1 The satellite instrument AATSR 

Within the current work, the AATSR (Advanced Along Track Scanning Radiometer) 
instrument has been used as a satellite sensor. The information given in this subsection as 
well as a lot of additional information about this instrument can be found in the official 
AATSR handbook by ESA, which is available at http://envisat.esa.int/handbooks/aatsr/. 

AATSR located onboard the ENVISAT (ENVIronmental SATtelite, nominal orbit repeat 
cycle of 35 days, orbital period 100.6 minutes, inclination 98.54 degrees and descending node 
10:00 a.m. local time) is a low-resolution conical imaging spectrometer operating in the 
visible, near-infrared, mid-infrared and thermal spectrum ranges. The spectral channels 
available in the AATSR data are summarized in Table 2.2. 

Table 2.2 AATSR spectral channels 

 

 

The main feature of the AATSR instrument is its use of along-track scanning to offer dual 
view of the Earth’s surface. The AATSR viewing geometry is shown in Figure 2.20.  

The dual view is achieved by rotating an inclined-plane scan mirror in front of a reflecting 
telescope, thus performing a conical scan. The resulting conical scan is arranged to view 
downwards and ahead in the along-track direction, allowing each point on the Earth’s surface 
to be viewed in turn, first at an angle of 55° (the forward view) and then at an angle close to 

Channel Centre 
Wavelength 

Bandwidth Primary Application 

0.55 μm 0.555 μm 20 nm Chlorophyll 

0.66 μm 0.659 μm 20 nm Vegetation Index 

0.87 μm 0.865 μm 20 nm Vegetation Index 

1.6 μm 1.61 μm 0.3 μm Cloud Clearing 

3.7 μm 3.70 μm 0.3 μm SeaSurfaceTemperature 

11 μm 10.85μm 1.0 μm SeaSurfaceTemperature 

12 μm 12.00 μm 1.0 μm SeaSurfaceTemperature 
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Figure 2.20. The AATSR viewing geometry. 

vertical (the nadir view) as the satellite moves forward. These observations are separated in 
time by 150 sec, or approximately 1000 km on the ground, at the sub-satellite point. This 
unique feature of the instrument is particularly helpful in the task of remote sensing over 
snow and ice, as the two simultaneous views provide additional information about surface 
angular reflective properties and can be used to subtract the surface signal from the TOA 
signal. 

The field of view comprises two 500 km-wide curved swaths, with 555 pixels across the 
nadir swath and 371 pixels across the forward swath. The nominal pixel size is 1 km2 at the 
center of the nadir swath and 1.5 km2 at the center of the forward swath. The scan cycle is 
repeated 6.6 times per second, and the sub-satellite point on the Earth’s surface moves 
forward by one pixel (1km) during each scan cycle. 

The AATSR scan cycle allows the detectors to view a sequence of five elements which are  

- The along-track Earth view,  
- A hot black-body target,  
- The visible calibration unit,  
- The nadir Earth view, and  
- A cold blackbody target.  

The two blackbody calibration targets observed between the Earth-views are critical to the 
radiometric quality of the AATSR thermal data; one of them is heated up to 305K, the other 
is unheated and is close to the ambient temperature (~256 K). This covers the full range of 
expected marine scene temperatures. 

As a result, AATSR can be regarded as a near-ideal radiometer. The infrared calibration is 
applied automatically during the ground processing. 
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The visible and near-infrared channels are calibrated once per orbit via viewing the Sun at 
sunrise. Also, calibration of the visible channels will be performed automatically during 
ground processing. 

During the pre-launch calibration, the 12, 11 and 3.7 μm channels were verified using high-
accuracy external black bodies. Overall, the AATSR BTs were found to be within 30 mK of 
the target temperatures (210 to 315 K). The AATSR visible channels have also undergone a 
detailed laboratory calibration, to ensure that all instrument performance requirements are 
met.  

Within this work, the Level-1b Gridded Brightness Temperature/ Reflectance (GBTR) are 
used. This product comprises calibrated and geolocated images of brightness temperature 
(BT) for the three infrared channels, or reflectance for the near-infrared and visible channels, 
together with cloud and land identification.  

The forward and nadir views of AATSR are collocated during the geolocation procedure, 
when the position of each pixel on the Earth’s surface of is determined and then regridded 
onto a rectangular grid. As the pixel density is lower in the forward view image, cosmetic fill 
is applied as needed. Land-flagging and cloud-clearing algorithms are applied at this stage. 

Though AATSR level 1b products includes cloud clearing, in some cases of snow and ice 
surfaces it is not sufficient. Relatively comprehensive set of spectral channels of the 
instrument, especially the inclusion of NIR and TIR channels, made it possible to develop an 
improved version of cloud screening over these surfaces within this study (see Sect. 3.2). 

2.5.2 Ground-based AERONET measurements 

The AOT retrieval algorithms developed within this work have been validated against 
ground-based measurements available in scope of the AERONET 
(AErosolROboticNETwork) program. 

The AERONET program is a federation of ground-based remote sensing aerosol networks, 
which provides a long-term, continuous and freely accessible database of aerosol optical, 
mircrophysical and radiative properties. The network imposes standardization of instruments, 
calibration, processing and distribution. The details on AERONET data and operation can be 
found at http://aeronet.gsfc.nasa.gov. 

AERONET collaboration provides globally distributed observations of spectral aerosol 
optical Depth (AOD) which is available as three data quality levels: Level 1.0 (unscreened), 
Level 1.5 (cloud-screened), and Level 2.0 (cloud screened and quality-assured). Within this 
work only Level 2.0 data are used. 

The CIMEL spectral radiometer used within the AERONET network is a solar-powered, 
robust, robotically-pointed sun and sky spectral sun photometer. The direct sun 
measurements are made in eight spectral bands (340, 380, 440, 500, 670, 870, 940 and 1020 
nm) requiring approximately 10 seconds. The field of view of these measurements is 1.2 
degrees.  
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OD is calculated from spectral extinction of direct beam radiation at each wavelength based 
on the Lambert-Beer-Bouguer law. The Rayleigh and gaseous components are removed to 
isolate the AOD. For the Arctic stations, the AOD is most times available at a limited set of 
wavelengths (most frequent is 500nm). 

In addition to the direct solar irradiance measurements, these instruments measure the sky 
radiance in four spectral bands (440, 670, 870 and 1020 nm) along the solar principal plane 
(i.e., at constant azimuth angle, with varied scattering angles) up to nine times a day and 
along the solar almucantar (i.e., at constant elevation angle, with varied azimuth angles) up to 
six times a day. These measurements are used to retrieve size distribution, phase function and 
aerosol optical depth. Sky radiance measurements are inverted with the Dubovik and 
Nakajima inversions (Holben et al., 2006) to provide aerosol properties of size distribution 
and phase function over the particle size range of 0.1 to 5 μm.  

 
Figure 2.21 Eight High Arctic AERONET stations used for validation of satellite retrievals within this 
work. 

An intercomparison with the reference instruments is used for calibration of the AERONET 
instruments. Such intercomparison is performed before and after field measurements in order 
to correct for possible calibration trends. For easily accessible stations re-calibration is 
performed 1-2 times per year. The reference CIMELs are calibrated using the Langley plots10

                                                           
10 The Langley Plot is a logarithm of the output digital number (DN) plotted against the optical air 
mass between a range of 5 and 2 (between 3.5 and 2 for 340 nm), where the intercept is the calibration 
coefficient (zero air mass DN) and the slope is the OD. 

 
technique at Mauna Loa Observatory in Hawaii on a frequent basis. The observatory's 
location (isolated from most local and regional sources of aerosols) provides a very stable 
irradiance regime and fits well to this purpose.  
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The calibration uncertainty of such calibration is approximately 0.01 - 0.02 in AOD 
(wavelength dependent). The Version 2 Level 2 AERONET algorithm gives an uncertainty of 
5% for AOD less than 0.2 (Holben et al., 2006). 

Data from the eight Arctic AERONET stations have been used within this work. They are 
shown in Fig. 2.21. 

In addition to the AERONET data, a time sequence of sun photometer AOT measurements 
performed at Ny Ålesund, Svalbard, 78.923° N, 11.923° E by the Alfred Wegener Institute 
for Polar and Marine Research in spring 2006 was utilized for the comparison of the dynamic 
behavior of the aerosol pollution event seen from ground and from satellite (see Sect. 5.2).
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3 Developing the retrieval of  

tropospheric aerosol from satellite 
The work described within this thesis is dedicated to the development of the AOT retrieval 
over snow surfaces using passive remote sensing means. This task can be subdivided into 
several consequent steps to be solved in order to establish a comprehensive retrieving routine 
which has satellite scene as input and provides the AOT values for each pixel of this scene as 
output. These steps are: 
- satellite data reading and checking whether it corresponds to certain quality conditions; 
- picking out snow covered areas suitable for the AOT retrieval and checking whether they 
are cloud free; 
- performing the AOT retrieval (was carried out for 550nm and 3.7μm in this work) and 
providing the output AOT maps. 
The theoretical basis behind these steps, details on implementation as well as sensitivity 
analysis are presented further in this section. The validation and application of cloud 
screening, snow flagging and AOT retrievals described in the current section can be found in 
the next sections. 

3.1 Satellite data selection 

As was already mentioned in Sect. 2.5.1, spectral radiances and brightness temperatures from 
AATSR product of level 1b are used within this work. For the AOT retrieval, we use cloud 
free, snow covered scenes with valid radiance and brightness temperature values in the both 
views at all of the used spectral channels. That implies elimination of night time data and 
occasional pixel exception values in the day time data. A restriction for the solar zenith angle 
(SZA) was applied to SZA less than 85°, in order to exclude observations with a very low 
position of the sun and therefore exclude observations with low signal to noise ratio. Then, 
once it is known that a pixel belongs to the clear-sky category, it can be used for further 
retrievals, in our case for the AOT retrieval over snow. The reason for this is the fact that in 
the visible and infrared spectral regions, clouds between the surface and the satellite sensor 
may affect the results of the AOT retrievals drastically, especially when a thin cloud is not 
distinguished from an aerosol layer or a thick bright cloud is mistaken for the snow surface 
due to their similar optical properties in the visible spectral range (see Fig 3.1). Therefore 
cloud screening over snow is a very important, yet challenging task. While single case studies 
and retrievals of AOT for small amounts of data allows manual cloud detection (Istomina et 
al., 2009), for an extensive processing amounts an automatic, yet reliable cloud screening 
routine is of great importance. 
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As was already mentioned in Sect. 2.5.1 and 
as was underlined in the AATSR FAQ 
(http://envisat.esa.int/instruments/aatsr/faq), 
existing AATSR operational cloud mask 
included in the level-1b product is optimized 
for use over ocean (Birks, 2007; Simpson et 
al., 2005; Závody et al., 2000) and its 
performance is often questionable over land 
and brighter surfaces. It therefore does not 
always provide necessary quality sufficient 
for AOT retrieval over snow and cannot be 
used in this work.  
Another limitation on the incoming satellite 
data is the underlying surface of the scene. In 
our particular case, each pixel of the scene 
should feature sufficient ice and snow 
fraction as the AOT retrieval developed 
within this work was designed especially for 
these kinds of surfaces. Therefore, two major 
tasks have to be solved before any AOT 
retrievals are possible. These are the snow Figure 3.1 Clouds over snow at 550nm 
/ice surface detection and cloud clearing of the scene. Within the current work, these tasks 
were united within one approach which utilizes a unique spectral signature of snow surfaces. 
In the next section, we present this so called snow flagging technique which was created 
especially for aerosol optical thickness retrieval in Arctic regions using the AATSR satellite 
sensor. 

3.2 The snow flagging approach 

Three basic approaches applicable to a radiometer data can be distinguished among the 
available cloud-screening algorithms:  

1.  Analysis of time-sequences of data, under the assumption that the short-term changes 
of the scene can be only introduced by clouds (e.g. Key and Barry, 1989; Diner et al., 1999; 
Lyapustin et al., 2008; Lyapustin and Wang, 2009; Gafurov and Bárdossy, 2009). Such an 
approach needs surfaces with a constant and pronounced structure (Lyapustin et al., 2008; 
Lyapustin and Wang, 2009). Their applications are limited over rapidly aging, changing 
surfaces or surfaces with poorly known BRDF (due to often varying observation-illumination 
geometries). The necessary time sequence of the data may not always be available (e.g. due 
to a narrow swath of the sensor). 

2.  Applying a reflectance or brightness temperature absolute threshold or their 
combination, e.g. ratio of reflectances in the form of NDVI. In this case only a few channels 
are used (e.g. Minnis et al., 2001; Bréon and Colzy, 1999; Lotz et al., 2009; Allen et al., 
1990; Spangenberg et al., 2001; Trepte et al., 2001). The quality of the approach on the 
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global scale might vary due to the thresholds derived manually for a small set of testing 
scenes. 

3.  Spatial variability analysis (e.g. Martins et al, 2002). A great variety of available 
surface and cloud types allows the use of this approach only in the combination with the 
others. 

Most of the cloud screening approaches are not focused on the case of the snow surface; 
however, several specific methods exist and utilize e.g. absolute (experimentally derived) 
thresholds in VIS, NIR and IR channels (Allen et al., 1990). This approach has problems with 
ice clouds over snow, especially thin ones (which is often the case in Arctic region). 
Sometimes a snow BRDF model is used to derive the threshold value for NIR spectral 
channel (Spangenberg et al., 2001; Trepte et al., 2001). This approach might have difficulties 
distinguishing cloudy condition from clean but polluted scene and therefore cannot be used 
within this work. 

At the time of writing, the MODIS cloud detection scheme (Ackerman et al., 1998; Liu et al., 
2004) is probably the most comprehensive among the cloud detection schemes available. 
This algorithm uses 19 out of 36 MODIS channels along with additional inputs, e.g. 
topography and illumination observation geometry for each 1-km pixel, land /water mask, 
ecosystem maps, and daily operational snow/ice products (taken from the NOAA and 
National snow and Ice Data Center). The resulting MODIS cloud mask contains 4 confidence 
levels (confident cloudy, uncertain, probably clear, confident clear). This algorithm has been 
validated against micropulse lidar and millimeter-wavelength cloud radar, and proved to be 
reliable. Therefore, the MODIS cloud mask product is used for validation of the developed 
AATSR snow flagging approach. 

Our simple snow flagging approach is based on the analysis of the spectral shape of the TOA 
reflectance of a scene and does not require time sequences of data or absolute thresholds for 
reflectances or brightness temperatures. This approach has been designed to pick out cloud 
free snow covered regions, which serve as an input for AOT retrieval over snow. We did not 
pursue the task of recognizing different types of surface and clouds. The product of presented 
cloud screening method consists of two values: „applicable for AOT retrieval over snow or 
determination of snow reflection (clear snow flag = true)“ and „not applicable for AOT 
retrieval or determination of snow reflection (clear snow flag = false, i.e. clouds, land, ocean, 
etc.)“. 

3.2.1 Theoretical basis of spectral cloud screening over 

snow 

No other surface type presented in the satellite imagery has the unique features of bright 
reflecting, white snow surface. The task of snow detection therefore would be an easy one in 
the absence of clouds. However, optical properties of snow and clouds in the VIS are alike. 
The unique snow spectral signature (e.g. Warren, 1982) is to some extent also a feature of 
water and especially ice clouds (Kokhanovsky, 2006). The AATSR spectral coverage from 
VIS to NIR (AATSR channels 550nm, 660nm, 870nm, 1.6μm) enables detailed analysis of 
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the spectral behavior of the scene. For instance, the slightly different behavior of snow and 
clouds can already be seen in the TOA reflectance maps of an AATSR scene (Fig. 3.2). A 
combination of information from these channels may be utilized to discriminate snow and 
clouds despite of their similarities; these VIS-NIR channels can also be successfully used for 
“whiteness” test to discriminate snow and clouds from other surface types. Further 
discrimination can be done with the TIR channels (3.7μm, 10.8μm, 12μm), as the spectral 
shapes of snow and clouds differ there and present a good possibility for snow/cloud 
discrimination.  

Possible snow impurities, snow grain size differences, and liquid water content create a 
variety of snow types that have different spectral behaviors (Warren, 1982). Some of these 
snow types under various atmospheric conditions are of frequent occurrence in the Arctic and 
should be taken into account while developing the cloud screening routine.  

The following two subsections are dedicated to the description of our spectral snow flagging 
(VIS-NIR) and cloud screening criteria (TIR) along with the possible disturbance factors 
which had been be taken into account. 

3.2.2 Snow flagging in VIS and NIR: disturbance from 

aerosols, trace gases and physical parameters of snow 

The VIS and NIR channels of the AATSR can be used to perform the “whiteness” tests at the 
550nm, 660nm and 870nm wavelengths, and the “ice crystal NIR drop” test at the 1.6 μm. 
Aerosol load of the scene will of course affect its spectral behavior; a forward RT modeling 
for the four mentioned VIS and NIR AATSR channels was performed to study the possible 
scatter introduced by aerosols. The forward RT model SCIATRAN developed at the 
University of Bremen (Rozanov et al., 2005) has been used for this purpose. The AOT range 
for the modeling was chosen to be from 0.0 to 3.0 at 550nm (the typical background AOT in 
the Arctic is as small as 0.05 (Tomasi et al., 2007) and can reach 0.5 during the Arctic haze 
events). We took the aerosol phase function measured for 550nm during the Arctic haze 
event on 23.03.2000, at Spitsbergen, Ny Ålesund, Svalbard, 78.923°, N 11.923° E, by the 
Alfred Wegener Institute for Polar and Marine Research (see Fig. 3.3). Its smooth shape 
without significant forward backscattering (compare to the phase function of maritime 
aerosol in Fig. 3.3) is the characteristic of randomly shaped small absorbing particles.  

The simulations have been performed for a lambertian snow surface with a spectral 
dependent albedo (data by R. Guzzi, IMGA, CNR, Italy, Bologna, albedo equals 0.943 at 
550nm). The following illumination-observation geometries have been used: the viewing 
zenith angle equal to 0°, solar zenith angle equal to 60°, and the relative azimuth angle equal 
to 0°, which represents realistic conditions of the AATSR overflight in the Arctic region. 
According to Mendonca et al. (1981), the single scattering albedo of Arctic haze appears to 
be rather high, larger than 0.9. Delene and Ogren (2002) reported the SSA of haze at Barrow, 
Alaska, to be 0.94. In the simulation, we assume the SSA of the aerosol equal to 1.0. The  
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Figure 3.2. AATSR scene for 3rd of May 2006, Spitsbergen, reflectance at 550nm (a), 660nm (b), 
865nm (c), 1600nm (d), 3700nm (e). Brightness temperature for 3.7 (f), 10.8 (g) and 12 μm (h).  

aerosol is confined to the troposphere and assumed to be uniformly distributed in a 3km layer 
above the surface. 

Fig. 3.4a shows the result of our simulation for the discussed surface and an aerosol load 
from 0 to 3.0 (step 0.2). Fig. 3.4b is the same as Fig. 3.4a, but with included Rayleigh 
scattering and O3 absorption. 

It can be seen that the shape of the spectral curve does not depend on AOT for channels 
550nm, 660nm, 870nm in the “ideal” case (Fig. 3.4a) as well as in the “real” case with 
Rayleigh scattering and ozone absorption included. The inclusion of the ozone absorption and 
Rayleigh scattering results in a slight decrease of TOA reflectance at the 550nm channel.  

As can be seen from Fig. 3.4, over such a bright surface increasing aerosol load would cause 
darkening of the scene at 550nm, 660nm and 870nm for the given geometry, due to aerosol 
layer redirecting the light scattered from the surface and decreasing upward flux at the TOA. 
This, however, does not affect the relation between the discussed channels. Channel 1.6μm 
reacts to an increase of AOT with an increase of the TOA reflectance due to low snow albedo 
at this channel. It is important to note that these effects are only valid for the discussed 
geometry and a very bright surface (Kokhanovsky et al., 2010). 

Rayleigh scattering and ozone absorption affect the shape of the spectrum, bringing the TOA 
reflectance in 550nm channel down by about 10% in comparison to the “ideal” case. The 
shape of the spectral curve is also affected in the 1.6μm channel, where the TOA reflectance 
grows by more than 50% with the increase of the aerosol load until AOT equals 3. Therefore 
the spectral shape criterion used for the snow flagging should allow some scatter to account 
for the atmospheric effect.  
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Figure 3.3. Phase function of Arctic haze aerosol used in the simulation of aerosol effect on the 
spectral shape of snow surface. See text for details. 

The other factors which can disturb the shape of the spectral curve stem from the physical 
parameters of snow and not from the atmosphere above it. They are snow grain size, liquid 
water content and possible impurities of the snowpack, which can be soot, dust, or 
atmospheric aerosols fallen out on the snow surface. All these factors have been studied and 
are presented in literature aimed at both modeling and measurements of snow optical 
properties. 

The effect of dust and soot impurities in snow has been studied by Warren and Wiscombe 
(1980). It is shown that the VIS spectral region is particularly sensitive to these impurities, 
whereas NIR and longwave emissivity of snow are not affected. The distortion of snow 
spectral albedo depends on dust and soot concentration. For example, 10ppmw of soot can 
decrease the albedo of snow by more than 50% in VIS for an extremely large snow grain size 
of 1000μm (Warren and Wiscombe, 1980). 

However, this effect is smaller for smaller grains and Arctic snow is believed to have a soot 
concentration of around 0.2ppmw, which reduces the snow albedo by approximately 20% in 
the 550nm and 660nm channels. For 870nm, this effect is already less than 10%. Similar 
effects take place in case of dust impurities: depending on snow grain size, extremely high 
dust concentrations can reduce the VIS albedo of snow drastically, but dust concentrations of 
10 ppmw decrease snow albedo by less than 10% in VIS, for both small and large grain sizes. 
Aoki et al. (2000) modeled snow spectral albedo for several combinations of physical 
parameters such as snow density, impurities concentration, snow grain size and snow depth. 
These spectra differ from the pure snow spectrum only in the shortwave region, and by no  
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Figure 3.4. The sensitivity of TOA reflectance over snow surface to aerosol load, simulated with RT 
calculations, for Lambertian snow and aerosol only (a) and for snow, aerosol and O3 absorption (b). 
AOT changes from 0 to 3, with the step 0.2. AOT = 0 is shown with the thick red line. AOT = 3.0 is 
shown with the thick violet line. 
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more than 10%, which proves that earlier discussed scatter values caused by soot and dust are 
sufficient for our task. The effect of snow age on the snow spectrum was studied by Domine 
et al. (2006). The comparison of wind crust, fresh snow and depth hoar spectra show that 
these spectra are quite similar to each other in the visible, but differ more in the IR. The 
1.6μm channel reacts on the snow aging with the albedo decrease, sometimes almost to zero. 
However, this effect does not destroy the main feature of snow spectral signature – the 
spectacular drop of albedo from 0.87μm to 1.6μm. Liquid water content, however, decreases 
the snow albedo also in the VIS and NIR (Gerland et al., 1999), but it does not change the 
spectral shape in the channels of AATSR and the relation between all the discussed VIS and 
NIR channels remains the same (Warren, 1982). 

The effect of snow grain size on the snow spectrum is studied by e.g. Domine et al. (2008), 
Wiscombe and Warren (1980), and Tedesco and Kokhanovsky (2007). The snow spectrum is 
affected by the grain size mostly in NIR and only a bit in VIS. Snow albedo in the 550nm and 
660nm channels is affected only by a few percent, at 870nm it goes up by around 10% for 
smaller grains and 10% down for larger grains. The snow albedo in the 1.6μm channel 
increases for smaller grains up to 0.2 and drops down to almost zero for large grains, which is 
similar to the behavior of the albedo in the 870nm channel. This means that the relation 
between these two channels remains the same and the shape of the snow spectrum is not 
affected. All the above discussed effects are well presented in the literature and need not be 
illustrated separately here. To get the visual impression on the discussed effects, the reader is 
referred to the mentioned literature sources. As a comprehensive review of the various 
disturbance factors which affect snow spectral shape, the set of field measurements carried 
out by Negi et al. (2010) is recommended. This work presents measured snow spectral 
reflectance depending on various pollutants, liquid water content, grain size, observation-
illumination geometry, age, depth and is of immense importance for getting an impression on 
the snow spectral behavior in different conditions. 

All the discussed disturbance factors (aerosol load, Rayleigh scattering, ozone, soot and dust 
impurities, age and liquid water content, and snow grain size) affect the spectrum of the cloud 
free snow covered scene in different wavelength regions. The performed literature study and 
RT simulations made it possible to develop dynamic thresholds to evaluate the spectral shape 
of a pixel for snow signature in the VIS and NIR channels of AATSR. It is schematically 
shown in Fig. 3.5 for two the example spectra. They are the fresh snow spectrum (from the 
ASTER spectral library, CalTech, 2008), represented with the blue curve and the dry long 
grass spectrum (from the USGC Spectroscopy Lab library), represented with the black curve. 
Filled areas (violet for fresh snow and turquoise for dry long grass) show allowed freedom in 
the shape of each spectrum. As the criterion is relative, the allowed scatter will change from 
spectrum to spectrum. For our snow flagging routine, we only need to analyze the shape of a 
spectrum in four VIS and NIR AATSR channels. These channels are shown in Fig. 3.5 by 
vertical lines. However, for the sake of clarity we extended the graphic representation of the 
shape criteria outside of the four discussed channels. The numerical criteria only exist for the 
four discussed channels and should connect the TOA reflectances 𝜌𝑇𝑂𝐴(𝜆) of those channels 
in the following way: 
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Figure 3.5. The allowed amount of TOA reflectance scatter is shown for fresh dry snow (blue curve) 
and dry long grass (black curve). Violet and turquoise areas are the schematic view of the spectral 
shape criterion. They show where the corresponding spectral curve should go to be still recognized as 
snow. It is visible that dry long grass spectrum does not satisfy the spectral shape criterion, e.g. at 
channel 1.6µm. 
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Here the percentage is given for relative reflectance difference with the relation to 
𝜌𝑇𝑂𝐴(870𝑛𝑚) for the first two criteria and to 𝜌𝑇𝑂𝐴(660𝑛𝑚) for the third one. From Fig. 3.5 
it is visible that the fresh snow spectrum (blue curve) fits into our snow spectral shape 
criteria, whereas the spectrum of dry long grass does not. The 𝜌𝑇𝑂𝐴(1.6𝜇𝑚) of dry grass is 
too high and does not represent the main feature of a snow spectrum – the reflectance drop 
from 870nm to 1.6μm. Also, the feature of vegetation spectra, the so called “red edge” (fast 
increase of reflectance at 0.4-0.7μm), is visible in the figure and makes the 𝜌𝑇𝑂𝐴(660𝑛𝑚) be 
at the edge of the snow spectral shape criteria. 
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The discussed criteria are already enough to screen out optically thick warm clouds, but will 
have difficulties with cirrus and any optically thin clouds, especially ice clouds, because these 
do not significantly disturb the spectral signature of snow in these spectral regions. To screen 
out such clouds, we need to use TIR channels of AATSR. This problem is discussed in the 
next subsection. 

3.2.3 Cloud screening in TIR: snow emissivity and 

cloud reflectance 

In the previous subsection the three dynamic thresholds are used to pick out white (Eq. 3.2, 
3.3) pixels featuring the “ice crystal IR drop” (Eq. 3.1). These thresholds perform surface 
discrimination in the VIS and IR, screening out all the various surface types except for snow. 
The information in the four VIS and NIR channels is not enough for a comprehensive cloud 
screening, because ice clouds, e.g. cirrus, have exactly the same spectral signature as snow in 
these channels. To classify the atmospheric state (clear/cloudy) of the scene, TIR channels of 
the AATSR can be used. 

The 3.7, 10.8 and 12 μm channels provide additional information to distinguish surface and 
clouds. As was mentioned by Spangenberg et al. (2001), BT of the 3.7 μm channel contains 
not only emitted radiation, but also radiation scattered by the object, in our case by a cloud or 
snow. 

IR properties of snow have been briefly discussed in Section 2.2.1. Snow thermal properties 
have been measured (Hori et al., 2006; English et al., 1995) and show that snow is very close 
to a black body and emits according its physical temperature. The reflection of snow is very 
low in the 3.7, 10.8 and 12 μm channels (Wald, 1994). This is not the case for clouds, 
because 𝜌𝑇𝑂𝐴(3.7𝜇𝑚) of cloud droplets is much higher depending on the effective radii of 
the particles and on the optical thickness of the cloud. Therefore the spectral shape of a cloud 
scene in the three TIR channels will differ from that of snow due to the different physical 
nature of these two objects.  

To estimate the amplitude of reflectance contamination of BT(3.7μm), we calculate the  
𝜌𝑇𝑂𝐴(3.7𝜇𝑚) according to Spangenberg et al. (2001): 
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where T3 is the measured 3.7μm brightness temperature, T4 is the measured 11μm brightness 
temperature, μ0 is the cosine of solar zenith angle, S3.7μm is the solar constant at 3.7μm (3.47 
Wm-2μm-1), ε3.7μm is the clear snow emittance, B3.7μm(BT) is the Planck function at 3.7μm for 
some temperature BT. 

An example of calculated 𝜌𝑇𝑂𝐴(3.7𝜇𝑚) is presented in Fig. 3.2e. Clouds apparently reflect 
more than snow and ocean (see ocean-land mask contours). This reflectance pattern is present 
in the reflectance part of AATSR BT(3.7μm) (Fig. 3.2f) and this is the reason for the 
differences in the shapes of the spectral curves of snow and clouds at 3.7, 10.8 and 12 μm. It 
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is visible that snow BT does not change much throughout the three TIR channels, which 
corresponds to, e.g. measurements of snow emissivity in MODIS USCB Emissivity Library 
(Zhang, 1999). Measured emissivity is quite stable throughout the thermal region of the 
spectrum (variation around 2%). Hori et al. (2006) show that emissivity of snow for a given 
temperature depends on its physical parameters such as grain size and liquid water content. 
However, these dependencies cause a variation of snow emissivity of less than 5%. This 
scatter of the spectral shape can be taken into account and is still much smaller than that 
caused by the high reflectance of clouds in the 3.7μm channel. 

Independently of the physical temperature of snow, the relative BT differences of the 3.7, 
10.8 and 12 μm channels are not to be larger than 3% (see Eq. 3.5. and 3.6). These criteria 
will screen out water, ice or mixed phase clouds, no matter warm or cold. Both warm and 
cold clouds are present in the discussed scene; in Fig. 3.2f, the blue color corresponds to cold, 
and orange to warm clouds. BT of snow and ocean is similar in all three discussed channels 
within the allowed scatter.  

Fig. 3.6 The example of discussed cloud screening method: a) the initial AATSR scene, 3rd of May 
2006, Spitsbergen, 550nm; b) the probability of clear atmosphere over snow – the result of the cloud 
screening over snow routine. 
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Combining all five dynamic thresholds connects reflectances and brightness temperatures in 
seven AATSR channels into a flexible, physically meaningful criterion to recognize the 
spectral signature of snow if it is present in the scene. The result of the developed snow 
detection method with all the suggested thresholds applied is shown in Fig. 3.6 (unscreened 
scene in all the 7 AATSR channels is shown in Fig. 3.2). 
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3.2.4 Sensitivity study  
In order to study the role of various thresholds in the resulting performance of the method, we 
picked out two scenes over Alaska and Greenland featuring complicated cloud fields over 
snow surfaces and considered several combinations of the thresholds to be checked out. The 
false color composites of these scenes and the final snow flag product are shown in Fig. 3.7 
and 3.8. The MODIS cloud product and the operational AATSR L1b cloud mask are also 
shown for comparison. 

The amplitude of the “ice crystal IR drop” (Eq. 3.1) varies in different conditions; the current 
threshold value is set to be wide enough to allow most of the snow types be recognized as 
snow at the global scale. This relative threshold therefore has physical meaning, as opposed 
to manually set thresholds often appearing in cloud screening approaches.  

In order to study the distribution of this dynamic threshold for cloudy fields and assess the 
possibility of confusing snow and thin cloud over snow using only NIR and VIS tests, we 
have set the shape criteria in a way to get the “white” (true values of Eq. 3.2 and 3.3), but 
“not cloud free” (false values of Eq 3.5 and 3.6) scenes. The resulting distribution of the 
value at the right hand side of Eq. 3.1 would be able to show where the VIS and NIR 
thresholds together (the “snow flagging” criterion) are able to screen out clouds over snow 
and where not. Such distributions are plotted in Fig. 3.9 for the two cloudy fields over snow 
at Alaska (left panel, corresponds to Fig. 3.7) and Greenland (right panel, corresponds to Fig. 
3.8). Here zero values mean “cloud free” as achieved with the TIR criteria only; all the other 
values of the relative difference in Eq. 3.1 indicate how spectacular the “ice crystal IR drop” 

 
Figure 3.7. Alaska, AATSR: 30 April 2006, 22h17'44'', orbit number 21783. MODIS: 30 April 2006, 
22h05'. Left panel is the false color composite (red is 11µm BT, green is 550nm reflectance, blue is 1.6 
µm reflectance) of initial AATSR scene; second left panel is the clear snow mask of AATSR scene (0 
– not snow, 1 – clear snow) achieved with presented method; third left panel is MODIS cloud mask: 1 
– cloudy, 2 – probably cloudy, 3 – probably clear, 4 – clear; right panel is operational AATSR cloud 
mask from level-1b product: 0 – cloudy, 1- clear. 



3.2 The snow flagging approach 

75  

 
Figure 3.8. Greenland. AATSR: 4 May 2005, 15h07'47'', orbit number 21836, MODIS:  4 May 2005, 
15h00'. Left panel is the false color composite (red is 11µm BT, green is 550nm reflectance, blue is 1.6 
µm reflectance) of initial AATSR scene; second left panel is the clear snow mask of AATSR scene (0 
– not snow, 1 – clear snow) achieved with presented method; third left panel is MODIS cloud mask: 1 
– cloudy, 2 – probably cloudy, 3 – probably clear, 4 – clear; right panel is operational AATSR cloud 
mask from level-1b product: 0 – cloudy, 1- clear. 

between the 870nm and 1.6µm is. According to our literature study and RT modeling, to 
accommodate most of the possible snow types including some reasonable atmospheric 
pollution, the relative difference between the two channels has to be not less than 80%.  

Fig. 3.9 shows thick clouds with the values of this relative difference of less than 0.8. Such 
clouds would already be screened out without the TIR check. However, thinner clouds over 
snow that are semitransparent or ice clouds feature values of the drop between the 870nm and 
1.6µm greater than 0.8 (which is snow-like). These clouds are shown with arrows in Fig. 3.9. 
They would not be screened out by the NIR and VIS check, but they are detected by the TIR 
check.  

To see which clouds are screened out with the TIR black body check in more detail, we have 
set the following dynamic threshold combinations for the two studied scenes: for “white” 
surface (true values of Eq. 3.2 and 3.3) featuring snow-like values of the “ice crystal IR drop” 
(true value of Eq. 3.1) we plot the distribution of the right hand side value of the TIR relative 
difference (Eq. 3.5). The result is shown in Fig.3.10. Zero values in the figure indicate false 
values of the “whiteness” check or the “ice crystal IR drop” check. Positive values in the 
plots indicate how large the relative difference between 3.7 µm and 11µm is. The threshold 
value derived from the study of snow IR properties is 0.03 (Eq. 3.5), with all greater values 
indicating a non black body (a cloud, or e.g. some certain surface types like bare soil or 
desert; they are not represented in this case). The poor suitability of the NIR and VIS checks 
for cloud screening (as opposed to surface classification, snow flagging in this case) is 
apparent; most of the cold clouds present in the both scenes are only detected with the TIR 
check. This simple yet effective cloud screening approach highlights one of many benefits of 
the TIR channels which should be considered when building satellite sensors.  
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Figure 3.9. Distribution of the “ice crystal IR drop” (Eq. 3.1) between the 870nm and 1.6µm for 
Alaska (left panel, see also Fig. 3.7) and Canada (right panel, see also Fig. 3.8). Zero value is “cloud 
free black body” according to the TIR check. Positive values show how large the IR drop is (the 
threshold value is 0.8). Arrows show thin cold clouds featuring snow-like behavior at the 870nm and 
1.6µm (relative difference greater than 0.8). They would not be recognized by the NIR and VIS check 
alone without the TIR check. 

In case of absence of the TIR channels, cloud screening over snow becomes a tremendous 
task. The ice crystal IR drop (Eq. 3.1) should then be exploited as the main and the only 
criterion used for cloud detection, with all the other VIS wavelengths serving for the surface 
discrimination. In this case, the amplitude of the snow reflectance drop between the 870nm 
and 1.6µm designed to accommodate most of the snow types on the global scale will be too 
wide to screen out semi-transparent or ice clouds, which are of frequent occurrence in the 
Arctic. This is the reason why thresholds manually derived with the help of only a few scenes 
tend to be too strict with the risk of discarding many cloud free snow pixels (Krijger et al, 
2005). To illustrate the idea about the influence of the Eq. 3.1 on the performance of the VIS-
NIR checks, we plotted a ratio of cloud free pixels amounts achieved with TIR check only 
(Eq. 3.5, 3.6) to the amount of cloud free pixels achieved with the VIS/NIR check (Eq. 3.1, 
3.2, 3.3) for the Alaska overflight (Fig. 3.7). The result is shown in Fig. 3.11. It is visible that 
for the given scene the amount of the „cloud free“ pixels according to these two different 
tests is equal when the threshold value is around 0.88. Fig. 3.12 illustrates the cloud mask 
patterns achieved with the restricted VIS/NIR check (left panel) and the initial TIR check 
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only in the right panel (compare to the TIR and VIS/NIR checks applied together in Fig. 3.7). 
Though the patterns are fairly similar, the performance of the TIR test is evidently better in 
the regions of thin clouds Arrows show the open ocean area, which is screened out by the 
VIS/NIR test, but not screened out by the TIR check. This is due to the open ocean being a 
black body as well as snow, which means that the TIR checks can also used for cloud 
detection over ocean.  

As Negi et al. (2010) showed, snow spectral reflectance among other factors depends on the 
illumination-observation geometry. It is therefore important to understand that all the 
discussed snow spectral effects have been studied with respect to snow spherical albedo or 
snow nadir reflectance. We assume these effects to produce comparable changes to the snow 
spectral behavior for all the illumination-observation geometries in the VIS and NIR 
wavelengths and widen the VIS and NIR relative thresholds respectively. This approach is 
justified within suggested separation of the AATSR wavelengths, when VIS/NIR channels 
are used for surface discrimination and TIR channels are used for cloud detection. As the 
sensitivity study above illustrates, such separation gives good results for the case when the 
TIR channels available. However, cloud detection algorithms which are lacking of the TIR 
channels and tend to restrict the NIR threshold, are at risk of incorrect screening out of cloud 
free snow pixels due to illumination-observation geometry changes combined with the snow 
grain size changes or snow contamination effects. 

 
Figure 3.10. Distribution of the 3.7µm - 11µm relative difference for true values of VIS and NIR 
checks (Eq. 3.1, 3.2, 3.3). Zero values indicate false values of the NIR or VIS tests, i.e. the scene is not 
“white” or not featuring snow-like reflectance drop between the 870nm and 1.6µm. Thick clouds 
(shown by arrows) are screened out by Eq. 3.1. Zero values indicate the possible performance of the 
algorithm in the presence of VIS and NIR tests only. As all the cold thin clouds are screened out with 
the TIR check, such a performance would be insufficient for AOT retrievals over snow.  
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Fig. 3.11. The ratio of cloud free pixel number achieved with the TIR check only (Eq. 3.5, 3.6) to the 
amount of cloud free pixels achieved with the VIS/NIR check (Eq. 3.1, 3.2, 3.3) for the Alaska 
overflight (Fig. 3.7). The amount of cloud free pixels detected with each of the tests is equal for the 
magnitude of the ice crystal IR drop = 0.88. Though this magnitude of the threshold will be effective 
for the given scene (and for similar scenes featuring rather clean fresh snow), it will be less effective 
on the global scale, where more various snow types are present. 

 
Fig. 3.12 Comparison of the TIR and VIS/NIR parts of the algorithm applied separately to the scene 
over Alaska. Left panel: only VIS/NIR check with manually derived magnitude of the NIR threshold 
(Eq. 3.1) equal to 0.88 and initial values of VIS thresholds (Eq. 3.2, 3.3). Right panel: only TIR check. 
Arrows show cloud free ocean, which is screened out by VIS/NIR snow flag and not screened out by 
TIR cloud flag, as expected. 
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The above discussed dynamic thresholds sensitivity studies do not substitute the validation of 
the algorithm; a comprehensive validation of our snow flagging algorithm in its final form 
(Eq. 3.1 – 3.3, 3.5, 3.6) against Micro Pulse Lidar data and further comparison to the MODIS 
cloud product are presented in Section 4.1. 

3.3 AOT retrieval in the visible range of spectrum 

Among aerosol retrievals over different surfaces in the visible spectral range, the ratio 
“aerosol to surface signal” at the TOA is the smallest for snow covered scenes (as compared 
to open water, vegetation, bare soil, desert, and other surface types). This is due to very high 
snow spectral albedo in the visible spectral region and usually low aerosol load in the Arctic. 
From ground-based observations of AOT in the Arctic we know that a typical value of AOT 
is below 0.1 in clear conditions. So, the measured TOA signal consists mostly of the surface 
reflectance. In these conditions, even minor error in assumed snow BRDF will cause a great 
error in the retrieved amount of aerosol. However, the amount of information available about 
the underlying surface is usually very low due to great spatial and temporal variability of 
snow reflective properties. Therefore the AOT retrieval over snow from satellite is an 
difficult task, with an unknown amount of aerosol present in the scene combined to the 
unknown reflectance of the underlying surface. Conventional single-view aerosol retrieval 
algorithms (e.g. Dinter et al., 2009; Remer et al., 2005; Levy et al., 2003; Levy et al., 2010; 
Kaufman et al., 1997) need to retrieve both quantities simultaneously or assume the surface 
optical properties in order to retrieve the AOT, creating therefore an unknown inaccuracy in 
the retrieved product. Such an approach would probably work for surfaces with stable 
temporal and spatial properties (e.g. for the clear ocean surface), which is not the case of 
snow surface.  

The mentioned above spatial and temporal variability of snow directional reflectance comes 
from many physical factors that affect snow optical properties. The BRDF structure of snow 
is much too far from Lambertian surface, with the assumption of snow to be a Lambertian 
surface is only reasonable in case of fresh fallen snow (Winther, 1994). There are a lot of 
attempts to measure or model snow BRDF, see e.g. (Peltoniemi et al., 2005; Winther, 1994; 
Peltoniemi, 2007; Li and Zhou, 2004; Leroux et al., 1998b; Hudson et al., 2006; Winther et 
al., 1999; Kokhanovsky et al., 2005a; Negi et al., 2010; Aoki et al., 2000), and it is clear that 
the reflective properties of snow are very sensitive and react rapidly on many parameters of 
the environment. In other words, there are a lot of types of snow possible. 

In order to get more information about the angular properties of the underlying surface, it is 
possible to utilize the TOA reflectance measured over the same scene but in two different 
directions. The AATSR sensor was chosen for this work for to this very reason – it performs 
dual-view observations. Within this scheme, the scene is observed twice – first time in the so-
called forward view with the observation zenith angle around 55°, and then, after 
approximately 150 seconds, comes the nadir view with the observation zenith angle around 
0°. This observational scheme gives the possibility to retrieve AOT with minor assumptions 
about the surface BRDF. 
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The aerosol retrievals developed for this sensor and its precursors (North, 2002; Veefkind et 
al., 1998; Curier et al., 2009; Sogacheva et al., 2009) cannot be used for the case of snow 
surfaces for a number of reasons, mostly due to poor applicability of used assumptions to the 
case of snow surface. For example, the assumption about surface directional reflectance 
having the same shape at 1.6µm and 550nm used by (Curier et al., 2009) is not valid for snow 
surface (Peltoniemi et al., 2005, Kokhanovsky et al., 2005a; Negi et al., 2010). Therefore a 
new AOT retrieval algorithm had to be developed for snow and ice surfaces. The algorithm 
utilizes the solution of the RTE for the system “surface and atmosphere” written in an 
approximated form for the forward and nadir views and then divided one by another in order 
to only account for the asymmetry of the TOA reflectance and not for its magnitude; this 
approach reduces the role of unknown snow spectral albedo in the retrieval. The surface 
BRDF shape is also used as a ratio of forward and nadir surface reflectances; this ratio is 
approximated with the corresponding ratio of the TOA forward and nadir reflectances under 
the assumption that the atmosphere is causing only minor asymmetry between the forward 
and nadir views as compared to the surface BRDF shape. The atmospheric role was evaluated 
using the look-up table approach for a single aerosol type “Arctic haze”, which represents 
aerosol appearing during regular spring haze events in the Arctic. The following subsections 
describe the basic surface and aerosol properties to be considered while AOT retrieval over 
snow in the visible spectral range, theoretical basis of the retrieval, sensitivity study of the 
retrieval to various assumptions, calculation of the look-up tables, and limitations. The 
validation and application studies will be given in the next sections. The AOT retrieval over 
snow and ice in the visible is designed for any wavelength where snow spectral reflectance is 
large enough (e.g. 550nm, 660nm, 870nm of AATSR). Its performance is demonstrated for 
550nm in the current work. 

3.3.1 Optical properties of aerosol and snow in the 

visible 

Section 2.2.1 gives an overview of general snow optical properties; here we will only present 
snow and aerosol optical properties relevant for the AOT retrieval at 550nm. 
Snow can be described as highly reflective non-Lambertian surface; in the current study, we 
use two ways to represent this kind of surface:  

1) a parameterization of field snow BRDF measurements (Degünther and Meerkötter, 
2000). The BRDF of this surface for the two solar zenith angles (45° and 65°) is 
shown in Fig. 1. A slight backscattering peak and a stronger forward scattering peak 
are visible, making the asymmetry of this function largest in the principal plane. 
However, the asymmetry in the direction perpendicular to the principal plane is not 
so high. This feature of snow BRDF tends to be rather common for most types of 
snow.  

2) a semianalytical model of a medium consisting of fractal grains (Kokhanovsky et al., 
2005a). The snow reflectance resulting modeled in this way was compared to the 
results of field measurements of snow surface BRDF and showed good comparison 
to each other. 
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Fig. 3.13. Modeled snow BRDF from (Degünther and  Meerkötter, 2000) for two sun zenith angles, 
45° (upper left figure, principal plane cut in the upper right figure) and 65° (lower left figure, principal 
plane cut in the lower right figure). Note the strong forward scattering peak and rather Lambertian 
behavior around nadir observation geometries across the principal plane. 

 

Fig. 3.14. Measured aerosol phase function of Arctic haze which was used for the accuracy study of 
Eq. 3.8 and 3.12, see text for details. 
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Fig. 3.15. Calculated top of atmosphere reflectance of an aerosol layer with the AOT=1.0, shown for 
solar zenith angles equal to 45° (upper row) and 65° (lower row). The phase function used in the RT 
simulation is shown in Fig. 3.14. Note the absence of backscattering effects and a much deeper 
reflectance drop around the nadir observation geometries. 

The aerosol phase function, which has been used for the calculation of 𝜌𝑎𝑡𝑚(𝜆, 𝜇0, 𝜇,𝜑), was 
measured for 550nm during Arctic haze event on 23rd of March 2000, and Spitsbergen, Ny 
Ålesund, Svalbard, 78°55́ 00˝ N, 11°56ˊ00˝E, by the Alfred Wegener Institute of Polar and 
Marine Research. It is shown in Fig. 3.14.  

The top of atmosphere reflectance of such an aerosol load confined to the troposphere within 
3 km above the surface is shown in Fig. 3.15. 

3.3.2 Theoretical basis 

The AOT retrieval in the visible part of spectrum is based on extracting the aerosol effect 
from the measured TOA reflectance and comparing it to one of the separately computed 
lookup tables (LUT). In order to utilize LUT approach to make the inversion and retrieve 
AOT, we need to express the measured top of atmosphere radiances analytically. As before, 
let us use reflectances ρ rather than radiances I: 

𝜌 = 𝜋𝐼
𝜇0𝑓

     (3.7) 
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where f is the solar flux at the top of the atmosphere, and θ0=arccosμ0 is the solar zenith 
angle. 

Assuming that the atmosphere and aerosol load are horizontally uniform and have a total 
optical thickness τ, and underlying surface is Lambertian, one can write the well-known RTE 
solution for the system “surface + atmosphere”: 

𝜌𝑇𝑂𝐴(𝜆, 𝜇0, 𝜇,𝜑) = 𝜌𝑎𝑡𝑚(𝜆, 𝜇0, 𝜇,𝜑) + 𝜌𝑠𝑓𝑐(𝜆)⋅𝑇1(𝜆,𝜇0)𝑇1(𝜆,𝜇)
1−𝜌𝑠𝑓𝑐(𝜆)⋅𝑠(𝜆)

   (3.8) 

where 𝜃 = arccos𝜇 is the observation zenith angle, 𝜑 is the relative azimuth angle, 
𝜌𝑇𝑂𝐴(𝜆, 𝜇0, 𝜇,𝜑) is the total reflectance of the system “surface + atmosphere”, 
𝜌𝑎𝑡𝑚(𝜆, 𝜇0, 𝜇,𝜑) is the atmospheric reflectance (the reflectance of the aerosol, Rayleigh 
scattering, ozone absorption), 𝑠(𝜆)  is the atmospheric hemispherical albedo, 𝑇1(𝜆, 𝜇0) =
𝐸(𝜇0) + exp(−𝜏/𝜇0) is the atmospheric transmittance from the top-of-atmosphere to the 
surface, 𝑇2(𝜆, 𝜇) = 𝐸(𝜇) + exp(−𝜏/𝜇) is the total atmospheric transmittance from the 
surface to a receiver (e.g., placed on a satellite), 𝐸(𝜇0) and 𝐸(𝜇) are diffuse transmittances 
from top-of-atmosphere to the surface and from the surface to the receiver respectively, 
exp(−𝜏/𝜇0) and exp(−𝜏/𝜇) are the direct transmittances from top-of-atmosphere to the 
surface and from the surface to the receiver respectively, 𝜌𝑠𝑓𝑐(𝜆) is the Lambertian 
reflectance of the surface.  

This equation can also be used for the case of non-Lambertian surface (see Sect. 3.3.3).  

With the use of AATSR dual-view observations we can somewhat reduce the role of the 
underlying surface by writing Eq. 3.8 for both views and then dividing them by each other to 
get the ratio of surface BRDF: 
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where all the terms are defined as in Eq. 3.8 and superscripts f and n stand for forward and 
nadir respectively. 

The retrieval based on this equation is not sensitive to the snow albedo; it is sensitive only to 
the BRDF shape. This is an advantage of such a retrieval as compared to the use of a single 
view only (Eq. 3.8), because snow albedo changes due to temperature, humidity, age, 
pollution present on the snow surface and is hard to take into account. The shape of snow 
BRDF, though also varying, shows common features like strong forward scattering peak 
around principal plane for observing zenith angles more than -60° and a depression in the 
principal plane for observer zenith angles around +10° - 0° (Winther, 1994), for other angles 

the BRDF is most times quite smooth. So, the ratio 
𝜌𝑠𝑓𝑐
𝑓 (𝜆,𝜇0,𝜇,𝜑)

𝜌𝑠𝑓𝑐
𝑛 (𝜆,𝜇0,𝜇,𝜑) should depend on azimuth 

with low asymmetry (close to Lambertian) in the direction perpendicular to the principal 
plane, and higher asymmetry in the principal plane. 
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The way to define the ratio  
𝜌𝑠𝑓𝑐
𝑓 (𝜆,𝜇0,𝜇,𝜑)

𝜌𝑠𝑓𝑐
𝑛 (𝜆,𝜇0,𝜇,𝜑) depends on the channel, for which the retrieval is 

being performed, and still on the snow type of the observed scene. Various models and 
observations show that the shape of snow BRDF is not constant throughout the snow 
spectrum, and becomes more highlighted with the wavelength increasing (Peltoniemi et al., 
2005). The same effect takes place when snow changes from fresh snow (high albedo, 
Lambertian reflector) to aged, impure snow (lower albedos, more pronounced BRDF shape) 
(Peltoniemi et al., 2005). In the infrared region of spectrum, e.g. 1.6 µm, the BRDF of snow 
may show significant variation of shape in the direction of increasing forward scattering and 
corresponding decreasing of scattering in the other directions (Peltoniemi et al., 2005). For 
our particular case of low sun this means that the forward to nadir ratio of surface 
reflectances in 1.6 µm may differ from that of 550nm significantly, achieving much larger 
values (2-10 at 1.6 µm to 1.1-1.3 at 550nm). 

Therefore the dual-view AOT retrieval for channels 550nm and 1.6µm applied over land 
(Curier et al., 2009) is not applicable here.  

Experiments show that the ratio  
𝜌𝑠𝑓𝑐
𝑓 (550,𝜇0,𝜇,𝜑)

𝜌𝑠𝑓𝑐
𝑛 (500,𝜇0,𝜇,𝜑) cannot be defined in a universal way (say, 

taking preassumed snow model) as a single value for the whole set of global data. Attempts 
to do so (Istomina et al., 2009) showed strong relief/shadows contamination of the result. To 
avoid this, it is possible to weight the preassumed snow model by the measured 
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where 𝜌𝑠𝑓𝑐,𝑠𝑖𝑚(550,𝜇0,𝜇,𝜑) is the simulated snow surface reflectance, 
𝜌𝑇𝑂𝐴,𝑠𝑖𝑚(550,𝜇0, 𝜇,𝜑, 𝜏) is the simulated top-of-atmosphere reflectance for a given AOT, 
and 𝜌𝑇𝑂𝐴(550,𝜇0, 𝜇,𝜑) is the observed top-of-atmosphere reflectance. It is obvious that if 
we guessed the aerosol type correctly and found the true AOT while solving Eq. 3.9, 
atmospheric effect of two last terms in Eq. 3.10 cancel each other out, and all what is left on 
the right side of Eq. 3.10 is the true surface reflectance ratio. In other words, we use modeled 
𝜌𝑠𝑓𝑐,𝑠𝑖𝑚(550,𝜇0, 𝜇,𝜑) and 𝜌𝑇𝑂𝐴,𝑠𝑖𝑚(550,𝜇0, 𝜇,𝜑, 𝜏) ratios to remove the atmospheric effect 
of 𝜌𝑇𝑂𝐴(550,𝜇0, 𝜇,𝜑) ratio in order to obtain the forward to nadir ratio of the surface 
reflectances. Similar approach have been used in e.g. (Vermote et al., 1997) and tested in 
(Istomina et al., 2010a). For snow model we used a semianalytical model of a medium 
consisting of fractal grains (Kokhanovsky et al., 2005a). The snow reflectance resulting 
modeled in this way was compared to the results of field measurements of snow surface 
BRDF and showed good comparison to each other. 
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3.3.3 Sensitivity study 

Though expression 3.8 was initially written for the case of Lambertian surface, it can also be 
applied to non-Lambertian surfaces as an approximate solution. This can be done via 
introducing BRDF effects in the numerator of the surface term of Eq. 3.8. Of course, the 
accuracy of such an approximation needs to be studied, because directional properties of 
surface reflection function can have a significant effect on the redistribution of the incoming 
light, both direct and diffuse, and need to be taken into account more accurately. This 
becomes even more important for the case of bright non-Lambertian surface, i.e. snow. 

Tanre et al. (1979) suggested an approximate analytical expression for top of atmosphere 
reflectance in case of non-Lambertian non-homogeneous surface, which accounts for light 
scattering between the observed point M, its neighbor surface areas, and the atmosphere of 
optical thickness τ: 
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where 𝜌𝑇𝑂𝐴(𝑀, 𝜆) is the total reflectance of the system “surface + atmosphere” with respect 
to the target point M, 𝜌𝑎𝑡𝑚(𝜆) is the atmospheric reflectance (the reflectance of the aerosol, 
Rayleigh scattering, ozone absorption), 𝐸(𝜇0) and 𝐸(𝜇) are diffuse transmittances from top-
of-atmosphere to the surface and from the surface to the receiver respectively, exp(−𝜏/𝜇0) 
and exp(−𝜏/𝜇) are the direct transmittances from top-of-atmosphere to the surface and from 
the surface to the receiver respectively, 𝑇1(𝜆, 𝜇0) = 𝐸(𝜇0) + exp(−𝜏/𝜇0) is the atmospheric 
transmittance from the top-of-atmosphere to the surface, 𝑠(𝜆)  is the atmospheric 
hemispherical albedo, 𝜌𝑠𝑓𝑐(𝑀, 𝜆, 𝜇0, 𝜇,𝜑) is the bidirectional reflection function (BRDF) of 
the target M for a given observation-illumination geometry. The term �̅�𝑠𝑓𝑐(𝑀, 𝜆, 𝜇0,𝜇,𝜑) is 
the average angular reflectance of the target illuminated with the diffuse light only; 
〈𝜌𝑠𝑓𝑐(𝑀, 𝜆, 𝜇0, 𝜇,𝜑)〉 accounts for the effect of multiple light scattering from the environment 
of the target M in the observation direction. The last term is only different from 
�̅�𝑠𝑓𝑐(𝑀, 𝜆, 𝜇0, 𝜇,𝜑) in case of inhomogeneous spatial distribution of 𝜌𝑠𝑓𝑐(𝑀, 𝜆, 𝜇0, 𝜇,𝜑). In 
this study we assume the surface to have a homogeneous 𝜌𝑠𝑓𝑐(𝜆, 𝜇0,𝜇,𝜑), therefore the 
dependence on the target M can be waived and the Eq. (3.11) can be written in a simplified 
form as: 
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with all the terms defined as above. 

Various measurements and models show (Leroux et al., 1998b; Winther et al., 1999; Aoki et 
al., 2000; Li and Zhou, 2004; Peltoniemi et al., 2005; Kokhanovsky et al., 2005a;  Hudson et 
al., 2006; Peltoniemi, 2007; Negi et al., 2010;), that for most observation-illumination 
geometries snow is rather far from a Lambertian reflector (except for fresh snow (Winther, 
1994)), and has significant directional reflectance properties, especially in the region of 
forward scattering for large illumination angles. For our particular application large sun 
zenith angles are of frequent occurrence, therefore the effect of forward scattering can be 
significant and has to be taken into account in most cases. Therefore the accuracy of Eq. 3.8 
and Eq. 3.12 will be checked for the case of a highly reflective non-Lambertian surface, 
which is a parameterization of field snow BRDF measurements (Degünther and Meerkötter, 
2000). 

To perform the accuracy study of Eq. 3.8 and 3.12, we used a forward radiative transfer (RT) 
model SCIATRAN (Rozanov et al., 2005). For this 𝜌𝑇𝑂𝐴(𝜆, 𝜇0, 𝜇,𝜑) was calculated in three 
different ways: first, by setting the atmospere and surface parameters in the RT model and 
solving the RT equations for different aerosol loads and geometries, therefore achieveing the 
„reference” 𝜌𝑇𝑂𝐴𝑡𝑟𝑢𝑒(𝜆, 𝜇0, 𝜇,𝜑); then, by calculating each of the terms separately and putting into 
Eq. 2, therefore achieving 𝜌𝑇𝑂𝐴

𝐾𝑎𝑢𝑓𝑚𝑎𝑛(𝜆, 𝜇0, 𝜇,𝜑); and finally, 𝜌𝑇𝑂𝐴𝑇𝑎𝑛𝑟𝑒(𝜆, 𝜇0, 𝜇,𝜑) has been put 
together from the separately calculated terms using the Eq. 3.12.  
Total transmittances 𝑇1(𝜆, 𝜇0), 𝑇2(𝜆, 𝜇) and atmospheric hemispherical albedo 𝑠(𝜆) were 
calculated using an approximation from (Kokhanovsky et al., 2005b). 

The relative difference 𝜌𝑇𝑂𝐴
𝑡𝑟𝑢𝑒(𝜆,𝜇0,𝜇,𝜑)−𝜌𝑇𝑂𝐴

𝐾𝑎𝑢𝑓𝑚𝑎𝑛(𝜆,𝜇0,𝜇,𝜑)
𝜌𝑇𝑂𝐴
𝑡𝑟𝑢𝑒(𝜆,𝜇0,𝜇,𝜑)  of Eq. 3.8 and the relative difference 

𝜌𝑇𝑂𝐴
𝑡𝑟𝑢𝑒(𝜆,𝜇0,𝜇,𝜑)−𝜌𝑇𝑂𝐴

𝑇𝑎𝑛𝑟𝑒(𝜆,𝜇0,𝜇,𝜑)
𝜌𝑇𝑂𝐴
𝑡𝑟𝑢𝑒(𝜆,𝜇0,𝜇,𝜑)  of Eq. 3.12 are plotted for aerosol optical thickness (AOT) 

equal to unity in Fig. 3.16 and Fig. 3.17 respectively. 

It is visible that 𝜌𝑇𝑂𝐴
𝐾𝑎𝑢𝑓𝑚𝑎𝑛(𝜆, 𝜇0, 𝜇,𝜑) is overestimated by around 20% for most of the viewing 

geometries, with the accuracy getting worse for lower sun elevations. 

For relatively high sun elevation (𝜃 = 45°) and observation angles close to nadir, the 
accuracy of Eq. 3.12 is around 5%, which is much better than that of Eq. 3.8. However, for 
lower sun elevations 𝜌𝑇𝑂𝐴𝑇𝑎𝑛𝑟𝑒(𝜆, 𝜇0,𝜇,𝜑)  is underestimated by around 30 %. For larger 
observation angles and 𝜃 = 65°, 85° the error is decreasing and in some cases gets close 
close to zero, however for 𝜃 = 45° the error of Eq. 3.12 is increasing to 20% for viewing 
angles of 50°. In general, Eq. 3.12 does not show much accuracy gain in comparison to Eq. 
3.8. However, Eq. 3.12 contains one more unknown – average angular reflectance 
�̅�𝑠𝑓𝑐(𝑀, 𝜆, 𝜇0, 𝜇,𝜑), which is not present in Eq. 3.8. Also, Eq. 3.12 shows different accuracy 
for nadir and forward observation angles, which will cause stray assymetry between forward 
and nadir views during the retrieval. This effect is less pronounced in Eq. 3.8. Therefore for 
further AOT retrieval in this study we will use Eq. 3.8, which contains two unknowns: 
atmospheric reflectance 𝜌𝑎𝑡𝑚(𝜆, 𝜇0, 𝜇,𝜑) and surface reflectance 𝜌𝑠𝑓𝑐(𝜆).  

It is important to note that the study has been performed for AOT = 1.0. Such high values are 
never the case in Artcic region. AERONET data for Arctic stations (e.g. PEARL, OPAL, 
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Resolute Bay, Barrow, Ny Ålesund, etc.) show background AOT of 0.03-0.05 and increased 
AOT during pollution events of AOT=0.1-0.3 with very rare exceptions. Therefore, it is 
acceptable to use Eq. 3.8 for the AOT retrieval in Arctic region. However, in case of very 
strong pollution the quality of the retrieval will drop and lead to under- or overestimation of 
AOT, depending on input data. 

Single view surface model versus forward to nadir reflectance ratio  

It is important to understand that Eq. 3.9 is the main equation of the AOT retrieval at 550nm; 
the reason why we have to introduce the weighting by the measured TOA reflectance and 
derive Eq. 3.10 is our insufficient knowledge about the underlying surface. In this subsection 
we will study how inaccurate it would be to use the measured TOA reflectance in the Eq. 3.8 
instead of the real surface BRDF. 

Introduced weighting by the TOA reflectances (Eq. 3.10), though inaccurate due to 
atmospheric effects, has its advantages when compared to a modeled snow BRDF: 

1. The relief contamination. While assumed snow model would fail to represent the 
BRDF of real snow over tilted surfaces because the illumination-observation 
geometry of the satellite should be recalculated with respect to the surface tilt, the 
TOA reflectances weighted by the modeled BRDF will not expose this artifact to 
such an extent. Therefore, the relief contamination will be reduced within this 
approach. 

2. The snow type problem. Even for the case of an ideal relief, over smooth horizontal 
surface the modeled snow BRDF is only valid for one peculiar kind of snow and is 
not able to adjust to the varying properties of real surfaces. Weighting by the 
measured TOA reflectances solves this problem and allows the retrieval to adjust to 
practically any encountered snow type. 

3. The scale problem. Most models of snow directional properties and spectra are 
derived and validated using field measurements with the size of the sample at the 
scale of centimeters to meters. For remote sensing applications, completely different 
scales should be utilized, in most cases of around several kilometers. It is apparent 
that the optical properties of the surface will be different on different scales, caused 
e.g. by scale-dependent structure (sastrugi) or by surface impurities (e.g. ash and soot 
at the centimeter scale, but mountains and vegetation at the kilometer scale) 
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Fig.3.16 The relative error of Eq. 3.8 for the surface shown in Fig. 3.13 and aerosol phase function 
shown in Fig. 3.14, AOT=1. It is visible that 𝜌𝑇𝑂𝐴

𝐾𝑎𝑢𝑓𝑚𝑎𝑛(𝜆, 𝜇0, 𝜇,𝜑) is overestimated by around 20% for 
most of the viewing geometries. 
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Fig.3.17 The relative error of Eq. 3.12 for the surface shown in Fig. 3.13 and aerosol phase function 
shown in Fig. 3.14, AOT=1. It is visible that 𝜌𝑇𝑂𝐴𝑇𝑎𝑛𝑟𝑒(𝜆, 𝜇0, 𝜇,𝜑) is overestimated by around 5% for 
𝜃 = 45° and underestimated by around 30 % for lower illumination angles and observation angles 
close to nadir. For larger observation angles and 𝜃 = 65°, 85° the error is decreasing and in some cases 
is  close to zero, however for 𝜃 = 45° the error of Eq. 4 is increasing to 20% for viewing angles of 50°. 
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The perfect solution would be an up-to-date surface reflectance database, applicable to 
remote sensing tasks, e.g. derived with the airborne or spaceborne instruments. In the absence 
of such data, we use the measured TOA reflectances to fill the gap in the information about 
the surface. 

So, the question is how large is the error due to atmospehric contamination in forward-nadir 
ratio of AATSR forward and nadir brightnesses in comparison to the clean snow BRDF ratio. 
To check the behavior of this error the radiative-transfer simulation with SCIATRAN was 
performed, where we calculated the reflectance of clean snow (no atmosphere) in two 
observation directions – 0° and 50°, with fixed sun illumination angle – 65°, and made the 
forward-nadir ratio of this clean snow for 3 observation directions 0° and 50°, with fixed sun 
illumination angle – 65°, and made the forward-nadir ratio of this clean snow for 3 azimuths 
– 0°, 96°, 180°. We did the same modeling and calculated the same ratio for system 
„snow+aerosol+ozone+Rayleigh scattering“ for different AOTs. The result is shown in Fig. 
3.18. 

Upper panel shows the dependence of the relative error on the AOT for the relative azimuth 
angles from 0° to180° with the step of 12°. Lower panel illustrates the dependence of the 
relative error on the relative azimuth angle for AOT from 0 to 1.0. 

It is clear, that for middle azimuths like 90° the error is about 2% and doesn't depend on 
AOT. This is caused by the shape of aerosol phase function – when both forward and nadir 
geometry are located at the same amplitude of aerosol phase function, means both nadir and 
forward aerosol reflectances change equally with AOT and are not seen in the ratio. The 2% 
error is caused by atmospheric (but not aerosol!) contamination and can be corrected. 

At the extreme relative azimuth angles the error of such approach is higher, due to the details 
of aerosol phase function at these scattering angles, but it is unlikely to get such extreme 
azimuths in AATSR observations. 

For an unlikely in the Arctic case of very high AOT (around 1.0) and for backscattering 
geometry (of rare occurrence on the AATSR observation geometries) the relative error of 
using measured TOA reflectances instead of the true snow BRDF is around 10% in the 
forward-nadir ratio. Less extreme geometries and AOTs exhibit lower errors in the surface 
reflectance ratio, of about 4% and 2% in the best case. This is of course better than a fixed 
snow BRDF model can provide on a global scale.  

In order to correct for the residual 2% of the error, we introduce the simulated atmospheric 
correction appearing in Eq. 3.10 (compare to Eq. 3.9). To illustrate the advantage of this 
approach, we present the two AOT maps (See Fig. 3.19) of the same scene at Alaska, 
retrieved with the Eq. 3.9 using an assumed snow model for the surface BRDF (left panel) 
and Eq. 3.10 using the atmospheric correction and TOA reflectances instead of the true 
surface BRDF (right panel). The red dot shows the location of Barrow ground based station. 
The scene is cloud screened and features snow covered sea ice (upper part of the AOT map) 
and snow covered land and mountains (lower part of the AOT map). It is visible that the 
modeled snow BRDF (left panel) in this case was not able to represent the real surface 
properties, which resulted in high noise and general poor performance of the algorithm. The 
AOT map at the right panel was calculated with the Eq. 3.10; it is visible that this approach 
provides a much more smooth result, with no algorithm malfunctioning. It is important to 
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note, however, that in some cases the modeled snow BRDF can give good results (e.g. as 
shown by Istomina et al., 2009). However, the performance of the corrected Eq. 3.10 is better 
on the global scale (Istomina et al., 2010a). The phase function problem illustrated by 
Istomina et al. (2009), when the retrieved AOT changes drastically with the varying phase 
function, remains for the both modifications of the algorithm.  

Figure 3.18. The relative error of using TOA reflectance values instead of the surface reflectance 
depending on AOT (upper panel) and relative azimuth angle (lower panel). See text for details. 
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In order to study the sensitivity of the retrieval based on the Eq. 3.10, we performed the RT 
simulations in the following way: the measured TOA reflectances for forward and nadir were 
simulated with SCIATRAN, and then artificially disturbed up and down by 5%. This means, 
the AOT retrieval was performed 3 times for each input AOT – for undisturbed simulated 
TOA reflectances, for the TOA reflectances both increased by 5%, and for the TOA 
reflectances both decreased by 5%. The input AOT range is from 0 to 1.0 with the step 0.1. 
Solar zenith angle was equal to 65°. Fig. 3.20 shows the relation of the resulting retrieved 
AOT to the input AOT with the blue solid line for the undisturbed case, and with the color 
ranges for the reflectances disturbed by 5%. Increased reflectances produce increased AOT, 
and vice versa. It is visible that the constant disturbance of reflectances by 5% produces not 
offset-like retrieval error, but an error, which increases with the AOT. This means that the 
assumption of the low atmospheric influence on the TOA reflectance is failing for larger 
AOTs as expected. However, for the AOTs below 0.3, the retrieval error can be assumed 
constant and gives the value of approximately ± 0.1 for the absolute AOT error. It is 
important to note that in general case of an AATSR scene we have no possibility to estimate 
how the underlying surface differs from the simulated surface; this implies the inability to 
estimate the accuracy of the retrieved AOT in general case. 

 

Figure 3.19. The advantage of using the measured TOA reflectances instead of assumed snow model to 
account for the surface reflective properties in the AOT retrieval: left panel shows the AOT retrieved 
using an assumed snow model; right panel shows the AOT retrieved using the measured TOA 
reflectances as the first approximation of the surface directional reflective properties in both forward 
and nadir directions. 
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Figure 3.20. The dependence of the retrieved AOT on the input AOT for the RT simulated TOA 
reflectances a) undisturbed (blue solid line) b) increased by 5% (upper border of the color filled area) 
c) decreased by 5% (lower border of the color filled area). 

 

3.3.4 Choosing the aerosol type and LUT calculations 

The LUT describes the dependence of atmospheric reflectance 𝜌𝑎𝑡𝑚(𝜆, 𝜇0, 𝜇,𝜑), surface 
reflectance 𝜌𝑠𝑓𝑐(𝑀, 𝜆, 𝜇0, 𝜇,𝜑) or top-of-atmosphere reflectance 𝜌𝑇𝑂𝐴(𝜆, 𝜇0, 𝜇,𝜑) on AOT 
for two AATSR channels, 550nm and 3.7µm.  

𝜌𝑎𝑡𝑚(𝜆, 𝜇0, 𝜇,𝜑) includes the reflectance from aerosol load, Rayleigh path reflectance, 
ozone reflectance. Unlike Rayleigh scattering, the phase function of which is well known, 
aerosol reflectance 𝜌𝑎𝑒𝑟(𝜆, 𝜇0, 𝜇,𝜑) is variable due to different particle size distribution, 
particle shape and chemical composition, which affects single scattering albedo and 
extinction of aerosol layer. All this makes aerosol reflectance highly dependent on 
illumination-observation geometry and variable from one aerosol type to another. This makes 
it impossible to create one atmospheric LUT which would represent aerosol properties well 
on global scale. Therefore, aerosol retrievals often utilize several atmospheric LUTs choosing 
between them by e.g. optimal estimation means. In this study, we would like to focus on the 
successful reduction of highly disturbing snow surface rather than retrieval of aerosol type 
and properties. Therefore we have calculated one atmospheric LUT for aerosol phase 
function shown in Fig. 3.14, for AOT from 0 to 1. As this phase function was measured 
during one of regular Artcic haze events, we consider it to be the best choice comparing to 
the variety of calculated phase functions. Rayleigh scattering was taken into account 
according to (Bucholtz, 1995) at sea level. However, for retrievals over elevated surfaces 
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such as e.g. Greenland, the dependence of Rayleigh optical thickness on temperature and 
pressure has to be considered: 
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We use gtopo30 database to calculate the elevation of each pixel in order to find the pressure 
at the surface, and the brightness temperature of 12µm channel as the temperature at the 
surface.  

The pressure at the elevation z P(z) is calculated by the barometric elevation equation: 
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where M is the molar mass of Earth’s air, 𝑔0 is the gravitational constant, R is the universal 
gas constant, and T(z) is the temperature at the surface. 

To avoid using approximations, we calculate the Rayleigh reflectance at sea level 𝜌𝑅𝑎𝑦(𝜆, 0) 
with RT model for a given wavelength, and then scale it to the temperature and pressure 
according to Eq. 11 and 12, so that  
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Our particular case of high solar zenith angles requires careful accounting for airmasses, 
different from that usual to plane-parallel atmosphere model. For RT calculations of LUTs, 
we use pseudospherical model of the atmosphere. To correct AATSR measured quantities, 
we use approximation described in Kasten, Young (1989). 

 

3.3.5 Application limits and sources of errors 

1. Geometries 

Frequently occurring in the Arctic cases of low solar elevations present a significant problem 
for the AOT retrievals over snow for two reasons: 

- the insufficient amount of solar radiation reflected from the surface decreases signal 
to noise ratio and makes the task of surface discrimination immensely difficult; 

- surface and aerosol directional reflectance properties at extreme scattering angles 
tend to vary with the surface or aerosol type more than at moderate scattering angles 
(especially in the forward scattering direction); in the situation of unknown surface or 
aerosol type the assumed directional properties will most likely be incorrect at these 
scattering angles. 

In order to avoid both situations described above, we limit the solar zenith angles to 75° and 
allow all relative azimuth angles. 
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2. Surface properties 

The surface TOA reflectance needs to be high enough for the assumption of the minor 
atmospheric role to hold (Eq. 3.10). For darker surfaces, such as for strongly polluted snow or 
melting sea ice (as can be seen in the further sections, the reflectance of this surface type 
might be as low as 0.2, see Fig. 3.21) and for some certain forward scattering illumination-
observation geometries, the atmospheric role can be as high as 50% for AOT of about 0.2-
0.3. In such conditions, Eq. 3.9 would be no longer valid. Therefore the case of decreased 
snow albedo (snow, contaminated by dust or other impurities, or sea ice covered with thin 
layer of snow) stays a separate and difficult problem, as this surface type is still too bright for 
the conventional AOT retrievals over land, but already too dark for the presented AOT 
retrieval over snow. 

The Eq. 3.9 is also built on the assumption that the BRDF shape of the observed underlying 
surface is close enough to the simulated one. For the cases of relative azimuths being around 
90° this assumption will be correct due to smooth snow BRDF shape at these angles for most 
snow types. The presented approach will even work in the case of varying snow albedo due 
to the TOA reflectance ratio used instead of the absolute TOA reflectance values.  

3. Aerosol type 

As was shown by Istomina et al. (2009), the amplitude of the retrieved AOT may vary 
drastically for the same scene depending on the chosen aerosol phase function, even in the 
case of fixed surface assumptions. In the absence of the spectrally sensitive AOT retrieval, it 
important to choose an aerosol type which occurs frequently in nature, in order to keep the 
amplitude of the retrieved AOT maps close to reality. In our case, the chosen Arctic haze 
phase function corresponds well to the spring haze events used for the validation studies; the 
applicability of this phase function at a more general scale is only possible for qualitative 
studies of aerosol dynamics and distribution over snow. 

4. Aerosol amount 

The described approach is based on the assumption that the ratio of measured TOA 
reflectances is mainly constructed by the surface reflectances, with only small effect of the 
atmosphere. In case of clean snow and low AOT (< 0.3), the reflectance of the surface is so 
high that atmospheric effect in the ratio can be easily corrected as suggested in Eq. 3.10. For 
greater aerosol amounts, the assumption on a small effect of the atmosphere on the measured 
TOA reflectances is not valid, as can be seen from Fig. 3.18 and Fig. 3.20. 

Lacking information on e.g. variety of aerosol types in the Arctic or the variety of snow 
surface albedos makes it impossible to estimate the total AOT retrieval error. These sources 
of errors created limitations on the retrieval applications (see Table 3.3 for summary). 
Considering the performed sensitivity study, the absolute AOT error retrieved with the VIS 
retrieval 𝛿𝐴𝑂𝑇,𝑉𝐼𝑆 for AOT<0.3 and the case of 5% between the surface assumptions in the 
retrieval and the real surface is: 

𝛿𝐴𝑂𝑇,𝑉𝐼𝑆 = ±0.1 

It is apparent that the variety of snow types creates the variability of nadir and forward TOA 
reflectances greater than 5%. This would cause greater AOT error and therefore limits the 
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application of the described AOT retrieval to the cases of fresh clean snow. This limitation is 
realized at the cloud screening and snow flagging step of the retrieval. 

 
Figure 3.21. The evolution of surface type for ground based station OPAL with the time of the year. 
Most of the data points represent melting sea ice surface type (summer months), whereas data from 
April and May represent ice covered with snow. Only cloud free snow flagged data were taken into 
account. The dataset represents spring and summer months 2007-2009. 

3.4 AOT retrieval in the infrared range of spectrum 

As was indicated by Spangenberg et al. (2001) while evaluating snow directional reflectance 
at 3.7µm from satellite, Arctic haze present in the scene may drastically influence the 
directional TOA reflectance at 3.7 µm. This contradicts to the common opinion that aerosol 
reflectance at longer wavelengths is too low to be used for AOT retrievals in this spectral 
region. Closer analysis of this problem showed the possibility to retrieve AOT over snow also 
in the IR (Istomina et al., 2011). 

The forward RT simulations were performed for coarse and accumulation modes of the four 
main aerosol components to study the behavior of the directional TOA reflectance of an 
aerosol layer. The main result was the strong angular dependence of aerosol TOA IR 
reflectance at low sun elevations. This gives the opportunity to retrieve AOT at certain non-
nadir observation angles due to the detectable values of aerosol IR reflectance. The 
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multiangle spaceborne observations can be used to observe the TOA reflectances at the 
necessary angles in order to estimate the aerosol load also at longer wavelengths. Due to 
snow and ice being almost perfect black bodies, the task of the AOT retrieval in the IR is 
close to the conventional task of the AOT retrieval over ocean in the VIS.  

In current work, a method to retrieve AOT over snow with the use of AATSR channel at 3.7 
µm has been developed. The algorithm utilizes its dual-viewing observation technique. For 
this, the extraction of the atmospheric reflectance out of measured brightness temperature 
(BT) at 3.7 µm has to be performed. Spangenberg et al. (2001) discussed the influence of 
infrared atmospheric reflectance onto the AATSR brightness temperature (BT) at 3.7μm with 
respect to the problem of cloud detection over snow. As mentioned above, this idea has been 
successfully applied for cloud screening over snow using AATSR channel at 3.7 µm in 
combination with other AATSR channels (Istomina et al., 2010b). Good infrared calibration 
of AATSR instrument (Smith et al., 2001) provides the possibility of applying the same 
approach also to aerosol layers. The extracted IR directional reflectance is then corrected for 
possible surface contamination and utilized in the LUT approach in order to retrieve the 
AOT. The resulting AOT at 500nm is recalculated from that at 3.7 µm using a fixed 
Angström parameter.  

The retrieval developed in this work, while not free from disadvantages, is robust and can 
present an alternative to the VIS AOT retrievals in cases of complicated surface or 
observation-illumination conditions. 

Further subsections of this work are dedicated to analysis of snow and aerosol infrared 
properties, theoretical basis of the algorithm, sensitivity study, LUT description and 
discussion on applicability limits. The validation and application studies will be presented in 
the next sections. 

3.4.1 The main features of aerosol and snow in the 

infrared 

As measurements of snow thermal properties (Hori et al., 2006; English et al., 1995) show, 
snow is an almost perfect black body which emits according to its physical temperature. This 
is probably the most important snow feature relevant to this study. All subsequent snow 
properties like e.g. its very low reflectance in the AATSR IR spectral range (Wald (1994), 
MODIS USCB Emissivity Library) and the stability of the snow emissivity throughout the 
thermal region of the spectrum with only slight dependence on the snow grain size and liquid 
water content (Hori et al. (2006), see also Section 2.2.1) made it possible to neglect possible 
temporal and spatial variability of snow emissivity in this work. 

In order to study the behavior of aerosol scattering characteristics depending on size 
distribution and wavelength we have calculated aerosol phase functions and single scattering 
albedo for spherical polydisperse particles with the refractive indices corresponding to four 
main aerosol components (water soluble, oceanic, soot, dust) for two wavelengths – 550nm 
and 3.7 µm. We used the Lorenz-Mie theory (De Rooij and Van Der Stap, 1984; Mishchenko 
et al., 1999) and lognormal size distribution (3.16). 
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𝑛(𝑟) = 𝑐𝑜𝑛𝑠𝑡 ∙ 𝑟−1 exp �− (ln 𝑟−ln 𝑟𝑔 )2

2 ln2 𝜎𝑔
�       (3.16) 

where const is chosen in such a way that ∫ 𝑛(𝑟)𝑑𝑟 = 1∞
0 . 

To represent coarse and accumulation aerosol modes, we took the geometric standard 
deviation 𝜎 which has been measured during an Arctic smoke event (Treffeisen et al., 2007), 
ln2 𝜎𝑔 = 0.22, and average size parameters of dust storm aerosols 𝑟𝑔 = 1.7 µm for the coarse 
mode, and 𝑟𝑔 = 0.5 µm for the accumulation mode, with the effective radius equal to 2.9µm 
for the coarse mode and 0.64µm for the accumulation mode. Smaller particles (nucleation 
and Aitken modes) were not taken into account in this study. 

The result of the calculation is shown in Fig. 3.22 for the coarse mode and in Fig. 3.23 for the 
accumulation mode. The refractive indices (Kokhanovsky, 2004) and calculated single 
scattering albedo are shown in Table 3.1 for 550nm and in Table 3.2 for 3.7µm.  

It is visible that phase functions of water soluble, oceanic and dust aerosol components of 
both sizes show significant back- and forward scattering details at 550nm, however the 
forward scattering peak of accumulation mode is weaker than that of coarse mode by 
approximately one order of magnitude. The magnitude of backscattering details is very 
similar for the both particle sizes. For the coarse mode, the overall asymmetry of the phase 
functions at 3.7µm and 550nm is very similar, with the exception of soot component, which 
shows a slightly lower asymmetry at phase angles larger than 20 degrees in comparison to the 
other components. The forward scattering peaks are, however, similar.  

 
Figure 3.22. Phase functions for coarse mode of oceanic, water soluble, dust and soot aerosol 
components calculated for spherical polydisperse particle at 550nm (VIS, continuous line in the figure) 
and 3.7 µm (IR, dashed line in the figure). The phase functions are normalized to unity, see SSA in 
text. 
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For the accumulation mode, the asymmetry of all the phase functions at 550nm is clearly 
larger in comparison to the asymmetry at 3.7µm.  

To study the influence of these phase function details on the angular reflectance with respect 
to wavelength change, we performed RT simulations. For this we used the forward RT model 
SCIATRAN developed at the University of Bremen (Rozanov et al., 2005) in order to 
calculate the TOA reflectance over black surface for accumulation and coarse modes of dust 
aerosol component at 550nm and 3.7 µm for aerosol optical thickness 0.1. The result is 
shown in Fig. 3.24 for coarse mode and in Fig. 3.25 for accumulation mode. 

It is visible that for the given AOT=0.1 the reflectance patterns are similar for both sizes and 
wavelengths, showing decreased reflectance around nadir and corresponding increase in the 
forward and backscattering directions at 550nm. The backscattering peak is absent at 3.7µm, 
which corresponds to the shape of phase functions discussed above. The expected extreme 
spectral decrease of reflectance is visible for accumulation mode, as opposed to relatively 
unchanged magnitudes of reflectance for the coarse mode. It is very important to notice that 
even for the accumulation mode the magnitude of IR reflectance in the upper forward 
quarter-sphere (azimuth angle less than 90 degrees) is of the same order as that at 550nm, 
nadir view. This makes it possible for the IR retrieval to deal with the values of same 
magnitude order as at 550nm, nadir, by simply using forward view within certain azimuth 
angles. For the coarse mode the situation is even better: no change of reflectance magnitude 
is observed at 3.7µm as compared to 550nm. 

 
Figure 3.23. Phase functions for accumulation mode of oceanic, water soluble, dust and soot aerosol 
components calculated spherical polydisperse particles at 550nm (VIS, continuous line in the figure) 
and 3.7 µm (IR, dashed line in the figure). The phase functions are normalized to unity, see SSA in 
text. 
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Figure 3.24. Angular behavior of aerosol reflectance for coarse mode of dust aerosol component 
550nm (upper panel) and at 3.7µm (lower panel). Sun zenith angle is equal to 65 degrees, AOT=0.1. 

 

Table 3.1. SSA, real n and imaginary χ part of the refractive index for coarse and 
accumulation mode of water soluble, oceanic, dust and soot aerosol components at 550nm. 

Aerosol component 

Refractive index SSA 

n χ 
Coarse 
mode 

Accumulation 
mode 

Water soluble 1.530 6.00E-03 0.75 0.92 

Oceanic 1.381 4.26E-09 1.00 1.00 

Dust 1.530 8.00E-03 0.71 0.89 

Soot 1.750 4.40E-01 0.55 0.50 
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Figure 3.25. Angular behavior of aerosol reflectance for accumulation mode of dust aerosol component 
550nm (upper panel) and at 3.7µm (lower panel). Sun zenith angle is equal to 65 degrees, AOT=0.1. 

 

Table 3.2. SSA, real n and imaginary χ part of the refractive index for coarse and 
accumulation mode of water soluble, oceanic, dust and soot aerosol components at 3.7 µm. 

Aerosol component 

Refractive index SSA 

n χ Coarse 
mode 

Accumulation 
mode 

Water soluble 1.452 4.00E-03 0.97 0.96 

Oceanic 1.398 2.90E-03 0.97 0.96 

Dust 1.270 1.10E-02 0.91 0.74 

Soot 1.900 5.7E-01 0.49 0.38 
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3.4.2 Theoretical basis 

Unlike the AOT retrieval over snow in the VIS, the task of AOT retrieval over snow at 3.7 
µm very much resembles the standard task of aerosol retrieval over dark surface (e.g. ocean) 
in the VIS. Some peculiarities, however, still exist. Some of them simplify the task, as e.g. 
negligible effect of Rayleigh scattering (and, correspondingly, surface elevation) at 3.7 µm, 
while the others are more challenging, like accurate extraction of atmospheric reflectance 
from the measured AATSR BT at 3.7 µm. The theoretical background and the details of LUT 
calculations are described in the further 3 subsections. Although current work is dedicated to 
aerosol retrieval, the discussed IR approach can also be used for the detection and retrieval of 
cloud properties over snow, providing an advantageous alternative to existing cloud retrieval 
methods over snow. 

It is known that AATSR brightness temperature (BT) product measured at 3.7 µm is 
contaminated by atmospheric reflectance. Spangenberg et al. (2001) suggested a way to 
remove this contamination and extract reflectance 𝜌𝑎𝑡𝑚(3.7,𝜇0, 𝜇,𝜑) from the BT. This 
approach has been initially meant to be used for cloud/snow discrimination, as snow surface 
at a given wavelength is an almost perfect black body and does not reflect, whereas clouds 
(even thin cirrus) do have reflective properties. Like clouds, aerosol layers also cannot be 
considered to be black bodies, so their reflectance at 3.7 µm is not zero. The magnitude of 
this effect is much lower than that of clouds, however, good calibration of IR channels of 
AATSR (better than 0.1 Kelvin (Smith et al., 2001)) makes it possible to use this effect for 
AOT retrieval.  

The already mentioned RTE solution for the system ”surface + atmosphere” is the following: 

𝜌𝑇𝑂𝐴(𝜆, 𝜇0, 𝜇,𝜑) = 𝜌𝑎𝑡𝑚(𝜆, 𝜇0,𝜇,𝜑) + 𝜌𝑠𝑓𝑐(𝜆)⋅𝑇1(𝜆,𝜇0)𝑇1(𝜆,𝜇)
1−𝜌𝑠𝑓𝑐(𝜆)⋅𝑠(𝜆)

  (3.17) 

where 𝜃 = arccos𝜇 is the observation zenith angle, 𝜑 is the relative azimuth angle, 
𝜌𝑇𝑂𝐴(𝜆, 𝜇0, 𝜇,𝜑) is the total reflectance of the system “surface + atmosphere”, 
𝜌𝑎𝑡𝑚(𝜆, 𝜇0, 𝜇,𝜑) is the atmospheric reflectance (the reflectance of the aerosol, Rayleigh 
scattering, ozone absorption), 𝑠(𝜆)  is the atmospheric hemispherical albedo, 𝑇1(𝜆, 𝜇0) =
𝐸(𝜇0) + exp(−𝜏/𝜇0) is the atmospheric transmittance from TOA to the surface, 𝑇2(𝜆, 𝜇) =
𝐸(𝜇) + exp(−𝜏/𝜇) is the total atmospheric transmittance from the surface to a receiver (e.g., 
placed on a satellite), 𝐸(𝜇0) and 𝐸(𝜇) are diffuse transmittances from TOA to the surface and 
from the surface to the receiver respectively, exp(−𝜏/𝜇0) and exp(−𝜏/𝜇) are direct 
transmittances from top-of-atmosphere to the surface and from the surface to the receiver 
respectively, 𝜌𝑠𝑓𝑐(𝜆) is the Lambertian reflectance of the surface.  

Of course, Eq. 3.17 is still valid at 3.7μm and can be written as: 

𝜌𝑇𝑂𝐴(3.7,𝜇0,𝜇,𝜑) = 𝜌𝑎𝑒𝑟(3.7,𝜇0, 𝜇,𝜑) + 𝜌𝑠𝑓𝑐(3.7)              (3.18) 

where 𝜃 = arccos𝜇 is the observation zenith angle, 𝜑 is the relative azimuth angle, 
𝜌𝑇𝑂𝐴(3.7,𝜇0,𝜇,𝜑) is the calculated reflectance of the system “surface + atmosphere” at 
3.7µm, 𝜌𝑎𝑒𝑟(3.7,𝜇0, 𝜇,𝜑) is the aerosol reflectance at 3.7 µm (interpolated from LUT). Here 
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we neglect Rayleigh scattering and multiple scattering between the surface and the 
atmosphere, and assume that AOT is very small.  

To estimate 𝜌𝑇𝑂𝐴(3.7,𝜇0,𝜇,𝜑) from BT(3.7µm), we invert the Planck function in order to 
find the temperature corresponding to the radiance measurement at 3.7 µm and extract the 
reflectance part of it. This method used by Allen et al. (1990), Trepte et al. (1999), 
Spangenberg et al. (2001). The radiance measured at 3.7 µm can be expressed as following: 

𝐿3.7𝜇𝑚 = 𝜀3.7𝜇𝑚 ⋅ 𝐵3.7𝜇𝑚�𝑇𝑠𝑢𝑟𝑓�+ 𝜌𝑇𝑂𝐴(3.7,𝜇0, 𝜇,𝜑)𝐿0𝜇0   (3.19) 

where 𝜀3.7𝜇𝑚 is the surface emittance at 3.7 µm, 𝐵3.7𝜇𝑚�𝑇𝑠𝑢𝑟𝑓� is the Planck function at 
3.7μm for the surface temperature, which is approximated by measured BT at 12 µm. 𝐿0 is 
the incident solar radiance at 3.7 µm. 

The first term of right hand side of Eq. 3.19 is the contribution to the measured radiance from 
the thermal emission of the surface assuming the transmittance of the atmosphere to be equal 
to 1. The second term on the right hand side is the contribution to the measured radiance due 
to the solar reflection. The amount of the reflected solar radiance reaching the satellite is 
determined by the incident solar radiance L0 weighted by the cosine of the solar zenith angle 
μ0 and the bidirectional reflectance of the surface and the atmosphere 𝜌𝑇𝑂𝐴(3.7,𝜇0, 𝜇,𝜑). 

Using Eq. 3.19, we can write: 

𝜌𝑇𝑂𝐴(3.7,𝜇0,𝜇,𝜑) = 𝐵3.7𝜇𝑚�𝑇3.7𝜇𝑚�−𝜀3.7𝜇𝑚⋅𝐵3.7𝜇𝑚�𝑇12𝜇𝑚�
𝜇0⋅𝑆3.7𝜇𝑚

   (3.20)  

where 𝑇3.7𝜇𝑚 is the measured 3.7μm brightness temperature, 𝑇12𝜇𝑚 is the measured 12μm 
brightness temperature, μ0 is the cosine of solar zenith angle, 𝑆3.7𝜇𝑚 is the solar constant at 
3.7μm (3.47 Wm-2μm-1) , 𝜀3.7𝜇𝑚 is the clear snow emittance, 𝐵3.7𝜇𝑚(BT) is the Planck 
function at 3.7μm for some temperature BT. 

It is important to note that in case of surface being a perfect black body, the term 𝜌𝑠𝑓𝑐(3.7)
)7.3(sfcρ  in Eq. 3.18 is equal to zero. However, snow emissivity ε3.7μm may be not constant 

throughout the scene; therefore surface contamination can be still possible and is included in 
Eq. 3.18. As can be seen from Fig. 3.22 and 3.23, aerosol reflectance in the nadir direction is 
negligibly small. Within this assumption, relatively high nadir values of calculated 
𝜌𝑇𝑂𝐴(3.7,𝜇0, 0,𝜑) would mean that emissivity ε3.7μm used in the calculation is different 
from the real emissivity of the scene, and 𝜌𝑇𝑂𝐴(3.7, 𝜇0, 0,𝜑)is nothing but the surface 
contamination which needs to be subtracted from the forward TOA reflectance 
𝜌𝑇𝑂𝐴(3.7,𝜇0, 55,𝜑)in order to get the forward aerosol reflectance 𝜌𝑎𝑒𝑟(3.7, 𝜇0, 55,𝜑). 

Within the assumption of no angular variability of snow emissivity, we can get the surface-
free aerosol reflectance: 

 𝜌𝑎𝑒𝑟(3.7, 𝜇0, 55,𝜑) = 𝜌𝑇𝑂𝐴(3.7,𝜇0, 55,𝜑) − 𝜌𝑇𝑂𝐴(3.7,𝜇0, 0,𝜑) (3.21) 

This 𝜌𝑎𝑒𝑟(3.7,𝜇0, 55,𝜑) is used for the LUT interpolation. 

Our particular case of low sun angles requires careful accounting for airmasses, different 
from that usual to plane-parallel atmosphere model. For RT calculations of LUTs, we use 
pseudospherical model of the atmosphere. To correct AATSR measured quantities, we use 



3 Developing the satellite aerosol retrieval 

104  

approximation described in Kasten, Young (1989). To perform the comparison of the 
retrieved AOTs to the ground based measurements, we bring all the AOTs at 3.7 μm to 
500nm using a fixed Angström parameter equal to 1.0. 

3.4.3 Sensitivity study 

In order to check the performance of Eq. 3.19 and Eq. 3.20, we performed RT simulations 
with the forward model SCIATRAN. For this we simulated 3.7μm and 11μm brightness 
temperatures for both nadir and forward views for a surface with the temperature 263 K and 
atmosphere with the AOT from 0 to 1 at 550nm. The illumination angle is equal to 65°, 
observation angles are 0° and 55° respectively, the relative azimuth angle is equal to 0°. We 
also calculated the TOA reflectance at 3.7μm for the same conditions. The difference 
between the simulated TOA reflectance at 3.7µm and the one reconstructed from the BT 
using Eq. 3.19 is shown in Fig. 3.26 for the both viewing geometries. The color filled areas 
represent the error in the reconstructed TOA reflectance at 3.7 µm, which occurs due to 
calibration error of AATSR BT product of ±0.1K. The relative error of such a reconstruction 
is around 1% for the forward view and around 12% for the nadir view, which appears to be 
reasonable as the nadir view reflectance has much smaller order of magnitude in comparison 
to the forward view reflectance. 

Then, these reconstructed TOA reflectances at 3.7 µm were used for the AOT retrieval 
according to Eq. 3.19. The relative error of the retrieved AOT depending on the input AOTs 
is shown in Fig. 3.27. Again, the color filled areas represent the error in the retrieved AOT 
which occurs due to the calibration error in AATSR BT product of ±0.1K. As our simulations 
did not include any surface, the simulated retrieval was performed without the surface 
correction introduced in Eq. 3.21. The simulation shows that the sensitivity of retrieved AOT 
to the AATSR BT calibration error of  ±0.1K is around several percent. 

 

3.4.4 Choosing the aerosol type and LUT calculation 

Unlike e.g. Rayleigh scattering, the phase function of which is well known, aerosol 
reflectance 𝜌𝑎𝑒𝑟(𝜆, 𝜇0, 𝜇,𝜑) is variable due to different particle size distribution, particle 
shape and chemical composition, which affects single scattering albedo and extinction of 
aerosol layer. Aerosol reflectance is therefore highly dependent on illumination-observation 
geometry; it also varies between the aerosol types. Similar to the case of LUT for the AOT 
retrieval in the VIS, it is impossible to create one atmospheric LUT which would represent 
aerosol properties well on global scale, and we do not pursue this task. For our case of the 
Arctic aerosol, we took the advantage of ground based aerosol measurements and created a 
LUT using phase function and single scattering albedo values measured in situ during one of 
the regular pollution events in Arctic (Treffeisen et al., 2007; Stohl et al., 2007). 
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Figure 3.26. Relative error of TOA reflectance reconstructed from the BT at 12µm and 3.7µm 
for the forward (red curve) and nadir (blue curve) views. Filled areas show the sensitivity of 
the TOA reflectance at 3.7µm to the AATSR calibration error of ±0.1K. 

 

Figure 3.27. The relative error of the retrieved AOT for a given input AOT (blue line). The 
color filled area shows the sensitivity of the retrieved AOT to the AATSR BT calibration 
error of  ±0.1K. 
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It has been measured on 23.03.2000 at Spitsbergen, Ny Ålesund, Svalbard, 78.923°, N 
11.923° E, by theAlfred Wegener Institute for Polar and Marine Research at 867 nm. The 
AOT at 550nm was around 0.15, single scattering albedo 0.74 with the average Angström 
alpha equal to 1.46. This phase function is shown in Fig. 3.28. One can see the clear 
resemblance of this phase function to the IR phase functions in Fig. 3.22, despite of the much 
shorter wavelength. The LUT has been calculated for a variety of illumination geometries 
(solar zenith angle from 35° to 85° with the step of 10°), observation geometries (viewing 
zenith angle from 0° to 90° with the step of 10°) and relative azimuth angles (from 0° to 180° 
with the step of 12°). The AOT range was from 0 to 1 (at 500nm). The LUT has been 
calculated with the single scattering albedo equal to 0.90 at 550nm and 0.71 at 3.7µm, which 
corresponds to the accumulation mode of the dust-like aerosol (see Table 3.1 and 3.2). It is 
important to note that the current phase function corresponds to a certain particle size 
distribution (Angström alpha value of 1.46). While this spectral slope of aerosol is quite 
common (as seen from AERONET data for Arctic stations), larger or smaller particles can 
cause large scatter of the reflectance data, which would cause similar scatter in the retrieved 
AOTs. This scatter can be reduced only with aerosol-type sensitive retrieval, which requires 
multispectral observations. Over snow this task is quite challenging and will be solved in the 
next versions of the retrieval. 

 

Figure 3.28. The phase function of Arctic haze measured on 23.03.2000 during one of the 
regular haze events at Spitsbergen, Ny Ålesund, Svalbard, 78.923°, N 11.923° E, by the 
Alfred Wegener Institute for Polar and Marine Research at 867 nm. 
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3.4.5 Application limits and sources of errors 

As in case of the AOT over snow retrieval in the visible spectral region, there are 4 main 
problematic points to consider: 

1. Illumination geometry 

At 3.7 µm the amount of solar radiation reflected from the atmosphere is much less than that 
in the visible spectral region; this makes the forward scattering directions preferable for the 
IR retrieval in comparison with the moderate scattering angles due to greater values of 
measured TOA reflectances. As the forward RT modeling shows, the nadir and 
backscattering directions do not contain sufficient atmospheric signal at the given 
wavelength. Therefore the IR AOT retrieval only operates within the 0° - 90° interval of the 
relative azimuth angles. 

Opposite to the AOT retrieval in the visible spectral range, the similarity of the IR phase 
functions of different aerosol components ensure the IR AOT retrieval to “guess” the aerosol 
phase function even at the extreme scattering angles. In the case of negligible surface 
reflectance, this allows us to utilize the full range of the solar zenith angles – 40° to 90°.  

2. Surface properties 

Unlike the AOT retrieval in the visible spectral region, where the surface reflectance needs to 
be high enough for the assumption of low atmospheric effect to hold, in the IR the surface 
reflectance needs to be low enough to let the atmospheric signal be detectable. 

As was already shown in the subsection 3.3.5, the surface directional reflectance properties 
vary with time of the year as the surface type evolves; at 3.7 µm this evolution of the surface 
type only has negative consequences if the surface becomes a less perfect black body. In case 
of snow covered sea ice evolving to melting sea ice and eventually open water, the surface 
stays a black body and therefore the IR AOT retrieval can be applied over any of these 
surfaces. The case of snow covered terrain, vegetation or mountains is more complicated as 
none of these surfaces can be considered to be black bodies at this wavelength in the snow 
free state. We leave it to our snow flagging algorithm to only pick out surfaces or mixtures of 
surface types exhibiting mainly snow-like behavior.  

When such pixels are picked out, the problem of snow reflectance at 3.7 µm is solved under 
an assumption that the nadir TOA reflectance only contains the signal from the surface and 
that eventual surface reflectance does not depend on the direction. While the first assumption 
will be discussed later, the assumption about snow being a Lambertian reflector at 3.7 µm has 
been discussed by Spangenberg et al. (2001). It has been shown that the directional TOA 
reflectance of snow covered scenes increases with the increase of the observational zenith 
angle from 0° to 60° by approximately 0.006. This difference in TOA reflectance corresponds 
to the layer of Arctic haze with the AOT of about 0.05-0.1, depending on geometry, which is 
quite close to the background aerosol layer in the Arctic and might have been overlooked by 
Spangenberg et al. In that case, the directional dependence of snow TOA reflectance is 
negligible and our assumption about snow being a Lambertian reflector is correct; in the 
opposite case, the error in the retrieved AOT might be around 0.05-0.1. 
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3. Aerosol type 

Due to the similarity of the phase functions of the aerosol components in the IR the varying 
aerosol chemical composition should not present a problem for the algorithm applications; 
however, particle size distribution presents limitations. Though regularly occurring Arctic 
haze appears to be rather similar from year to year, for more general applications of the 
algorithm the aerosol types and sources other than the Arctic haze should be considered. The 
IR TOA reflectance of the aerosol fine mode (<0.5 µm) is under the detection limits of the 
AATSR sensor. The AOT of these particles cannot be retrieved with the presented IR 
retrieval. Therefore, the performance of the retrieval will only refer to the amount of the 
coarse and accumulation mode particles present in the scene. For larger particles, the 
limitation on the relative azimuth angles becomes less strict; for smaller particles, the 
performance of the retrieval is best for the principal plane and forward scattering region. 

Another point to be considered is the recalculation of the AOT retrieved at 3.7 µm to the 
visible wavelength, e.g. 500 nm. Unfortunately, such a recalculation has to be done for 
validation and comparison studies. It is obvious that the accuracy of such a recalculation will 
depend on aerosol particle size distribution, and we can expect underestimation of 
AOT(500nm) for aerosol consisting of mainly small particles both due to low scattering 
efficiency of these particles in the IR spectral region and due to insufficient spectral slope 
while recalculating into the VIS spectral region. The opposite is valid for larger particles, 
AOT of which might be overestimated. Overall, the fixed Angström exponent while 
recalculating the IR AOT into VIS might cause AOT dependent scatter in the AOT(500nm) 
of up to 0.5∙AOT for AOT<0.3, depending on the difference in aerosol types. 

4. Aerosol amount 

Aerosol amount affects the performance of the IR AOT retrieval algorithm for three 
following reasons: 

1. Possible surface contamination and its incorrect correction due to directional 
properties of snow IR reflectance is relatively less for larger aerosol amounts. 

2. The accuracy of AOT recalculation into the visible wavelength, or the accuracy of 
the aerosol spectral slope “guess”, is of immense importance for significant aerosol loads as 
the amplitude of scatter in case of the wrong guessed Angström parameter increases with the 
AOT.  

3. As increasing the aerosol amount increases the TOA aerosol reflectance in both 
nadir and forward directions, the assumption about the measured nadir TOA reflectance only 
containing surface signal is no longer valid in case of an increased aerosol load. In this case, 
the true TOA forward aerosol reflectance will be reduced (see Eq. 12) by the value of the 
nadir TOA aerosol reflectance of that aerosol layer. It is important to note that for low solar 
elevations the TOA aerosol reflectance at nadir is of 10-2 order of magnitude even for 
AOT=1.0, which is our uncertainty level for the surface directional variability and produces 
the AOT error of ±0.1. Due to very rare occurrence of large AOT (>0.3) in the Arctic, this 
problem is not considered in the current version of the algorithm, but will be solved in its 
future versions. 
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In total, the possible error of the AOT retrieved with the IR retrieval is induced by the surface 
uncertainty 𝛿𝑠𝑢𝑟𝑓, AATSR calibration error 𝛿𝑐𝑎𝑙𝑖𝑏𝑟, unknown aerosol type 𝛿𝐴𝑛𝑔𝑠𝑡𝑟ö𝑚 and can 
be expressed as 

𝛿𝐴𝑂𝑇,𝐼𝑅 = 𝛿𝑠𝑢𝑟𝑓 + 𝛿𝑐𝑎𝑙𝑖𝑏𝑟+𝛿𝐴𝑛𝑔𝑠𝑡𝑟ö𝑚 = ±0.1 ± 0.53 ∙ 𝐴𝑂𝑇 

For the summary of the IR AOT retrieval algorithm specifications, see Table 3.3. 

3.5 Summary 
The developed AOT retrieval algorithm contains of the three parts. They are: 

1. snow/cloud discrimination; 
2. AOT retrieval over snow and ice in the VIS spectral region; 
3. AOT retrieval over snow and ice in the IR spectral region. 

These parts of the algorithm will be briefly summarized here. 

Snow/cloud discrimination 

The cloud/snow discrimination was performed as introduced in Istomina et al. (2010). 

It uses a combination of relative thresholds in seven AATSR channels in order to 
discriminate the spectral behavior of clear snow scene from that of cloud, land, ocean, etc. 
These criteria connect nadir top of atmosphere reflectances in visible (Eq. 3.5, 3.6), near-
infrared (Eq. 3.1) and brightness temperatures in thermal infrared (Eq. 3.2, 3.3) regions of 
spectrum.  
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While the visible (VIS) and near-infrared (NIR) criteria (Eq. 3.1, 3.5, 3.6) select scenes with 
the spectral behavior similar to snow spectrum, the thermal infrared (TIR) thresholds (Eq. 
3.2, 3.3) distinguish cloud free areas over surfaces with emissivity close to unity (snow, open 
ocean). The combination of both VIS/NIR and TIR criteria makes it possible to distinguish 
various states of the system „surface+atmosphere“. For example, cloud free case would 
correspond to conditions (Eq. 3.2) and (Eq. 3.3) being true, due to the absence of „stray“ 
cloud reflectance at 3.7 μm. On the contrary, if the TIR criteria (Eq. 3.2) and (Eq. 3.3) are 
false, there is a non black body present in the scene – either a cloud, or e. g. bare soil area. 
True VIS (Eq. 3.5, 3.6) and NIR criteria (Eq. 3.1) mean that the observed spectrum is close to 
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a snow spectrum, which could mean snow, ice cloud, or thin water cloud over snow as well. 
If at least one of VIS/NIR criteria is false, there is a possibility of either a thick water  

cloud with the NIR (Eq. 3.1) criterion failing, or surface which a spectrum different from that 
of snow (e.g. ocean, bare soil, vegetation, etc). 

AOT retrieval over snow in the visible and infrared parts of spectrum 

After the cloud free snow covered scenes have been picked out, the AOT retrieval takes 
place. It can be done in two different ways, at 550nm or at 3.7µm. Both AOT retrieval 
algorithms utilize the AATSR dual-view observational scheme and LUT approach.  

In the visible AOT retrieval, the forward and nadir views are used in the ratio in order to 
remove the influence of the surface albedo and reduce the role of the unknown surface 
directional reflectance properties. Therefore, only the asymmetry of directional reflectance of 
the scene between forward and nadir views is used for the AOT retrieval: 
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It is also used to approximate the forward to nadir ratio of the surface BRDF, along with the 
simulated atmospheric correction. 

),,,550(
),,,550(

),,,,550(
),,,,550(

),,,550(
),,,550(

),,,550(
),,,550(

0

0

0,

0,

0,

0,

0

0

ϕµµρ
ϕµµρ

τϕµµρ
τϕµµρ

ϕµµρ
ϕµµρ

ϕµµρ
ϕµµρ

f
TOA

n
TOA

f
simTOA

n
simTOA

n
simsfc

f
simsfc

n
sfc

f
sfc ⋅⋅=   (3.10) 

where all terms are defined as in Sect. 3.3.2. 

The AOT is then found in iterations as a root of the Eq. 3.9. 

The infrared AOT retrieval is based on the assumption of snow being an almost perfect 
black body. The AATSR BT at 3.7 µm is extracted in order to get the TOA reflectance at 3.7 
µm according to Spangenberg et al. (2001): 

𝜌𝑇𝑂𝐴(3.7,𝜇0,𝜇,𝜑) = 𝐵3.7𝜇𝑚�𝑇3.7𝜇𝑚�−𝜀3.7𝜇𝑚⋅𝐵3.7𝜇𝑚�𝑇12𝜇𝑚�
𝜇0⋅𝑆3.7𝜇𝑚

             
(3.20)  

The resulting IR TOA reflectance for the nadir view is assumed to only consist of the surface 
signal, whereas the forward IR TOA reflectance contains atmospheric signal together with 
the surface contamination. Under the assumption of no angular variability of snow emissivity, 
one can get the surface-free aerosol reflectance 

𝜌𝑎𝑒𝑟(3.7, 𝜇0, 55,𝜑) = 𝜌𝑇𝑂𝐴(3.7,𝜇0, 55,𝜑) − 𝜌𝑇𝑂𝐴(3.7,𝜇0, 0,𝜑)                       (3.21) 

which is then used for the LUT-based AOT retrieval. All the terms are defined as in Sect. 
3.4.2. 

The applicability limits of both IR and VIS AOT retrieval algorithms are presented in Table 
3.3. 
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Table 3.3. Comparison of features of the IR and VIS AOT retrieval algorithms 

 VIS (550nm)  IR (3.7μm)  

Solar zenith angle  40°  ̶  75°  40°  ̶  90°  

Relative azimuth  0°  ̶  180°  0°  ̶  90°  

Viewing angle  Dual view  Forward  

Aerosol  Total AOT  

(Arctic Haze)  

Coarse mode,  

> 0.5μm (Arctic Haze)  

Surface  Clean, bright snow (bright surface 
is needed for the ratio 
assumptions to be held)  

Black body-like surfaces (ocean, 
sea ice and snow – also melting)  

Accuracy Surface induced absolute AOT 
error ± 0.1 for AOT(550nm) < 0.3 
and coinciding aerosol type. 

Surface and aerosol type induced 
absolute AOT error = ± 
0.1±0.5AOT for AOT(550nm) < 
0.3. 

Relative AOT error induced by 
AATSR BT calibration for 
coinciding aerosol type ± 3%. 
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4 Validation 
 

All the parts of the AOT over snow retrieval algorithm developed within this work have been 
validated against independent ground based and spaceborne measurements. Current section 
describes the following validation studies: 

- validation of the developed cloud clearing/snow flagging routine against MODIS and 
micro-pulse lidar data; 

- validation of the VIS and IR AOT against ground based AERONET data; 

- comparison of the resulting AOT over snow with the corresponding AOT over ocean 
retrieved with the independent BAER algorithm using MERIS data. 

The validation studies described in this section are performed over the widest available range 
of AOT values, from background to pollution events, on a very local spatial scale 
(corresponding to the ground based stations). The AOT retrievals on larger spatial scale up to 
the whole North Polar region have also been performed for selected pollution events. These 
case studies are described in Section 5. 

4.1 Comparison to MPL and MODIS data 

A reliable cloud screening method is very important for aerosol retrievals, as clouds that 
contaminate the retrieved AOT are able to drastically distort the quality of the aerosol 
product. On the other hand, quality validation of cloud screening methods against other space 
borne instruments is a difficult task, mainly due to the fast evolution and relocation of clouds 
and following difficulties with the collocation of the two cloud products of interest.  

The cloud clearing method described before has undergone a rather extensive validation on a 
sequence of AATSR data for spring 2006, at Spitsbergen (approximately 100 scenes) against 
the Micro-Pulse Lidar network data (Welton et al., 2001; Campbell et al., 2002). The 
frequency of correct detections is 95% of cases, with resulting 5% of wrong detections being 
connected to thin clouds (Fig. 4.1), or to a particular case of surface (Fig. 4.2).  

Both figures show the scene over Spitsbergen, with the Micro Pulse Lidar located in Ny 
Ålesund (78°.91667N, 11°.93300E), in the western part of the island. For the Fig. 4.1 
(11.05.2006) the MPL indicates the presence of a very thin cloud at 1 km altitude. The 
discussed cloud screening technique is not able to see it. The MODIS cloud mask shown for 
comparison is also not able to detect cloud for this point. At the same time, good 
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correspondence of the two cloud masks throughout the rest of the image is reassuring. The 
reason of the wrong detection for this case might be the size of the cloud: subpixel cloud 
detection with a radiometer is a separate task which is out of scope of the current research. 

Fig. 4.2 shows the same scene, but on 08.05.2006. According to the MPL, the Ny Ålesund 
area is cloud free, but our cloud clearing method does not detect clear snow at this point. The 
MODIS cloud product indicates this area as “probably clear”, which is inconclusive. 
Studying the AATSR reflectances shows slightly darker surface. This might be shadowing by 
mountains or extremely contaminated snow surface. Such surfaces are screened out as they 
are not clear snow. 

It is obvious that thin and subpixel clouds would present a challenge for our cloud screening 
method; they are simply not thick enough to disturb the spectral shape of the pixel 

 
Figure 4.1. Left panel shows the false color composite (red is 11µm BT, green is 550nm reflectance, 
blue is 1.6 µm reflectance) of the initial AATSR scene, 11 May 2006, 16h26'26'', orbit number 21938; 
middle panel is the screened AATSR scene, probability of clean snow; right panel is MODIS cloud 
mask: 1 – cloudy, 2 – probably cloudy, 3 – probably clear, 4 -  clear. MODIS scene is for 11.05.2006, 
16h40'.  

Figure 4.2. Left panel shows the false color composite (red is 11µm BT, green is 550nm reflectance, 
blue is 1.6 µm reflectance) of the AATSR scene, 08 May 2006, 13h02'12'', orbit number 21893; 
middle panel is the screened AATSR scene, probability of clean snow; right panel is MODIS cloud 
mask: 1 – cloudy, 2 – probably cloudy, 3 – probably clear, 4 - clear. MODIS scene is for 08.05.2006, 
12h55'. 
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significantly. Restricting the spectral shape criteria would solve this problem, also reducing 
the fraction of contaminated snow scenes in the output data and leaving only fresh clean 
snow. This cloud clearing regime might be very useful for snow surface studies such as snow 
grain size or snow albedo, because it screens out all the cases with more or less pronounced 
atmospheric component, also with the aerosol load present. However, such a regime is not 
applicable to aerosol retrievals, where various aerosol loads are needed. In other words, the 
spectral shape criterion can be adjusted to fit the certain task. For the AOT retrieval, we allow 
a rather wide scatter in the spectral shape criteria in order to keep the natural atmospheric 
variety of the data. This also ensures that various (perhaps challenging) snow types will be 
present in the data serving as an input to further AOT retrievals. 

The comparison to MODIS and operational AATSR cloud masks for different kinds of 
snow surface 

A set of AATSR scenes from both Northern and Southern hemispheres has been processed in 
order to check the performance of the presented cloud screening method over different kinds 
of snow surface. The results were compared to the operational AATSR cloud mask from 
level 1b AATSR product, and to the MODIS cloud product. As the exact temporal 
collocation of AATSR and MODIS is impossible, the closest available observation was 
chosen. This issue does not allow pixel-to-pixel collocation of the two sensors, therefore the 
comparison is presented for visual analysis. In is important to understand the difference 
between the conventional cloud mask product (MODIS, operational AATSR) and our clear 
snow flag: cloud masks detect cloudy or clear conditions over any kind of surface, which is 
not necessarily clear snow. This invokes differences between the presented snow flag product 
and the conventional cloud masks; these, however, tend to be rather small over the snow-
covered Arctic scenes. 

The results of the presented snow flagging method are shown together with MODIS and 
AATSR operational cloud mask for eight different cases of clouds over different snow 
surfaces (Figs. 3.7, 3.8, 4.3-4.8). They include scenes over Alaska, Greenland, the 
Scandinavian Peninsula, Northern part of Russia, Himalayan mountains, Antarctica and 
feature snow, snow covered sea ice and land ice, snow covered mountains and peaks, snow 
covered forest. 

Figs. 3.7, 3.8, 4.3-4.6 indicate the good correspondence of the presented snow flag to MODIS 
derived clear areas. Clouds are not mistaken for snow (Fig. 4.3). Flat snow, either on ice or 
on land, is a convenient surface for cloud screening (Figs. 3.7, 3.8, ice part of Fig. 4.5). Snow 
covered mountain peaks are well recognized (Figs. 4.3, 4.4, 4.7). Snow covered forest (Fig. 
4.4) is recognized not continuously; only single brightest snow pixels are detected. The 
presented method appears to be a stricter than the MODIS cloud mask. E.g., the case of 
smooth snow surface (as seen in the MODIS cloud mask) is not recognized very well (Fig. 
4.8, Antarctica). The reason is most probably the illumination-observation geometry or some 
type of snow here overlooked, which is located outside the suggested spectral shape criterion. 
Extensive research is needed to understand if this is the feature of all the Antarctic snow or 
just the feature of one special day or location.  

AATSR operational cloud mask corresponds to MODIS and developed here snow flag rather 
well in some cases (Fig. 4.3, 4.4, lower part of Fig. 4.5). In other cases is shows poor  
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Figure 4.3. Scandinavian Peninsula, AATSR: 14 April 2006, 10h38'17'', orbit number 21547. MODIS:  
14 April 2006, 10h35'. Left panel is the false color composite (red is 11µm BT, green is 550nm 
reflectance, blue is 1.6 µm reflectance) of initial AATSR scene; second left panel is the clear snow 
mask of AATSR scene (0 – not snow, 1 – clear snow) achieved with presented method; third left panel 
is MODIS cloud mask: 1 – cloudy, 2 – probably cloudy, 3 – probably clear, 4 – clear; right panel is 
operational AATSR cloud mask from level-1b product: 0 – cloudy, 1- clear. 

 
Figure 4.4. Scandinavian Peninsula, AATSR: 22 April 2006, 09h47'27'', orbit number 21661. MODIS: 
22 April 2006, 09h40'. Left panel is the false color composite (red is 11µm BT, green is 550nm 
reflectance, blue is 1.6 µm reflectance) of initial AATSR scene; second left panel is the clear snow 
mask of AATSR scene (0 – not snow, 1 – clear snow) achieved with presented method; third left panel 
is MODIS cloud mask: 1 – cloudy, 2 – probably cloudy, 3 – probably clear, 4 – clear; right panel is 
operational AATSR cloud mask from level-1b product: 0 – cloudy, 1- clear. 
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Figure 4.5. Northern part of Russia. AATSR: 22 April 2006, 04h43'20'', orbit number 21658. MODIS: 
22 April 2006, 04h45'. Left panel is the false color composite (red is 11µm BT, green is 550nm 
reflectance, blue is 1.6 µm reflectance) of initial AATSR scene; second left panel is the clear snow 
mask of AATSR scene (0 – not snow, 1 – clear snow) achieved with presented method; third left panel 
is MODIS cloud mask: 1 – cloudy, 2 – probably cloudy, 3 – probably clear, 4 – clear; right panel is 
operational AATSR cloud mask from level-1b product: 0 – cloudy, 1- clear. 

 
Figure 4.6. Northern part of Russia. AATSR: 21 April 2006, 05h13'21'', orbit number 21644. MODIS: 
21 April 2006, 05h40'. Left panel is the false color composite (red is 11µm BT, green is 550nm 
reflectance, blue is 1.6 µm reflectance) of initial AATSR scene; second left panel is the clear snow 
mask of AATSR scene (0 – not snow, 1 – clear snow) achieved with presented method; third left panel 
is MODIS cloud mask: 1 – cloudy, 2 – probably cloudy, 3 – probably clear, 4 – clear; right panel is 
operational AATSR cloud mask from level-1b product: 0 – cloudy, 1- clear. 
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Figure 4.7. Himalayan mountains. AATSR: 18 April 2006, 05h17'59'', orbit number 21601. MODIS: 
18 April 2006, 05h20'. Left panel is the false color composite (red is 11µm BT, green is 550nm 
reflectance, blue is 1.6 µm reflectance) of initial AATSR scene; second left panel is the clear snow 
mask of AATSR scene (0 – not snow, 1 – clear snow) achieved with presented method; third left panel 
is MODIS cloud mask: 1 – cloudy, 2 – probably cloudy, 3 – probably clear, 4 – clear; right panel is 
operational AATSR cloud mask from level-1b product: 0 – cloudy, 1- clear. 

performance, while presented snow flag and MODIS cloud mask still correspond well (Fig. 
3.7, 3.8 4.5, 4.6). The AATSR operational cloud mask (initially developed for use over 
ocean) is not always reliable over snow surfaces and therefore was not used for our AOT 
retrieval. In general, according to the comparison to MODIS cloud mask, the quality of the 
presented cloud/snow discrimination appears to be reasonably good. 

 

4.2 Comparison with AERONET 

The VIS AOT retrieval algorithm 

The VIS AOT retrieval algorithm has been validated against ground based AERONET data 
from the four high Arctic stations. They are:  

- Barrow (N71º18΄43˝, W156º39΄54˝), altitude 0 m. 

- Resolute Bay (N74º43΄58˝, W94º54΄00˝), 40 m. 

- Hornsund (N77º00΄00˝, E15º33΄00˝), 10 m. 

- Longyearbyen (N78º13΄22˝, E15º38΄56˝), 30 m. 

The first two AERONET stations are located in the Western Hemisphere; Barrow is located 
at the Arctic Plains, Alaska, US, on the shore of Beaufort Sea. The climate at Barrow can be 
characterised as the polar desert. Resolute Bay is located at the Queen Elizabeth Islands, 
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Figure 4.8. Antarctica, AATSR: 20 January 2006, 05h16'00'', orbit number 20341. MODIS:  20 
January 2006, 05h00'. Top panel is the false color composite (red is 11µm BT, green is 550nm 
reflectance, blue is 1.6 µm reflectance) of initial AATSR scene; second from top panel is the clear 
snow mask of AATSR scene (0 – not snow, 1 – clear snow) achieved with presented method; third rom 
top panel is MODIS cloud mask: 1 – cloudy, 2 – probably cloudy, 3 – probably clear, 4 – clear; lowest 
panel is operational AATSR cloud mask from level-1b product: 0 – cloudy, 1- clear. 

 

Nunavut, Canada, on the shore of the Arctic Waterway. Hornsund and Longyearbyen 
AERONET stations are both located at the Svalbard archipelago, Norway. Longyearbyen is 
the administrative centre of Svalbard and is located on the western coast of Spitsbergen, the 

largest island of the Svalbard archipelago. Longyearbyen has an Arctic tundra climate. 
Station Hornsund is located on the northern shore of the Hornsund fjord at the southern part 
of Spitsbergen. None of these stations is located at the permanent snow cover; the available 
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data points were thoroughly analyzed manually and with the snow flagging routine before the 
validation. Most of the data points were screened out due to cloudiness or insufficient snow 
cover. All AERONET data with extreme values of Angström coefficient for 440-870 nm (less 
than 0.5 and more than 2.0) were not taken into account. The maximum allowed time 
difference between the AATSR overflight and the AERONET measurement was equal to 15 
minutes. The AERONET AOT value has been compared to the mean AOT, retrieved from 
the satellite around given station within the 5 km radius. allowed The result is shown in Fig. 
4.9. 

Unfortunately, AERONET data for these Arctic stations overlapping with the AATSR 
overflights are sparse, therefore it was impossible to pick a sufficient set of points of one haze 
event at one station. Therefore we picked available AERONET measurements, taken from 
April to June during years 2003-2008. As we only use one aerosol type – “Arctic haze”, we 
only took the spring measurements. However, spatial and temporal heterogeneity of the 
measurements of course plays its role. The solid brown line in Fig. 4.9 is the linear regression 
for all the stations, the correlation coefficient equals to 0.32. Detailed look onto each 
AERONET station can give an impression on the spatial dependence of the correlation 
quality. E.g. for Barrow station AERONET AOTs and retrieved values correspond rather 
well, whereas for, e.g. Resolute Bay we can observe significant overestimation of retrieved 
AOT. This can indicate the wrong aerosol type, which makes the implementation of aerosol 
type detection necessary. Most of the points in Fig. 4.9 are located within the 0.05 corridor 
along 1 to 1 line. 

 

Figure 4.9. Correlation between AERONET data for the four high Arctic stations and retrieved AOT at 
550nm. The correlation is station dependent; most of the point are within the 0.1 scatter from the 1 to 1 
line. RMSD = 0.0482, R2 = 0.32. 
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The IR AOT retrieval algorithm 

The IR AOT retrieval algorithm has been validated against AERONET measurements for the 
four high Arctic stations. The chosen stations feature frequent AATSR overflights and 
provide statistically significant amount of data in long datasets. These stations are OPAL (N 
79°59´24´´, W 85°56´20´´, altitude 0 m), PEARL (N 80°03´14´´, W 86°25´01´´, altitude 615 
m), Thule (N 76°30´57´´, W 68°46´08´´, altitude 225 m), Kangerlussuaq (N 66°59´45´´, W 
50°37´15´´, altitude 320 m). The first three stations are located on the fjords of Queen 
Elisabeth Islands and Knud Rasmussen Land; and the latter is located at the south-western 
shore of Greenland. It is visible that none of the stations is located on a permanent snow 
cover and feature clear snow in spring and bare soil and rocks in summer and autumn. This 
would lead to losing the vast majority of the validation data. To avoid this, we have chosen a 
point within 1 ° of longitude and 0.5 ° of latitude away from each station, possibly located on 
the permanent snow cover (for Greenland) or on the sea ice (for Queen Elisabeth Islands). 
Thus we shift from snow/bare soil/rocks mixture to melting sea ice, which is generally darker 
than snow but still keeps most of snow properties and is not screened out. An analysis of the 
cloud screened validation dataset for e.g. station OPAL is shown in Fig. 3.21. It is visible that 
most of the points are from summer months and feature quite low TOA reflectance at 550nm 
together with high surface temperatures (yet below 0 °C). This corresponds to the surface 
type “melting sea ice without snow cover”. Low temperatures and high TOA reflectances at 
550nm are the features of the springtime points which are “snow covered sea ice”. AOT 
retrieval is possible over both of these surface types. 

The validation dataset for PEARL contains approximately 200 points and 130 points for 
OPAL. These points are from spring and summer of years 2007, 2008, 2009. Stations Thule 
and Kangerlussuaq provided with less cloud free observations; in addition, the location of 
these ctations is such that overlapping with AATSR was poor. This gave around 40 points 
from years 2007 and 2008 for Thule, and 20 points from years 2008 and 2009 for 
Kangerlussuaq.  

All the data has been cloud screened and snow flagged as described above. The extreme 
values of Angström coefficient for 440-870 nm (less than 0.5 and more than 2.0) in 
AERONET data were considered to be out of applicability ranges of our aerosol type 
assumptions. These were not taken into account. To ensure good temporal collocation 
between the AATSR overflight and the AERONET data, the the maximum allowed time 
difference between the two was set to not more than 15 minutes. We applied spatial 
averaging of the AATSR data within 0.1 ° of latitude and 1 ° of longitude around the earlier 
chosen point near the station. The range of sun zenith angles of the entire validation dataset is 
from approximately 55° to 75°, with the vast majority of the values around 60°. Average 
relative azimuth angle is approximately 30°.  

The comparison has to be performed at 500nm as AERONET gives the best temporal 
coverage at this wavelength. To estimate the AOT at 500nm with the retrieval 3.7 µm, we use 
a fixed Angström parameter equal to 1.0. The correlation plot for each station is shown in 
Fig. 4.10 (OPAL), Fig. 4.11 (PEARL), Fig. 4.12 (Thule), Fig. 4.13 (Kangerlussuaq). The 
dashed line represents the linear regression of the data.  
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Figure 4.10. Comparison of the retrieved AOTs derived from AATSR product as 3.7μm and 
AERONET AOTS for station OPAL. The dashed line represents the linear regression of the data. 
RMSD = 0.0283, R2=0.53. 

 

Figure 4.11. Comparison of the retrieved AOTs derived from AATSR product as 3.7μm and 
AERONET AOTS for station PEARL. The dashed line represents the linear regression of the data. 
RMSD = 0.0329, R2=0.42. 

 

Each of the correlation plots shows growth of the retrieved AOT scatter with the growth of 
ground based AOT. This can be explained by the greater relative influence of the aerosol type 
and the corresponding spectral slope for the larger AOT values. As we use the fixed 
Angström coefficient for all the AERONET range from 0.5 to 2.0 for 440-870 nm, this scatter 
is to be expected and can be corrected with the spectral AOT retrieval which is supposed to 
be the next version of the retrievals developed within this work. 
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Figure 4.12. Comparison of the retrieved AOTs derived from AATSR product as 3.7μm and 
AERONET AOTS for station Thule. The dashed line represents the linear regression of the data. 
RMSD = 0.0293, R2=0.42. 

 
Figure 4.13. Comparison of the retrieved AOTs derived from AATSR product as 3.7μm and 
AERONET AOTS for station Kangerlussuaq. The solid line represents the linear regression 
of the data. RMSD = 0.0289, R2=0.45. 

 

At AOTs less than 0.1 the retrieval works satisfactory with no significant over- or 
underestimation. As the vast majority of AOT values in the Arctic are below 0.1, the 
retrieved AOT maps can give a good estimate of the AOT distribution over snow. 



4 Validation 

124  

4.3 Comparison with MERIS 

In the absence of other satellite AOT products over snow, it is possible to perform validation 
of the AOT retrieval algorithm over snow using the AOT products retrieved over other 
surfaces types. For this one can use matching areas of e.g. snow and open water and evaluate 
the quality of the match. Unlike ground based observations, such an approach has the 
advantage of similarity of the illumination-observation geometries and spatial resolution of 
the two products in question. For this purpose in the current work we use the Bremen Aerosol 
Retrieval (BAER) - an independent AOT retrieval over various surfaces (for our application, 
we use the AOT retrieved over open water), developed at the University of Bremen (Dinter et 
al., 2009). This retrieval utilizes single view (nadir) MERIS (MEdium Resolution Imaging 
Spectrometer) data and is able to retrieve AOT over various surfaces, from open water to 
bright reflecting desert. The advantage of this instrument is that it is located on the same 
satellite platform as the AATSR sensor (ENVISAT); therefore good temporal collocation of 
both instruments is possible. In addition, wide swath of MERIS (1150km against 512km of 
AATSR) creates spatial coverage which overlaps with and exceeds the AATSR coverage. 
This enables good spatial collocation. In order to perform the comparison between the two 
AOT products, over open water (MERIS data, BAER) and over snow (AATSR data, 
presented AOT retrieval), we need to find a cloud free location where snow-covered sea ice 
or land is surrounded by open water. The Svalbard archipelago meets this criterion. While the 
climate of Svalbard is dominated by its high latitude, with the average summer temperature at 
4 C to 6 C and January averages at −12°C to −16  , the North Atlantic Current moderates 
Svalbard's temperatures causing an increase of up to 20  C higher than winter temperatures at 
similar latitudes in Russia and Canada. This keeps the surrounding waters open and navigable 
most of the year, which enables the BAER AOT retrieval algorithm over water to perform. 
The interior fjord areas and valleys, sheltered by the mountains, have larger temperature 
differences than the coast, causing colder winter temperatures and sufficient snow cover for 
the VIS AOT retrieval over snow. The complicated relief of Svalbard (see Svalbard elevation 
map in Fig. 4.14) presents a challenge for both snow flagging algorithm and AOT retrieval 
algorithm, due to the presence of various snow types, mountain shadows, and differently 
tilted surface in the scene. 

A confirmed Arctic smoke event which happened in the beginning of May, 2006 at 
Spitsbergen has been chosen for the comparison of AOT products over snow covered land 
and over water. This event has been described by Treffeisen et al. (2007), Stohl et al. (2007), 
Eckardt et al. (2007). Agricultural fires in the Eastern Europe were the source of biomass 
burning aerosol, which was transported rapidly due to an atypically warm weather pattern in 
the European Arctic. The smoke was constrained to the lowest 2km in the troposphere during 
the transport. The deposition of the atmospheric aerosol caused a rapid decrease of the snow 
albedo during the episode; the samples of the polluted snow show elevated amounts of 
sulphate, nitrate, potassium and ammonium ions, confirming the relation of the snow 
discoloration to the biomass burning aerosols (Stohl et al., 2007).  
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Figure 4.14. Elevation map of Svalbard archipelago; complicated relief of the mountainous areas 
creates a challenge for the snow flagging routine and the VIS AOT retrieval, due to the mixture of 
rocks, snow, mountain shadows in the mountain regions and bare soil with snow on the shores. 

The global situation of the biomass burning aerosol being transported into the Arctic can be 
seen in the map of the AOT over open water retrieved with the BAER algorithm using 
MERIS data (Fig. 4.15). The arrow shows the direction of the aerosol transport into the 
Arctic. 

The AATSR scene of Svalbard during the Arctic smoke event (3rd of May, 2006, 12:19.25, 
orbit number 21820), which features cloud free snow covered areas together with the open 
water, has been chosen for the comparison. The AATSR nadir view does not show any 
evidence of pollution at 550nm (Fig. 4.16). 

As was discussed above, snow is not a Lambertian reflector. Therefore, the pixel where the 
surface has a tilt will show other directional reflectance properties (as opposed to a level 
surface). To the retrieval, this tilted pixel would appear to be a totally different type of 
surface with another BRDF. In the current version of the algorithm, such an anomaly of the 
surface BRDF for a given (satellite) observation-illumination geometry is treated within the 
forward to nadir ratio approach (Eq. 3.9, 3.10). This reduces the relief induced noise and the 
resulting AOT appears to be smoother and less surface dependent. The previous version of 
the retrieval (Istomina et al., 2009) was not able to interpret the brighter pixels caused by 
specular reflection off the snow surface correctly; such brighter pixels were interpreted as the 
AOT increase, and darker shadow pixels – as AOT decrease (not shown here). The current 
version of the algorithm does not show this artifact to such an extent. The comparison of the 
BAER product (AOT over water) and AOT over snow is shown in Fig. 4.17. The values over 
Svalbard were retrieved using the presented VIS AOT retrieval over snow and the AATSR 
data; all the other AOT values over open water were retrieved by BAER using the MERIS  
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Figure 4.15. Agricultural fires caused a significant biomass burning pollution which was transported 
rapidly from the Eastern Europe into the Arctic. The arrow shows the direction of the aerosol transport 
to Svalbard archipelago, where the aerosol event has been observed at Ny Ålesund and Zeppellin 
stations. The AOT at 560nm was retrieved over open water with BAER algorithm using the data from 
MERIS sensor onboard ENVISAT. 

 
Figure 4.16. AATSR image for Spitsbergen, the 3rd of May, 2006, 12:19.25, orbit number 21820, 
550nm channel, nadir view. The image does not show any evidence of the smoke aerosol present in the 
scene. 
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Figure 4.17. Comparison of BAER AOT over ocean (MERIS data) to AOT over snow (AATSR data), 
the 3rd of May 2006, 12:19.25, AOT retrieved at 550 nm. All the AOT values over Spitsbergen are 
over snow; all the other values are over open water. The higher AOT values at the edges of the BAER 
derived scene are probably due to partial cloud contamination. 

data. The comparison shows no obvious difference between the AOT over snow and AOT 
over water and overall quite a good correspondence of the two independent retrievals to each 
other, with the AOT over snow following the biomass aerosol flow pattern indicated by the 
BAER product; the increased AOT at the edges of the cloudy areas are the residual cloud 
pixels and the transition between the cloudy and cloud free atmosphere; these increased 
values should not be taken into account during the analysis.  

An attempt to evaluate the performance of the VIS AOT retrieval over snow has been made 
also using the AATSR data over water; for this we performed a simple single view retrieval 
over manually selected areas of open water, and interpolated the “Arctic Haze” LUT in order 
to retrieve the AOT for the each pixel; the surface was assumed to be absolutely black, i.e. all 
the TOA signal over open water was assumed to come from the atmosphere. This AOT 
retrieval over snow and open water has been made for the same AATSR scene of 
Spitsbergen, during the Arctic smoke event on the 3rd of May 2006, 12:19.25, orbit number 
2180. Fig. 4.18 shows the result of this retrieval. The AOT values, marked with the red 
circles, are over open water. All the other values are over snow and ice.  
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Figure 4.18. AOT (550 nm) over snow and open water for the AATSR scene of Spitsbergen, 
the 3rd of May 2006, type of aerosol “Arctic haze”. Red circles mark the AOT retrieved over 
ocean, all the other AOT values are over snow and ice. 

 

The difference between these two types of retrieval is around 0.1, which can be caused by 
unscreened subpixel ice sheets in the ocean, subpixel clouds or unscreened thin clouds. The 
most probable reason for the discrepancy is the incorrect accounting for ocean surface 
reflectance. In this study we assumed the ocean surface to be absolutely black; the accuracy 
of this assumption depends on many factors and is out of scope of this study; the presented 
AOT retrieval over the ocean is only to illustrate the absence of a drastical AOT difference 
between the AOT over snow and the AOT over ocean. 
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5 Case studies 
 

Several noticeable pollution events which occurred in the Arctic region in the recent years 
have been chosen to illustrate the performance of the developed AOT retrievals, and to 
further validate the retrieval. This means that the chosen pollution events should possibly 
overlap with independent space borne and ground based measurements, and be of possibly 
different nature in order to cover wide range of the surface and aerosol properties. The events 
which satisfy these conditions and which were selected for the AOT retrieval application 
studied are listed below: 

- Mineral dust formation and transport on Greenland during July 04/05, 2008, with the 
complementary report and photographs from witnesses at the ground;  

- Biomass burning pollution transport to Ny Ålesund in spring 2006, with the 
complementary data retrieved with BAER (AOT over ocean, using MERIS data) and 
the ground based sunphotometer AOT measurements at NyÅlesund; 

- Boreal forest burning in Canada which originated pollution transport into Alaska 
during summer 2004, with the complementary data from MODIS (AOT over land 
and ocean). 

- Kizimen volcano eruption at Kamchatka, 29-30 March 2011 with the complementary 
data from GOME-2 (BrO and SO2 products) and photographs from the ground. 

For these events extensive AOT retrievals have been performed. The results have been 
compared to the independent observations. A test of the algorithm performance over 
Antarctica has also been performed. The next subsections are dedicated to the detailed 
description of the performed retrievals and comparisons. 

5.1 Case study: dust formation and transport on 

Greenland during July 04/05, 2008  

On the 4th of July, 2008, in the vicinity of Kangerlussuaq, West Greenland, north-easterly 
winds mobilized mineral dust from open soils along the Søndre Strømfjord (see Fig. 5.1). The 
dust pollution developed during the morning of a cloud free day and reached its maximum in 
the early afternoon. The dust layer has been observed about 15 km west of Kangerlussuaq 
and was associated with the horizontal visibility of about 10km. The maximal thickness of 
the dust layer was estimated to be 500 m above the ground at early afternoon.  
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On the following day, July 5, no dust mobilization was observed, however, a katabatic wind 
of a limited range was present when approaching the ice sheet. This wind did not reach 
highly erodible landforms of the fjord.  

 
Figure 5.1. A dust event has been observed at Greenland on 04.07.2008 near Kangerlussuaq, where 
strong winds mobilized mineral particles from areas of open land. The horizontal visibility as 
estimated by witnesses was around 10km. Image courtesy E. Schultz 

A circulation system in the Søndre Strømfjord consists of a downstream flow at ground level 
and a katabatic upstream flow at higher elevations. The lower downstream wind is mobilizing 
mineral dust and transporting it away from the ice sheet. During the transport the dust is 
being elevated in the turbulent flow and then caught by the katabatic winds, which transport 
the finer fraction (2-3μm) of the pollution backwards onto the ice sheet. Near Kangerlussuaq 
the existence of such a backflow was confirmed by balloon measurements of Oerlemans and 
Vugts (1993) and by investigation flights of Heinemann (1999). The range of the backflow is 
still unknown; it was assumed to be around 150 meters (Oerlemans and Vugts,1993) and 
around 1000 meters (Heinemann, 1999). 

In order to estimate the AOT using the reported values of visibility and the pollution layer 
thickness, a variation of the Koschmieder equation suggested by Bäumer et al. (2008). The 
equation can be written in the following way:  

V=3.912 z τ−1           (5.1)  

where V is the horizontal visibility, z is the height of the pollution layer, τ is the AOT at 
550nm. Given the above mentioned parameters of the pollution event, we get the AOT of 
approximately 0.4.  
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The closest to the pollution event AATSR overflight was on 05.07.2008, 14h 46min 02s, 
orbit number 33187. The retrieved AOT map is shown in Fig. 5.3, left panel. The increased 
AOT to the east of Kangerlussuaq (left bottom corner) is shown with the arrow, as well as the 
similar event at the opposite side of Greenland (right upper corner). The same mechanism of 
dust mobilization is supposed to be valid there, and the probable source of the mineral dust is 
visible to the north-east of the pollution itself. AATSR reflectances at visible wavelengths do 
not show any evidence of the increased aerosol load or different surface type at these points 
(see Fig.5.2, left panel for location near Kangerlussuaq and right panel for the opposite shore 
of Greenland).  

 
Figure 5.2. AATSR nadir view reflectances at 550nm for the area near Kangerlussuaq (left panel) and 
for the NE-Greenland (right panel). Neither of them shows signs of aerosol pollution. 

It is apparent that the IR AOTs (Fig. 5.3, left panel) resemble the same pattern as TOA 
reflectances at 3.7μm (Fig. 5.3, right panel). 

In order to exclude the possibility of surface features being mistaken for the aerosol pollution 
on the 5th of July, the AOT retrieval has been performed for another AATSR overflight on 
15.07.2008, 14h 32min 18s, orbit number 33330. Fig. 5.4 (left panel) shows the AOT map 
retrieved with the IR algorithm over Greenland for this date. No evidence of pollution is 
visible in the Kangerlussuaq area, which proves that the increase of AOT near Kangerlussuaq 
on July, 5 2008 visible in the retrieved AOT map is not a surface feature, but an atmospheric 
pollution. 

Fig. 5.4 (right panel) shows the AOT retrieved with the VIS retrieval for the day of the dust 
event. It is visible that the AOT pattern resembles that of the IR AOT (Fig. 5.3, left panel), 
but the amplitude of the AOT is much higher. While we certainly expect the AOT retrieved 
with the VIS algorithm to be higher than that of the IR algorithm due to the fact that smaller 
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particles are better scatterers in the VIS spectral region, such a large discrepancy over a 
presumably clear area might indicate a problem with the surface type or aerosol type. In 
particular, the surface type on Greenland in the middle of summer is, as observers report, 
“melting glacier, firn”. Such a surface type would for sure present a challenge for the aerosol 
retrieval. Independent space borne MODIS retrieval of surface reflective properties also 
experiences difficulties over Greenland at solar zenith angles greater than 55° (Wang, Zender, 
2010). This problem of possible surface contamination should be studied in future.  

 
Figure 5.3. The map of retrieved AOT over Greenland on 05.07.2008, 14h 46min 02s, orbit number 
33187 (left panel). Arrows indicate increased AOT near Kangerlussuaq (left bottom corner), where a 
dust event has been observed on 04.07.2008 (see Fig. 13), and on the NE-Greenland (right upper 
corner), where the same mechanism of dust mobilization is expected. The 3.7µm reflectance map of 
the same scene (right panel) shows the same pattern as the AOT. 

AERONET station Kangerlussuaq (N 66° 59´45´´,W 50°37´15´´) shows no evidence of a 
dust event neither on July 4 nor on July 5. Fig. 5.1 and the observers’ reports, however, 
objectively indicate the presence of mineral dust pollution. Station Kangerlussuaq provides 
an AOT(500nm) of 0.028 and an Angström exponent (440-870) around 0.8 for the 4th of July. 
The probable reason for this discrepancy is highly non-uniform aerosol layer of mobilized 
mineral dust. 
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5.2 Case study: biomass burning pollution transport to 

Ny Ålesund, spring 2006 

As was discussed by Stohl et al., 2007, Treffeisen et al., 2007 in spring 2006 the European 
Arctic experienced one of the most significant air pollution episodes ever recorded there. 
Abnormally warm temperatures in the Arctic and cold spring in the Europe formed a 
continuous surface of constant potential temperature, which enabled a rapid transport of 
smoke from Eastern Europe. Agricultural fires were the source of the biomass burning 
pollution in the European Arctic. The first pulse of smoke arrived at Spitsbergen already on 
27 April, and was then followed by the 

 

Figure 5.4. Left panel: The map of retrieved AOT over Greenland after the discussed dust event, on 
15.07.2008, 14h 32min 18s, orbit number 33330. No evidence of pollution is visible in the 
Kangerlussuaq area (shown with the arrow). Right panel: the map of retrieved AOT over Greenland for 
the discussed dust event, 05.07.2008, 14h 46min 02s, orbit number 33187, with the VIS AOT retrieval. 
The AOT pattern is the same as in the IR retrieval product. Different AOT magnitude might indicate 
surface contamination due to a problematic surface type “melting glacial snow and ice, firn” present in 
the scene. 

peak of pollution on 2nd and 3rd of May 2006. The view of Svalbard during the biomass 
burning pollution events as seen with the AATSR is shown in Fig. 4.16. The global situation 
of the AOT transport is shown in Fig. 4.15. 
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The ground based observations of the AOT performed at Ny Ålesund, Svalbard, 78.923° 
N, 11.923° E by the Alfred Wegener Institute for Polar and Marine Research are shown in the 
Fig. 5.5. The biomass burning pollution event is clearly visible at the beginning of May; the 
AOT reached 0.6 at 500nm, which is a significant pollution as compared to the background 
AOT value of 0.05 – 0.1. 

The time sequence of the AOT maps retrieved with the VIS AOT retrieval for this event is 
shown in Fig. 5.6. The low background values of the VIS AOT are observed for 20.04, 26.04,  

 

Figure 5.5. The ground based measurements of the AOT(500nm) performed at Ny Ålesund, Svalbard, 
78.923° N, 11.923° E by the Alfred Wegener Institute for Polar and Marine Research in spring 2006. 
The biomass burning pollution event with the AOT reaching 0.5-0.6 was observed on the 2nd and 3rd of 
May, 2006. The usual for the Arctic background AOT of 0.05 resumed in June. 

 

Fig. 5.6. The time sequence of the VIS AOT maps for (from left to right): 20.04, 26.04, 
28.04, 02.05, 03.05, 04.05. The biomass burning pollution is visible for the 02.05, 03.05, 
04.05. 2006. The maximum AOT observed by AATSR is around 0.3. Very low background 
values are observed on 20.04, 26.04, 28.04.2006, which corresponds to the ground based 
data.  

Ground-based AOT measurements, Ny Alesund
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28.04.2006 (three left panels of the image). An increase of the AOT associated with the 
biomass burning event is visible on 02.05, 03.05, 04.05.2006. The maximum VIS AOT was 
observed by the AATSR is around 0.3. The region of the ground based observations (Ny 
Ålesund at the west coast of Spitsbergen) is screened out as cloudy by our snow flagging 
algorithm for the days of the most aerosol pollution (the 2nd and the 3rd of May, 2006), 
therefore the direct comparison of the ground based AOT and the satellite AOT is not 
possible. The AOT dynamics of the time-sequence in Fig. 5.6 is similar to that of the ground 
based AOT data. This proves that our VIS AOT retrieval over snow is capable of showing the 
dynamic of aerosol amount on the qualitative level. 

In order to study the fraction of larger particles during the biomass burning event, the IR 
AOT retrieval has been performed for the date of the most aerosol load on 3.05.2006 (Fig. 
5.7). The various types of surface are present in the scene (see also Fig. 4.16 for the original 
AATSR image at 550nm), which affects the resulting AOT product. In the eastern part of the 
scene over the sea ice one can observe low coarse mode AOT and no significant aerosol 
pollution. No surface contamination is present in this part of the scene. Unfortunately, the 
complicated mountainous relief of Svalbard introduces a problem for the simple surface 
correction of the IR AOT retrieval algorithm. Strong surface contamination is visible in the 
western part of the scene. The reason for this is most probably the mixture of snow and rocks 
present in the scene. The types of surfaces present at Spitsbergen are illustrated in Fig. 5.8. It 
is visible that the surface features also bare rock areas along with the snowy areas. This type 
of surface presents a challenge for both VIS and IR retrieval over snow and also the VIS 
AOT retrieval over water (Fig. 4.18). 

To illustrate the amount of the coarse mode particles during the discussed event at a more 
global scale, the IR AOT retrieval for 3.05.2006 and the whole Arctic region has been 
performed and shown in Fig. 5.9. This IR AOT is only retrieved over snow and sea ice with 
the original snow flagging routine as was described above. Due to the narrow AATSR swath 
the coverage is not complete. It is visible that the larger particles are absent in the Arctic for 
that day; the AOT ranges around 0.05-0.1 with some fluctuations over Greenland, Queen 
Elisabeth Islands and Siberia. 

The VIS AOT map in Fig. 5.10 shows the total AOT for the 3rd of May, 2006. Unfortunately, 
the narrow swath of AATSR and rather cloudy conditions do not let us see the details of 
aerosol transport to Arctic. However, we can see the details of global distribution of aerosol 
at high latitudes. We can see the highly polluted belt at around 70° latitudes, whereas 
northern areas are less contaminated. The AOT overall is greater than the AOT of only coarse 
particles; a polluted belt with the AOT reaching 0.3 is visible at 70° latitudes. In some areas 
(marked with the arrows on both Fig. 5.10 and 5.9) both total and coarse mode AOTs are 
increased, indicating the presence of the coarse particles; in the other locations of the polluted 
belt, only the total AOT is increased, which indicates the presence of the fine particles. The 
area closer to the Pole is free from both fine and coarse aerosol particles. As can be seen in 
Fig. 4.15, the biomass burning pollution was also transported to Iceland. Though there is no 
continuous AOT product over Island due to cloudiness and broken snow cover at Iceland, 
both Fig. 5.9 and 5.10 show single pixels of increased AOT of around 0.2-0.3 over Iceland. 
The high AOT values over Greenland seen in the VIS and to some extent in the IR AOT 
product are not confirmed for this particular biomass burning event due to the absence of  



5 Case studies 

136  

 
Fig. 5.7 The AOT map over Spitsbergen for the 3.05.2006. Retrieved at 3.7µm and recalculated into 
550nm as described above. The coarse mode AOT pattern shows low AOT and turbulent aerosol flows 
in the eastern part of the scene over the sea ice. The surface contamination over some parts of the 
complicated mountainous terrain is observed. 

 
Figure 5.8. The types of surfaces at Northern Spitsbergen after the biomass burning pollution event, on 
19 June 2006. The surface features large rock areas along with the snow covered terrain. Coastal 
waters are contaminated with floating ice sheets. Image courtesy Rolf Stange (www.spitzbergen.de). 



5.2 Biomass burning transport to Ny-Ålesund, spring 2006 

137  

 
Figure. 5.9. Global IR AOT map retrieved at 3.7µm and recalculated into 550nm to illustrate the 
presence of larger particles on the 3rd of May, 2006, aerosol type “Arctic haze”. Background AOT of 
0.05-0.1 is dominating with some fluctuations over Greenland, Queen Elisabeth Islands and Siberia. 
Residual cloud pixels are present at the edges of screened out cloudy areas. 

 

ground based data from stations Summit, Kangerlussuaq, Thule, Resolute Bay, OPAL and 
PEARL for the particular day; however, as reported by Stohl et al., 2006, high AOT values of 
around 0.4-0.5 units were recorded over Greenland (at Summit station) and associated with 
another biomass burning event in 2004 over Alaska. 
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Figure 5.10. Global VIS AOT map retrieved 550nm to illustrate the total AOT on the 3rd of May, 2006, 
in the whole Arctic region. A polluted area with the total AOT reaching 0.3 is recognizable at the 70° 
latitude; the area closer to the Pole is aerosol free. Arrows show the areas of the increased coarse mode 
particles (see Fig.5.9), which overlap with the increased total AOT. This indicates the greater 
percentage of large particles in those areas.  

5.3 Case study: boreal forest burning in Canada and 

transport to Alaska, summer 2004 

During summer of 2004, a major boreal forest burning events has been recorded in Alaska 
and Canada. Over 2.7 million hectare of boreal forest burned in Alaska and 3.1 million 
hectare in Canada. Intense aerosol plumes from these fires were observed by research aircraft 
(de Gouw et al., 2006) and satellite instruments (e.g. MODIS AOT over land and ocean, see 
Fig. 5.11) over large parts of North America. The event has been described by Stohl et al. 
(2006). As can be seen in Fig. 5.11, a spectacular pollution with the AOT of 0.4-1.0 is 
occurring at the Beaufort Sea coast and at the Banks Island on the 4th of July, 2004. The 
island itself is not snow covered, as can be seen in Fig. 5.12, left panel (TOA reflectance at 
550nm). The surrounding area is covered with the sea ice; MODIS AOT product has a gap in 
this area. The right panel of Fig. 5.11 shows the BT at 3.7µm; one can see the BT difference 
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between the sea ice, open water and land (the Banks Island). Thin cirrus clouds can be seen at 
the top of the image, as well as in the left bottom corner of the image. These clouds are not 
visible in the 550nm TOA reflectance plot; a layer of coarse mode particles indicated by an 
increased forward BT is shown with the arrow in the right panel of Fig. 5.12. As opposed to 
the nearby clouds, it is associated with the increased forward BT only in the forward view, 
without the corresponding increase in the nadir view. This area also appears polluted in the 
visible image at the left panel of Fig. 5.12. The scene shown in Fig. 5.12 presents a challenge 
for all three parts of the developed algorithm: cloud screening, VIS AOT retrieval and IR 
AOT retrieval. The scene features thin cirrus over snow (top of the image), thin cirrus mixed 
with a heavy pollution (left bottom corner) and aerosol load consisting of both fine and 
coarse mode. The performance of the presented AOT retrieval is visible in Fig. 5.13 for the 
VIS AOT retrieval (left panel) and the IR AOT retrieval (right panel). It is visible that all thin 
cirrus clouds have been successfully screened out, including the one mixed with the 
pollution. The aerosol pollution over the sea ice has not been screened out, though this area 
appears significantly darker than clear sea ice in the original TOA reflectance at 550nm 
image. The total AOT retrieved with the VIS AOT retrieval algorithm reaches 0.4 throughout 
the image and is higher at the coastal region (the bottom of the image); this corresponds well 
to the MODIS AOT presented in Fig. 5.11. The coarse mode particles which appears in the 
IR brightness  

 

 
Fig. 5.11 The global situation of the boreal forest fires aerosol transport into the Alaskan Arctic from 
Canada on the 4th of July, 2004. MODIS AOT over land and ocean is shown. The section of the 
AATSR overflight for which the AOT over snow has been retrieved is shown with the rectangle. 
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Figure 5.12. The AATSR imagery for the 4th of July, 2004, 20h36m22s, for the subset of the 
AATSR orbit 12263: left panel shows the TOA reflectance at 550nm, right panel shows the 
BT at 3.7µm. Both panels show the overlay of the nadir (yellow) and forward (blue) views. 

 
Figure. 5.13. The VIS AOT (left panel) and the IR AOT (right panel) of the AATSR 
overflight shown in Fig. 5.12. 
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temperatures in Fig. 5.12 (right panel) is also present in the retrieved coarse mode AOT in 
Fig. 5.13 (right panel). It appears to be the only area where the large particles are present, 
which corresponds to the IR brightness temperature plot in Fig. 5.12, which is reasonable for 
the biomass burning pollution which consists of fine particles mainly.  

Both IR and VIS AOT retrievals fill the gap of the AOT product over snow which is seen in 
the MODIS data and also give an impression on the particle size distribution and the spatial 
aerosol distribution of the scene. 

5.4 Case study: Kizimen volcano eruption at 

Kamchatka, spring 2011 

A series of the Kizimen volcano eruptions occurred at Kamchatka peninsula in winter and 
spring 2010-2011. The Kizimen volcano is located 265 kilometers away from Petropavlovsk 
Kamchatsky city. Kizimen's last eruption occurred in the end of 1920-s, but in 2010 the 
volcano started to exhibit activity again. In June 2010 first signs of activity were reported, 
with the eruptions continuing episodically throughout the winter and spring 2011. One 
particular event on 29-30 March 2011 was associated with a spontaneous BrO emission, 
along with the SO2 emission. To find out whether these emissions were also associated with 
the ash plume and whether the plume is visible with a satellite sensor, we performed the AOT 
retrieval for the location of interest at the time of eruption, 30.03.2011. 

 

Figure 5.14 Kizimen volcano eruption, Kamchatka, 29.03.2011. Image courtesy I.Shpilenok.  
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Figure 5.15 The IR AOT map of the Kizimen volcano eruption at Kamchatka peninsula. 30.03.2011, 
00h00m21s, orbit number 47472. Clear ash plume with the AOT of coarse particles reaching 0.4-0.5 is 
visible among the areas with low background AOT of around 0.05. 

 

Figure 5.16 GOME-2 BrO and SO2 products for 30.03.2011, Kamchatka peninsula. A clear 
SO2 and BrO increase associated with the volcano eruption is visible in the scene, 
comfirming the location of the ash plume in Fig. 5.15. Data courtesy Andreas Richter, IUP.
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The ground based photograph of the Kizimen volcano, where the eruption occurred, is shown 
in Fig. 5.14. The picture also shows the strongly polluted snow even near the top of the 
volcano. As seen in the figure and also reported observers, falling ash caused strong snow 
discoloration throughout spring, 2011. For this reason the VIS AOT retrieval has not been 
performed for this case. 

As seen in Fig. 5.15, the AOT of the coarse mode particles reaches 0.5 in the center of the ash 
plume, which appears to be an underestimation when comparing to the photograph in Fig. 
5.14. Unfortunately, no AATSR overflight is available for 29.03.2011, for which the ground 
based photograph was taken, so there is no way to confirm the retrieved AOT in a 
quantitative way. However, the IR AOT retrieval obviously is able to give the impression on 
the spatial aerosol distribution on the qualitative level. 

5.5 Case study: Antarctic background aerosol, 6th 

January 2011 

Though this work is dedicated to AOT retrieval over snow in the Arctic region, it is 
interesting to test the ability of the algorithm to perform over other snow covered surfaces, 
e.g. Antarctica. Antarctica is the cleanest, least polluted regions on Earth due to the absence 
of internal pollution sources and large distance to any other anthropogenic sources. Fig. 5.17 
shows one of the typical for Antarctica plots of AOT dynamics and amplitude – AOT time 
sequence for January and February 2010 for station “South Pole observatory NOAA”, (S 
89°59ˊ45˝, E 70°17ˊ60˝, altitude 2850m). To avoid possible cloud contamination in the AOT 
product, AERONET data of Level 2.0 were taken (cloud screened and quality assured AOT). 

As we expect very low AOT and rather fine particles in Antarctica, the VIS AOT retrieval 
has been chosen for this case study. The retrieval has been performed for the 6th of January 
2011, the false color composite (blue is ρ550nm, red is BT3.7μm) of the initial AATSR scene is 
shown in Fig. 5.18, so that colder objects (clear snow and ice clouds) appear to be blue, 
whereas warmer objects (water clouds) appear reddish. The scene features some water and 
ice clouds in the middle and the northern parts of the image; the area of cloud free snow is in 
the southern (lower left) part of the image. The right panel of Fig. 5.18 presents the resulting 
AOT(550nm) map. It is visible that the retrieved AOTs over the cloud free snow area 
correspond to the expected background value of 0.03. The cloudy part of the scene, however, 
presents a problem as not all clouds are screened out. It is visible that warm water clouds 
have been successfully removed, but the cloud screening routine tends to omit colder ice 
clouds. Similar problem was already mentioned in Sect. 4.1, where (see Fig. 4.8) the cloud 
screening algorithm was not able to discriminate snow and cloud correctly. The reason for 
this discrepancy might be very thin ice clouds at low solar zenith angles, which (depending 
on observation-illumination geometry) might not disturb the spectral shape of the scene 
enough to be screened out, or thicker, not transparent ice clouds, which have exactly the same 
spectral signature as snow. These factors have to be studied in future to allow the developed 
methods to be used also in Antarctica. 
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Figure 5.17. A typical background AOT at the AERONET station “South Pole” is around 0.03 at 
440nm. Source: http://aeronet.gsfc.nasa.gov. 

 

Fig. 5.18. Left panel shows the false color composite (blue is ρ(550nm), red is BT (3.7μm)) of the 
original AATSR scene for 06.01.2011, 6h23ˊ10˝, orbit number 46283. Right panel shows the 
AOT(550nm) retrieval for this scene. 
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6 Summary and outlook 
 

This thesis is dedicated to the AOT retrieval over snow and ice on the basis of AATSR dual 
view radiometric multispectral data using unique algorithms and methods developed within 
this work. The outcome of the research described within this thesis is the AOT over snow 
product, which enables the analysis of spatial distribution and transport of atmospheric 
aerosol in the Arctic region on local to global scales, which has not been possible before this 
work. This product is of immense importance for assessing the climatic state of the Arctic 
region. 

This task was achieved in several steps by developing a new cloud clearing and snow 
flagging, an AOT retrieval algorithmin the visible spectral region and coarse mode AOT 
retrieval in the infrared spectral region. 

Cloud clearing and snow flagging 

In the absence of reliable cloud clearing methods over snow for the AATSR sensor, 
distinguishing cloud free snow covered areas became a complementary task connected to the 
AOT retrieval as residual clouds may drastically distort the aerosol product. This task has 
been solved within this work to ensure that the quality of the snow mask is sufficient for 
aerosol retrieval. 

A simple and robust cloud screening method was developed for AOT retrieval over snow 
using AATSR observations. The method uses a spectrum-shape control in seven VIS, NIR 
and TIR AATSR channels and does not require time-sequences of data, morphological 
analysis of the scene or manual tuning to set absolute thresholds. The method was compared 
to MODIS cloud mask for various dates and locations and showed good correspondence with 
it over flat snow, snow-covered mountain peaks, snow-covered forest and snow-covered ice. 
Both MODIS cloud mask and the developed snow mask were compared to AATSR 
operational cloud mask for nadir view, and showed that for some cases of snow surface the 
quality of AATSR operational cloud mask provided in the Level 1-b AATSR product is 
questionable. The AATSR operational cloud mask (initially developed for the use over 
ocean) needs an update for the use over other surfaces.  

The cloud screening developed within this work was validated against MPL data. The 
reliability of the method is 95% (on approximately 100 scenes). The presented cloud 
screening over snow and the spectral signature recognition method have a lot of potential and 
can be extended to work over other types of surface (including the complicated mixtures of 
snow with the other surface types). It can also be tuned to exclude aerosol pollution from the 
output clear snow mask (for example, for snow grain size retrievals or other applications 
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connected to the retrievals of the surface optical properties). Such retrieval provides an 
alternative to conventional usage of manually derived absolute thresholds and could be a 
candidate for the upcoming ESA Sentinel 3 mission. 

AOT retrieval algorithm in the visible spectral region 

A dual-view algorithm for AOT retrieval over snow in the visible spectral regions has been 
established and validated within this work. The developed AOT retrieval algorithm is based 
in the ratio of the two AATSR observation direction – forward and nadir – in order to reduce 
the role of high snow surface spectral albedo and only work with the directional properties of 
the surface at the two mentioned directions. The directional properties of the surface are 
approximated with the observed TOA reflectances as the first approximation, and then 
iteratively corrected for the atmospheric effect within the AOT retrieval procedure. This 
approach ensures the use of the optimal surface properties unique for each scene and provides 
an advantageous alternative to the modeled surface directional properties. 

A comprehensive feasibility analysis involving RT simulations has been performed for this 
approach and showed a gain of performance quality as compared to conventional approach of 
modeled surface reflectances. This approach may potentially be applied also to the other 
surface types. 

The AOT retrieval over snow was validated against AERONET data from the four High 
Arctic stations (Barrow, Resolute Bay, Hornsund, Longyearbyen). The correlation plot shows 
reasonable correlation within the uncertainties, caused by differences between AERONET 
instruments, unknown aerosol type and snow properties. Temporal analysis of the data can 
help to investigate the reasons of scatter (if it was, e.g., aerosol type change).  

The performance of the algorithm was demonstrated for the 550nm wavelength, but it can be 
also used for the other AATSR channels where snow has relatively high spectral reflectance, 
e.g. 660nm or 870nm. This algorithm can also be adapted to other multiview satellite sensors, 
like MISR or SLST of the future Sentinel 3 mission. 

Coarse mode AOT retrieval in the infrared spectral region 

In order to get the impression on the role of the coarse particles in the retrieved AOT, an 
infrared 3.7μm AATSR channel was used. Due to the low aerosol reflectance at this 
wavelength, a comprehensive analysis of aerosol scattering characteristics at 3.7 µm using 
RT calculations was performed. This involved simulating TOA reflectance and phase 
functions for coarse and accumulation modes of four main aerosol components. It was 
discovered that strong angular dependence of aerosol IR reflectance makes it possible to 
retrieve AOT at 3.7 µm at non-nadir angles. At the same time, aerosol reflectance is low for 
the nadir observation geometry, which allows us to use AATSR nadir observations at this 
wavelength for surface correction. A performed sensitivity study showed that AATSR IR 
calibration error would affect the resulting AOT within the range of several percent. 
Therefore the formerly known method of inverting the Planck function in order to extract the 
reflectance part from the BT product was used for the coarse mode AOT retrieval over snow. 
Further, a LUT-based algorithm was established to retrieve AOT over snow.  

The developed method has been validated against 4 high Arctic AERONET stations and 
shows reasonable agreement with no obvious over- or underestimation for AOT values below 
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0.1. The uncertainty of the retrieval grows with the AOT due to larger effect of aerosol type 
at larger AOTs. The presented method tends to be sensitive to large particles and could also 
be implemented for IR retrievals of clouds. 

Results from the case studies and comparisons to independent satellite retrievals 

Both VIS and IR AOT retrievals have been compared to the independent satellite retrievals to 
validate the AOT product. A number of case studies for pollution events in the Arctic have 
been performed to test the performance of the retrieval. These  pollution events and the 
results of the satellite AOT retrieval are shortly described below.  

Mineral dust formation and transport on Greenland during July 04/05, 2008 possibly 
occurred due to the special circulation system at Søndre Strømfjord including a downstream 
flow at ground level and an upstream flow at higher elevations, with the latter transporting 
aerosols onto the ice sheet. AATSR AOT retrieval performed for the 5th July 2008 showed a 
coarse AOT increase in the direction of the ice sheet, thus confirming the existence of the 
katabatic winds in the area. To confirm that the observed AOT increase has the atmospheric 
nature (and not the surface feature), the AATSR AOT retrieval has been performed for the 
next cloud free AATSR  overflight on 15th July 2008 and did not show any surface features in 
the area of interest. The VIS and IR AOT patterns generally correspond to each other, with 
the total VIS AOT being greater than the coarse IR AOT. Such an AOT offset might be 
caused by surface contamination of the VIS AOT retrieval. 

Biomass burning pollution transport to NyÅlesund occurred due to abnormally warm 
spring 2006, and the ground based sunphotometer observations show the increase of the 
AOT up to 0.6 at 500nm, which is a significant event for the Arctic region. In order to study 
the dynamics of the event, the VIS AATSR AOT retrieval has been applied to the time 
sequence of satellite scenes over Spitsbergen. The AOT increase is visible at the beginning of 
May 2006, which corresponds to the ground based observations. The IR AOT retrieval 
performed for the 3rd of May 2006 showed rather low fraction of coarse particles, which is 
often the case for biomass burning pollution events. The VIS and IR AOT retrievals were 
performed for the 3rd of May, 2006 to show the global AOT distribution in the whole Arctic 
region. The AOT pattern shows a polluted belt at 70° latitude, with cleaner areas closer to the 
pole. 

Boreal forest burning in Canada originated pollution transport into Alaska during 
summer 2004. The destination and pathways of this transport were partly lying over the 
snow and sea ice surfaces, and the MODIS AOT product being used to monitor this event had 
gaps over these bright reflecting regions. The AATSR AOT retrieval over snow and ice 
performed for the 4th of July, 2004, filled the gap in the AOT product and enabled detailed 
analysis of the fine and coarse particles distribution within the studied scene. The AATSR 
AOT product corresponds well to that of MODIS; a good accuracy of the developed cloud 
screening algorithm is confirmed with correctly screening out cirrus clouds over snow, but 
leaving coarse mode aerosol pollution unscreened. 

Kizimen volcano eruption at Kamchatka, 29-30 March 2011 was associated with the BrO 
and SO2 emissions according to the GOME-2 data. Ground observers confirmed the existence 
of the volcano ash plume on these dates. Satellite IR AOT retrieval has been performed to 
find out whether this pollution event is visible from space. The resulting AOT product 
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showed an increase of the AOT at the location of the BrO and SO2 plumes, thus 
corresponding to GOME-2 data and the ground observations.  

All the retrieved AOT maps show reasonable AOT patterns and correspond well to the AOT 
retrievals using MERIS and MODIS data, and to SO2 and BrO products retrieved with 
GOME2 data. 

The test of the algorithm over Antarctica showed the ability of the method to correctly 
estimate the background AOT also over Antarctic snow surfaces. 

The case study performed for the dust storm event observed at Greenland may prove the 
existence of the backward katabatic wind circulation which has been modeled but not 
confirmed by observations so far. 

 

Open questions and future work 

 

The developed algorithms are the first promising steps towards a retrieval of AOT over snow. 
However, on the long term there are still possibilities to improve these algorithms. 

In some cases, the existing surface correction is not sufficient and produces an AOT offset for 
both VIS and IR AOT retrievals; this is most probably connected to insufficiently considered 
snow surface directional properties and need further investigation. 

Also, the usage of a fixed aerosol type on extended temporal and global scale is a very rough 
approximation; it introduces an offset in the resulting AOT product depending on how far the 
assumed aerosol type is from the real aerosol load within the scene. This also produces a 
fairly large scatter in the coarse mode AOT product of the IR AOT retrieval algorithm. This 
disadvantage can be corrected with the multispectral AOT retrieval, and the first step towards 
such retrieval has been made within this work via establishing two AOT retrievals in the VIS 
and IR spectral regions. The fully operational spectral AOT retrieval over snow is the subject 
of the future research. 

Including these improvements could strengthen the capabilities of retrieving AOT over snow 
and lead to more accurate observations of AOT in the Arctic region. As was already 
mentioned, the presented algorithm is not limited to the AATSR satellite sensor, but is 
adaptable to future missions with similar specifications. Setting up such retrievals for global 
scale long term processing will help to clarify many uncertainties about aerosol influence on 
regional and global climate. 
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List of  abbreviations 
 

AATSR  Advanced Along-Track Scanning Radiometer 
AERONET Aerosol Robotic NETwork 
AOD  aerosol optical depth 
AOT  aerosol optical thickness 
ATSR  Along-Track Scanning Radiometer 
AVHHR  Advanced Very High Resolution Radiometer 
BAER Bremen Aerosol Retrieval 
BRDF  bidirectional reflectance-distribution function 
BRF  bidirectional reflectance factor 
BT  brightness temperature 
CCN  cloud condensation nuclei 
CMDL  Climate Monitoring & Diagnostics Laboratory 
DN  digital number 
ENVISAT  Environmental Satellite 
GBTR  Gridded Brightness Temperature/ Reflectance 
GLI  Global Imager 
IN  ice nuclei 
IPCC  International Panel on Climate Change 
IR  infrared spectral region 
LOSU  level of scientific understanding 
LUT  look-up table 
LWC  liquid water content 
MERIS  Medium Resolution Imaging Spectrometer  
MISR  Multi-angle Imaging SpectroRadiometer 
MODIS  Moderate Resolution Imaging Spectroradiometer 
NDVI  normalized differenced vegetation index 
NIR  near infrared spectral region 
NOAA  The National Oceanic and Atmospheric Administration 
OPAL  the Zero altitude PEARL Auxilary Laboratory 
OT  optical thickness 
PEARL  Polar Environment Atmospheric Research Laboratory 
POLDER  POLarization and Directionality of the Earth Reflectance 
RF  radiative forcing 
RMSD  root mean square deviation 
RT  radiative transfer 
RTE  radiative transfer equation 
SeaWIFS  Sea-viewing Wide Field-of-view Sensor 
SEVIRI  Spinning Enhanced Visible Infra-Red Imager 
SGLI  Second Global Imager 
SLST  Sea and Land Surface Temperature Instrument 
SSA  single scattering albedo
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SZA  solar zenith angle 
TIR  thermal infrared spectral region 
TOA  top of atmosphere 
UCSB  University of California, Santa Barbara 
UMBC  University of Maryland, Baltimore County 
USGS  U.S. Geological Survey 
VIS  visible spectral region
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List of  used symbols 
 
Latin: 
 
𝑎  surface albedo 
an (bn ) complex-valued Mie coefficients 
𝐴  planetary albedo 
Bλ(BT)  Planck function at some λ for temperature BT 
d  particle size 
ds  infinitesimal length (path) 
𝐸  diffuse transmittance 
𝑓  bidirectional reflectance-distribution function (BRDF) 
𝐹  solar irradiance at the top of atmosphere (TOA) 
g  asymmetry parameter 
𝐼  radiance (radiation intensity). See subscripts and superscripts for local 

meaning 
𝐈  Stokes vector 
𝐽  radiance source term 
m  complex refractive index 
M  target observation point 
M(z)   air mass 
𝑛  real part of the complex refractive index 
n(r)   number size distribution 
𝑝   scattering phase function (indicatrix) 
Q  horizontal (vertical) linear polarization component of the Stokes vector 
𝑄𝑠   scattering efficiency 
𝑄𝑒   extinction efficiency 
𝑄𝑎   absorption efficiency 
r   distance 
re  effective radius 
𝑟(𝜆)   atmospheric hemispherical albedo 
R   radius of the Earth; particle radius
𝑆   solar constant (1367 W m-2) 
𝑇1(𝜆, 𝜇0)  total (direct + diffuse) atmospheric transmittance from the TOA to the 

surface 
𝑇2(𝜆, 𝜇)   the total (direct + diffuse) atmospheric transmittance from the surface to a 

receiver 
𝑇𝑒   effective radiation emission temperature of the Earth 
U   tilted linear polarization component of the Stokes vector 
V   circular polarization component of the Stokes vector 
𝑧   altitude
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Greek: 
 
𝛼  Ångström wavelength exponent; particle size parameter 
𝛽𝑑(𝛽𝑤, 𝛽𝑡) first-order loss rate constant for dry deposition (wet deposition, transport 

to the stratosphere) 
δAOT  AOT retrieval error 
ε  emittance 
𝜃  viewing zenith angle 
𝜃0  solar zenith angle 
𝜗  scattering angle 
𝜆 wavelength 
𝜇 cosine of the viewing angle, cos𝜃 
𝜇0  cosine of the illumination angle, cos𝜃0 
𝜌𝑇𝑂𝐴(𝜆, 𝜇0, 𝜇,𝜑)  total directional reflectance at the TOA  
𝜌𝑎𝑡𝑚(𝜆, 𝜇0, 𝜇,𝜑)  atmospheric directional reflectance at the TOA 
𝜌𝑠𝑓𝑐(𝜆)  surface Lambertian reflectance at the TOA 
𝜌𝑠𝑓𝑐(𝜆, 𝜇0, 𝜇,𝜑)  surface directional reflectance at the TOA 
�̅�𝑠𝑓𝑐(𝑀, 𝜆, 𝜇0, 𝜇,𝜑)  average angular reflectance of the target illuminated with the diffuse 

light only 
〈𝜌𝑠𝑓𝑐(𝑀, 𝜆, 𝜇0, 𝜇,𝜑)〉component of the 𝜌𝑠𝑓𝑐(𝜆, 𝜇0, 𝜇,𝜑) accounting for multiple light 

scattering from the environment of the target M in the direction of the 
observation 

𝜎  the Stefan-Boltzmann constant 
𝜎𝑎  volume absorption coefficient 
𝜎𝑒  volume extinction coefficient 
𝜎𝑠  volume scattering coefficient 
Σ𝑟𝑒𝑠  residence time 
𝜏  optical thickness (depth) 
𝜏𝐴  aerosol optical thickness (AOT) 
𝜏𝑅 Rayleigh optical thickness 
𝜏𝐺  gaseous optical thickness 
𝜑  azimuthal angle of the detector  
𝜑0  azimuthal angle of the sun 
𝜑′  relative azimuth angle, equals 𝜑0 − 𝜑 
𝜒  imaginary part of the complex refractive index 
𝜔0  single scattering albedo 
𝜔�0  bulk single scattering albedo 
Ω  the unit solid angle 
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