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Abstract

Influence of the some of the the most important processes contributing ozone variabil-
ity (stratospheric aerosol loading, Brewer-Dobson circulation, QBO, solar variability,
changes in stratospheric chlorine loading) is studied using updated meteorological and
total ozone data sets. Accumulated winter eddy heat flux has been proposed as a new
proxy for the attribution of dynamical influence on ozone change. A compact rela-
tionship between winter ozone gain and eddy heat flux has been demonstrated. It is
shown that eddy heat flux not only controls high-latitude winter ozone gain but also
chemical ozone loss due to heterogeneous chemistry. Influence of 11-year solar cy-
cle on the stratospheric temperatures is confirmed using long term meteorological data
(1958-2005) from NCEP and ECMWF. It has been observed that polar stratospheric
temperatures and solar flux show strong coupling during westerly phase of QBO. Re-
gression analysis (1979-2005) shows that mid-winter polar stratospheric temperatures
are generally higher during solar maxima but lower during early winter months. The
opposite is true during solar maxima. A new multivariate regression model has been
used to study long term ozone trends as well changes in ozone trends due to changes in
stratospheric halogen loading. Using WFDOAS GOME [1995-2003], SBUV V8 (1979-
2003) and TOMS/SBUV merged (1979-2005) total ozone data sets, detailed analysis
has been carried out. Largest negative ozone trends are observed at high latitudes dur-
ing winter season (SH: −12 DU/decade, NH: −8 DU/decade) beyond 50◦ latitudes. In
tropical latitudes ozone trends are quite small. Solar variability contributes up to 6-8 DU
ozone change whereas QBO explains most of the ozone variability in tropical latitudes.
It is also shown that the increase in planetary wave driving and solar cycle maxima
contributed significantly to the observed increase in NH mid-high latitude total ozone
since the late 90s. Replacing linear trend term with EESC, regression model shows that
changes in ozone trends due to decline in halogen loading are up to 4 DU/decade in NH
and 8 DU/decade in SH.
Influence of planetary wave driving on tropical lower stratospheric water vapor has been
studied using SAGE V6.2 (1984–2005) and HALOE V19 (1991–2005) water vapor
data. A compact relationship between global eddy heat flux (averaged from both hemi-
sphere) at 50 hPa and tropical lower stratospheric water vapor (averaged between 16–20
km) have been demonstrated. Some years, such as 1991, 1997 show departure from the
observed relationship indicating that water vapor variability in the tropical lower strato-
sphere can not be solely attributed to the strength of Brewer-Dobson circulation. It is
also shown that decrease in stratospheric water vapor since 2000, is related to increase
in planetary wave driving from both hemisphere. Regression analysis shows that such
a increase in wave driving contributed up to 0.7 K cooling in the tropical lower strato-
sphere.
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1 Introduction

Ozone is an important greenhouse gas in the earth’s atmosphere which supports life by
absorbing harmful ultraviolet radiation. Ozone shows large spatial and temporal vari-
ability which is regulated by various atmospheric processes. This thesis is an attempt to
understand the possible influence of some of key atmospheric processes on stratospheric
ozone. This chapter provides an overview of general characteristics of the atmosphere.
Vertical structure of the atmosphere is explained in Section 1.1. Zonal mean structure as
well as inter-hemispheric differences (primarily stratospheric) in wind and temperature
fields are discussed in Section 1.2. Important and relevant concepts such as ozone pro-
duction, chemical ozone loss, and the ozone hole are briefly introduced in Section 1.3.
Some of the important pathways and feedback mechanisms involved in ozone- climate
interaction are assessed in Section 1.4. The objectives of this study are summarised at
the end of this chapter.

1.1 Vertical structure of the atmosphere

The atmosphere is a thin layer of gases surrounding our planet that is held around the
earth by gravitational attraction. Most of these gases are well mixed in the atmosphere,
however the atmosphere itself varies significantly with altitude. The air pressure (p) is
of the order of 1000 hPa near the surface (z0) and decreases exponentially with height
(z) as follow:

p(z) = p(z0)exp
z− z0

H
, (1.1)

where, the atmospheric scale height

H =
RT
g

, (1.2)

is about 7 km in the stratosphere.

The atmosphere is generally divided into several vertical segments based on different
criteria. Most common division is by the structure of the temperature gradient. The
lowermost part of the atmosphere where temperature decreases with altitude is called
the troposphere. The troposphere extends from the surface to the tropopause at an
approximate altitude of 18 km in the tropics, 12 km at mid-latitudes, and 6-8 km near
the poles. This layer contains about 90% of the atmospheric mass and is often dynami-
cally active with rapid exchange of energy and mass being associated with convective
overturning (hence the name “turning sphere”) and an intensive water cycle. Above the
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troposphere lies a stable layer called the stratosphere, where temperature increases with
altitude. This layer extends up to 50 km (stratopause) and contains 90% of atmospheric
ozone. In the stratosphere (from about 18-50 km), the temperature gradient is reversed,
mainly due to the absorption of ultraviolet (UV) radiation by ozone (O3) molecules.
The negative temperature lapse rate suppresses vertical motion and creates a very stable
dynamical environment, dominated by radiative processes (hence the name “layered
sphere”). In the mesosphere (50-80 km) temperature again decreases with altitude as
ozone heating diminishes. Further up, in the thermosphere, molecules are ionised by
energetic solar radiation. This part of the atmosphere has a minor influence on processes
lower down. Above an altitude of about 500 km lies the exosphere where air molecules
collide so rarely that only the gravitational field prevents them from escaping our planet.

In some cases the atmosphere is also classified on the basis of general homogeneity
of atmospheric composition. The heterosphere is characterised by variation in compo-
sition and mean molecular weight of the constituent gases. It lies roughly between 100
and 500 km where the air density is so low that transport is dominated by molecular dif-
fusion, which creates a stratification of gases by molecular weight. In the homosphere,
below about 100 km, the air is well-mixed. In some cases, the entire atmosphere above
the troposphere is called the “upper atmosphere”, the perspective which suggest that
it is sufficient to distinguish between the part of the atmosphere that really matters for
our daily weather (the troposphere) and “the rest”. By now, the stratosphere and the
mesosphere together are commonly referred to as “middle atmosphere”, a term that re-
flects the recognition of the importance of this part of the atmosphere in our climate
and weather. This thesis focuses mainly on the stratosphere and its coupling with the
troposphere.

1.2 Zonal structure of the atmosphere

If the atmosphere would be plane-parallel, with a constant uniform influx of solar
radiation, the description in the previous section would have explained much of its
large scale structure. In reality, the earth is a tilted rotating sphere, that follows an
annual motion around the Sun. Hence, the air motions are subjected to a Coriolis
force, and the earth-atmosphere system experiences differential heating, changing
with seasons. These asymmetries play a crucial role in the atmosphere’s structure and
dynamics. Climatological zonal mean temperature cross sections in the lower and
middle atmosphere are shown in Figure 1.1. As very little solar radiation is absorbed
in the troposphere, the thermal structure of the troposphere is maintained by an
approximate balance between infrared radiative cooling, vertical transport of sensible
and latent heat away from the surface by small scale eddies. The net result is a mean
temperature structure in which maximum surface temperature is observed in equatorial
region and decrease in surface temperature towards the winter as well as summer pole.
Meridional heat transfer is mainly accomplished by synoptic disturbances generally
in the zonal wind fields (see Figure 1.2). At low latitudes, where the Coriolis force is
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weak, meridional overturning is accomplished by the Hadley circulation, with air rising
near the equator and sinking at subtropical latitudes.

In addition, non-uniform solar heating responses in land-sea patterns are not only
responsible for inter-hemispheric different climate systems but also drives zonal
Walker circulations along the equator. El Niño /Southern Oscillation (ENSO) is an
interesting example of the Walker circulation. An additional asymmetry is introduced
by topography that generates several types of wave motions, from fast gravity waves to
planetary scale Rossby waves.

In the stratosphere, infrared radiative cooling is on average balanced by radiative
heating due to the absorption of solar ultraviolet radiation by ozone. The meridional
temperature structure in the middle atmosphere is also quite different compared to the
troposphere. In lower stratosphere the largest heating takes place over the summer
pole and the largest cooling over the winter pole. At the equinoxes, the largest heating
is over the equator while cooling at both poles. Ozone plays a crucial role in the
radiation budget, creating a complex interplay between chemical composition and
transport dynamics. The zonal mean temperature distribution is also affected by heat
transport and adiabatic warming or cooling. A slow meridional circulation is driven
by planetary and gravity waves from the extra-tropical troposphere. These waves
propagate upward and break in the stratosphere and mesosphere, decelerating the wind
flow and perturbing the geostrophic balance between the pressure gradient and Coriolis
forces, thus causing a convergence and down-welling over the poles (accompanied by
compression and adiabatic warming), and, by mass continuity, up-welling in the tropics
(accompanied by expansion and adiabatic cooling) [Haynes et al., 1991; Rosenlof ,
1995].

Dobson [1930] and Brewer [1949] first proposed the resulting large-scale Brewer-
Dobson (BD) circulation, which explains the observed distribution of stratospheric trace
gases, including the dehydration of stratospheric air that enters through the cold tropical
tropopause. This BD circulation also explains the fact that maximum ozone concentra-
tions occur at high latitudes in the lower stratosphere in spring, though ozone is mainly
produced in the tropical upper stratosphere (See Figure 1.3). Temperature gradient be-
tween tropics and mid-high latitudes creates a strong circumpolar jet, which isolates the
air at the pole and leads to further cooling. The area inside this jet is generally referred as
the polar vortex. It includes the downward branch of the BD circulation (see Figure 1.3).
In fact, the planetary waves that drive the meridional overturning only reach the strato-
sphere during certain period in winter, when the stratospheric background winds are
westerly but not too fast [Charney and Drazin, 1961]. The large-scale descent through-
out the winter causes compression and adiabatic heating in the lower stratosphere, so
that the air is warmer than it would be in radiative equilibrium. The vortex generally
persists well into spring, when the returning sunlight warms the pole and reduces the
latitudinal pressure gradient and thus the strength of the polar night jet. The break-up
of the vortex and the transition to the summer wind regime are associated with the final



8 1 Introduction

Figure 1.1: Climatological zonal temperature (in K) field for NH winter (January)
and SH winter (July). Temperature and zonal wind climatology known
as COSPAR International Reference Atmosphere (CIRA-86) is obtained
from SPARC (Stratospheric Processes And their Role in Climate) web page
http://www.sparc.sunysb.edu [Fleming et al., 1988].

Figure 1.2: Same as Figure 1.1, but for zonal wind (in m/s) field.
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major stratospheric warming. While planetary waves are the main driver of the strato-
spheric component of the large-scale wave driven circulation whereas the mesospheric
component primarily relies on breaking gravity waves [Holton et al., 1995].

1.3 Ozone chemistry

Ozone consists of three oxygen atoms bound together and can be protective or harm-
ful to life on Earth depending on where it resides. In the stratosphere ozone acts as a
shield to protect Earth’s surface from the sun’s harmful ultraviolet radiation. Without
this shield, we would be more susceptible to skin cancer, cataracts, and impaired im-
mune systems[WHO, 1995]. At ground level, ozone is a health hazard. It is a harmful
pollutant that causes damage to lung tissue and plants. Most of ozone resides in the
stratosphere (more than 90/the equator) and denser towards the poles (shown in Figure
1.4). The amount of ozone above a point on the earth’s surface is measured in Dobson
units (DU), typically ∼260 DU near the tropics and higher elsewhere, though there are
large seasonal fluctuations. It is created when ultraviolet radiation (sunlight) strikes the
stratosphere dissociating (or “splitting”) oxygen molecules (O2) to atomic oxygen (O).
The atomic oxygen quickly combines with further oxygen molecules to form ozone.

Chapman mechanism

The original mechanism for atmospheric ozone formation and destruction from oxygen
species was suggested by Chapman in 1930. The elementary reactions which constitute
the Chapman mechanism are as follows.

Solar ultraviolet radiation of wavelength less than 242 nm slowly dissociates molec-
ular oxygen.

O2 + hν → 2O (1.3)

The oxygen atom (O) reacts rapidly with O2 in the presence of a third molecule, denoted
as M (usually O2 or N2) to form ozone,

O + O2 + M → O3 + M (1.4)

Reaction 1.4 is probably the only reaction that produces ozone in the atmosphere. The
O3 molecule formed in above reaction strongly absorbs radiation in the wavelength
below 320 nm to decompose back to O and O2.

O3 + hν → O + O2 (1.5)

Additionally O3 can react with atomic oxygen to convert back to O2 molecules.

O +O3 → 2O2 (1.6)
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Combination of two atomic oxygen atoms (O) in the presence of third body also alters
the concentration of O producing O2 molecule.

O + O (+M)→ O2 (+M) (1.7)

The UV absorption of O2 in the region 175-195 nm (Shuman-Runge band) and for-
mation of O from O2 (reaction 1.3) are important reactions in the mesosphere where
they lead to large concentrations of O. The oxygen atom concentration decreases with
decreasing altitude as the intensity of light in Shuman-Runge band weakens as [M]
rises, increasing speed of reaction 1.4. The ratio [O3]/[O] increases and reaction 1.4
dominates over reaction 1.5 in the stratosphere. The oxygen family can be divided into
two types even oxygen (O2) and odd oxygen (O and O3). The odd oxygen species are
quite reactive and inter-convert rapidly through 1.4 and 1.5 and hence in reality these
reactions do not affect ozone production or destruction. The formation of odd oxygen
in 1.3 is driven by UV radiation, which is primarily absorbed in upper stratosphere. As
intensity of solar radiation is highest over tropical region, ozone formation mainly takes
place in tropical stratosphere.

Homogenous chemical ozone loss

Some years after Chapman’s work it was discovered that observed ozone concentrations
can not be adequately explained by Chapman reactions. Estimated total ozone values
from Chapman mechanism are too high in tropics and too low at higher latitudes. On
global scale this mechanism predicts almost 800 DU total ozone compared to observed
300 DU (see Figure 1.4). Role of two other mechanisms in controlling ozone amount
in the atmosphere (mainly in the stratosphere) was recognised. Firstly, it was noted
that ozone is transported from tropics to higher latitudes through BD circulation (dis-
cussed in detail in Chapter 3). It also explains lower total ozone in the tropics although
ozone production is highest there. Secondly, it was observed that both O and O3 re-
act with various other chemical species which alters the ozone budget significantly. It
was found that ozone can be destroyed by a number of free radical catalysts. Among
these the most important are hydroxyl (OH) [Bates and Nicolet, 1950], nitric oxide
(NO) [Crutzen, 1970, 1974] and atomic chlorine (Cl) and bromine (Br) [Stolarski and
Cicerone, 1974; Molina and Rowland, 1974]. All of these radicals have natural and
anthropogenic (manmade) sources. The catalytic reactions involved can be summarised
as follows,

X +O2 → XO+O2 (1.8)

O+XO→ O2 +X , (1.9)

where X and XO are chain carriers involving HOx, NOx, ClOx and BrOx families and
X=OH, NO, Cl, Br. At present, most of OH and NO in the stratosphere is of natural
origin, but human activity has dramatically increased chlorine and bromine. They are
found in certain stable compounds, especially chlorofluorocarbons (CFCs), which may
find their way to the stratosphere.
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Figure 1.3: Schematic diagram of the different regions and some of the important pro-
cesses in the upper troposphere and lower stratosphere. Broad arrows shows
direction of BD circulation and wavy arrows denote transport along isen-
tropic surfaces. The average position of the tropopause is shown by the
lower thick-black line, the average position of the stratopause by the upper
thick-black line, and the 380-K isentropic surface by the thick-black dot-
dashed line. (Update from Eyring et al. [2005])

Polar stratospheric clouds and ozone hole

The stratosphere is very dry compared to the troposphere. Water vapor mixing ratios
are generally of the order of few parts per million (ppm) in the stratosphere. But as
noted earlier polar stratosphere is very cold during winter and early spring, specially in
SH polar stratosphere where temperature can reach as low as 185 K. In addition due
to strong polar jet, air inside the polar vortex remain isolated from the surrounding
for quite long time. In such a dynamical condition even very little amount of water
vapor gets condensed to form the polar stratospheric clouds (PSCs). A natural layer of
aerosols (mainly sulphates) in polar lower stratosphere generally provides the required
cloud condensation nuclei. PSCs are generally classified in two categories. Clouds
with temperatures above and below frost point temperature are called as Type I and
Type II PSCs respectively. Type I PSCs have been further subdivided into Type Ia and
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Figure 1.4: Monthly zonal mean total ozone (in DU) from GOME [1995-2003] (left
panel) and 70 hPa zonal mean temperature (in K) from NCEP [1995-2003]
(right panel). Note that both temperature and total ozone shows very less
seasonal variation in tropical latitudes whereas in high latitude amplitude of
seasonal variation is largest. During winter season satellite measurements
are not possible in polar region due to lack of sunlight. Very cold strato-
spheric temperatures and lower total ozone values during SH winter season
are clearly visible.

Type Ib. Clouds with nitric acid trihydrate (HNO3.3H2O) or NAT crystals are identified
as Type Ia PSCs. Type Ia clouds are generally observed when temperatures fall below
195 K, while Type Ib occur at temperatures of about 191 K. Type Ib, PSCs consists
of supercooled ternary solutions of HNO3/H2SO4/H2O while Type II PSCs are mainly
large frozen water ice, nonspherical crystalline particles.

Type I PSC particles are generally smaller in size (∼1 micron) and hence sedi-
mentation velocity is of the order few meters per day. Type II PSC particle are much
larger ( ≥10 micron) with sedimentation velocity of the order of 1.5 km/day. This
sedimentation process in very important in polar chemistry as it transports reactive
nitrogen and water out of the stratosphere. The removal of the reactive nitrogen is called
as denitrification and the removal of the reactive water vapor is known as dehydration.
Due to large winter-time interhemispheric temperature differences, formation of PSCs
is quite different in both the hemispheric (see Figure 1.4). In SH, polar stratospheric
temperatures are extremely low, PSCs form in early winter and persist till late winter.
Type II PSCs are formed each year inside Antarctic polar region in large amount
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leading both denitrification and dehydration in each year. Denitrification leads to
decrease in reactive NO2 which generally reacts with ClO to form reservoir (discussed
in the following paragraph). This results in a maintenance of high levels of active
chlorine that can continuously destroy ozone. In Arctic stratosphere, due to unstable
polar vortex denitrification and dehydration are not regular phenomenon.

Large decrease in stratospheric ozone in spring over Antarctic were reported by
British Antarctic Survey (BAS) team in 1985 [Farman et al., 1985] (see Figure 1.5).
These findings were latter confirmed by satellite data set. Massive decreases in high
latitude ozone during spring has become a regular phenomenon, and is widely known
as ”ozone hole” (also see Figure 1.4). Initially such a decreases were attributed to gas-
phase catalytic chemical ozone loss associated with the ClOx and NOx. Later it was
realized that atomic oxygen (O) required for these reactions can not be available in
polar stratosphere due to large solar zenith angle which controls the photochemical de-
composition of O2. In addition, catalytic ozone loss due to halons and CFCs can cause
only up to 5-10% of ozone loss in upper stratosphere. But large ozone decreases were
observed in lower stratosphere. Later it was realized that PSCs play larger role in ozone
loss through heterogenous chemistry [Solomon et al., 1996]. In first step, PSCs absorbs
gaseous HCl efficiently followed by heterogeneous reaction,

HCl(s)+ClONO2 →Cl2 +HNO3 (1.10)

where (s) denotes the species on the surface of ice. This reaction occurs when temper-
atures drop below 200 K. Gaseous Cl2 released from PSCs in above reaction rapidly
photolyses to produce free chlorine atoms, while HNO3 remains trapped in the ice.
Such a trapping of HNO3 further facilitates catalytic ozone loss by removing NOx from
the system which might otherwise react with ClO to form ClONO2,

Cl2 +hν → 2Cl (1.11)

2[Cl +O3 →ClO+O2] (1.12)

Efficiency of ozone loss by above reaction critically depends on cold temperatures and
sunlight. Absence of either of them leads to termination of ozone destruction mecha-
nism. Cold temperatures are needed to form PSCs to provide surfaces for heterogenous
reactions. The reservoir species such as ClONO2 and H2O2 reacts heterogeneously with
PSCs on which HCl have been absorbed to form HCl, HOCl or ClNO2. Sunlight is re-
quired to photolyse gaseous Cl2, HCl and ClONO2. Such conditions are available in
polar stratosphere during early spring, which causes such large ozone losses and hence
the formation of the ozone hole.

Montreal protocol

As noted earlier CFCs are major sources of stratospheric bromine and chlorine. CFCs
were developed in the 1930’s as a safe, non-toxic, non-flammable replacement of dan-
gerous substances like ammonia that are used as refrigerant and spray can propellants.
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Their usage grew enormously over the years. CFCs are diverse organic compounds
composed of carbon, fluorine, chlorine, and hydrogen. These halogenated hydrocar-
bons, notably trichlorofluoromethane (CFC-11, or F-11) and dichlorodifluoromethane
(CFC-12, or F-12), have been used extensively for these applications because they
can readily be converted from a liquid to a gas and vice versa. During the 1970s, it
was discovered that CFCs released into the atmosphere accumulate in the stratosphere,
where they had a deleterious effect on the ozone layer.

In the stratosphere, the CFC molecules break down by the action of solar ultraviolet
radiation and release their constituent chlorine atoms. These then react with the ozone
molecules, resulting in removal of the latter. The lifetime of CFCs in the atmosphere is
about 20 to 100 years, and consequently one free chlorine atom from a CFC molecule
can do a lot of damage, destroying ozone molecules for a long time. Based on this
mechanism, Molina and Rowland [1974] noted the potential impacts of the chlorine
released by CFCs. Given the crucial function of stratospheric ozone in filtering solar
UV radiation (and its role in the overall structure of the atmosphere), the potential of
large-scale ozone depletion raised growing concerns about the emissions of CFCs. In
the late 1970s, international negotiations were started to limit the use of CFCs, result-
ing in the 1985 Vienna Convention for the Protection of the Ozone Layer. Indeed, the
rise in CFC emissions has resulted in a decrease of global mean ozone concentrations
by up to 5% [WMO, 2003]. Just after the adoption of the Vienna Convention, Far-
man et al. [1985] discovered the Antarctic ozone hole: a dramatic decrease in ozone
columns inside the Antarctic vortex (see Figure 1.5). Following this discovery gov-
ernments from various countries recognised the need for stronger measures to reduce
the production and consumption of a number of CFCs (CFC 11, 12, 113, 114, and
115) and several halons (1211, 1301, 2402). The “Montreal Protocol on Substances
that Deplete the Ozone Layer“ was adopted on 16 September 1987 at the headquarters
of the International Civil Aviation Organisation in Montreal. The protocol came into
force on 1st January 1989, when it was initially ratified by 29 countries (for details see
http://ozone.unep.org/Treaties and Ratification/ )

1.4 Some aspects of ozone-climate interaction

Long term decrease in stratospheric ozone concentration has been reported in number
of studies [WMO, 1995, 1999, 2003]. But the coupling between stratospheric ozone
and climate (or associated forcing) is quite complex and contains variety of direct and
indirect effects and feedback mechanisms. Although ozone abundance is very small
(just a few parts per million), it is a strong greenhouse gas and hence plays an important
role in determining radiative (and dynamical) structure of the atmosphere. Some of the
important mechanisms of ozone-climate interaction are shown in Figure 1.3. Some of
these mechanisms contribute significantly to ozone variability while some of them have
quite minor influence on ozone. In order to understand future evolution of ozone layer,
it is necessary to have a good understanding of their influences. Some of the important
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Figure 1.5: Total ozone for October from Faraday [65◦S] and Halley Bay [75◦S]. Data
is obtained from web page http://www.antarctica.ac.uk/met/jds/ozone. (Up-
date from Farman et al. [1985])

possible mechanisms are discussed below.

Stratospheric temperatures

Changes in stratospheric temperature have a two way effect. The chemical ozone loss in
the stratosphere is determined by the amount of chlorine, bromine, nitrogen and hydro-
gen oxides, and the reactions rates are highly sensitive to the temperatures. A decrease
in stratospheric temperatures leads to an increase in heterogenous chemical ozone loss
and the decrease in ozone further enhances stratospheric cooling. In addition, changes
in temperatures indirectly affect climate by modifying stratospheric (and tropospheric)
dynamical processes. As shown by Ramaswamy et al. [2001], global and annually
averaged stratospheric temperatures have decreased during the past three decades. Ra-
diosonde (and satellite) data indicate statistically significant cooling trend in middle
stratosphere after 1980s compared to prior period. It has been suggested that the effects
of ozone and CO2 are responsible for the observed stratospheric cooling [Ramaswamy
et al., 2001] and such change may further intensify the strength and duration of the
polar vortex and consequently enhance the ozone depletion [Langematz et al., 2003;
Braesicke and Pyle, 2003, 2004].

Solar variability

The solar radiation changes on short as well as long time scales. Changes in solar UV
irradiance influence atmospheric ozone burden through radiative and chemical interac-
tion with climate. The small changes in UV radiation can alter ozone production rate
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and hence dynamical structure of the atmosphere through radiative heating. Influence
of the 11 year solar cycle on stratospheric temperatures, geopotential height, and wind
field have been shown by Labitzke [1987] and Labitzke and Loon [1988]. There is
also observational evidence of increase in ozone in tropics during solar maxima [Zere-
fos et al., 1997; Hood et al., 1997]. Modelling studies with general circulation models
show consistent dynamical response with enhanced solar radiation and associated ozone
changes. This response can be amplified through QBO, changes in Hadley cell circula-
tion and movement of Ferrel cell (planetary waves are generated in this region) towards
the polar region [Haigh, 1999; Larkin et al., 2000].

Changes in greenhouse gases

Significant increases in well-mixed greenhouse gases (GHGs) (CO2: 31%, N2O: 16%,
CH4: 150%) is estimated in IPCC [2001]. Emissions are still increasing and there is no
indication of a future reduction of their atmospheric concentrations. These emissions
are generally believed to lead to global warming in the troposphere and cooling in the
stratosphere and may accelerate the rate of climate change. Increases in GHGs also have
a dual effect. It leads to global warming and global warming increases GHGs emission
through natural processes [Hansen and Sato, 2004; Hansen et al., 2005; Zimov et al.,
2006]. The average global surface temperature is expected to rise by 0.6-2.5◦ C in the
next fifty years, and 1.4- 5.8◦C in the next century, with significant regional variation.
Evaporation will increase as the climate warms, which will increase average global
precipitation. Soil moisture is likely to decline in many regions and intense rainstorms
are likely to become more frequent.

Stratospheric water vapor

Observations indicate that stratospheric water vapor (WV) has increased by about 1 %
per year since 1981 [SPARC, 2000]. It is believed that methane oxidation can contribute
to rising levels of WV (or OH concentration) in the stratosphere as well as WV directly
emitted by aircrafts in the lower stratosphere. But observed trend is substantially larger
than can be attributed to observed changes in stratospheric CH4. Another possibility is
through changes in the stratospheric entry mechanism. It is widely accepted that WV
enters the stratosphere through the tropical tropopause [Rosenlof , 2003] and trend in
H2O is likely to be caused by changes in the tropical tropopause region. It cannot be
simply due to changes in temperatures, since these have actually decreased, and not in-
creased as would be needed for an H2O increase [SPARC, 2000]. Such increasing trends
in stratospheric WV can have serious implication in future evolution of ozone layer as it
can enhance homogenous as well as heterogenous chemical ozone loss [Shindell et al.,
1999b]. Increase in WV can increase amount of odd hydrogen in the stratosphere and
can enhance the ozone loss through gas phase chemistry. In addition, the coupling pro-
cesses between HOx and NOx/ClOx also affect the ozone destruction by other catalytic
reaction cycles. The increase in WV can also intensify the denitrification of the Antarc-
tic winter stratosphere caused by an enhanced formation of polar stratospheric clouds
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[Tabzadeh et al., 2000]. Thus it further facilitates the catalytic ozone removal by the
ClOx [Stenke and Grewe, 2005].

Volcanic eruptions

Strong volcanic eruptions have a significant impact on the earth’s climate. Volcanic
eruptions inject large amount of fine particles of magma as well as ash and gases into
the atmosphere. Volcanic gases are dominated by H2O (∼80%), and CO2 (∼10%), and
the rest is made up of N2, SO2, H2S, CO, H2, HCl, and HBr. Volcanic aerosols, formed
by sulphur species injected into the stratosphere are the main agents of climate effects
[Robock, 2000]. These stratospheric aerosols affect the global radiation by absorbing
and back-scattering incoming solar radiation; the former leads to stratospheric heating,
while the latter to surface cooling. Stratospheric heating results in a perturbation of the
atmospheric dynamics by affecting vertical and meridional circulation. The volcanic
aerosols may also catalyse a reduction of stratospheric ozone through heterogeneous
chemical reactions [Solomon et al., 1996; Tabzadeh et al., 2002]. As ash, water vapor,
SO2, HCl and other gaseous species are injected into the atmosphere, the ash falls out of
the atmosphere very rapidly. Ash therefore has little global climate impact beyond local
cooling that is often manifested in reduced amplitude of the diurnal cycle of surface
temperature variations. Moreover, water vapor and soluble gaseous components like
HCl, condense as temperatures drop in the upper troposphere and often rain out within
few hours to weeks before they enter the stratosphere. Since most volcanic eruptions
are effusive, they have little chance to impact the global atmosphere as their eruption
plumes do not reach the tropopause whereas strong eruptions such as El Chichòn (1983)
and Mount Pinatubo (1992) injected large amounts of aerosols into the stratosphere.
These aerosols then spread globally and remained enhanced for a few years affecting
stratospheric temperatures and ozone.

Stratosphere-troposphere coupling

Given that the troposphere contains most of the total air mass of the atmosphere, it is
obvious to expect that troposphere is almost entirely independent of stratosphere. Con-
versely, the stratosphere should have a strong tropospheric influence. Indeed, waves
from the troposphere are key driver of stratospheric (and mesospheric) dynamics. As
explained earlier, extra-tropical tropospheric waves drive the meridional BD circula-
tion. Equatorial tropospheric waves generate the dominant mode of variability in the
equatorial stratosphere, the quasi-biennial oscillation (QBO, see Figure 1.3). In turn,
the QBO affects, among other things, the middle atmospheric large-scale circulation
and the timing of the breakdown of the wintertime stratospheric polar vortex [Baldwin
et al., 2001]. Wave interactions between the troposphere and the stratosphere are also
at play in the dominant modes of inter-annual variability at the poles, the Arctic and
Antarctic Oscillations. In these cases however, the troposphere is not just a trigger. In
fact, stratospheric dynamics are expected to also play an important role in determin-
ing tropospheric weather and climate [Thompson and Wallace, 1998]. Firstly through
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non-local inversion or changes in the potential vorticity (PV) distribution that changes
refractive index in lower stratosphere, which guides the upward propagation of planetary
waves. Any change in the PV distribution in the lower stratosphere will inevitably give
rise to changes in wind and temperature in the troposphere (e.g. stronger down-welling
in polar region or tropopause folds at mid-latitude). And the second mechanism is via
Rossby wave propagation. The propagation of Rossby waves out of the troposphere
might be sensitive through the variation in the refractive properties of the lower strato-
spheric flow ([Hartmann et al., 2000; Limpasuvan and Hartmann, 2000], or there might
be downward reflection of Rossby waves from higher in the stratosphere [Perlwitz and
Harnik, 2004]. Along with the dynamical coupling, chemical properties of these two
layers can be influenced by stratosphere-troposphere exchange or STE (for review see
Holton et al. [1995]). STE significantly influences tropospheric ozone which is consid-
ered one of the most critical gaseous pollutants, as it affects the tropospheric oxidation
capacity and has adverse effects on human health, on vegetation and on soil microbes
and also is a powerful greenhouse gas. The troposphere contains about 10% of the ozone
in the atmosphere, 90% being located in the stratosphere. Major part of the tropospheric
ozone has stratospheric origin as consequence of the stratospheric intrusions associated
with tropopause folding in cyclogenesis processes. Increase in tropospheric ozone is
reported at many places that can modify radiative, chemical and dynamical properties
of the troposphere. Another important aspect of STE is that it regulates the lifetime of
chemically important species such as H2O or CFCs in the stratosphere which in turn
can have significant influences on the future evolution of ozone layer.

Changes in halogen loadings

Discovery of the Antarctic ozone hole in 1985 and the negotiations in the Vienna Con-
vention resulted in the Montreal Protocol (1987) and several subsequent amendments,
which prescribed a phase-out of CFCs. The Montreal Protocol has become one of the
most successful international environmental treaties, and by now the production and use
of CFCs has almost ended. Tropospheric total chlorine concentrations (mostly CFCs)
peaked in early 1994 [Montzka et al., 1996, 1999] and will continue to decrease over
the coming decades. Stratospheric chlorine loading reached its peak in the late 1990s,
and over time, chlorine concentrations are expected to return to pre-1970s levels [WMO,
2003].

1.5 Objectives of the thesis

As mentioned earlier, the ozone-climate interaction is very complex. The attribution of
current ozone trends to various processes is still difficult and even a more challenging
task is to detect changes in ozone trends as a result from recent decreases in strato-
spheric halogen loading [Weatherhead and Anderson, 2006]. Given this positive turn
of events (decrease in CFCs), now an obvious question arises if stratospheric ozone
starts to recover and the ozone hole diminish, in line with the decreasing chlorine
loading? Or will we see a long delay in the recovery, or even enhanced ozone losses
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at the poles due to the changes in temperatures and atmospheric dynamics, induced by
increases in greenhouse gases (primarily CO2) and possibly also of water vapor? This
question is particularly important for the Arctic, where temperatures in the vortex are
close to the threshold for the formation of polar stratospheric clouds (PSCs). Here the
uncertainties are not primarily due to the uncertain future anthropogenic emissions.
For instance, Austin et al. [1992] and Shindell et al. [1999b] have suggested that
the dynamical response to an increase in greenhouse gases and ozone depletion can
create a more stable vortex, which alters planetary wave propagation so that fewer
stratospheric warming events occur, creating a colder polar stratosphere. On contrary,
other modelling studies [Rind et al., 1990; Butchart and Scaife, 2001; Schnadt et al.,
2002; Gillett et al., 2003] have suggested that increased planetary wave activity
emanating from the troposphere would increase polar down-welling and will heat the
polar stratosphere. Such an increase in the strength of the BD circulation might also
favour a faster recovery of the ozone layer by enhancing troposphere-stratosphere
transport (resulting in a faster removal of CFCs) and by increasing ozone transport
from the tropical source regions to the poles. Hence, at this point, there is no consensus
on state of ozone layer in a changing climate [WMO, 2003].

This thesis is an attempt towards a better understanding and attribution of a dynamical
and chemical processes on changes in stratospheric ozone and water vapor using the
most updated data sets. The general outline of this thesis is as follows:

• In Chapter 2, different types of data sets used in this study are briefly discussed.
One of the major difficulty in attributing a particular process to ozone change is
data quality. In order to understand possible error sources in trend estimation due
to various data types, advantages and drawbacks of individual ozone data records
are briefly discussed.

• Although the influence of planetary wave driving is known for almost four
decades, an useful dynamical proxy accounting for this is still missing. Some
of the earlier studies suggested various dynamical proxies (such as tropopause
height, 50 hPa temperatures, North Arctic Oscillation index), but most of them
are insufficient to explain the interannual ozone variability. In this study, a new
proxy has been suggested. It was found that accumulated winter heat flux (proxy
for tropospheric generated wave activity) represents most of the ozone variability
due to dynamical processes. The compact relationship between wave driving and
mid-high latitude ozone is discussed in Chapter 3.

• The great advantage of reanalysis data sets providing temperature and wind field
is that they are dynamically consistent, but they are not free from bias [Randel
et al., 2004a]. Differences and biases among these reanalysis data sets are studied
to validate solar response on stratospheric temperatures. In particular, QBO de-
pendent relationship between stratospheric temperatures (and also ozone, geopo-
tential height, wind field) and solar flux cycle using correlation and multivariate
regression analysis are presented. Analysis show that solar response on strato-
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spheric temperature is seasonal dependent. During solar minima sudden strato-
spheric warmings (SSWs) occur during early winter month in both hemispheres
whereas during solar maxima, mid-winter SSWs are quite common.

• In recent years increase in total ozone in NH mid-high latitudes have been ob-
served. Some of the recent studies speculated that this increase may be a first
sign of ozone recovery due to the starting decline in stratospheric chlorine (and
bromine) loading. In Chapter 5, an advanced multivariate regression model has
been developed and is used to study possible causes of recent increase in northern
hemispheric (NH) mid-high latitude ozone. Influence of some of the important
processes such as solar cycle, QBO, stratospheric aerosol loading as well as plan-
etary wave driving is carefully assessed.

• Water vapor is another important greenhouse gas in the stratosphere. It has signif-
icant influence not only on ozone chemistry but also on radiative properties of the
upper atmosphere. An increase in stratospheric water vapor is widely reported by
various studies, but satellite data records do not confirm such increasing trends in
the stratospheric water vapor [IPCC, 2001; WMO, 2003]. In Chapter 4, relation-
ship between tropical lower stratospheric water vapor and planetary wave activity
is studied. HALOE (1991-2005) and SAGE II (1984-2005) WV data confirm that
entry mechanism of stratospheric water vapor is indeed controlled by strength of
BD circulation. A strong anti-correlation between lower stratospheric WV and
eddy heat flux (dynamical proxy for planetary wave activity) shows that observed
increase in stratospheric water vapor in the last decade is probably due to decrease
in planetary wave activity which also enhanced polar ozone loss during that pe-
riod. These results also support that observed sudden decrease in stratospheric
water vapor since 2001 is related to an increase in planetary wave activity in both
hemispheres.

• During the course of this work significant improvements have been made in quan-
tifying the influence of various climate forcings on the stratospheric ozone and
water vapor. Some of the key results are summarised in Chapter 7.
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Long term observations of ozone (and water vapor) and other climate variables such
as temperature play an important role in improving our understanding of processes in
the atmosphere, ocean and in validation of climate models that are used to predict fu-
ture changes [Eyring et al., 2005]. More importantly, such data records are essential
to determine long term changes and predict future evolution of the atmospheric trace
gases such as ozone and water vapor. To detect long term ozone trends of the order
of few percent per decade, the necessity of improvements of ozone (and water vapor)
measurements have long been recognized [WMO, 1995]. This led to great advancement
in measurement techniques as well as retrieval techniques in recent years. This chapter
provides a brief overview of some of the recent updates of ozone and climate data set.
Comparison between these data sets is presented in the relevant chapters of this thesis.

2.1 Ozone data sets

For last few decades, different types of instruments are used for the monitoring of at-
mospheric ozone. In this section the sources of data used to study long-term trends in
atmospheric ozone, including the measurement methods, their characteristics and their
error sources, are briefly discussed. This is necessary in order to understand the extent
of possible uncertainties on the actual long-term variation. This includes the character-
istics of the instruments and those of the data analysis methods used to retrieve the total
ozone and ozone profile from the original signals obtained by the instruments.

Ground-based total ozone measurement

Three types of ground based instruments that are generally used for long-term moni-
toring of total ozone in the atmosphere are Dobson, Brewer, and Filter ozonometers.
The longest records of continuous reliable measurements are available from stations
equipped with Dobson spectrometers. The Dobson spectrophotometer which is
a ground-based instrument was designed by Gordon Dobson in the 1920’s. The
Dobson spectrophotometer measures ultraviolet light from the sun at 2 to 6 different
wavelengths from 305 to 345 nm. By measuring UV light at two different wavelengths,
the amount of ozone can be calculated. One of the wavelengths used to measure
ozone is absorbed strongly by ozone (305 nm), whereas the other wavelength is less
absorbed by ozone (325 nm). Therefore the ratio between the two light intensities
is directly proportional to the amount of ozone in the light path from the sun to
the observing spectrophotometer. The first regular Dobson measurements started in
the 1920s (for review see Dobson [1968]). A global network of ozone observing
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stations was formed during the International Geophysical Year (IGY) of 1957. Since
then, WMO has assumed responsibility for the collection of ozone data from various
Dobson stations. In collaboration with the International Ozone Commission, WMO has
developed standard procedures and coordination, to ensure uniform high quality ozone
measurements. These activities are now part of the Global Atmosphere Watch (GAW)
[Staehelin et al., 2003].

The Brewer spectrometer, developed in the early 1980s, can measure total ozone
with approximately the same uncertainty as the Dobson spectrometer. All Brewer
instruments are calibrated against the Brewer triad at Toronto.

TOMS

The Total Ozone Mapping Spectrometer (TOMS) was launched on various satellite
platforms to provide long term ozone measurements. The first instrument also known
as Nimbus-7 TOMS (N7 TOMS) was launched on Nimbus-7 in November 1978.
Nimbus-7 was a sun synchronous polar orbiting satellite flying at about 955 km altitude
with equator crossing time at 1200 noon. N7 TOMS provided global total ozone
measurements until May 1993. The N7 TOMS instrument measures backscattered
ultraviolet radiance from Earth at wavelength bands centered at 312.5, 317.5, 331.3,
339.9, 360.0 and 380.0 nm. The first four wavelengths are sensitive to ozone; the two
longer wavelengths are used for estimating the scene reflectivity necessary for deriving
ozone amounts. Total column ozone is inferred from the differential absorption of
scattered sunlight in the ultraviolet using the ratio of two wavelengths. For example 312
nm radiation is strongly absorbed by ozone while one at 331 nm is weakly absorbed.
Horizontal resolution from N7- TOMS varies from a 50 km x 50 km square at nadir to
a 130 km by 300 km at the scan extremes.

The second instrument known as Meteror-3 TOMS (M3 TOMS) was launched in
August 1991 but failed in December 1994. Meteror-3 was launched at 1202 km above
earth’s surface but it suffered from orbit drift (precession period = 212 days). Due to
orbital drift, M3 TOMS data differs from the N7 TOMS ozone data which was obtained
in a near-noon sun synchronous orbit. The third instrument Earth-Probe TOMS (EP
TOMS) was launched in July 1996. Earth Probe was flown in a 500 km polar orbit,
rather than the 950 km orbit as for Nimbus-7. Although EP TOMS does not provide
daily global coverage of ozone distribution (particularly within 60◦ of the equator), it
gives full coverage at the poles (except during polar nights). In addition, the lower orbit
helped to increase spatial resolution due to the smaller ”footprint”.

Recently total ozone data from TOMS instruments had undergone major revision and
new version of ozone data (TOMS V8) has been released. Detailed description and
comparison with other satellite instruments ground based instruments is available on
http://toms.gsfc.nasa.gov. Monitoring the continuing changes in the optical properties
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of the front scan mirror of EP TOMS, a latitude dependent error have been reported.
Due to this error, it has been suggested that data since 2002 should not be used for trend
analysis [Barthia et al., 2004].

SBUV

The first Solar Backscatter Ultraviolet instrument, SBUV on Nimbus 7 (November
1978 -June 1990) was a nadir-viewing instrument to determine total column ozone
and ozone vertical profiles by measuring sunlight scattered from the atmosphere in
the middle ultraviolet [Heath et al., 1975]. The follow-on SBUV/2 instruments on
NOAA-9 (February 1985-February 1998), NOAA-11 (January 1989-May 2003) and
NOAA-16 (October 2000-present) were flown on the NOAA series of spacecraft
[Frederick et al., 1986; Hilsenrath et al., 1995]. Data from SBUV/2 instrument on
NOAA-14 spacecraft suffered from various instrument issues and data is generally
excluded from ozone studies.

The SBUV instruments are a nadir viewing double grating monochromators of the
Ebert-Fastie type. They measure solar radiation backscattered by the atmosphere in 12
discrete wavelengths through centered at 256, 273, 283, 288, 292, 298, 302, 306, 312,
318, 331, and 340 nm, each with a bandpass of 1.1 nm. The total-ozone algorithm
uses the four longest wavelength bands (312.5, 318, 331 and 340 nm). The profiling
algorithm uses eight shortest monochromator wavelength channels which are sensitive
to ozone profiles from about 20 hPa to about 1.0 hPa. Since the SBUV ozone mea-
surements rely on backscattered solar radiation, data are only taken on the day side of
each orbit. There are about 14 orbits per day with 26◦ orbit spacing at the equator, but
NOAA polar orbiting satellites are not exactly sun-synchronous. For NOAA-11 equa-
tor crossing times drifted from 1:30 pm (measurements at 30◦ solar zenith angle at the
equator) at the beginning of the data record to 5:00 pm at the end to the data record
(measurements at 70◦ solar zenith angle). As the orbit drifts the terminator moves to
lower latitudes and coverage decreases, which can have influence on long term trend
estimation. In addition, the cloud cover radiometer operates at 379 nm (i.e., outside the
ozone absorption band) with a 3.0 nm bandpass, and is used to determine the reflectivity
of the surface. The SBUV/2 also makes periodic measurements of the solar flux and are
generally used to determine long term proxy for solar variability. In this study SBUV
version 8 total ozone data has been used which is processed using SBUV version 8 al-
gorithm. For details see ftp://www.orbit.nesdis.noaa.gov/pub/smcd/spb/ozone/dvd v8
/DVDhtml/V8 Algorithm Description.html

GOME

The GOME (Global Ozone Monitoring Experiment) is an instrument aboard the ERS-2
(European Remote Sensing) satellite, launched by the European Space Agency (ESA)
on 21 April 1995. Since then it is operational but due to a permanent failure of the ERS-
2 tape recorder, data coverage is limited (from June 2003) to the region where ERS-2 is
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in direct contact with ground stations. GOME is a scanning nadir-viewing spectrome-
ter which measures earthshine spectra, that is the sunlight reflected and scattered back
into space by molecules in the atmosphere and by the surface. The GOME is a double
monochromator with four optical channels. The UV channel (channel 1) is divided in
two parts Channel 1a (240-307 nm) and channel 1b (307-316 nm). Channel 2 ranges
from 300 to 400 nm, channel 3 ranges from 400 to 600 nm, and channel 4 ranges from
600 to 800 nm. The instrument also measures the solar spectrum directly. The ratio be-
tween the earthshine and solar signal is a measure of the reflectivity of the earth’s atmo-
sphere and surface. GOME measures O3 and NO2 as well as important trace gases with
comparatively weak atmospheric absorptions amongst which are as BrO, HCHO, SO2,
and OClO [Burrows et al., 1999]. The large spectral range of GOME combined with the
high spectral resolution (0.2-0.4nm) permits the application of the DOAS (Differential
Optical Absorption Spectroscopy) algorithm to the retrieval of column amounts of many
trace gases [Platt, 1994]. Recently a new algorithm approach called Weighting Func-
tion Differential Optical Absorption Spectroscopy (WFDOAS) has been developed to
retrieve total ozone columns from nadir observations of the GOME [Coldewey-Egbers
et al., 2005]. Total ozone from WFDOAS algorithm were compared with various ground
based data and from the global validation excellent agreement between WFDOAS and
ground data with an average agreement is within 1% [Weber et al., 2005]. It was also
shown that here is very little seasonal variation in the observed differences, but at polar
region and at high solar zenith angles, a positive bias varying between 5 and 8% have
been observed. WFDOAS total ozone data shows better agreement with Brewer than
Dobson measurements and this is most likely related to neglect of ozone temperature
variation affecting mostly the Dobson retrieval [Weber et al., 2005]

TOMS/SBUV merged

Using TOMS V8 (total ozone) and SBUV V8 (total ozone and profile data), a new
data set also known as the TOMS/SBUV merged data set has been constructed [Frith
et al., 2004]. This is available as monthly-mean zonal and gridded average total ozone
with 10◦ by 5◦ resolution. An external calibration adjustment has been applied to each
satellite data set in an effort to calibrate all the instruments to a common standard. The
calibration is done using data from the overlapping period for different instruments.
The details about satellite instruments including time period and major issues related to
satellite instruments are given in Table 2.1

2.2 Stratospheric water vapor data sets

As noted in Chapter 1, understanding the processes controlling stratospheric WV is im-
portant not only for its greenhouse forcing, but also because WV play bigger role in
stratospheric chemistry. Due to lack of high quality long term measurements, long term
trend detection and characterization of various atmospheric processes on stratospheric
WV have been quite difficult. Currently only few good quality stratospheric WV data
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Table 2.1: Details about TOMS and SBUV data as used in the merged data set (from
http://code916.gsfc.nasa.gov/Data services/merged/ )

Instru Abbrev
-ment -iation Data Start Date Data End Date Data Comments
Nimbus
7
TOMS

N7
TOMS

November, 1978 April, 1993

Earth
Probe
TOMS

EP
TOMS

August, 1996 Operational EP TOMS developed serious degradation
problems beginning in 2001. Comparisons
to SBUV/2 data suggest a long-term drift be-
ginning in 1999.
No EP TOMS data after July 1999 are
used.

Nimbus
7
SBUV

N7
SBUV

November, 1978 June, 1990 N7 SBUV data after February 1987 are af-
fected by chopper wheel synchronization er-
rors.
No N7 SBUV data after Jan. 1987 are
used.

NOAA 9
SBUV/2

N9
SBUV/2

February, 1985 February, 1998 N9 SBUV/2 data are of poorer quality, and
are only used to complete gaps in the time
series. Power problems after June 1997 seri-
ously degrade the N9 longitudinal coverage.
No N9 SBUV/2 data prior to 1993 are
used. No N9 SBUV/2 after June 1997 are
used.

NOAA
11
SBUV/2

N11
SBUV/2

January, 1989 May,2003 N11 SBUV/2 suffered problems with the
instrument grating drive beginning in late
1993, but the data remain usable through
February 2001. The N11 satellite was in a
near-terminator orbit from January 1995 -
July 1997.
No N11 SBUV/2 data used Jan 1995 - Jul
1997
No N11 SBUV/2 data used after Feb 2001.

NOAA
16
SBUV/2

N16
SBUV/2

October, 2000 Operational N16 SBUV/2 periodically experiences elec-
tronic interference in measurements that are
used in the derivation of total ozone. Total
ozone calculated as the sum of the profile to-
tal is not sensitive to this error.
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sets are available. Among these, the longest near global WV measurements are pro-
vided by the Stratospheric Aerosol and Gas Experiment (SAGE II) from 1984 until 2005
and Halogen Occultation Experiment (HALOE) from 1991 until 2005. Both of these
instrument use solar occultation technique which leads to limited number of measure-
ments (around 15 sunrise and 15 sunset measurements) and global coverage is obtained
in about one and a half months. In addition, Polar Ozone and Aerosol Measurement
(POAM III- since 1997) has been providing high latitude water vapor measurements.
These data set have been used in this study, to characterize influence of BD circulation
on tropical lower stratospheric WV. Some important aspects of these data sets are briefly
discussed in this this Section.

SAGE

The Stratospheric Aerosol and Gas Experiment (SAGE) II was launched on board the
Earth Radiation Budget Satellite (ERBS) in October 1984. The measurements are done
during each sunrise and sunset encountered by the orbiting spacecraft. The instrument
uses the solar occultation technique to measure attenuated solar radiation through the
Earth’s limb in seven channels centered at wavelengths 1020, 940, 600, 525, 453, 448,
and 385 nm. Direct solar irradiance is also measured in each channel during each
event for use as a reference in determining limb transmittances, which are used for the
calibration. The long lifetime of this instrument makes it very useful in quantifying
long term trends and as well characterization of variability of measured chemical
species. This data set spans the period October 1984 through August 2005. Retrieved
data products contains profiles of aerosol extinction at 1020, 525, 453, and 385 nm and
number density profiles of ozone, nitrogen dioxide, and molecular density, water vapor
mixing ratio, and aerosol surface area and effective radius at a vertical resolution of
0.5 km. It also includes retrieved molecular density from 40-75km on a 0.5 km grid.

A new version of the SAGE II data V6.2 has been released [Thomason et al., 2004].
This version has been extensively validated with various other data set by [Taha et al.,
2004]. There is a significant improvement in SAGE II water vapor compared to version
6.1. The dry bias (∼2 ppm) in the vicinity of the hygropause has been significantly
reduced. Very low stratospheric WV concentration as well as interference from aerosol
and ozone makes stratospheric WV retrieval quite difficult. Although a new version of
aerosol model has been used in the water vapor algorithm, there are still some prob-
lems with the water vapor data during the years with high stratospheric aerosol load-
ing. As shown by [Taha et al., 2004], aerosol contaminated water vapor profiles with
aerosol extinction coefficient at 1020 nm greater than 2 X 10−4 km−1 are not reliable
and are excluded in this study. SAGE II 6.2 data set is obtained from http://www-
sage2.larc.nasa.gov/data/v6 data.
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HALOE

The Halogen Occultation Experiment (HALOE) was launched in the Upper Atmo-
sphere Research satellite (UARS) in September 1991. The instrument uses solar oc-
cultation technique to measure vertical profiles of water vapor at 6.61 µm as well as
ozone (O3), hydrogen chloride (HCl), hydrogen fluoride (HF), methane (CH4), nitric
oxide (NO), nitrogen dioxide (NO2), aerosol extinction, and temperature versus pres-
sure with an instantaneous vertical field of view of 1.6 km at the Earth limb. The al-
titude range of the measurements extends from about 15 km to 60-130 km, depending
on the species. HALOE provides daily 15 sunrise and 15 sunset water vapor profiles.
In this study so called HALOE V19 data for the period September 1991 till November
2005 have been used. HALOE water vapor measurements are considered to be very
high quality [SPARC, 2000] and have been used quite extensively to study tropical tape
recorder Mote et al. [1996], seasonal cycle in tropical tropopause region [Randel et al.,
2001, 2004b], and ascent rate in the tropical stratosphere [Niwano et al., 2003]. HALOE
data used in this study are obtained from http://haloedata.larc.nasa.gov/

POAM

The Polar Ozone and Aerosol Measurement III (POAM III) instrument was launched
on the SPOT-4 spacecraft in March 1998. POAM III has nine channels in visible/near-
infrared photometers centered at 353, 439, 442, 603, 761, 779, 922, 935, and 1018 nm.
The instrument uses solar occultation technique for making measurements of aerosol
extinction, ozone, water vapor, and nitrogen oxide in polar stratosphere. POAM pro-
vides 14 profile measurements per day around a circle of latitude in each hemisphere,
having successive observations separated by about 25 degrees longitude. The latitudinal
variation of the POAM measurement ranges between 540-710 in northern hemisphere
and between 630-880 in southern hemisphere. All the POAM measurements in NH are
made during satellite sunset, while in SH observations are obtained during satellite sun-
set from April to September and during satellite sunrise from October through March.
POAM water vapor measurement are made using the 940 nm water vapor absorption
band. The retrieved concentrations are converted to mixing ratio using United King-
dom Meteorological Office (UKMO) T/P profiles. POAM III version 3 algorithm is
described in detail by Lumpe et al. [2002]. In this study updated POAM III version 4
data set can be obtained from http://wvms.nrl.navy.mil/POAM/

2.3 Meteorological data sets

Detection and accurate estimation of stratospheric ozone (and water vapor) trends is
possible only if influence of various atmospheric processes is properly removed. For
this purpose, it is necessary to have good quality long term observation of various
climate variables. Many observations are taken for weather forecasting purposes and
global atmospheric analysis are produced in real time operationally. As most of these
observation have limited spatial and temporal resolution, most obvious choice is use to
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reanalysis data sets. The term ”reanalysis” signifies the reprocessing of all these and
other observations with a state-of-the-art system that is held constant in time, thereby
improving the continuity of the resulting climate record. In addition, observations may
be reanalyzed to take advantage of new and improved analysis tools and the more com-
plete observations assembled in non-real time. In other words, reanalysis corresponds to
the production of comprehensive, integrated data sets describing the evolution of com-
ponents of the climate system by using data assimilation. In this process, background
state of the model is obtained from an initialization model that simulates the climate
variables that are adjusted to fit the historical observations in a consistent way with ap-
propriate statistical and physical constraints. The general features of reanalysis products
are largely influenced by the initialization model. In addition, accuracy and density of
the available observations and assimilation methods play an important role in determin-
ing the quality of reanalysis data products. This leads to large variation in quality of
particular climate variables on both spatial and temporal scale. Such differences can
have significant influence on the trend detection. Influence of these discrepancies on the
attribution of ozone change must be resolved. This can achieved be comparing various
climate variables from different reanalysis data set. Currently there are three well estab-
lished reanalysis data sets are available from three different climate centers. Important
features such as assimilation methods, vertical and horizonal resolution, observational
data sources and initialization models of these reanalysis data sets are discussed in this
Section.

ERA40

European Center for Medium-Range Forecasts (ECMWF) Re-Analysis (ERA-40) is
the latest and most updated reanalysis data set produced at ECMWF (http://www.
ecmwf.int, Uppala et al. [2005]). It is a comprehensive global analysis for the 45 year
period covering September 1957 to August 2002. ERA40 uses ECMWF Integrated
Forecast System (IFS) approach in which background (first-guess) values are compared
with observed values at the observation time rather than the analysis time, and the
differences are applied at analysis time. The atmospheric model consists of 60
vertical levels, T159 spherical harmonic representation for the basic dynamical fields,
and a reduced Gaussian grid with an approximate uniform spacing of 125 km for
surface and other fields. The atmospheric model is also coupled to an ocean-wave
model. ERA40 uses three dimensional- variational (3D-Var) data assimilation method
whereas ECMWF operational model uses four dimensional variational (4D-Var) data
assimilation technique. In 3D-Var assimilation observations are supplied during the
synoptic hours and initialization scheme remain same during one time step. Whereas
in 4D-Var observations are supplied at the time of observation. ERA40 reanalysis data
are also available on 23 pressure levels spanning from 1000 hPa to 1 hPa. The 60-level
vertical resolution is same as that currently used operationally at ECMWF (operational
analysis data is available at 21 pressure levels). Multiple archives of in-situ and satellite
observations are assimilated in the model. Among these are the observations from the
operational archives of ECMWF, National Center of Environmental Prediction (NCEP),
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and the Japan Meteorological Agency. In addition data from other institutions such as
National Center for Atmospheric Research (NCAR) and European Organization for the
Exploitation of Meteorological Satellites (EUMETSAT), radiance data from Vertical
Temperature Profile Radiometer (VTPR) from 1973 to 1978 is directly assimilated in
to ERA40.

Due to large variation in availability of observational data records, ERA40 reanaly-
sis data is produced in different streams. Stream 2 (identification number 0018) covers
pre-satellite time period between 1957-1972. Major sources of assimilated observa-
tional data include upper air wind, temperature and humidity from radiosondes, wind
and temperature from dropsondes, wind from pilot balloons, surface pressure, tem-
perature and humidity from land stations and ship reports. Along with above noted
observational sources stream 3 (identification number 0020) which covers time pe-
riod approximately between 1972-1986, includes data from temperature and humidity
sensitive radiances from VTPR (1973-1978) and High Resolution Infrared Radiation
Sounder (HIRS)/Stratospheric Sounding Unit (SSU)[1979-2002] as well as tempera-
ture data from aircraft measurements. With large increase in satellite data in recent
years, stream 1 (identification number 0030) includes additional microwave radiances
from Micorwave Sounding Unit (MSU) for 1979-2002 and advanced MSU (AMSU-
A) for 1998-2002, winds from geostationary satellites, total O3 from TOMS, SBUV,
GOME and O3 profile from SBUV. It is important to note that ozone is introduced only
as a prognostic model variable without interaction with the radiation parametrization.
Ozone advection in done using the semi-Lagrangian scheme, with gas-phase chemistry
parameterized [Dethof and Holm, 2004]

NCEP

The NCEP/NCAR reanalysis provides various meteorological data for the period of
1948-present. The reanalysis model and assimilation method is described in detail in
[Kalnay et al., 1996]. The data is produced using T62 (209 km) global spectral model
of 28 vertical levels. This assimilation system is similar to NCEP operational model
and is kept constant since 1995. It uses 3D-Var assimilation method [Parrish and Der-
ber, 1992]. The major sources of assimilated observations are similar to ERA40 for
pre-satellite time period. Data from various national meteorological institutes such as
China, South Africa, Canada, Brazil, United States are also included. Another im-
portant sources of observational data include the Comprehensive Ocean-Atmosphere
Data Set (COADS) since 1983 and aircraft data since 1963. Assimilated satellite ra-
diance data are quite similar to ERA40 which include VTPR IR sounders and TOVS
(HIRS/SSU/MSU) microwave sounders. It is also important to note that TOVS verti-
cal temperature data between 20◦N- 20◦S are excluded due to rain contamination and
TOVS temperature sounding are used only over land and above 100 hPa. In this study
pressure level data available at 17 pressure levels starting from 1000 hPa to 10 hPa are
used.
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UKMO/METO

Since October 1991, the U. K.Meteorological (Met) office produces daily stratospheric
analysis data using a stratosphere-troposphere version of the Met Office data assimi-
lation system. This stratospheric data assimilation system uses an analysis correction
scheme [Swinbank and O’Neill, 1994]. A particular characteristic of the analysis
correction system is that it allows the asynoptic insertion of the data. Observations
are gradually inserted in the GCM, over the period beginning 4 hours before each
observation time and ending 1 hour after the observation time. The weight given to
each observation time is varied so that it is given maximum weight at the time it is valid.
This assimilation method is used in a 42- level Unified Model to produce the analysis
data set. In addition to standard meteorological parameters from various stations,
major sources of assimilation data includes data from various satellite instruments from
UARS (Upper Atmosphere Research Satellite).

This assimilation system has undergone various changes over the time period. In
November 2000 a new stratospheric data assimilation system was implemented, based
on the 3D variational (3DVAR) data assimilation system. The 3DVAR stratospheric
system includes the assimilation of radiances (rather than temperature retrievals) from
the operational polar orbiting satellites. In October 2003, the assimilation model was
changed to use a new semi-Lagrangian dynamical core, usually referred to as ”new dy-
namics”. The model is a 50-level configuration of the Unified Model; the tropospheric
levels are the same as those used in the 38-level global forecast model, but additional
stratospheric levels have been introduced. Assimilation data products are available on
42 levels extending from surface to lower mesosphere (1000 hPa to 0.30 hPa), at equally
spaced levels per decade of pressure. The assimilation is carried out at model levels, and
then the parameters are interpolated on pressure levels. The analysis consists of tem-
peratures, wind components and geopotential heights on global grid of resolution 2.5◦

latitude by 3.75◦ longitude. The analysis data set is produced daily at 12 UTC.
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A decrease in global ozone amount has been widely reported, but the accurate estima-
tion of ozone trends is an area of ongoing research. As noted in Chapter 1, almost 90%
ozone resides in the stratosphere and is strongly influenced by several natural (mainly
stratospheric) processes that change the ozone amount on short-term, seasonal, inter-
annual, and long-term time scales. To determine long term trends, it is necessary to
quantify the influence of these processes on ozone variability. One of the important
process is transport of ozone from tropics to higher latitudes. This transport is largely
determined by the strength of stratospheric or Brewer-Dobson (BD) circulation. The
strength of BD circulation is primarily controlled by breaking of waves by depositing
momentum in to the stable stratosphere thereby driving the circulation. Gravity waves
and Rossby waves have significant influence on BD circulation. Some aspects of these
waves are discussed in Section 3.1. Although importance of this wave activity is known
for last four decades, a search of an useful dynamical proxy for long term ozone trend
analysis as well for the validation of climate models is still going on. Section 3.3, pro-
vides a brief overview of some earlier studies. A brief description of total ozone and
meteorological data set used in this study is provided in Section 3.4 and Section 3.5
respectively. A new dynamical proxy has been proposed in Section 3.6. It has been
shown that winter-time eddy heat flux (which is proportional to the vertical compo-
nent of Eliassen-Palm flux) not only controls the high-latitude ozone transport but also
regulates polar ozone loss due to heterogenous chemistry. Important findings of this
study are discussed in Section 3.7. A latitudinal dependent analysis of this relationship
between ozone gain and eddy heat flux is presented in Section 3.8

3.1 Some aspects of atmospheric waves

The atmosphere is a fluid around the earth and is strongly influenced by the rotation
of the earth. This gives rise to generation, propagation and dissipation of waves in a
rotating fluid, such as gravity, Rossby and Kelvin waves. These waves play important
role in transferring momentum in the atmosphere. These waves shows large variation

1Sections 3.2-3.7 have been published as M. Weber, S. Dhomse, F. Wittrock, A. Richter, B.-M. Sinnhu-
ber, and J.P. Burrows, Dynamical Control of NH and SH Winter/Spring Total Ozone from GOME
Observations in 1995-2002, Geophys. Res. Lett., 30, 1853, doi:10.1029/2002GL016799, 2003 with
minor modification
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in space and time scales ranging from slow moving planetary scale waves to much
faster and smaller gravity waves, each playing important roles in the behaviour of the
atmosphere. Among these, gravity waves and Rossby waves are key in transferring
momentum in to the upper atmosphere. These waves are generated in the troposphere,
propagate upward and break in the upper stratosphere. For e.g. Rossby waves deposit
easterly momentum in to the stratosphere causing deceleration of westerly polar vortex
(see Fig 1.2). This results in weakening of polar vortex and increase in strength of
meridional Brewer-Dobson circulation, thus enhancing ozone transport from tropics to
higher latitudes.

Gravity Waves

Gravity waves are generated in the stably stratified atmosphere when the vertically
displaced air parcel undergoes buoyancy oscillation. As buoyancy force is responsible
for the formation of gravity waves, sometimes theses waves are also known as the
buoyancy waves (for recent review on gravity waves see Fritts and Alexander [2003]).
Unlike the ocean which acts a lower boundary, there is no upper boundary in the
atmosphere, this allows gravity waves to propagate vertically as well as horizontally. In
vertically propagating waves the phase is function of height. Such a waves are known
as the internal waves. Neglecting the Coriolis force, an expression for internal gravity
waves in the (x,z) plane can be derived [Holton, 1992]. As internal gravity waves
are the transverse waves in which parcel oscillations are parallel to the phase lines
as indicated in Figure 3.1. A parcel displaced a distance δ s along a line tilted at an
angle α undergoes a vertical displacement δ z= δ s cos α . For such a parcel the vertical
buoyancy force per unit mass is -N2δ z. Here N is buoyancy frequency also known as
the Brunt-Vãsãlã frequency. The component of the buoyancy force parallel to the tilted
path along which the parcel oscillates is

-N2(δ s cos α) cos α = (−N cos α)2δ s.

The momentum equation for the parcel oscillation is then

d2(δ s)
dt2 = (−N cos α)2

δ s (3.1)

This equation has the general solution δ s = exp[±i(N cos α)t]. Thus the parcel executes
simple harmonic oscillation at the frequency ν = N cos α . This frequency depends only
on the static stability. Various kinds of gravity wave sources have been identified. The
most obvious sources include topography, convection, and wind shear. Other sources
that are statistically important include adjustment of unbalanced flows in the vicinity of
jet streams and frontal systems, and body forcing accompanying localised wave dissi-
pation. Less significant sources at higher altitudes include auroral heating and eclipse
cooling.
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Figure 3.1: Generation of gravity wave through parcel oscillations with phase lines tilted
at angle α to the vertical (figure modified from Holton [1992]). θ0 is poten-
tial temperature at t=0 and z=z0. δ s is distance at with parcel is displaced at
an angle α .

Rossby Waves

The most important type of waves for large scale meteorological processes are the
Rossby waves, or planetary waves. A restoring mechanism for Rossby wave is the
latitudinal (north-south) gradient of potential vorticity, which is a conserved quantity.
Vorticity is simply the circulation of the air or water (any fluid) considered about a
point. There are two types of vorticity, planetary vorticity and relative vorticity. The
first involves the rotation imparted to the air because of the rotation of the earth, and
the second involves the degree of spin imparted to the air as it moves from high to low
pressure. Relative vorticity depends on the horizontal velocity components of the air it-
self. Planetary plus positive relative vorticity added together give the absolute vorticity
(η). Potential vorticity is a combination of absolute vorticity and the gradient of po-
tential temperature into a scalar quantity that is conserved under frictionless, adiabatic
conditions, because it contains both dynamic (vorticity) and thermodynamic (potential
temperature) properties [Hoskins et al., 1985]. Mathematically potential vorticity is
expressed as,

P = (ξ + f )(−g ∂θ

∂ p )

where ξ is relative vorticity, f is Coriolis parameter and θ is potential temperature.
Rossby wave propagation can be explained by considering a closed chain of fluid

parcels initially aligned along a latitude circle. The absolute vorticity (η) is given by
η=ξ + f . Assuming ξ =0 at time t=0. Now suppose that at time t1, δy is a meridional
displacement of a fluid parcel from the original latitude. Then at t1,

(ξ + f )t1= ft0
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Figure 3.2: Perturbation vorticity field and induced velocity field (dashed arrow) for
merdionally displaced chain of fluid parcels. Heavy wavy line shows origi-
nal perturbation position, light lune westward displacement of the pattern
due to advection by the induced velocity (figure modified from Holton
[1992]).

or

ft1 = ft0 − ft1 = -β δy (3.2)

where β = d f /dy is the planetary vorticity gradient at the original latitude.
From equation 3.2 it is evident that if the chain of parcels is subject to sinusoidal
meridional displacements under the absolute vorticity conservation, the resulting
perturbation vorticity is positive (or cyclonic) for a southward displacement and
negative (or anticyclonic) for a northward displacement.

This perturbed vorticity field will introduce a meridional velocity field, which advects
the chain of fluid parcels southward west of the vorticity maximum and northward west
of the vorticity minimum, as shown in Figure 3.2. Thus, the fluid parcel oscillates
back and forth about their equilibrium latitude, and the pattern of vorticity maxima and
minima propagates to the west which is known as the Rossby wave. The perturbation
needed for generation of Rossby waves is generally caused by flow over topography as
well as longitudinally dependent diabatic heating patterns.

Some other important waves

In addition to gravity and Rossby waves, various other types of waves are generated in
the atmosphere. Important for stratospheric circulation are the following,
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Figure 3.3: Examples for planetary waves in geopotential height fields. Upper panel
shows wave pattern 1, in geopotential height (in geopotential meters/ 10000)
on 21 September 2002 at 10 hPa whereas lower panel shows wave pattern 2,
on 9 September 2002.

Inertio-gravity waves

Gravity waves with a sufficiently long period are influenced by the rotation of the earth
[Fritts and Alexander, 2003]. In such a case, the restoring force becomes a combi-
nation of rotation and buoyancy. These are referred to as inertio-gravity waves. Air
or water experiencing buoyancy oscillations will also experience a Coriolis deflection.
For instance, zonally propagating waves oscillating in the vertical will feel a Coriolis
force that imparts a meridional velocity component. Waves that have both Rossby and
inertio-gravity characteristics are referred to as the mixed Rossby-gravity wave. The
restoring force is thus the gradient of potential vorticity, static stability, and the Coriolis
parameter.

Forced stationary planetary waves

Rossby waves with very long wavelengths (greater than 10,000 kilometers) are referred
to as planetary waves. These waves are likely generated by large-scale surface topogra-
phy like the Rocky Mountains and the Himalaya-Tibet complex (orographically forced)
or by land-sea boundaries. These planetary waves do not propagate, but instead are sta-
tionary. The fact that they are stationary is related to the topographical forcing occurring
at the fixed locations.
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Figure 3.4: Dynamical features of zonal mean state of the atmosphere during mid-winter
period with little wave forcing (here shown for 15 September 2002). Zonal
mean wind field distribution is shown in upper left panel (in m/s). Upper
right panel shows horizontal component of EP flux (m2/s2, see Equation
3.7) whereas lower left panel shows vertical component of EP flux (m2/s2,
see Equation 3.7). Arrows in lower right panel indicates the magnitude and
direction of the EP flux and divergence of EP flux (in m/s day - Equation
3.5) is shown with contours. For clarity all the fields (except U wind) are
scaled with air density ρ .
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Figure 3.5: Same as Figure 3.4, but for a day with high planetary wave additivity.
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Figure 3.6: Total ozone values measured by GOME for 15 September 2002 and 22
September 2002. Increase in total ozone value at mid-high latitude on 22
September 2002 is clearly visible.

Free travelling planetary waves

Another type of planetary waves are those that propagate with a period of a few days.
They are not primarily caused by topographic forcing from below, but instead are free,
travelling waves. These are generated by some of natural oscillations present in the
atmosphere. The so-called 5-day wave, a westward travelling disturbance in the middle
atmosphere with wavelength equal to the distance around a latitude circle, is an example
of a free, travelling planetary wave.

Equatorial waves

Various kind of waves are generated in the tropical atmosphere. They include high-
frequency eastward and westward moving inertio-gravity waves and low frequency
westward moving equatorial Rossby waves. The mixed Rossby-gravity waves prop-
agates eastward at high frequencies like the inertio gravity waves and westward at low
frequencies like the Rossby wave. The change in sign of the Coriolis parameter at the
equator plays a key role in these waves. In addition, a unique equatorial wave type is the
Kelvin wave. It propagates eastward like a pure gravity wave (i.e., a gravity wave whose
restoring mechanism is buoyancy only). It has no meridional velocity and its zonal ve-
locity is in geostrophic balance with the latitudinal pressure gradient. Kelvin waves play
an important role in the tropical troposphere and stratosphere [Baldwin et al., 2001].
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Transformed Eulerian Mean (TEM) formulation

Zonal mean wind distribution is shown in Figure 1.2. Although there are important
hemispheric differences, strong westerly wind in mid-latitude stratosphere during
winter season at around 60◦-75◦ latitude is clearly visible and its zonally symmetric
component is generally referred as mean zonal wind denoted by u. Some of the above
discussed waves induce perturbation (u′) in zonally mean flow. The resultant zonal
velocity (u) can be written as
u = u+u′.
Similarly perturbation induced in meridional wind and temperatures can be written as,
v = v+ v′ and T = T +T ′.

A clearer picture of wave forcing driving mean meridional stratospheric residual cir-
culation in zonal mean flow, was introduced by Andrews and McIntyre [1976], using
Transformed Eulerian Mean (TEM) formulation. These equations can be obtained by
defining the residual circulation (v∗,w∗), as follows

v∗ = v−ρ0RH−1
∂ (ρ0v′T ′/N2)/∂ z (3.3)

w∗ = w−RH−1
∂ (ρ0v′T ′/N2)/∂y (3.4)

where,v∗, w∗ are meridional and vertical velocities of the residual circulation, ρ0 is
surface density, R is gas constant, H is scale height and N2 is squared buoyancy fre-
quency. Using above approximations TEM equations for zonal mean zonal momentum
and thermodynamic energy equation for quasi-geostrophic in the mid-latitude β plane
are written as,

∂u/∂ t− f v∗ = ρ
−1
0 ∇ ·F +X (3.5)

∂T/∂ t +N2HR−1w∗ = J/cp (3.6)

where X , J represent zonal mean eddy drag and zonal mean diabatic heating rate. cp is
specific heat of dry air at constant pressure. F ≡ jFy + kFz, the Eliassen-Palm flux (EP
flux), is a vector in the meridional (y,z) plane, which for large scale quasi-geostrophic
eddies has the components

Fy =−ρ0u′v′, Fz = ρ0 f0Rv′T ′/(N2H) (3.7)

The quantities u′v′ and v′T ′ are called as eddy momentum flux and eddy heat flux re-
spectively.

Interaction with zonal mean flow

Examples of two kind of planetary waves (wave pattern 1 and wave pattern 2) in
geopotential height field at 10 hPa is shown in Figure 3.3. As noted earlier these
wave are generated in the mid-latitude troposphere and propagate upward. During
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upward propagation they grow in size (because of decrease in density). The upward
propagation and wave growth are critically controlled by mean zonal wind. During
mid-winter season most of the planetary waves are reflected towards lower latitudes.
This is better illustrated in Figure 3.4, indication strong polar vortex (upper left panel)
in SH (wind speed up to 50 m/s). Lower magnitude and direction of EP flux vectors
(shown with arrows in lower right panel) indicate low wave activity which is mainly
reflected towards tropics. Sometimes planetary waves grow rapidly and break in to
the stratosphere, which are generally referred as high wave activity period. Figure
3.5, shows an example of such a high wave activity. Comparison of Figure 3.4 and
3.5, shows that polar vortex gets decelerated during high wave activity and planetary
waves propagate towards polar region. Divergence of EP flux shows the region where
momentum has been deposited.

Breaking of planetary waves influences stratospheric ozone distribution through three
processes : ozone transport, horizontal mixing and stratosphere-troposphere exchange
(see Figure 1.3. Firstly the momentum carried by planetary waves is deposited in upper
atmosphere. It drives the zonal mean meridional circulation in the stratosphere also
know as Brewer-Dobson circulation. This circulation has rising branch in the tropics
and descending branch in winter-stratosphere. It carries ozone rich air from tropical
latitudes to high latitudes. Secondly during wave breaking air parcels undergo large and
rapid latitudinal excursions causing them to undergo strong, irreversible, meridional
mixing. As a result, most of the chemical species get thoroughly mixed throughout
the subtropics and lower middle latitudes. Thirdly, wave braking also causes rapid
isentropic transport between upper troposphere and lower stratosphere. Among these,
ozone concentration are strongly influenced by ozone transport. Figure 3.6, for the
day before high wave activity (15 September 2002) and after high wave activity (22
September 2002). Increase in total ozone values at mid-high latitudes are clearly visible
during latter period.

3.2 Abstract

The abnormal high wave activity in austral spring 2002 led to the first observation of
a major stratospheric warming in the southern hemisphere resulting in a net winter
increase of mid- to high latitude total ozone until September 2002. In previous
years chemical ozone depletion inside the Antarctic vortex was sufficiently high to
reduce mean total ozone south of 50◦ in September to values slightly below that
of March (fall) as observed by GOME during the period 1995–2001. This unusual
event permits us to examine the interannual variability in total ozone and OClO
(the latter being an indicator of the level of chlorine activation inside the polar
vortex) as measured by GOME combining data from the southern and northern
hemisphere. It is shown that the absolute winter eddy heat flux between 43◦ and
70◦ latitudes at 100 hPa correlates extremely well (r=0.97) with spring-to-fall ratio of
total ozone polewards of 50◦ and anti-correlates with the winter integrated maximum
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OClO column amounts (r=-0.94) using this combined data set. The unusual ozone
ratio for austral winter/spring 2002 lies almost midway between typical values for
Antarctica and those for recent cold Arctic winter/spring seasons.

3.3 Overview

Interannual variations of winter/spring total ozone have been linked to planetary-
scale wave activity as approximated by the extratropical lower stratospheric eddy
heat flux [Fusco and Salby , 1999; Randel et al., 2002b]. The slow meridional residual
circulation also known as the Brewer-Dobson circulation governs the diabatic ascent
in the tropics and descent of stratospheric airmasses (and trace gases) in the polar
regions [Haynes et al., 1991]. This circulation is driven by planetary-scale waves,
typically Rossby and gravity waves, that propagate from the troposphere and break
in the stratosphere and higher levels [Haynes et al., 1991; Rosenlof and Holton,
1993b]. This process is most efficient during hemispheric winters Rosenlof [1995].
The diabatic descent in the polar region is responsible for the steady increase
of lower stratospheric ozone over winter particularly in the Arctic region (e.g.
[Chipperfield and Jones, 1999]). The polar stratospheric temperatures are also
controlled by planetary-scale wave forcing. Low midwinter wave activity leads to
weaker downward diabatic descent in mid- to high latitudes, stronger cooling of the
lower polar stratosphere (closer to the radiative equilibrium temperature), and to a
strengthening of the polar vortex [Newman et al., 2001; Waugh, 1999]. In addition
to changes in transport, chemical depletion due to heterogeneous processes plays an
increasing role at lower temperatures (e.g. [Solomon, 1999]), such that the winter
wave forcing couples both dynamical and chemical change of mid- to high latitude
lower stratospheric ozone [Chipperfield and Jones, 1999].

Temperatures in the SH polar stratosphere are persistently colder than in the NH
resulting in large chemical ozone depletion observed for more than a decade during
austral spring (e.g. [Farman et al., 1985]). It is also known that planetary-scale
wave activity plays a more minor role in the SH leading to rather minor perturbations
of the Antarctic polar vortex. As a consequence the accumulated mid- to high
latitude ozone mass is lower during austral spring than in the corresponding NH
season. Figure 1 shows the annual cycle of GOME mean total ozone in the 50◦–90◦

latitude band in the southern hemisphere since 1995. This can be compared with
the corresponding figure for the NH as shown in Figure 2 of Eichmann et al. [2002].
While an increase in total ozone from late summer to spring is clearly detectable in
the NH, an ozone reduction is observed in the SH by September. The increase in ex-
tratropical ozone in austral winter/spring 2002 is clearly an exception to the general
behaviour in previous years and is a consequence of the abnormal midwinter wave
activity in 2002 leading to the first observation of a major stratospheric warming in
the southern hemisphere [Sinnhuber et al., 2003a]. (referred to as S03 from now on).



42 3 Eddy heat flux: A proxy for atmospheric dynamics influencing ozone transport

As the high interannual variability of winter/spring ozone and temperature in the
NH has been subject of many recent investigations (e.g. [Pawson and Naujokat,
1999; Harris et al., 2002; Eichmann et al., 2002; Weber , 2002]), this year’s warming
event in the SH motivated a closer look at the connection between planetary-scale
wave activity and winter/spring ozone in both hemispheres using meteorological
analysis from UKMO [Swinbank and O’Neill , 1994] and multi-annual trace gas ob-
servations from the Global Ozone Monitoring Experiment GOME from the period
1995–2002 [Burrows et al., 1999]. The links between chlorine activation, winter
volume of polar stratospheric clouds, which foster heterogeneous reactions and the
build-up of active chlorine from reservoir species, and winter eddy heat flux are in-
vestigated using GOME observations of total ozone and OClO column amounts in
both hemispheres.

3.4 GOME trace gas data

The GOME spectrometer was launched aboard the European Remote Sensing
Satellite (ERS-2) in April 1995. It observes the back-scattered radiation in
nadir viewing geometry having an across-track swath width of 960 km yielding
global coverage of the sunlit part within three days [Burrows et al., 1999]. From
the UV/visible radiance vertical columns of several trace gases, for instance,
O3, NO2, BrO, and OClO [Burrows et al., 1999; Richter et al., 1998; Wagner
et al., 2001] are retrieved using the differential optical absorption technique
(DOAS). Total ozone used here are the GOME Data Processor (GDP) Version
2.7 data [DLR2000 , 2000; Bramstedt, 2002]. Zonal mean total ozone values were
derived from area-weighted and gridded daily total ozone values as shown in Figure 1.

As OClO is photolysed rapidly, it only achieves significant daytime concentrations
under twilight condition near the terminator line. Slant columns have been con-
verted to vertical columns using air mass factors (AMF) computed with a multiple
scattering radiative transfer model GOMETRAN [Rozanov et al., 1997] for standard
profiles for OClO. The absolute errors of OClO vertical columns under twilight
condition are, therefore, conservatively estimated at 50% [Weber , 2002]. In order
to evaluate the inter-annual variability of chlorine activation for both hemispheres
a proxy for the cumulative winter chlorine activation has been defined by summing
up the daily maximum OClO vertical column amounts at 90◦ solar zenith angle
between May and September (November and March in NH) and by dividing that
number by 365.

3.5 Meteorological analysis

Meteorological quantities are derived from the UKMO assimilation data system
[Swinbank and O’Neill , 1994]. The eddy heat flux v′T ′, a proxy for the vertical
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Figure 3.7: Area-weighted GOME total ozone between 50◦S and 90◦S excluding polar
night region .

component of the Eliassen-Palm flux and the strength of planetary wave activity,
is calculated in a similar manner as described by [Randel et al., 2002b]. It was
determined at the 100 hPa level and an area-weighted average was calculated from
43◦ to 70◦, the latitude range where it reaches maximum in both hemispheres.
Monthly mean heat flux values are calculated from the daily means.

Figure 2 shows the range of the monthly mean and transient heat flux observed
during the last decade in the SH. The transient heat flux is here defined as the
square root of the sum of the squared differences between daily values and the
monthly mean and can be interpreted as the variability within a given month. In
winter/spring 2002 the SH transient heat flux was above the usual decadal range
(1992–2001) starting in July 2002 and this anomaly was highest in September 2002,
almost at twice the maximum value observed within the last ten years. This is in
line with the observation that the hemispheric total ozone started to deviate from
the typical range observed in previous years (1995–2001) in July 2002 and reached a
maximum enhancement of 35–50 DU in September 2002 as shown in Figure 1. The
anomalous peak in the (absolute) monthly mean heat flux in September 2002 was
followed by an extremely low value in October, which was responsible for the return
of the westerly stratospheric circulation at 60◦S and 10hPa (not shown here) thus
preventing the major warming from becoming an exceptionally early final warming
[S03].
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Figure 3.8: UKMO monthly mean and transient heat flux 1992–2002. The shadings
indicate the range observed during the last decade with negative values
being monthly means and positive values being transient. The dashed
lines show the decadal mean while the solid lines show the time series in
2002.

3.6 Dynamical control of spring ozone

Before looking at the connection between winter heat flux and early spring ozone,
the relationship between PSC volume, which can be regarded as a proxy for the
chemical ozone depletion inside the polar vortex, and winter heat flux is investigated.
Figure 3 depicts the correlation between winter heat flux and PSC volume inside the
polar vortex for the period 1992–2002. The mean winter eddy heat flux was derived
from Gaussian integration of monthly heat fluxes between March and September
(between September and March in NH) and by dividing that number by the sum
of weights. The average PSC volume, VPSC, was obtained by integrating daily
derived volumes of the extratropical region with temperatures below PSC existence
threshold temperatures of 195 K between May and October (November and March
in NH) and dividing that value by 365 (units km3).

The clustering of data points can be divided into three regimes, 1) the unper-
turbed cold Antarctic winter with high PSC volume (>100×106 km2) and low
absolute winter heat flux, 2) cold Arctic winters (92/93, 94/95-96/97, 1999/00)
with moderate PSC volumes and moderate winter heat fluxes, and 3) warm Arctic
winters with low or negligible PSC volumes and high winter heat flux (1993/94,
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Figure 3.9: Scatter plot of winter integrated PSC volume and winter heat flux at
100 hPa. Years for northern hemispheric winters are given for March
(non-italics), e.g. 99 means boreal winter/spring season 1998/99.

97/98, 98/99, and 2000/01, 2001/02). The austral winter/spring season 2002
can be regarded as a new class with elevated winter heat flux and a winter PSC
volume, smaller than normal but still considerably higher than one observed during
cold Arctic winters. Different fitting curves through the data in Figure 3, two linear
curves for each hemisphere (correlation coefficient r of -0.76 and 0.67 in SH and
NH, respectively) show that the relationship between heat flux and PSC volume is
not as simple as stated earlier. Particular care has to be taken by extrapolating the
results from one hemisphere to the other.

In Figure 4 the relation between the winter mean of maximum OClO column
amounts observed at 90◦SZA in both hemispheres and the winter heat flux is shown.
Both quantities show a correlation coefficient of r=−0.94. This plot together with
Figure 3 proves the strong linkage between chlorine activation (and as a consequence
chemical depletion of ozone) in the polar region, stratospheric temperatures (as
indicated by PSC volume), and the mid- to high latitude winter wave activity. The
linear relationship as shown in Figure 4 is nevertheless in contrast to the non-linear
relationship in PSC volume between hemispheres as shown in Figure 3. This may be
explained by the fact that assuming complete chlorine activation (like in cold Arctic
winters and regularly above Antarctica) the main difference in observed maximum
hemispheric OClO columns results most likely from activated air masses extending
over a larger altitude range in austral winter/spring [Wagner et al., 2001]
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Figure 3.10: Relationship between mean winter OClO vertical column amount and
winter heat flux. Note that the SH mean winter heat flux is negative
but is plotted with a positive sign.

In Figure 5, the spring-to-fall total ozone ratio poleward of 50◦ (March over
September in NH and September over March in SH) is shown as a function of
the average winter heat flux. By combining data from both hemispheres a remark-
ably compact relationship between both parameters and hemispheres is found. The
spring/fall total ozone ratio is generally below one in the SH indicating that the
chemical ozone depletion inside the Antarctic vortex more than outweighs the gain
resulting from the accumulated diabatic descent during winter (see also Figure 1),
except for the 2002 austral spring where the ratio reached 1.15. During cold Arc-
tic winters the GOME spring-to-fall ratio is slightly below 1.4 and well above that
value during the so-called warm Arctic winters. The relationship between the winter
heat flux and the hemispheric ozone gain shows a correlation of r=0.97 at a 95%
confidence level. The same correlation is achieved, if the analysis is based on ozone
zonal mean, poleward of 60◦. [Andersen and Knudsen, 2002] have shown that 75%
of the decrease in March total ozone north of 63◦N in the mid nineties can be at-
tributed to polar vortex chemical depletion. As shown in Figure 4 of their paper and
in this study, two depletion mechanisms are closely coupled. Low winter wave activ-
ity reduces the winter supply of ozone through diabatic descent and the low polar
stratospheric temperatures associated with it lead to additional chemical depletion
due to enhanced PSC formation and chlorine activation in such cold stratospheric
winters.
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Figure 3.11: Correlation between winter total ozone ratio (SH: Sep/Mar ratio, NH:
Mar/Sep ratio) and mean winter heat flux. Note that the SH mean
winter heat flux is negative but is plotted with a positive sign.

3.7 Discussion and conclusion

It has been shown that the interannual variability of the mid latitude winter eddy
heat flux at 100 mbar correlates extremely well with the variable hemispheric ozone
spring/fall ratio when combining data from both hemispheres. This ozone ratio
is largely determined by the cumulative effect of the residual circulation driven
by the planetary-scale wave activity throughout the winter in conjunction with
different levels of chemical depletion. This year’s major warming event in the SH
clearly proved the robustness of this close relationship. The unusual September
2002 ozone gain lies almost midways between the values for typical cold Arctic
winters and all other Antarctic winters observed by GOME. As planetary scale
wave activity has an impact on polar stratospheric temperatures [Newman et al.,
2001] and PSC formation, the polar vortex ozone depletion becomes closely linked
to the planetary-scale wave activity driving the slow meridional circulation. A
surprising result was that the abnormal wave activity in austral winter/spring
2002 lead only to a minor reduction in winter OClO in line with the notion of
almost no changes in chemical ozone loss compared to earlier Antarctic winters [S03].

Several model studies have demonstrated that the decadal decline in mid- to
high latitude ozone in combination with increases in greenhouse gases induce a
negative stratospheric temperature trend, which in turn may reduce the strength
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of the residual circulation [Shindell et al., 1998, 2001; Schnadt et al., 2002]. This
feedback mechanism may potentially delay future ozone recovery despite anticipated
decline in stratospheric chlorine levels [Shindell et al., 2001], although there are
some indications for a possible intensification of planetary wave activity in the
NH [Schnadt et al., 2002]. The observed longterm trends in polar stratospheric
temperatures and total ozone in both hemispheres support the notion of a positive
feedback mechanism [Randel et al., 1999].

The effect of the planetary-scale activity on ozone and polar stratospheric tem-
perature occur on short time-scales ranging from a month [Fusco and Salby , 1999;
Randel et al., 2002b; Newman et al., 2001] up to an entire season (this study). This
close interaction of meteorology and chemistry on short time scales complicate the
identification of the cause-effect relationship on decadal time scales. Identification
of longterm changes in the residual circulation beyond the natural variability may,
nevertheless, provide an important clue to the connection between climate change
and stratospheric ozone. The unusual major stratospheric warming event in the SH
may provide a hint that apart from expected changes in halogen loading two com-
peting forcing mechanism may gain importance in influencing future ozone trend:
first, stratospheric cooling due to changes in radiative forcing as a consequence of
increased greenhouse gases and, secondly, enhanced interannual variability of winter
heat flux as a result of a warming trend in the coupled ocean-troposphere system.

3.8 Some additional results

A detailed analysis of the above discussed winter-time eddy heat flux at 100 hPa and
ozone gain has been carried out for different total ozone data set such as TOMS V8,
SBUV V8, GOME WFDOAS, and ground based station data. Possible influence of
eddy heat flux differences between ECMWF (ERA40: 1979-2001 and Operational anal-
ysis: 2002-2003) and NCEP on the observed relationship are also studied. Some of the
important findings of this analysis are discussed below:

• Figure 3.12 shows the relationship between winter time eddy heat flux and ozone
gain relationship using 25 years of SBUV V8 total ozone data [1979-2003]. Eddy
heat flux is calculated using meteorological data from ECMWF as explained in
Section 3.5. Although overall relationship is quite compact (r = 0.88) for last two
and half decades of data, most striking feature of this scatterplot is the clustering
of data points from both hemispheres. Almost for all the years NH eddy heat
flux ranges between 12-17 K m/s, but ozone gain ratios show large variability
between 1.2 to 1.5. Such a clustering of data points can seriously undermine the
importance or validity of the proposed dynamical proxy. In addition, changes in
the ozone gain and eddy heat flux relationship are also shown for three different
time period which include initial seven years (1979-1984), last seven years
(1996-2003), and 25 years (1979-2003) of data period. Although correlation
coefficients are nearly similar for the first and last seven years (r = 0.91 and



3.8 Some additional results 49

r = 0.92 respectively), changes in the slopes of regression lines (shown in Figure
3.12), have been observed. Regression line for latter years (1996-2003) shows a
slightly higher slope compared to the initial years.

Also note that changes in regression lines as well as clustering of data points
can also arise due to some other factors, such as quality of meteorological data
set, changes in stratospheric aerosol loading due to major volcanic eruptions, and
changes in chemical ozone loss mechanism. Firstly, as noted in Chapter 2, almost
all reanalysis model have undergone significant changes in the observational data
sources on both spatial and temporal scale. As eddy heat flux is a highly de-
rived quantity (second order), changes in reanalysis data set can have a larger
role on the observed relationship. Secondly, large ozone losses associated with
increase in stratospheric aerosol loading due to major volcanic eruptions such as
El Chichón (1982) and Mount Pinatubo (1991) were widely reported [Solomon
et al., 1996]. Years with high stratospheric aerosol loading (such as 1984/85,
1992/93,1994/1995) are readily distinguishable in the scatter plots and can sig-
nificantly distort the ozone-eddy heat flux relationship. Thirdly, change in ozone
depleting substances (such as CFCs, Halons) and other reactive species (such as
H2O) can significantly alter efficiency of chemical ozone loss by heterogenous
chemistry [WMO, 2003]. Changes in stratospheric chlorine and bromine loading
are well documented [Montzka et al., 1996, 1999] and hence can play a vital role
in altering the relationship between ozone gain and eddy heat flux.

• Nearly similar results were obtained for TOMS/SBUV merged data, but correla-
tion coefficients are quite low (less than 0.5) for zonally averaged station data (not
shown here). This implies that the empirical relationship between eddy heat flux
and ozone gain is significant only for zonally averaged total ozone from satellite
instruments (as explained by theory) but its use is limited for ground-based station
data sets with limited geographical coverage.

• For the period of 1996-2003, nearly all the satellite measurements show high cor-
relation between winter heat flux and mid-high latitude winter ozone gain. Using
new version of GOME WFDOAS total ozone and eddy heat flux from ECMWF,
correlation is slightly higher (r = 0.98) than that shown in Figure 3.11. This could
be either due to improvements in total ozone retrieval using WFDOAS algorithm
specially at higher latitudes [Lamsal, 2006] or higher resolution of ECMWF data
for eddy heat flux calculation.

• The use of eddy heat flux data from NCEP slightly improves correlation coeffi-
cient for 1979-1985 period (r = 0.94) than that from ECMWF (see Figure 3.12),
but for latter period (1996-2003) correlation coefficients are almost similar. As
noted in Chapter 2, both assimilation model and assimilation methods at ECMWF
and NCEP have significant differences. In addition, parametrization for gravity
waves and wave drag can also play an important role in determining eddy heat
flux contribution.
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Figure 3.12: Same as Figure 3.11, but for SBUV V8 total ozone [1979-2003] and heat
flux from ERA40 [1979-2001] and ECMWF operational analysis [2002-
2003]. Regression line and correlation coefficients are shown for three
different time period. Linear regression fit for the time period of 1979-
2003 is shown by solid line. A fit for first seven years (1979-1985) is
shown by dashed line and that for last seven years (1996-2003) is shown
by dashed broken line.

• Latitudinal dependence of this relationship is shown in Figure 3.13, Figure 3.14
and Figure 3.15. It shows correlation between winter-time ozone gain (from WF-
DOAS GOME total ozone) and eddy heat flux (from ECMWF) for various lati-
tude bands. Although seasonal cycle in total ozone is largest at higher latitudes
(e.g. 80◦-90◦), satellite data are not available during polar night. In March (for
NH) and in September (for SH) sufficient number of observations are available for
60◦-70◦ latitude band and winter ozone gain for this latitude band is shown Fig-
ure 3.13. As discussed in Chapter 1, BD circulation transports photochemically
produced ozone from tropics to higher latitudes. Positive and significant correla-
tion coefficient (r = 0.95) for 60◦-70◦ latitude band confirms that increase in eddy
heat flux leads to increase in total ozone at higher latitude. The opposite is true
for tropical latitudes and is shown in Figure 3.15. For e.g., for 10◦-20◦ latitude
band a strong anti-correlation (r =−0.95) between wintertime ozone changes and
eddy flux has been observed. Higher eddy flux or strong wave activity leads to
higher ozone transport at higher latitudes and lowers the ozone concentration at
lower latitudes. As noted in earlier sections, SH winter ozone gain in year 2002,
lies mid-way between typical Antarctic and cold Arctic winters. This is coherent
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Figure 3.13: Same as Figure 3.11 but for WFDOAS total ozone for 60◦-70◦ latitude
band and eddy heat flux from ECMWF

Figure 3.14: Same as Figure 3.11 but for WFDOAS total ozone for 40◦-50◦ latitude
band and eddy heat flux from ECMWF



52 3 Eddy heat flux: A proxy for atmospheric dynamics influencing ozone transport

Figure 3.15: Same as Figure 3.11 but for WFDOAS total ozone for 20◦-30◦ latitude
band and eddy heat flux from ECMWF

with our current understanding that seasonal cycle in total ozone in tropics and
at high latitudes is strongly regulated by planetary wave driving [Haynes et al.,
1991; Rosenlof and Holton, 1993b]. At mid-latitude, for e.g. 40◦-50◦ latitude
band (shown in Figure 3.14) negligible correlation (r = 0.02) between ozone gain
and eddy heat flux shows that at this latitude band eddy flux has very little im-
pact on ozone. At this latitude band there is a balance between winter ozone gain
from tropical latitude through upwelling in tropics and ozone transport at higher
latitudes through downwelling branch of BD circulation. These two mechanisms
cancel the effect of each other showing no or little influence of planetary wave
driving at 40◦-50◦. Away from these latitudes, effect of wave driving increases
with positive correlation at higher latitudes and negative correlation at lower lati-
tudes.

3.9 Concluding remarks

In this chapter a new proxy has been proposed for the attribution of dynamical influence
on interannual ozone variability. Mid-latitude winter time heat flux is a useful quantity
accounting for both interannual ozone variability due to transport and chemical ozone
loss at higher latitudes. Using seven years of GOME total ozone (1996-2002) and eddy
heat flux from UKMO data, a compact relationship between winter time ozone gain and
planetary wave activity has been demonstrated. Using GOME OClO (which is proxy
for springtime chlorine activation) it has been also shown that wave driving not only
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controls the high latitude ozone transport but also ozone loss by heterogenous chemistry
by controlling the polar stratospheric temperatures. Very strong wave activity in SH in
year 2002 led to the first observed major stratospheric warming in the SH. This lead
to quite unusual ozone gain for years 2002 in SH which lies almost midway between
typical austral winter ozone gain and cold boreal winter ozone gain.

In addition, this analysis was extended for some of the recently updated total ozone
satellite data sets such as TOMS, SBUV, WFDOAS GOME. Nearly all the satellite data
set shows very good correlation between winter-time ozone gain and eddy heat flux.
For longer data records (1979-2003), there is considerable clustering of the data points,
which undermines the robustness of the proposed relationship. Although exact causes
are not known such a clustering can also arise from some of the other processes such
as changes in meteorological data quality, changes in stratospheric aerosol and halogen
loading. In addition latitude dependent relationship between wintertime ozone change
and eddy heat flux is coherent with our earlier understanding. Increase in mid-latitude
eddy heat flux leads to increase in high latitude ozone but decrease in ozone at lower
latitudes.
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4 Solar cycle variability and the QBO

Solar radiation reaching earth varies with time because of cyclical changes in the sun’s
activity. Although these variation are quite small in magnitude, it is believed that they
translate into climatic variability through various other indirect processes [Rind, 2002].
Understanding the nature of these processes is quite important because the solar signal
must be distinguished from the anthropogenic signal to understand the human influ-
ences on climate change and ozone variability. Using 48 years of data (1958-2005)
from ECMWF and NCEP, statistically significant variations in stratospheric tempera-
tures, geopotential heights, and wind field distribution in phase with the solar cycle
are shown. Both data set show consistent pattern of Quasi-Biennial Oscillation (QBO)
phase dependent atmospheric response to solar variability throughout the low and high
latitude stratosphere. In order to firmly establish the existence and nature of the de-
tected sun-climate relationship, a multiple regression analysis is applied to temperature
and wind data for the time period of satellite data (1979-2005). Regression analysis
shows that the solar response is robust in NH polar stratosphere during winter season
whereas in tropics it is observed throughout the year. A weaker solar signal is observed
in the SH polar stratosphere using ECMWF temperature data. This is possibly due to
the presence of temporal inhomogeneities in ECMWF data having substantial impact
on decadal signals, which may strongly affect the observed sun-climate relationship as
well as climate trends.

4.1 Overview

Sun is the ultimate driving force of the earth’s atmosphere. The amount of solar
radiation received at the outer surface of the earth’s atmosphere does not change much
(normally represented by the solar constant) from an average value of 1366 W/m2.
The variations in total solar output associated with solar cycle are so insignificant (as a
percentage of total output) that they remained at or below the threshold of detectability
until the satellite era, although a small fraction of ultraviolet wavelengths varies by a
few percent. Total solar output is now measured to fluctuate (over the last two 11-year
sunspot cycles) by less than 0.1 % or about 1 W/m2 from minimum to maximum of
the 11 year sunspot cycle. Even though these variations are quite negligible, various
attempts have been made to detect the possible influence of solar variability on the
structure and composition of the earth’s atmosphere. Since 1978 satellite data have
shown variations over the 27-day solar rotation period of e.g., 6% at 200 nm and 2.5%
at 250 nm [Cebula and DeLand, 1998]. Variations in stratospheric composition and
thermal structure resulting from ultraviolet irradiance changes may have an influence
on climate. The first mechanism whereby this might occur is through changes in
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radiative forcing [Haigh, 1996]. Thus, in addition to a direct increase in downward
short-wave irradiance at the tropopause, higher solar activity can cause an increase in
downward infrared flux by heating the stratosphere and also radiative forcing due to O3
changes. However, the response of O3 to solar variability is not well established.

Some of the two dimensional model simulations [Haigh, 1999; Fleming et al., 1995],
predicted that the largest fractional changes occur in the middle-upper stratosphere
with monotonically decreasing effects towards the tropopause. Using zonally averaged
CHEM2D photochemical-dynamical middle atmosphere model, McCormack [2003]
showed changes in QBO propagation as an effect of the 11-year cycle variation in
solar ultraviolet (UV) irradiance. Changes in stratospheric thermal structure may also
affect the troposphere through dynamical interactions rather than through radiative
forcing. Kodera [1995] suggested that changes in stratospheric zonal wind structure,
brought about by enhanced solar heating, could interact with vertically propagating
planetary waves in the winter hemisphere to produce a particular mode of response.
Using a GCM with an upper level at 10 hPa and few stratospheric levels, Haigh [1999]
showed a pattern of change in zonal mean temperature that was consistent over a
range of assumptions concerning the magnitude of the ultraviolet and ozone changes.
This pattern consisted of warming in the stratosphere (except in winter high latitudes)
and a vertically layered structure in the troposphere due to shifts in the positions
of the sub-tropical jets. Rind and Balachandran [1995] investigated the impact of
large increases in solar ultra-violet on the troposphere with a GCM and confirmed
that altered refraction characteristics affect wave propagation in winter high latitudes.
Haigh [1999],Shindell et al. [1999a], and Larkin et al. [2000] introduced realistic
changes in ultraviolet and ozone into GCMs and found that the inclusion of the ozone
has a significant effect on simulated climate through various feedback mechanisms.
Kodera and Kuroda [2002] found that the stratospheric response originates in the
tropical stratopause region, and propagates poleward and downward through the winter.
This propagation mechanism involves the interaction of planetary-scale waves with
the zonal mean flow so that the net effect is to draw wind anomalies poleward and
downward through the stratosphere.

Such modeling studies have important implication on understanding of the response
of various forcing on the future climate. But most of these models have their own
drawbacks, as most of them rely heavily on parameterizations of some important
processes. In particular, most of the GCM have difficulties in reproducing QBO due to
its complexity [Hamilton et al., 1999].

Another possibility to study solar influence is to use observational data, but ground
based data are extremely inhomogeneous on both spatial and temporal scale. Since
beginning of satellite era various instruments have been providing useful global
measurements of ozone and temperature. Using UKMO TOVS temperature data,
which is compiled using various satellite irradiance data, Scaife et al. [2000] detected
largest solar response over tropical stratosphere (up to 1 K) between 70 hPa and 1
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hPa. Multiple regression analysis of satellite data, as carried out with SBUV data by
McCormack and Hood [1996] and Miller et al. [1996], suggests the largest changes
in the upper and lower stratosphere and no, or even slightly negative changes in the
middle stratosphere. However, during these studies the data from just one and a half
solar cycles were available. These might not have properly accounted for the effects
of enhanced volcanic aerosols from El Chichón and Mount Pinatubo during solar
maximum condition [Solomon et al., 1996; Lee and Smith, 2003].

To study solar-climate interaction evident choice is to use operational analysis or
reanalysis data. Although these data sets have their own limitations they are the most
reliable simulations of the real atmosphere. Reanalysis data set offer a balanced and
dynamically consistent time series of various meteorological parameters to study
sun-climate interaction. Using such analysis/reanalysis data set, solar cycle-ozone
interaction was presented by Labitzke et al. [2002],Hood and Zhou [1999], Crooks
and Gray [2005] indicating a tropical solar cycle signal of about 1 K in the lower
stratosphere. Yet, the largest signal is found during winter over the pole [Labitzke and
van Loon, 1993], where the solar radiation is the least. This might be due to the fact
that tropical stratosphere undergoes very small seasonal variation compared to polar
stratosphere [Salby and Callaghan, 2002a]. Changes of mean zonal wind in the middle
atmosphere are usually associated with changes in wave forcing and feedbacks between
the two, provides a mechanism for coupling between widely separated atmospheric
regions. Gray et al. [2003] and Gray [2003] found that early winter zonal wind
anomalies in the tropical stratopause region are important in modulating the strength
of the northern polar vortex. A mechanism, that is similar to that associated with the
extra-tropical QBO [Holton and Tan, 1980], which states that upward propagation of
planetary wave is dependent on the phase of QBO. The key QBO level for maximum
extra-tropical correlation in the Holton-Tan oscillation is near 40-50 hPa, whereas in
Gray et al. [2003] key level is in the upper stratosphere near 1 hPa. Observations pro-
vide evidence that the strength of the northern polar vortex is affected by solar-induced
circulation changes near the tropical stratopause.

The objective of this chapter is to study solar signal in the two most comprehensive
analysis data sets produced by two climate centers, ECMWF and NCEP. Detailed as-
sessment of solar signal is provided using correlation and regression analysis. Section
4.2 gives the details of data used in this study. The modulation of the solar signal by
the QBO as well as the Holton-Tan mechanism is discussed in Section 4.3. Correlation
between stratospheric temperatures/geopotential heights and solar flux is discussed in
Section 4.4. Using multivariate regression analysis for the period of 1979-2005, solar
influence on stratospheric dynamics is discussed in Section 4.5, followed by a summary
in Section 4.6.
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4.2 Data and methodology

Monthly mean temperatures, geopotential height and wind speed from the NCEP re-
analysis on 17 pressure levels are used for the period 1958-2005. ERA40 (1958-2001)
and ECMWF operational data (2002- 2005) are combined to obtain continuous time
series for the period of 1979- 2005 on 21 pressure levels as described in Chapter 2
(hereafter called ECMWF data). From the overlapping period of January 2001- August
2002, offset values have been determined and subtracted from operational data at
each grid point and pressure level. They are of the order of −2 K. QBO phases are
determined using the mean zonal wind between 10◦S-10◦N at 44 hPa during early
winter (December and January). Use of QBO and temperature/geopotential heights
from the same analysis is very useful as it avoids false signal occurring due to changes
in the assimilated observations in the reanalysis. As a measure of the solar variability
the monthly mean values of the 10.7 cm solar flux are used. The 2800 MHz microwave
daily radio flux highly correlates with the daily sunspot number and the two databases
are used interchangeably. The 2800 MHz or 10.7 cm responds to the same conditions
that produce changes in the visible and X-ray wavelengths. Data is obtained from
ftp://ftp.ngdc.noaa.gov/STP/SOLAR DATA/SOLAR RADIO/FLUX/MONTHLY.OBS.
For correlation analysis statistical significance are calculated after fitting linear regres-
sion line. Stratospheric aerosol loading due to volcanic eruptions is same as used in
NASA Goddard Institute of Space Studies (http://www.giss.nasa.gov/data/strataer/ ).
Time series of temperature anomalies of homogenized radiosonde data for various
latitude band is obtained from http://hadobs.metoffice.com/hadat/hadat2.html

4.3 QBO

Figure 4.1 shows a time versus pressure plot of the direction and magnitude of the
zonal winds averaged between 10◦S-10◦N from ECMWF and NCEP. Westerly winds
are shown by solid lines and easterly winds are shown by dashed lines. The wind phase
changes descend about 1 km/month before they reach the tropopause. Just above the
descending easterlies are descending westerlies. Although geostrophic wind balance
is not valid over the equator, general characteristics of the zonal winds such as QBO
phase and downward propagation of wind anomalies are well captured in both data sets.
Differences between wind speed from these two data set are shown in bottom panel
of Figure 4.1. Both easterly and westerly winds are stronger in ECMWF compared to
NCEP. At 10 hPa level maximum differences during westerly and easterly phases are
up to 23 m/s. This is possibly due to the fact that 10 hPa is the highest level in NCEP
and winds are possibly contaminated at this level by the upper boundary condition.
While differences are minimum at lower altitudes, winds are generally stronger in
ECMWF. This is better illustrated in Figure 4.2, which shows amplitudes of residual of
zonal wind after removing annual and semiannual harmonics at 30 hPa. As expected
Figure 4.2 shows that annual and semiannual variation in zonal mean field are almost
negligible between 15◦S-15◦N. The amplitude of residuals (or QBO) is found to be
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Figure 4.1: Vertical cross section of average zonal wind (10◦S-10◦N in m/s) from
ECMWF (upper panel) and NCEP (middle panel) for 1980-2001. Differ-
ences between them are shown in bottom panel. Contour intervals are 10
m/s in upper and middle panels and 2 m/s in bottom panel. Easterly winds
are shown by dashed lines whereas westerly wind are shown by solid lines.

symmetric around the equator and is largest around 50 hPa- 30 hPa (not shown here).
Due to strong polar vortex in SH, largest seasonal variation are well reflected in the
amplitudes of seasonal harmonics and are almost similar in both data sets. While
semiannual variability in both data set is more similar in NH, larger differences are ob-
served in SH. At about 65◦S, ECMWF data shows nearly zero amplitude of semiannual
harmonics, but it is quite large (∼5 m/s) in NCEP data. Another important difference
is that during some years phase transition at particular levels is somewhat different
in both data sets. Somewhat large differences during phase transition periods in the
bottom panel of Figure 4.1 indicate that phase transition is delayed in NCEP by almost
2 months during 1980-1981. This indicates that the speed of downward propagation
is probably not well captured in one of the data sets. It is also important to note
that the satellite radiance data between 20◦S-20◦N are not used in NCEP assimilation
model whereas ECMWF model is closely tied to radiosonde data [Randel et al., 2004a].

As discussed in Chapter 3, the troposphere influences the stratosphere mainly
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Figure 4.2: Amplitude of average wind speed between 10◦S-10◦ N in m/s at 30 hPa after
removing seasonal and semiannual cycle. Amplitude of seasonal and semi-
annual harmonics is shown with open circles and squares respectively. Solid
line shows the amplitude of residuals (update from Baldwin et al. [2001]).

through a variety of atmospheric waves that propagate upward and interact with the
stratospheric flow. In the tropics QBO is driven by a combination of gravity, Kelvin,
and mixed Rossby-gravity waves [Baldwin et al., 2001]. In the extra-tropics, all the
large-scale waves are trapped when the stratospheric flow is easterly, but only longest
waves are trapped during winter when the flow is westerly [Andrews et al., 1987].
During northern hemispheric winter planetary-scale Rossby waves propagate upward,
refract, and reflect in the stratosphere. It is the circulation of the lowermost stratosphere
(particularly in the tropical region) that determines where wave activity propagates. As
first noted by Holton and Tan [1980], the polar vortex is, on average, weaker when the
QBO is easterly.

In order to study the Holton-Tan mechanism, in both analyses, QBO indices are
defined slightly differently compared to earlier studies (Labitzke et al. [2002] uses
Singapur station data). Average zonal winds for 100S-100N (shown in Figure 4.1)
at 44 hPa [Baldwin et al., 2001] are used to define the QBO phase. If average
December-January wind speed at 44 hPa is greater than −2 m/s, it is categorized as
west phase of QBO while less than −4 m/s is categorized as east phase. There are 23
years classified as west phase of QBO in both analyses and are tabulated in Table 4.1.
Classifications of phases are identical in both analyses, the years 1958 and 1995 differ
and have been excluded to maintain the consistency of the analysis.
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Table 4.1: Years with QBO in east and west phases from ECMWF and NCEP. Phases
of QBO are determined from mean zonal wind at 44 hPa for December and
January with condition of≤−4 m/s (east phase) and≥−2 m/s (west phase).
Note that year 1958 and 1995 show different phases in ECMWF and NCEP
and hence are excluded from the table

QBO Years
East Phase 1959, 1961, 1963, 1966, 1969, 1971, 1973, 1975, 1977,

1978, 1980, 1982, 1984, 1985, 1987, 1990, 1992, 1997,
1999, 2001, 2002, 2004

West Phase 1960, 1962, 1964, 1965, 1967, 1970, 1972, 1974, 1976,
1979, 1981, 1983, 1986, 1988, 1989, 1991, 1993, 1994,
1996, 1998, 2000, 2003, 2005

Composite analysis of mean JFM temperature differences between east and west
phases of QBO is shown in Figure 4.3. As per Holton-Tan mechanism during west
phase of QBO, upward propagating planetary waves are generally reflected away from
the polar vortex towards low latitudes (see Figure 3.4). This leads to a decrease in BD
circulation strength leaving polar vortex colder and stronger. In addition, a decrease in
tropical upwelling is responsible for higher temperatures in tropical lower stratosphere
and opposite is true during east phase of QBO. As shown in Figure 4.3, this is well
presented in both analyses and largest differences occur in the Arctic polar lower strato-
sphere. In ECMWF temperature differences are larger (about 6 K) compared to NCEP
(up to 4 K). This bias in ECMWF data was already noted by Randel et al. [2004a]. In
tropics, both NCEP and ECMWF shows similar features such as colder temperatures
in tropical lower stratosphere and warmer temperatures in middle stratosphere. This
is consistent with current understanding that QBO induces a secondary circulation in
the mean meridional circulation. Due to this secondary circulation tropical tropopause
region is colder during west phase of QBO compared to east phase of QBO [Baldwin
et al., 2001]. As ECMWF data extends up to stratopause, some of the other important
features are evident. During west phase of QBO, colder temperatures are found ear
stratopause region, warmer temperatures in middle stratosphere as well as colder
temperatures in tropical lower stratosphere (also known as the three cell structure)
are well represented in ECMWF. The three cell structure can be seen in the wind
field and geopotential height fields (not shown here). Weaker polar vortex or decrease
in westerly wind in mid-high latitude stratosphere is distinguishable in the analysis
of the zonal wind field. Warmer temperatures in mid- latitude upper stratosphere is
one of the key features during west phase of QBO [Baldwin et al., 2001; Collimore
et al., 2003]. This clearly underlines the linkage between QBO phase in the tropical
mid-stratosphere (as shown by Holton and Tan [1980]) and changes in the dynamical
fields in the extra-tropical upper stratosphere ([Gray et al., 2003; Kodera and Kuroda,
2002]) work coherently and determine the propagation properties of planetary waves.
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Figure 4.3: Differences of zonal mean wind in m/s (upper panel) and zonal mean tem-
peratures in K (lower panel) during NH winter (JFM) between QBO west
phase and east phase (left: ECMWF, right: NCEP).
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Figure 4.4: Relationship between NH polar cap temperature (70◦N-90◦N) at 50 hPa in
February from ECMWF (left panel) and NCEP (right panel) and solar flux
during west phase of QBO.

4.4 Stratospheric temperatures and solar cycle

Labitzke [1987] and Labitzke and Loon [1988] showed a remarkable relationship be-
tween QBO and stratospheric temperatures at higher latitudes that is well synchronized
by the 11-year solar cycle. This response was originally discovered over the northern
polar regions in winter and some of the recent studies have shown that this relationship
is also valid for SH polar stratosphere [Labitzke, 2005].

Figure 4.4 is similar to that from Labitzke [2005], except that temperature and
QBO data are from ECMWF and NCEP. QBO years with east and west phases are
summarized in Table 4.1. As shown in Figure 4.4 polar cap temperatures (70◦N-90◦N)
at 50 hPa in February and solar flux are highly correlated during west phase of QBO in
ECMWF (r=0.72) and NCEP (r=0.70). During solar maxima polar cap temperatures
are found to be higher and Arctic polar vortex is weaker. This relationship is found
to be strongest only during middle to late winter months (highest correlation is found
in February). During solar minima, Arctic vortex is more stable leading to lower
polar cap temperatures. During easterly phase of QBO, solar flux and polar cap
temperatures correlation is quite insignificant in February. Figure 4.6 and Figure 4.7
shows the correlation map of solar cycle and geopotential height during February
for both reanalysis data sets. As shown in Figure 4.4, geopotential height changes
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Figure 4.5: Same as Figure 4.4 but for east phase of QBO.

Figure 4.6: Correlation map for zonal mean geopotential height in February and solar
flux during west phase of QBO (years as shown in Table 4.1). Shaded re-
gions show 1σ (darker) and 2σ (lighter) significance.
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Figure 4.7: Same as Figure 4.6 but during east phase of QBO

are strongly correlated with changes in solar flux during westerly phase of QBO. In
polar region, this relationship is statistically significant in both data set and extends
up to the stratopause region. Interestingly these two data sets do not agree in the
tropical stratosphere as well as in the troposphere. Largest differences are seen in
tropical lower stratosphere, where ECMWF data shows significant correlation (∼0.5),
confirming possible modulation of geopotential height distribution by solar variability.
This correlation is not observed in NCEP data. On the other hand, a mid-latitude
tropospheric solar signal is visible in NCEP data, but is insignificant in ECMWF
data. During east phase of QBO (Figure 4.7), a significant correlation (∼0.4) is visi-
ble in both data set, throughout the stratosphere in the narrow band between 45◦N-55◦N.

Another important difference seen is the possible influence of solar variability on
tropospheric circulation. As shown in Figure 4.6, NCEP data shows significant modu-
lation of the Hadley cell circulation in NH (changes in ITCZ ) as well as movement of
subtropical jet whereas these features are absent in ECMWF data. These kind of dis-
crepancies between NCEP and ECMWF data can have serious implications in climate
models studying possible changes in QBO behavior related to changes in tropical wave
driving.
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4.5 Regression Analysis

A simple multivariate regression model used in this study has been constructed as fol-
lows
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where T (n) is the monthly mean temperatures for month n, which is a running index
from month zero to 323 covering the period 1979 to 2005, α◦

m are monthly constants
for the annual cycle (m=1,. . . ,12), α lin

m are monthly linear trend coefficients, α
h f
m are

solar flux variability contribution coefficients, α
qbo30
m and α

qbo50
m , QBO coefficients at

30 and 50 hPa, respectively, αaero
m , is stratospheric aerosol loading terms due to strong

volcanic eruption such as El Chichón and mount Pinatubo. ε(n) are the residual.
(for details on regression analysis see Chapter 5), respectively. QBO indices at 30 hPa
and 50 hPa are zonal mean wind between 10◦S-10◦N from respective analysis and they
account for both both phase and amplitude of the QBO.

Figure 4.8 and Figure 4.9 show the solar signal in zonal mean temperatures for
ECMWF and NCEP, respectively. For better clarity the regression coefficients are
multiplied by 113 solar flux unit, which is the average change in solar flux from
solar minima to solar maxima for the last three decades. The values indicated are
average changes in temperature in K from solar minima to solar maxima. Most notable
and statistically significant solar cycle response is observed in tropical stratosphere
(300S-300N). As shown in the correlation analysis, regression coefficients also show
the three cell structure in tropical stratosphere. Both data set show positive response
in tropical lower-middle stratosphere (except for February and October). This is most
probably the direct effect of increase in UV radiation [Larkin et al., 2000; Scaife et al.,
2000; Gray et al., 2003; Hood, 2003; Crooks and Gray, 2005]. Though scaling and
magnitude of the solar response is different, regression model is in better agreement
with most of the earlier studies. Statistically insignificant but slightly negative response
in middle stratosphere and positive response in upper stratosphere is in agreement with
Scaife et al. [2000]; Hood [2003], and Crooks and Gray [2005]. Detailed examination
shows that the positive response in tropical lower stratosphere is in better agreement
with Scaife et al. [2000] than Hood [2003]. Largest solar response (more than 1 K)
in the tropical lower stratosphere is observed between June-September. This is due
to the fact that planetary wave driving is minimum during these months [Yulaeva
et al., 1994] (see also Chapter 6). As a result of weak meridional ozone transport,
increase in tropical ozone leads to increase in temperature through radiative heating.
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Comparison of Figure 4.8 and Figure 4.9 shows that NCEP data shows slightly larger
and homogeneous response in tropical lower stratosphere compared to ECMWF.

In the polar stratosphere, negative solar response during early winter months
(December- January in NH and July- August in SH) is clearly visible in both data sets
(more significant in NCEP). This confirms the findings of Gray [2003] that during
solar maxima polar vortex is stronger and colder during early winter months (see
also Figure 4.10 and Figure 4.11) and sudden stratospheric warmings (SSWs) occur
more frequently during mid-winter months (February and March in NH). A sudden
stratospheric warming is an event where a sudden rise in planetary wave activity leads
to a deceleration of westerly polar wind speed (in a few days time) that even wind
reverse the wind direction. This is accompanied by a sudden rise of stratospheric
temperature by several tens of degrees. The opposite is true during solar minima, when
polar vortex is weaker and conditions are more favorable for SSWs during early winter
months but polar vortex is then stronger during the mid-winter period. As a result, a
robust positive response from the solar variability in Arctic stratospheric temperatures
is clearly visible in both data sets (up to +8 K at 10 hPa). In ECMWF data, maximum
response is observed at about 10 hPa. In SH, both data show similar response during
October (+3 K). Related to high frequency of mid-winter SSWs in February (NH)
and October (SH) are increase in the strength of Brewer-Dobson circulation leads to
strong upwelling in tropical stratosphere. Negative response (or cooling) in tropical
stratosphere is caused by the increase in BD circulation (and hence increase in tropical
upwelling). The tropical cooling however is not statistically significant.

Another important feature observed in both data sets is the downward propagation
of solar response [Baldwin et al., 2003a, b]. Warmer polar stratospheric temperatures
in February and October (Figure 4.8 and Figure 4.9) during solar maxima, propagate
downward into troposphere in March (NH) and November (SH). Positive response in
polar troposphere cannot be a direct response of changes in solar radiation but it is an
indirect effect of SSWs during mid-winter through adiabatic compression followed
by diabatic descent. It is also important to note that this indirect solar response is
statistically significant in NCEP as compared to ECMWF.

Solar response in the zonally averaged wind is coherent with temperature response
discussed above (shown in Figure 4.10 and Figure 4.11). Stronger polar vortex (higher
wind speed) during solar maxima in December and January is clearly distinguishable
in both data sets. Regression analysis shows that in NH largest response occurs in
lower-middle stratosphere between 50◦-65◦ latitude band and this response is nearly
identical in both data sets. As discussed earlier these results are consistent with Gray
[2003]. Another key feature of solar response, which is not detected in temperature
analysis, is the out of phase response between extra-tropical latitude (30◦-40◦) and
higher latitudes (but correlation analysis clearly shows this feature in both analyses).
This symmetrical behavior is consistent, and is possibly associated with changes in
the subtropical jet streams [Haigh, 1999; Labitzke et al., 2002]. This shows that
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some of the key features observed in earlier studies are well reproduced by the
regression model. For zonal wind analysis the key difference in ECMWF and NCEP
is the negative solar response at polar latitudes (e.g. April in NH and September in
SH). This is somewhat overestimated in the ECMWF data and is probably related
to the stronger meridional circulation in observed in ECMWF data [Uppala et al., 2005].

4.6 Comparison between NCEP and ECMWF

In the regression analysis largest differences between NCEP and ECMWF are observed
in the SH. In order to understand the possible causes of such differences, these two data
sets are compared with radiosonde data. Figure 4.12 shows comparisons of monthly
mean temperature at 100 hPa between ECMWF and NCEP data with Halley Bay station
data (75◦S, 26◦W) in October. As shown in the figure, a cold bias in ECMWF makes
it nearly impossible to use data before 1979. This marks the problems associated with
the assimilation method before the satellite era. The cold bias in ECMWF is significant
during winter months but no such serious biases are observed in NCEP data. For the
period of 1979-2005, there are no significant differences between two data sets.

For tropical latitudes comparison is done using gridded ho-
mogenized radiosonde temperature data developed at UKMO
(http://hadobs.metoffice.com/hadat/hadat2.html). HadAT2 is a new analysis of
the global upper air temperature record from 1958 to 2005 based on radiosonde data
alone [Thorne et al., 2005]. This analysis makes use of greater number of stations
as compared to previous radiosonde analyses (e.g. LKS, Lanzante et al. [2003]),
combining a number of digital data sources. This makes HadAT2 data suitable to
determine possible discrepancies in ECMWF or NCEP data. As mentioned in Chapter
2, assimilation system for NCEP is consistent over the time period of 1958-2005, but
it might suffer from changes in the observation sources [Randel et al., 2004a]. This
includes quality and density of station data set, radiosondes observations as well as
various satellite radiance data sets. The ERA40 analysis was completed in July 2003.
The final version of the reanalysis products are created from three main assimilation
streams 0020 (December 1957 - April 1972), 0030 (July 1974 - March 1985) and 0018
(January 1989 - August 2002) . For stream 0020, primary data sources are station
and radiosonde data, and that for stream 0030 include additional data sources such
as some aircraft observations and satellite data radiances. Along with above noted
data sources stream 0018 rely heavily upon number of additional satellite and in-situ
measurements (discussed in Chapter 2). Some extra assimilation streams and shorter
rerun assimilations were done due to technical problems or problems with satellite
radiance tuning (http://www.ecmwf.int/research/era). The set of experiment identifiers
and periods from which the final version is being constructed are given in Table 4.2
below.
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Figure 4.8: Solar cycle response in zonal mean temperature from ECMWF for the pe-
riod 1979-2005 from regression analysis. Regression coefficients are scaled
with mean difference between solar flux during solar maxima and minima
using last three solar cycle data (about 113 solar flux units). Shaded regions
show 1σ (ligher) and 2σ (darker) significance. Note that contour intervals
are 0.5 K for the temperature range between −1 to 1 and beyond this range
contour intervals are 1 K.
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Figure 4.9: Same as Figure 4.8 but for NCEP data.
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Figure 4.10: Same as 4.8, but for zonal wind from ECMWF (m/s).
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Figure 4.11: Same as Figure 4.10 but for NCEP data.
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Figure 4.12: Temperature from NCEP and ECMWF compared with Halley station data
at 100 hPa. Halley station data are obtained from BAS (British Antarctic
Survey) web page http://www.antarctica.ac.uk/met/jds/ozone

Figure 4.13: Tropical temperature anomalies from HadAT2 (radio sondes), NCEP, and
ECMWF data set. Anomalies are calculated with respect to 1965-1995
period. Anomalies from HadAT2 are shown in thick gray line and that for
NCEP and ECMWF are shown by squares and filled circles, respectively.
Time periods for some of the longest experimental versions for ERA40 are
shown in background (see Table 4.2)
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Table 4.2: Experimental versions for ERA40
Period Exp. Version
19570901 - 19571130 EXPVER=0272
19571201 - 19720430 EXPVER=0020
19720501 - 19721231 EXPVER=0334
19730101 - 19740430 EXPVER=0030
19740501 - 19740630 EXPVER=0335
19740701 - 19850331 EXPVER=0030
19850401 - 19860331 EXPVER=0050
19860401 - 19881031 EXPVER=0040
19881101 - 19881231 EXPVER=0338
19890101 - 19941231 EXPVER=0018
19950101 - 19950430 EXPVER=0274
19950501 - 20020831 EXPVER=0018

Figure 4.13 shows comparison of temperature anomalies from ECMWF, NCEP, and
HadAT2 for the 20◦S-20◦N latitude band at 100 hPa, 50 hPa, and 30 hPa. Temperature
differences are quite small at 50 hPa and 30 hPa (maximum are up to 1 K in 1958-59 and
in 1972). The good agreement between anomalies from reanalysis data set and HadAT2
independently confirms the observed solar signal in tropical stratospheric temperatures
which is greater than the uncertainty estimated by the regression model. Largest differ-
ences are observed at 100 hPa which is near the tropical tropopause region. Problems
associated the radiosondes to measure at very low temperatures are partially responsi-
ble for the large uncertainty in this part of the atmosphere [SPARC, 2000]. Significant
jumps in NCEP data after 1979 (beginning of satellite era) might have contributed to the
difficulties in detecting the exact magnitude of solar influence in tropical lower strato-
sphere. As ECMWF assimilation system is more closely tied with radiosonde data,
better agreement can be seen between HadAT2 and ECMWF data.

4.7 Summary and conclusions

An assessment of solar cycle influence on stratospheric temperatures and winds using
two different meteorological analyses have been done. It is postulated that solar signal
on climate system is either amplified through QBO or changes in solar radiation mod-
ifies the QBO. Such strong coupling between these two forcing makes it necessary to
study the QBO characteristics in detail. Analysis of zonal wind data from ECMWF
and NCEP, show that QBO is well represented in both data sets. Stronger QBO am-
plitude in ECMWF and timing of phase transition during some of the years can have
some implication in diagnostic studies. In addition, separating QBO phases using iden-
tical criterion (23 years -west phase, 22 years- east phase) show that the Holton-Tan
mechanism, which describes modulation of upward propagating planetary wave activ-
ity by QBO, is well represented in both data sets. Due to higher vertical resolution of
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ECMWF data, the three cell structure in tropical lower stratosphere as well as changes
in the extra-tropical stratopause region are observed. This confirms that QBO phase in
tropical lower stratosphere as well as changes near the extra-tropical stratopause act si-
multaneously to modulate the course of upward propagation planetary waves and hence
influence the global stratospheric circulation.

A strong relationship between solar flux and polar stratospheric temperatures
[Labitzke, 1987] during west phase of QBO (23 years data) is well reproduced in
both data sets. Correlation analysis of solar flux and temperatures shows significant
differences in the tropical stratosphere. Positive correlation observed in ECMWF data
is absent in NCEP data. In SH, correlation between solar flux and temperature is
quite low and is somewhat higher in NCEP than ECMWF. Solar-climate interaction
has been studied using a multivariate regression analysis for the period of 1979-2005.
In NH largest solar response is observed at high latitudes during February and in SH
during September. Warmer polar stratospheric temperatures and weaker polar vortex
during these months indicate that during solar maxima conditions are more favorable
for mid-winter SSWs. These results are in agreement with Gray et al. [2003], where
they show that during solar minima SSWs occur in early winter months whereas during
solar maxima mid-winter SSWs are more common. Solar response at higher latitude is
somewhat stronger in ECMWF than that NCEP, possibly due to stronger BD circulation
in ECMWF [Uppala et al., 2005].

Regression analysis for longer time period (1958-2005) shows somewhat weaker but
similar solar response in NH, but large differences are observed in SH. Comparison
with station data and HadAT2 data confirms significant biases in ECMWF in SH before
1979 indicating that ECMWF data in SH before satellite era should not be used to study
solar-climate interaction.
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5 Total ozone trends using satellite
data 1

One of the main objective of this work is to detect the earliest signs of ozone recov-
ery due to successful implementation of the Montreal protocol and its amendments to
ban ozone depleting substances. This chapter provides a detailed assessment of ozone
trends using recently updated total ozone data set from various satellite instruments. A
multivariate regression model has been applied to zonally averaged total ozone data be-
tween 60◦S-70◦N for 1979-2005. Influence on some of the individual processes such as
stratospheric aerosol loading, solar flux variability, QBO, ENSO have been discussed.
Possible causes of increase in mid-high latitude total ozone in both hemispheres since
mid-nineties have been analysed. The regression analysis shows that such an increase
in mid-high latitude total ozone is mostly due to increase in planetary wave driving
(strengthening of BD circulation) and solar variability. Changes in ozone trends due to
decrease in ozone depleting substances are not yet distinguishable from long term linear
ozone trends.

5.1 Abstract

Global total ozone measurements from various satellite instruments such as SBUV,
TOMS, and GOME show an increase in zonal mean total ozone at northern hemi-
spheric (NH) mid to high latitudes since the mid-nineties. This increase could be
expected from the peaking and start of decline in the effective stratospheric halo-
gen loading, but the rather rapid increase observed in NH zonal mean total ozone
suggests that another physical mechanism such as winter planetary wave activity
has increased which has led to higher stratospheric Arctic temperatures. This has
enhanced ozone transport into higher latitudes in recent years as part of the residual
circulation and at the same time reduced the frequency of cold Arctic winters with
enhanced polar ozone loss. Results from various multi-variate linear regression anal-
yses using SBUV V8 total ozone with explanatory variables such as a linear trend
or, alternatively, EESC (equivalent effective stratospheric chlorine) and on the other
hand planetary wave driving (eddy heat flux) or, alternatively, polar ozone loss (PSC
volume) in addition to proxies for stratospheric aerosol loading, QBO, and solar cycle,
all considered to be main drivers for ozone variability, are presented. It is shown that
the main contribution to the recent increase in NH total ozone is from the combined

1Section 5.2-5.9 have been been published as S. Dhomse, M. Weber, J. Burrows, I. Wohltmann, and M.
Rex, On the possible cause of recent increases in NH total ozone from a statistical analysis of satellite
data from 1979 to 2003, Atmos. Chem. Phys., 6, 1165-1180, 2006, with minor modification
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effect of rising tropospheric driven planetary wave activity associated with reduced
polar ozone loss at high latitudes as well as increasing solar activity. This conclusion
can be drawn regardless of the use of linear trend or EESC terms in our statistical
model. It is also clear that more years of data will be needed to further improve our
estimates of the relative contributions of the individual processes to decadal ozone
variability. The question remains if the observed increase in planetary wave driving
is part of the natural decadal atmospheric variability or will persist. If the latter is
the case, it would trigger to faster recovery of atmospheric ozone layer.

5.2 Overview

Long-term ozone observations at mid to high latitudes spanning several decades
display both steady decline and high inter-annual and intra-annual variability.
Figure 5.1 shows the monthly total ozone anomaly time series in the 50◦N-60◦N
latitude band for different satellite data sets from 1979 to 2003: SBUV V8, merged
TOMS/SBUV V8, and GOME WFDOAS V1 (1995-2003). Also shown in the figure
are the annual mean total ozone for all data sets. It is evident that an increase
in total ozone is observed in all data sets since about the mid-nineties following a
steady decline during the eighties and early nineties [WMO, 1999]. The effect of
the Mount Pinatubo eruption in 1991 resulted in extremely low spring values for few
years until 1994. The mid-nineties were also characterised by occurrences of several
cold Arctic stratospheric winters with enhanced polar ozone losses [Pawson and
Naujokat, 1999; WMO, 2003]. After this period a steady rise in NH total ozone is
observed. As an effect of higher total ozone in the late nineties, the long-term linear
downward trend in ozone was reduced as compared to earlier studies [WMO, 2003].
This chapter tries to address the issue which physical and/or chemical processes
may have contributed to the recent increase.

The main contributions to decadal ozone variability are changes in solar flux,
ozone depleting substances, and ozone transport. In order to study long-term
changes in ozone, it is necessary to separate the influence of various dynamical and
chemical processes as well as processes that act on short- and long-term time scales
such as the quasi-biennial oscillation (QBO), El Niño/Southern Oscillation (ENSO
or SOI) [SPARC , 1998; WMO, 2003], volcanic eruptions, heterogeneous chemical
losses on the surface of polar stratospheric clouds (PSC), gas phase chemical losses,
and tropospheric driven planetary wave activity which controls ozone transport into
high latitudes as part of the wave driven residual circulation [Fusco and Salby , 1999].

In the following the relevant processes that are known to contribute to ozone
variability are briefly summarised.
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Residual circulation and planetary wave driving

The zonally averaged transport circulation in the wintertime stratosphere consists of
a single mean meridional cell in each hemisphere with a rising branch in the tropics,
poleward flow at mid-latitudes, and downward mass transport at higher latitudes.
This circulation is driven by momentum deposited into the stratosphere by wave
breaking [Andrews et al., 1987]. Planetary waves propagate from the troposphere
to the stratosphere, break at critical levels, and decelerate the mean zonal wind.
Coriolis force and pressure gradient are not in equilibrium anymore and poleward
motion sets in. The mass transport from the equator to the pole leads to adiabatic
heating at high latitudes and drives stratospheric temperatures away from radiative
equilibrium [Newman et al., 2001]. Adiabatic cooling sets in and leads to subsidence
of air masses. This residual circulation tightly controls the wintertime ozone buildup
at high latitudes [Fusco and Salby , 1999; Randel et al., 2002b]. It influences ozone
in several ways: a stronger residual circulation means that more ozone is transported
from its source region at the equator to higher latitudes, that meridional mixing
is stronger, more ozone is transported downwards at high latitudes, where it is
photochemically more stable, stratospheric temperatures rise, and less ozone is
chemically depleted via heterogeneous reactions [Weber et al., 2003]. The ability of
waves to propagate vertically is dependent on the zonal mean flow and, therefore,
wave activity is strongest in the winter of the respective hemisphere. The impact of
the strength of the residual circulation of a given winter on the inter-annual ozone
variability remains detectable until next autumn [Fioletov and Shepherd , 2003].

The magnitude of momentum transport from the troposphere into the strato-
sphere by planetary waves is presented by the divergence of Eliassen-Palm (EP)
flux. The eddy heat flux v′T ′, which is directly proportional to the vertical compo-
nent of Eliassen-Palm (EP) flux vector and approximately proportional to the EP
flux divergence, is found to be a very attractive proxy for ozone transport (for de-
tails see Chapter 3). It determines the magnitude of the wave activity [Fusco and
Salby , 1999; Newman et al., 2001; Weber et al., 2003]. Other dynamical proxies
such as Arctic Oscillation (AO) or North Atlantic Oscillation (NAO) index, polar jet
strength index, polar stratospheric cloud (PSC) volume, 50 hPa temperature are to
some degree correlated with each other and can be linked to planetary wave activity
[Randel and Cobb, 1994; Baldwin and Dunkerton, 1999; Chipperfield and Jones,
1999; Fusco and Salby , 1999; Randel et al., 2002b; Salby and Callaghan, 2002a;
Plumb and Semeniuk , 2003; Steinbrecht et al., 2003].

QBO

The quasi-biennial oscillation of the equatorial zonal winds and temperatures has an
obvious influence on the inter-annual variability of the tropical and subtropical ozone
column [Baldwin et al., 2001](also see Chapter 4). It mainly induces a secondary
adiabatic circulation which transports more or less ozone from the altitudes of pho-
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tochemical production to the altitudes where ozone can be considered a conserved
tracer [Reed , 1964]. Typical amplitudes are 5–10 DU that are a considerable part of
the inter-annual variability in the tropics. But the QBO has also been connected to
ozone changes in mid-latitudes and even polar latitudes [Bowman, 1989; Lait et al.,
1989; Chandra and Stolarski , 1991]. The tropical signal is confined equatorward
of about 15◦ and has no seasonal dependence, while at higher latitudes the QBO
response to ozone has largest amplitudes in winter and spring [Tung and Yang ,
1994; Randel and Cobb, 1994; Baldwin et al., 2001]. Possible reasons for the
QBO influence in mid-latitudes could be the modulation of the wave propagation
in mid-latitudes, transport of equatorial anomalies to higher latitudes or changes in
meridional mixing. The modulation of wave propagation is called the Holton-Tan
effect [Holton and Tan, 1980]. The influence on total ozone depends on both phase
and strength of the QBO [WMO, 2003; Steinbrecht et al., 2003].

Stratospheric halogen loading

The impact of anthropogenically produced CFCs on ozone depletion has been widely
studied since the early 1970s [Molina and Rowland , 1974; Stolarski and Cicerone,
1974; WMO, 2003]. International measures to curb these emissions led to the in-
troduction of the Montreal protocol (1987) and subsequent amendments to reduce
emissions of chlorine and bromine containing species. The various halogen com-
pounds have different potentials to deplete stratospheric ozone depending on their
physical and chemical properties. EESC (equivalent effective stratospheric chlorine)
is a quantity which is the sum of chlorine containing species multiplied by the number
of Cl atoms contained in the compound and weighted by their fractional stratospheric
release rate. It also accounts for the effect of bromine species [WMO, 2003]. Like
the stratospheric hydrogen chloride [Anderson et al., 2000], that is a measure of the
total amount of chlorine in the upper stratosphere, the EESC has peaked in 1997
and started a slow decline afterward as displayed in Figure 5.2.

Heterogeneous chemistry

Large ozone depletion has been regularly observed at high latitudes in late winter and
early spring. It is caused by heterogenous chemistry on polar stratospheric clouds
(PSCs) that activate large amounts of chlorine that catalytically destroy ozone inside
the winter polar vortex [Solomon, 1999]. This phenomenon is regularly observed in
the southern hemisphere and is commonly known as the ozone hole [Farman et al.,
1985]. In contrast, large inter-annual variability in polar ozone loss is observed in the
northern hemisphere. A high correlation between PSC volume integrated over the
winter and the amount of polar vortex chemical ozone loss in the Arctic has been
found [Rex et al., 2004]. Long-term trends in polar ozone have also an impact on
mid-latitude trends due to airmass mixing after the polar vortex break-up [Knudsen
and Grooss, 2000; Fioletov and Shepherd , 2005].
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Solar variability

Significant influences of solar variability on different meteorological quantities have
been identified [Rind , 2002]. The solar activity-ozone relationship has been taken
into consideration in all international ozone trend assessments [WMO, 1999, 2003].
As discussed in Chapter 4, the main support for this relationship are variations
in the solar ultraviolet spectral irradiance that modify ozone production rates in
the upper stratosphere [Brasseur , 1993]. The secondary effect may include sudden
increases in solar energetic particle precipitation causing short-term decreases in
high altitude ozone concentration related to downward transport of NOy from the
mesosphere down to the upper stratosphere [Jackman et al., 2000; Sinnhuber et al.,
2003b]. There is evidence that indirect effects from solar activity influence lowermost
stratospheric ozone via dynamical coupling [Labitzke and van Loon, 1993; Kodera
and Kuroda, 2002]. Analysis of various ground based and satellite records extending
over 2-6 decades indicate the existence of decadal scale variation of total ozone that
correlates with the solar cycle [Jackman et al., 1996; Miller et al., 1996; Hood et al.,
1997; Zerefos et al., 1997; Ziemke et al., 1997; McCormack et al., 1997].

Stratospheric aerosols

Large enhancements in stratospheric aerosols were observed after major volcanic
eruptions like El Chichón in 1982 [Hofmann and Solomon, 1989] and Mt. Pinatubo
in 1991 [Parrish et al., 1998]. Very low ozone values were observed following the
Pinatubo event [Randel et al., 1995; Solomon et al., 1996; Tabzadeh et al., 2002]
in the NH. A similar ozone deficit, however, was not observed in the southern hemi-
sphere. Solomon et al. [1996] showed that major volcanic eruptions affect atmo-
spheric dynamics and radiative forcing through scattering and absorption of solar
radiation. They also showed that the occurrence of two major volcanic eruptions
nine years apart during declining phases of solar cycles may lead to some confusion
in separating volcanic and solar influence on ozone.

El-Niño/Southern Oscillation

ENSO is more or less a zonal phenomenon and normally leads to lower stratospheric
temperature and total ozone anomalies that are opposite to the temperature
anomalies in the troposphere [Gettelman et al., 2001; Steinbrecht et al., 2003].
The changes in ozone anomalies during strong El Niño and La Niña events may
introduce additional variance and modify the ozone field [Shiotani , 1992; Zerefos
et al., 1997; Logan et al., 2003].

This Chapter presents a statistical analysis of twenty five years of total ozone data
using various explanatory variables that represent physical and chemical processes
that are known to modify the global ozone distribution as just briefly described
above. Such analyses have been regularly applied to determine long-term trends in
ozone [WMO, 1999, 2003]. The major difference to other studies is that additional
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Figure 5.1: Monthly mean zonal mean total ozone anomaly for 50◦N-60◦N from dif-
ferent satellite data sets between 1979 and 2003 (Top). Annual mean
total ozone is displayed in the bottom panel. All satellite data show
the increase in northern hemispheric total ozone at higher latitudes since
1995. Data from TOMS/SBUV V8 merged data set (orange), SBUV 8
(black), and GOME WFDOAS (blue) are shown.
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Figure 5.2: Equivalent effective stratospheric chlorine loading (EESC) in ppb [WMO,
2003]. The straight lines show linear fits to the inclining phase up to
December 1995 (slope of 0.9 ppb/decade) and to the slow decline after
January 1999 (slope of -0.3 ppb/decade), respectively (dashed lines). A 9
DU/decade total ozone decrease during the first phase would correspond
to a 3 DU/decade increase after 1999 if the ozone change is solely due
and anti-correlated with EESC.
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proxies such as PSC volume and eddy heat flux terms representing ozone chemistry
and transport are added to better elucidate on the contribution of individual
processes. This allows us to discuss the possible causes of the recently observed
increase in middle to high latitude ozone and to quantify the contribution of the
various processes to the inter-annual variability observed in the total ozone record.

In Section 5.3 the total ozone data sets from SBUV, SBUV/TOMS merged (both
1979-2003), and GOME (1995-2003) are briefly described, followed by a presentation
of proxies for planetary wave driving (Section 5.4) and PSC volume (Section 5.5)
that are used as explanatory variables standing for dynamical and chemical ozone
processes. Other commonly used proxies, among them solar flux and QBO, are briefly
described in Section 5.6. After briefly summarising in Section 5.7 the regression
model as applied to the SBUV total ozone data, the results are discussed in detail
in Section 5.8 with major conclusions drawn in Section 5.9.

5.3 Satellite ozone data

Total column ozone data used in this study are SBUV V8 data from Nimbus
7 (01/1979–12/1989), NOAA11 (01/1990–12/1993, 07/1997–12/2000), NOAA09
(01/1994–06/1997) and NOAA16 (01/2001–12/2003) [Barthia et al., 2004]. The
SBUV/TOMS V8 merged data set were obtained from Goddard Space Flight Center
web site http://code916.gsfc.nasa.gov/Data services/merged/mod data.public.html
[Frith et al., 2004]. GOME total ozone data from 1995 to 2003 have been processed
using the Weighting Function DOAS approach [Coldewey-Egbers et al., 2005; We-
ber et al., 2005]. All data sets agree well among each other. From Figure 5.1 it
appears that the SBUV/TOMS merged data set as well as GOME show lower values
than SBUV after about year 2000 and it is also lower during the earlier record. The
positive bias in the SBUV data record with respect to TOMS was also found in the
comparison with ground data [Labow et al., 2004]. A big advantage of the SBUV
data set is that the various data sets from Nimbus to NOAA16 show small differences
during periods of overlapping missions and, thus, are well suited for long-term trend
studies [Barthia et al., 2004; Labow et al., 2004]. The comparison between data
sets highlights the critical issue of maintaining long-term time series using multiple
satellite data sets.

5.4 Proxy for planetary wave driving

Eddy heat flux at 100 hPa averaged over mid-latitudes have been used as as a
proxy for ozone transport due to variation in planetary wave driving. Monthly mean
eddy heat fluxes at 100 hPa are calculated using ECMWF 40 year reanalysis data
(ERA-40) [Uppala et al., 2005] for the period of 1979-2001 and from operational
data for the period 2002-2003 and have been area weighted and averaged between
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45◦ -75◦ for the respective hemispheres.

Meridional ozone transport and mixing related to planetary wave driving is mainly
confined to winter and spring. In late spring and summer total ozone changes are
mainly controlled by NOx and photo-chemistry [Brühl et al., 1998]. The photo-
chemical lifetime does not vary from year to year [Randel et al., 2002b], but initial
conditions vary, e.g. winter anomalies due to variation in the buildup of ozone are still
observed in late summer ozone anomalies [Fioletov and Shepherd , 2003] as shown
in Figure 5.3. To account for this combined dynamical effect of wintertime ozone
buildup and persistent ozone anomalies in spring and summer, the cumulative eddy
heat flux proxy for a given month of ozone observation is calculated by integrating
the monthly eddy heat flux from last fall (October for NH and February for SH) to
that month. For example, the October cumulative eddy heat flux for NH is sim-
ply the monthly mean eddy heat flux from October, while for April, it is averaged
from preceding October until April, and for September from preceding October until
September. The cumulative eddy heat flux for a given month can be described as
follows,

h∗(m) =

∫ m
m′=m0

h(m′)dm′∫ m
m′=m0

dm′ (5.1)

with m0 being the starting month (here October). Summer eddy heat fluxes are
fairly small so that the main contribution to the cumulative eddy heat flux, which
is used as a proxy for planetary wave driving and as an explanatory variable in the
regression, comes from the winter and early spring months.

Using GOME total ozone data and UKMO eddy heat flux data from the period
1996–2003, Weber et al. [2003] proved that a compact relationship between winter
integrated eddy heat flux and the winter time ozone build up exists. Figure 5.4
shows the ozone build-up for the 50◦N-60◦N latitude band during the last 25 years
of SBUV data. Winter time ozone gain is calculated by subtracting the October
total ozone value from the next year’s April total ozone and it is correlated with
the cumulative eddy heat flux from ERA-40. For the period 1979-2003, correlation
exceeds 0.56 in NH. As an effect from the Pinatubo eruption, ozone deviates from
the regression line in winter 1992/93. For all late winter months (January to April)
the correlations are quite significant for middle to high latitudes. Correlations are
positive at high latitudes and are negative in the tropics.

In tropics (<30◦N) this cumulative effect from the planetary wave driving is short-
lived due to the photochemical production of ozone. The approximate photochemical
relaxation time is somewhere between one and three months at 25 km altitude in
the tropics (see Figure 2 in McLinden et al. [2000]). An average of the two previous
months is taken for the cumulative heat flux, e.g. for April, the mean between March
and April is computed. From August to November (during SH winter/spring) the
equivalent southern hemispheric two month eddy heat flux proxy, here averaged from
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Figure 5.3: Correlation of SBUV V8 total ozone anomaly in April with September
anomalies between 50◦N and 60◦N. High (low) ozone anomalies in spring
lead to (low) high ozone anomalies in late summer. This relationship is
valid for all summer months [Fioletov and Shepherd , 2003]. Data in blue
are anomalies obtained from GOME data.

Figure 5.4: Relationship between winter/spring ozone build up (April-October dif-
ference) at 50◦N-60◦N as a function of the accumulated eddy heat flux
h∗ (April) as given by Eq. 5.1. Monthly mean zonal mean ozone are
from SBUV V8. The effect of Pinatubo eruption can be clearly seen in
1992/93. Blue years indicate GOME values.
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45◦S to 75◦S, is included in the statistical model. The NH two month mean eddy
heat flux is used from December until May in the tropics.

5.5 PSC volume proxy

The PSC volume is a suitable proxy for heterogenous chemical (i.e. polar) ozone loss
[Solomon, 1999; Rex et al., 2004]. It has been calculated from NCEP reanalysis data
set by counting all grid points north of 60◦N below the formation temperature of
NAT (nitric acid trihydrate) and weighting them with their volume. NAT formation
temperatures have been calculated according to Hanson and Mauersberger [1988]
as a function of nitric acid mixing ratio, water vapor mixing ratio, and pressure. A
constant water vapor profile of 5 ppm and a nitric acid profile [Kleinböhl et al., 2003]
of 5, 6, 7, 8, 10, 10, 7, and 5 ppb for atmospheric pressures of 200, 150, 100, 70, 50,
30, 20, and 10 hPa, respectively, have been assumed. Monthly PSC volumes used
in this study are integrated from the preceding October to the respective month of
ozone observation. The proxy is set to zero for October and November since PSC
volumes are negligibly small during these months. Stratospheric circulation is mainly
zonal during winter and air is continuously processed over the winter months inside
the polar vortex such that the ozone loss accumulates over winter and spring. In
addition, the level of chlorine activation on PSC surfaces responsible for heterogenous
chemical ozone loss depends also on the available inorganic chlorine and the PSC
volume must be multiplied by the EESC. The modified polar ozone loss proxy is then
defined as follows

V ∗
psc(m) =

∫ m
m′=m0

EESC(m′) · Vpsc(m′)dm′∫ m
m′=m0

dm′ . (5.2)

with mo being October. In the statistical regression either the PSC volume or eddy
heat flux terms have been included.

5.6 Other proxy data

The southern oscillation index (SOI) is obtained from the Climate Prediction Center
(CPC, www.cpc.ncep.noaa.gov/data/indices/). Both QBO indices at 30 hPa and 10
hPa, respectively, are from The Free University Berlin (FUB) analysis (B. Naujokat,
personal communication). Most of earlier regression models use QBO harmonics to
account for time lags. Two QBO indices at 30 hPa and 10 hPa are used, which are
sufficient to adjust for both strength and phase of QBO. It also avoids the necessity
to search for an optimum time lag for the fitting [Randel et al., 1995; Ziemke
et al., 1997]. The monthly stratospheric aerosol loading as a response to volcanic
eruptions are from NASA Goddard Institute of Space Studies (www.giss.nasa.gov-
/data/strataer/), and are monthly mean aerosol optical depths at 550 nm (update
from Sato et al. [1993]). EESC concentration were obtained from the European Envi-
ronment Agency web site www.eea.eu.int. For solar flux data we used the MgII index
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(ftp://ftp.ngdc.noaa.gov/STP/SOLAR DATA/SOLAR UV/NOAAMgII dat.htm),
which is a better proxy for UV solar flux variability than either F10.7 cm flux
or sunspot number data [Viereck et al., 2001, 2004]. The MgII index has been
smoothed with a boxcar with five months full width in order to remove short term
solar variability.

5.7 Regression model for trend studies

The regression model used in this study is quite similar to other regression models
used in the past to study ozone trends [SPARC , 1998; Shindell et al., 1999a; WMO,
1999; Randel et al., 1999; Ziemke et al., 1997; Staehelin et al., 2001]. It has been
constructed as follows

TOZ(n) =
12

∑
m=1

α
◦
m ·δmn +

12

∑
m=1

α
lin
m ·δmn ·n+

12

∑
m=1

α
h f
m ·δmn ·h∗(n)

+
12

∑
m=1

α
qbo30
m ·δmn ·qbo30(n)+

12

∑
m=1

α
qbo10
m ·δmn ·qbo10(n)

+ α
sol · sol(n)+α

SOI ·SOI(n)

+ α
aeroc ·aeroc(n)+

12

∑
m=1

α
aerop
m ·δmn ·aerop(n)+ ε(n)

(5.3)

where TOZ(n) is the monthly mean total ozone of month n, which is a running index
from month zero to 299 covering the period 1979 to 2003, α◦

m are monthly constants

for the annual cycle (m=1,. . . ,12), α lin
m are monthly linear trend coefficients, α

h f
m

are eddy heat flux contribution coefficients, α
psc
m , the heterogenous chemical loss

coefficients, αsol, coefficient for solar flux variability, α
qbo30
m and α

qbo10
m , QBO

coefficients at 30 and 10 hPa, respectively, αSOI, the El Niño/ Southern Oscillation
coefficient, and αaeroc and α

aerop
m , two stratospheric aerosol loading terms due to El

Chichón and Pinatubo eruption, respectively. δmn is one when index n corresponds
to one of the months of a given year and otherwise zero. ε(n) represents the
unexplained variance of the statistical model or, in short, the residual.

There are twelve monthly constants in our regression model and they account for
the seasonal variation of ozone. The monthly linear trend terms or, alternatively,
the EESC terms account for the contribution from gas phase chemical ozone loss
[Zerefos et al., 1997]. There are twelve eddy heat flux, PSC volume, QBO, and
Pinatubo aerosol fitting parameters used in the regression model to separate the
effects into individual months. The El Chichón stratospheric aerosol contribution
turned out to be comparatively small so that a separation by individual months was
not needed.
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The linear trend term is traditionally associated with the gas phase chemical ozone
loss as expected from the steady increase in stratospheric chlorine loading. As already
discussed the EESC has started to decline after peaking in 1997, so that a change
from linear trend should be expected. Both EESC and linear terms are used to
elucidate on the significance of the EESC in the total ozone time series. Linear trend
terms have been replaced by corresponding EESC terms in some regression runs as
follows:

12

∑
m=1

α
lin
m ·δmn ·n −→

12

∑
m=1

α
EESC
m ·δmn ·EESC(n). (5.4)

In some fits the eddy heat flux term has been replaced by the accumulated PSC
volume proxies as follows:

12

∑
m=1

α
h f
m ·δmn ·h∗(n) −→

12

∑
m=1

α
psc
m ·δmn ·V ∗(n) (5.5)

It was found that a simultaneous fit of eddy heat flux and PSC volume did
not improve the fit significantly, in particular after applying the auto-regression
corrections as described below. This is not unexpected since planetary wave driving,
polar stratospheric temperatures [Newman et al., 2001], and chlorine activation
[Weber et al., 2003] are linked. Implication of the exchange of these terms on the
statistical fitting are investigated in the following section.

After applying the regression, the residuals ε(n) show non-negligible auto-
correlation and this violates the assumption in the least-squares fitting with ran-
dom (Gaussian distributed) noise in the data. It is a common practice to apply
a Cochrane-Orcutt transformation to the regression equation using an estimate of
the auto-correlation with time lag of one month [Cochrane and Orcutt, 1949; Tiao
et al., 1990; Weatherhead et al., 1998; Plets and Vynckier , 2000; Bodeker et al.,
1998; Reinsel et al., 2002]. After fitting the transformed model, the remaining resid-
uals should be normally distributed, otherwise this procedure has to be repeated as
just described. Even though most of the fitting coefficients do not change much after
the transformation, the parameter error nevertheless increases and this is important
with regard to the judgement of statistical significance of individual processes. The
occurrence of auto-correlation in the residuals may be due to either measurement
errors, for instance time drift in observational data, due to uncertainties in the ex-
planatory variables particularly with regard to the cumulative proxy data, or due to
some missing processes which are not accounted for in our model. Most likely it is
a combination of all three. In this study it sufficed to apply one Cochrane-Orcutt
transformation to Eq. 5.3 to obtain an improved estimate of αs.

5.8 Results

Monthly mean zonal mean total ozone anomalies for the 50◦N-60◦N latitude band
from TOMS/SBUV V8 merged, WFDOAS GOME, and SBUV V8 data sets are
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shown in Figure 5.1. The regression model with linear trend terms has been only
applied to SBUV V8 data and the reconstruction of monthly total ozone anomalies
(after subtraction of the monthly constants) are shown in Figure 5.5 for both
30◦N-40◦N and 50◦N-60◦N bands. The ozone reconstruction with EESC terms
replacing the linear trend terms is shown for the same latitude bands in Figure 5.6.
Both regression models with either linear or EESC terms show about the same
significance in the overall fitting. The issue of linear versus EESC trend in the ozone
reconstruction is discussed further down below. In general, the correlation between
modeled and observed total ozone anomalies is in the range of 0.8 to 0.9.

General features like the observed downward trend until the mid-nineties, signifi-
cant ozone losses following Mount Pinatubo eruption, and increase in ozone after
the mid-nineties are well captured in both ozone reconstructions. The contributions
from individual explanatory variables have been added in Figs. 5.5 and 5.6 (top of
each time series). Linear (EESC) and eddy heat flux terms are only plotted for April
and September for better clarity.

The influence of the QBO on spring total ozone can be clearly seen in the
30◦N-40◦N latitude band (up to 20 DU from easterly phase to westerly phase and
vice versa) while at high latitudes it is somewhat smaller (about 10 DU). In the
tropics (below 10◦N) the QBO influence is observed in all months, while its effect is
limited to winter spring at higher latitudes (see Chapter 4). Linear terms (or EESC
term) and eddy heat flux contributions increase with latitude. Aerosol loading terms
associated with the Pinatubo eruption explain about a maximum decrease of 50-60
DU in the 50◦N-60◦N latitude band and about 15-20 DU at 30◦N-40◦N during
winter/spring 1991/92. Solar flux cycle explains up to 15 DU ozone variability
from solar maximum to solar minimum. At higher latitudes the eddy heat flux
explains up to 20 DU increase in ozone during dynamically active Arctic winters
(e.g. mid-eighties and end of nineties).

Typical residuals from the regression analysis of Eq. 5.3 with linear trend terms
at 30◦N-40◦N and 50◦N-60◦N are shown in Figure 5.7, respectively. In these figures
both residuals with (red) and without auto-regressive adjustment (black) are shown.
Also indicated are the various satellite platforms of the SBUV instruments. There
appear to be no jumps in residuals after changes of instrument platforms confirming
the consistency of the data set as stated earlier. For all latitude bands residuals do
not show any significant auto-correlation after one Cochrane-Orcutt transformation.

Analyses have been performed for seven 10◦ wide latitude bands from equator
to 70◦N. Figure 5.8 shows the observed and modelled ozone anomalies for spring
(April) and late summer (September) months for all latitude bands from 10◦N-20◦N
to 60◦N-70◦N in the NH. Ozone reconstructions displayed here are based upon
regression with linear trend terms. Also shown are GOME observations that
particularly after 2002 show somewhat lower values than SBUV. In general the
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linear decrease up to the mid-nineties and increase in the total ozone since then
are clearly captured by the model for both months. As discussed earlier the
September changes are closely coupled to changes in the previous winter [Fioletov
and Shepherd , 2003, 2005]. It can be also noted that the modeled ozone anomaly
agrees better with observations in the nineties and later than the earlier period. A
likely explanation is the fact that both observational data as well as meteorological
analyses from which most of the proxies have been derived have improved in quality
in recent years [Uppala et al., 2005].

The ozone variability due to the different proxy terms in Eq. 5.3 is shown in Figure
5.9 for all NH latitudes in April and September, respectively. The 2σ variability
has been calculated from the variance of the proxy time series multiplied by the
corresponding fitting coefficient [Steinbrecht et al., 2003]. The vertical bars for each
explanatory variable account for the uncertainty in the fitting coefficients (alphas in
Eq. 5.3). The 2σ variabilities of the SBUV and modelled ozone time series are also
shown (black and orange bars without vertical bars). In late spring, where usually
the highest inter-annual variability is observed (up to ±40 DU), the model tends
to underestimate the observed variability by about 5 DU at high latitudes during
spring as shown in Figure 5.9. This difference corresponds to a maximum of 15 DU
unexplained 2σ variance (as verified by the 2σ value of the observed residual time
series). In late summer the overall variability is reduced and the contribution from
various processes are generally not statistically significant.

Highest contribution to ozone variability at low latitudes are from QBO and
solar variability (up to ±5 DU each). QBO influences are observed at all latitudes
during spring while it is limited to lowest latitudes below 10◦N during summmer/fall
in agreement with Baldwin et al. [2001] and Steinbrecht et al. [2003]. The solar
cycle signature is observed at all latitudes and seasons. Separating solar term
fitting into individual months (12 fitting constants) slightly reduces the solar signal
variability in summer/fall by about 2 DU (not shown here). Various earlier studies
[Solomon et al., 1996; Hood et al., 1997; Randel et al., 2002b] suggested that it is
difficult to separate the effect of solar cycle and volcanic eruption on the long-term
ozone change. Both major volcanic eruptions, El Chichón in 1982 and Pinatubo
in 1991, occurred during solar maximum conditions, in an easterly phase of QBO,
and during a strong El-Niño event. Our analysis shows that the solar maximum
of the present solar cycle has experienced no major volcanic eruption. That may
improve the separability of stratospheric aerosol and solar influences. The rise of
solar cycle 23 until early 2000s has positively contributed to the recent increase
in total ozone in the absence of another major volcanic eruption. Nevertheless a
few more years of data particularly during declining phase of the current solar cycle
will be important to further strengthen our point made here [Steinbrecht et al., 2004].

Eddy heat flux contribution is observed to be maximum during winter months (up
to ±30 DU) at higher latitudes. This contribution is only significant beyond 50◦N
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from January until May, but has non-negligible contribution at low latitudes (see
Figure 5.9). Apart from the eddy heat flux the largest variability is produced by the
Pinatubo signal that reduced total ozone at high latitudes by about 60–70 DU during
winter/spring 1991/92. In agreement with earlier trend assessments the volcanic
aerosol contribution to stratospheric ozone is maximum during winter/spring and
minimum during summer/fall [Bodeker et al., 2001, for instance]. The effect from
the El Chichón eruption is only very modest and decreases did not exceed 10 DU
for all latitudes after 1983.

As shown in Figures 5.5 and 5.6, ozone reconstructions using either linear trend
or EESC terms (stratospheric chlorine loading trends) work about equally well.
However, the choice of either terms may alter the impact from other processes. In
Figure 5.10 the contributions from solar, eddy heat flux, and Pinatubo aerosols
are shown for both ozone reconstructions in the 50◦N-60◦N latitude band. Using
linear trend terms, the solar and Pinatubo influence on ozone increases by about
4 DU (from solar minimum to maximum) and 10 DU (additional decline in April
1993), respectively. Modification of the eddy heat flux term is rather minor
with respect to the choice of linear or EESC terms. A significant change is,
however, observed in the linear part of the EESC trend until December 1995 that
amounts to about -16 DU/decade in April (see Figure 5.10). This is larger than
the overall trend of the linear proxy of -8 DU/decade for the entire period until 2003.

Figure 5.11 shows the long-term ozone decrease from the linear trend assumed
for the entire period up to 2003 for all latitudes and months based upon the full
regression model as described by Eq. 5.3. The trends are statistically significant
at the 2σ level only in winter and early spring above 35◦N with a maximum
of -10 DU/decade in February at mid-latitudes. By replacing the linear trend
terms in Eq. 5.3 with the EESC terms in the full regression model (see Eq. 5.4)
leads to larger downward trends during the growth phase of the stratospheric
chlorine loading until 1995 with maximum values of -15 to -18 DU/decade in
February and March at high latitudes as shown in Figure 5.12. This translates
into a -17 to -20 DU/ppb EESC change. The slope of the EESC curve in the
declining phase after 1999 corresponds to about one third of the initial increasing
rate (see Figure 5.2), so that a recovery of up to 5 to 6 DU/decade at high lati-
tudes in winter/spring can be associated with the turnaround of the chlorine loading.

In a second step, the eddy heat flux terms were replaced by the PSC volume
proxy (Eqs. 5.3, 5.4, and 5.5) and this has a significant effect on the EESC
contribution by reducing the linear trend up to 1995 by nearly half at higher
latitudes during winter/spring with a maximum declining trend of 10 DU/decade.
It practically removes the statistical significance of the EESC contribution (at 2σ

level) as shown in Figure 5.13. Similar to Fig. 5.10, the effect on other terms
from the exchange of PSC volume and eddy heat flux is shown in Fig. 5.14. In
general only small changes in solar and aerosol components in the 50◦N-60◦N
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Figure 5.5: Regression plots for the monthly mean total ozone anomaly from SBUV
V8 data set for the 30◦N-40◦N (bottom) and 50◦N-60◦N (top) latitude
bands. In the bottom of each plot the fit (orange) along with the observa-
tional data (black) are shown. The ozone anomalies for both observations
and model were calculated by subtracting the respective long-term mean
for each month of the year from the monthly total ozone time series. In
the top of each plot the contributions from individual explanatory vari-
ables are shown. Contributions from linear trend term, eddy heat flux,
and QBO are only shown for April (violet) and September (gray), while
others are shown for all months.
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Figure 5.6: Same as Figure 5.5, but model fits with EESC terms replacing linear trend
terms as indicated by Eq. 4.
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Figure 5.7: Regression residuals in the 30◦N-40◦N (bottom) and 50◦N-60◦N (top)
latitude bands. Black line marks the residuals from a regression without
auto-regression correction (shifted by +20 DU for better clarity). The
orange line marks the residual of the transformed model, e.g. residuals of
the time series TOZ(n)− ρ̂ ·TOZ(n−1), where ρ̂ is the auto-correlation
coefficient with time lag of one month before the transformation. Also
indicated are the various satellite platforms for the SBUV instruments
from which the SBUV ozone time series was constructed.
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Figure 5.8: Observed SBUV V8 (black) and modelled (orange) total ozone anomalies
for all NH latitude bands in April (left) and September (right) based
upon multi-variate regression (Eq. 5.3) with linear trend and eddy heat
flux terms. Similar results are achieved when linear terms are replaced by
EESC terms (Eq. 5.4). Observations from GOME (1995-2003) are shown
in gray.
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Figure 5.9: Two-σ ozone variability of individual processes in April (top) and Septem-
ber (bottom) from Eq. 5.3. Vertical bars indicate error contribution from
the uncertainty of fitting coefficients in the regression equation. Black
and orange bars are observations and model results, respectively.
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Figure 5.10: Contribution from selected explanatory variables when either linear terms
(orange) or EESC terms (black) are used in the full regression model
of Eq. 5.3. Overall statistical significance (R2 value) does not change
significantly, but contribution from aerosol term and solar flux term
slightly differ.

band are found when PSC volume replaces eddy heat flux terms. In Arctic winter
1999/2000 a drop of about 30 DU can be associated to the polar ozone loss that
exceeds the effect from eddy heat flux by a factor of about two. The PSC volume
contribution is only significant during winter/spring at latitudes higher than about
50◦N similar to the eddy heat flux. The mid-latitudes are influenced by polar ozone
loss most likely via airmass mixing after the polar vortex break-up in early spring
as discussed before [Knudsen and Grooss, 2000; Fioletov and Shepherd , 2005].
Comparing the eddy heat flux and PSC volume contribution in Fig. 5.14, it is evident
that during the nineties minima in eddy heat flux match minima in accumulated
PSC volume, however, in the mid-eighties this is not the case for a couple of winters.

The contribution of the EESC turnaround to the recent NH ozone increase is
fairly minor (up to 5-6 DU/decade in the regression with eddy heat flux or about 3
DU/decade with PSC volume during the last five years) compared to other processes
such as planetary wave driving (or PSC volume) as well as solar flux variability that
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explain roughly a 30 DU increase in the 50◦N-60◦N band during winter months
as shown in Fig. 5.10. When replacing eddy heat flux terms with PSC volume
representing polar chemical ozone loss (Fig. 5.13), the EESC contribution standing
for background gas phase chemistry has an insignificant impact (at the 2σ level) on
the total ozone trend. In other words, the variability in polar (here Arctic) ozone loss
suffices to explain major parts of the observed turnaround in NH mid-latitude and
polar ozone after decreases until early 1990s that experienced a series of cold Arctic
stratospheric winters [Pawson and Naujokat, 1999]. It is important to note that
the polar ozone loss is dynamically driven by temperature changes related to the
wave driving as discussed before. This also means that the polar ozone loss proxy
accounts in addition for dynamically driven ozone variability related to ozone trans-
port and synoptic meteorology [Hood and Soukharev , 2005; Wohltmann et al., 2005].

In the linear trend model from Eq. (5.3), so-called change of trend terms
(beginning in January 1996) have been included as proposed by Reinsel et al. [2005].
In our study the change of trend terms were statistically insignificant at 1σ (not
shown here), most likely due to the too short period after 1995.

The observed increase in eddy heat flux in recent winters strengthened ozone
transport from lower to higher latitudes and increased Arctic stratospheric temper-
atures [Fusco and Salby , 1999; Newman et al., 2001; Weber et al., 2003]. This
is in line with observations of smaller PSC volumes in recent years [Manney et al.,
2005] albeit reducing the polar ozone loss contribution. A positive trend in the eddy
heat flux is observed in all recent reanalysis data sets as shown in Figure 5.15. Even
though there are significant differences in assimilation schemes for ERA-40, NCEP
and UKMO, all three analyses confirm the recent increase. This indicates that there
are changes in the strength of the Brewer-Dobson circulation and associated with it
changes in polar and tropical lower stratospheric temperatures. Increases in lower
stratospheric temperatures over the NH polar region and decrease over tropical re-
gions during winter months (DJF) are the expected responses from the circulation
changes as shown in Figure 5.16 [Yulaeva et al., 1994; Newman et al., 2001].

5.9 Conclusions

In this study total ozone data from SBUV and other satellite data is used to inves-
tigate the cause of recent increases in NH total ozone. Several new proxies such
as the cumulative eddy heat flux, cumulative PSC volume, and EESC have been
added in a multivariate linear regression model as explanatory variables standing
for chemical and dynamical processes that are known to contribute to inter-annual
ozone variability. The effects of various dynamical and chemical processes have been
systematically included and analysed. Important conclusions are:
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Figure 5.11: Linear trends in DU/year for individual months using SBUV V8 total
ozone for various NH latitude bands during the period 1979-2003 based
upon the full regression model as described by Eq. 5.3. Linear trends sig-
nificant at 2σ level are observed at higher latitudes during winter/spring
months (dark shadings). Lighter shadings correspond to significance ex-
ceeding 1σ .

1. One of the key findings is that recent increases in the NH total ozone are
mainly related to increases in eddy heat flux (or reduced polar ozone loss
after a series of cold Arctic winters in the mid-nineties [Pawson and Naujokat,
1999]) and, to a lesser extent, increased solar activity. The series of cold Arctic
winters with extended PSC volumes at the peak of the stratospheric chlorine
loading in combination with the strong Pinatubo volcanic event contributed
to the pronounced minimum in total ozone anomalies during the mid-nineties
at middle to high northern latitudes. This made the recent increase in total
ozone appear to be rather rapid. At high northern latitudes (above 50◦N)
the contribution to the recent increase is about +10 DU from solar cycle (all
seasons) and a maximum of +50 DU and +20 DU from stratospheric aerosols
and planetary wave driving, respectively, during winter/spring. Replacing the
eddy heat flux terms by the PSC volume proxies, the contribution is +30 DU
due to reduced polar ozone loss. The linear downward trend for the entire
period until end of 2003 has dropped to a maximum of -10 DU/decade during
winter/spring that is about half of the downward trend of -16 DU/decade until
end of 1995 as derived from fitting EESC terms in the regression model.
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Figure 5.12: Linear trends until end of 1995 in DU/year for individual months using
SBUV V8 total ozone for various NH latitude bands from a fit using the
same regression model as in Figure 11, but EESC terms replacing the
linear trend terms (see Eq. 5.4). For statistical significance see caption
for Figure 5.11. A decrease of 12 DU/decade until 1995 is equivalent
to a 4 DU/decade increase after the turnaround in EESC.

2. Most of earlier studies have pointed out the difficulties in finding out the exact
influence of stratospheric aerosol loading and solar variability on ozone. The
recent solar cycle 23 experienced no major volcanic eruption and, therefore,
solar term and aerosol loading signatures are better separable in the regression.

3. When the linear trend term is replaced by the EESC term, overall statistical
significance of the regression model does not change. Both the linear trend and
the EESC terms are commonly associated with gas phase chemistry involving
halogens. The relative contribution of the eddy heat flux (or polar ozone
loss) and the solar term are slightly reduced and a modest decrease in aerosol
contribution is found with the EESC model. The turnaround in the EESC after
peaking in 1997 only contributed in a minor way to the recent increases in NH
total ozone with a maximum of 5-6 DU/decade during winter/spring at high
latitudes.

4. The recent increase in middle to high latitude NH ozone since the mid-nineties
led in a recent study to the conclusion that this may be a result of the recent
decline in EESC [Reinsel et al., 2005]. They analysed total ozone data from
SBUV data as used here and identified a positive and significant change in
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Figure 5.13: Same as Figure 5.12 except that in the full regression model eddy heat
flux terms were now replaced by PSC volume proxies (Eq. 5.5). For
statistical significance see caption for Figure 5.11.

NH trends after 1996 with and without contribution from dynamical variables
included in their statistical model. We find that dynamical factors and, asso-
ciated with them, variations in chemical processes such as polar ozone loss are
believed to have contributed to the recent ozone increase in NH in combination
with rising solar activity during solar cycle 23. Similar conclusions have been
reported from a model study that identified dynamical processes as the main
cause for the recent ozone increase in the NH [Hadjinicolaou et al., 2005].

5. Changes in the strength of the residual circulation are observed in recent years.
Using ERA-40, NCEP, and UKMO reanalysis data sets, it has been found that
there has been an increase in the eddy heat flux at 100 hPa in recent years (Fig.
5.15). This is reflected in the lower stratospheric temperature over the NH
polar cap region which has been increasing in recent years and is accompanied
by a cooling of the tropical lower stratosphere (except for year 2000) as shown
in Fig. 5.16. It is consistent with our understanding of temperature response
to wave driving [Yulaeva et al., 1994; Newman et al., 2001]. Most climate
model results indicated that in a future changing climate global warming will
lead to stratospheric cooling that will have a negative impact on the expected
ozone recovery [Shindell et al., 1999b]. However, some climate model runs
indicate that NH planetary wave driving may increase as a result of climate
change [Butchart and Scaife, 2001; Schnadt et al., 2002]. It remains to be
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Figure 5.14: Contribution from selected explanatory variables when either eddy heat
flux (orange) or PSC volume proxy terms (black) are used in the full
regression model (Eq. 5.3) with EESC contribution (Eq. 5.4) )for the
background gas phase chemistry. Little change is observed in the solar
and Pinatubo aerosol component of total ozone, but EESC contribution
is reduced at higher latitudes during winter and spring.

seen if the recent increase in planetary wave driving (and less polar ozone loss)
that was responsible for the recent NH total ozone increase is just part of a
natural decadal variability or will persist. If the latter is the case, we may then
expect an accelerated ozone recovery due to possible climate change.

5.10 Some additional results

Above discussed analysis have been extended to year 2005. for both hemispheres.
Because of large data gaps in total ozone data at high latitudes during polar nights,
the analysis have been restricted up to 60◦S-70◦N. Eddy heat flux proxy for SH is
calculated similar to the that of NH (see Eq. 5.1), but with starting month October.

Figure 5.17 shows the regression analysis for 40◦S-30◦S (bottom) and 60◦S-50◦S
(top) latitude bands. Ozone anomalies (in black) at the bottom of each shows that SH
total ozone undergoes very little seasonal variation compared to NH (Figure 5.5). In
general, correlation between ozone anomalies and regressed series (shown in orange)
ranges between 0.79 to 0.85 in SH, which is slightly lower than tropical and NH
mid-high latitudes. Contribution from individual physical process is also shown in
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Figure 5.15: Average winter eddy heat flux at 100 hPa (from October to April) be-
tween 45◦N and 75◦N from various meteorological analysis: ERA-40
reanalysis [Simmons and Gibson, 2000], NCEP reanalysis [Kalnay et al.,
1996], and UKMO (METO) data sets [Swinbank and O’Neill , 1994].
Differences between analyses are due to different model resolution and
different parameterization schemes. All analyses show an increase in
winter eddy heat flux since mid-nineties.

each plot. As expected September downward ozone trends are much higher (∼12 DU)
for 60◦S-50◦S latitude band compared to 40◦S-30◦S (∼4 DU) due to the more stable
polar vortex in SH. Interestingly there is very little influence of enhanced stratospheric
aerosol loading due to large volcanic eruption on SH total ozone, although differences
in aerosol optical depth are relatively small between SH and NH. Moreover slight
increase in total ozone during El Chichòn eruption in 1984, indicate that increase in
aerosol during that period led to a slight warming of the polar vortex. Effect of Mount
Pinatubo eruption which caused up to 60 DU ozone loss in NH high latitudes is also
quite minor in SH (up to 10 DU).

Some additional interhemispheric differences are observed in QBO and solar cycle
contribution, both of them show stronger influence on SH ozone variability compared
to NH. This is probably due to the fact that planetary wave activity is quite low in SH.
This leads to very stable polar vortex with little intra-annual variability and probably
helps for a better separation of influence of individual processes from a time series.

Long term linear trends are shown in Figure 5.18, (like Figure 5.11) for both
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Figure 5.16: December to February (DJF) temperature anomalies from NCEP reanal-
ysis dataset over the Arctic (70◦N-90◦N) and the tropics (15◦S-15◦N)
at 50 hPa. Decrease in lower stratospheric temperatures over tropics
and increase in polar stratospheric temperature since 1997 (except for
2000) is clearly observed. Same features are observed in ERA-40 and
UKMO(METO) data sets. MSU channel 4 dataset, which samples the
atmosphere between 16-20 km, shows a similar signature.

hemispheres and for the extended time period 1979-2005 using SBUV/TOMS merged
ozone data. Overall long term linear trends in NH are similar to SBUV V8 for period
1979-2003 and there are no significant changes in NH trends for the extended period
(1979-2005). This supports the stability of the regression model as used in earlier part
of this chapter. In general, ozone trends are higher in SH mid-high latitudes (up to 12
DU/decade). This is coherent with our understanding that less wave activity in SH
hemisphere causes very cold and stable polar vortex which leads to massive hetero-
geneous chemical ozone loss during spring season. These low ozone concentrations
remain evident in the summer season [Fioletov and Shepherd, 2003].

Figure 5.19 shows the ozone trends when linear term is replaced by EESC term. As
noted earlier these trends corresponds to linear trends till 1995. For NH, the trends
are nearly similar to that shown in Figure 5.12, which shows almost 4 DU/decade
ozone increase since EESC turnaround. But in SH, changes are much larger. For
50◦S-60◦S latitude band ozone trends are changed from 8 DU/decade to 16 DU/decade.
This shows that ozone trends are changed by almost 8 DU/decade since the EESC
turnaround. Such a changes in EESC concentration are probable most import factor in
determining increase in ozone concentration in SH in last decade.
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Figure 5.17: Same as Figure 5.5, but using TOMS/SBUV merged total ozone between
40◦S-30◦S (bottom) and 60◦S-50◦S (upper) for 1979-2005. In the bottom
of each plot the fit (orange) along with the observational data (black) are
shown. The ozone anomalies for both observations and model were calcu-
lated by subtracting the respective long-term mean for each month of the
year from the monthly total ozone time series. In the top of each plot the
contributions from individual explanatory variables are shown.
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Figure 5.18: Same as Figure 5.11, but using TOMS/SBUV merged total ozone between
60◦S-70◦N for the time period 1979-2005. Note that in SH, magnitude
of linear trends is similar to NH with very little seasonal variation in long
term trends.

Figure 5.19: Same as Figure 5.12 (left panel), but using TOMS/SBUV merged total
ozone between 60◦S-70◦N for the time period 1979-2005. Figure in right
panel shows the estimated changes in ozone trends due to changes in EESC
concentration. These estimates are done in a following way. Long term
linear trends for 1979-2005 period (model with linear trend term) are sub-
tracted from trends for 179-2005 period (model with EESC trend term). As
shown in Figure 5.2, changes in EESC concentration slope for 1997-2005
period are almost one-third than that of 1979-1997 period. So, the differ-
ences between long term trends (one with linear terms and one with EESC
term) are divided by three and are shown in right panel of the figure.
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5.11 Concluding remarks

Long term trends are determined using multivariate regression using total ozone data
from various satellite instrument for 1979-2005. In general magnitude of observed
ozone trends is higher in SH compared to NH. In addition, influence of QBO and solar
variability is slightly higher in SH, probably due to the fact that less ozone variability
help for better separation of the influence of individual processes. Significant changes
in ozone trends were observed after replacing linear term (linear trends up to 2005) with
EESC term (linear trends up to 1995). In NH high latitude changes in ozone trends are
∼4 DU/decade and in SH high latitudes they are up to ∼8 DU/decade.
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6 Tropical Lower Stratospheric WV and
Brewer-Dobson Circulation 1

6.1 Abstract

Using water vapor data from HALOE and SAGE II, an anti-correlation between
planetary wave driving (here expressed by the mid-latitude eddy heat flux at 50 hPa
added from both hemispheres) and tropical lower stratospheric (TLS) water vapor
has been obtained. This appears to be a manifestation of the inter-annual variability
of the Brewer-Dobson (BD) circulation strength (which is proportional to the mid-
latitude eddy heat flux) and the amount of water vapor entering into the tropical
stratosphere. Some years such as 1991 and 1997 show, however, a clear departure
from this linear relationship which suggests that the water vapor changes in TLS
can not be attributed solely to changes in extratropical wave activity. After 2000 a
sudden decrease in lower stratospheric water vapor has been reported in earlier studies
based upon satellite data from HALOE, SAGE II and POAM III indicating that the
lower stratosphere has become drier since then. This is consistent with a sudden
rise in the combined mid-latitude eddy heat flux with nearly equal contribution from
both hemispheres as shown here and with the increase in tropical upwelling and a
decrease in cold point temperatures as found by Randel et al. [2006]. The low water
vapor and enhanced strength of the BD circulation has persisted until the end of the
satellite data records. From a multi-variate regression analysis applied to 27 years
of NCEP and HadAT2 temperatures (up to 2005) including contributions from solar
cycle, stratospheric aerosols and QBO, the BD circulation changes after 2000 are
estimated to contribute up to 0.7 K cooling to the overall TLS temperature change
during the period 2001-2005 when compared to the period 1996-2000. NCEP cold
point temperature show an average decrease of nearly 0.4 K from changes in BD
circulation, which is consistent with observed mean TLS water vapor changes of
about -0.2 ppm after 2000.

6.2 Introduction

Stratospheric water vapor plays an important role in determining radiative and
chemical properties of the middle atmosphere. As a primary source of odd hydrogen

1Contents of this chapter are the part of the revised version of the manuscript S. Dhomse and M. Weber
and J. Burrows, The relationship between Brewer-Dobson circulation and tropical lower stratospheric
water vapor, Atmos. Chem. Phys. Disc., 6, 9563-9581, 2006
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in the stratosphere, it controls ozone loss through gas phase chemistry. In addition,
the coupling processes between HOx and NOx/ClOx affect ozone destruction by
other catalytic reaction cycles and heterogeneous chemistry on polar stratospheric
clouds responsible for polar ozone loss. An increase in stratospheric WV can have
serious implications on the future evolution of the ozone layer [Shindell et al.,
1999b; Tabzadeh et al., 2000; Stenke and Grewe, 2005] and, therefore, delay
ozone recovery [Shindell , 2001]. The longest in situ time series of stratospheric
water vapor measurements are available from balloon measurements in Boulder,
Colorado (40◦N, 105◦W). The water vapor volume mixing ratios (VMRs) in the
lower stratosphere above Boulder have been increasing by about 1% per year since
1981 [Oltmans et al., 2000]. Trends in stratospheric water vapor above 18 km
are, however, lower in the satellite data records [SPARC , 2000; Randel et al., 2004b].

Initially it was believed that methane oxidation as well as WV directly emitted by
aircrafts might have contributed to rising levels of water vapor in the stratosphere.
The observed changes in stratospheric methane at most contribute only about one
third to the water vapor trend [SPARC , 2000]. Another important source of strato-
spheric water vapor variability are changes in the tropical tropopause temperatures
which determines the water vapor VMRs of the air entering in to the stratosphere
[Brewer , 1949; Rosenlof , 2003]. But tropical tropopause temperatures are not in-
creased as would be needed for a stratospheric H2O increase [SPARC , 2000; Randel
et al., 2004b].

The stratospheric water vapor trends are influenced by changes in the Brewer-
Dobson (BD) circulation that impacts both constituent transport and, with regard
to water vapor more important, stratospheric temperatures. The BD circulation
transports most of the chemical species from the source region (tropics) to the mid-
to high latitude stratosphere and is primarily driven by breaking of tropospheric
generated waves (e.g Rossby waves) in the mid-latitude stratosphere. The influence
of the planetary wave activity on the stratospheric circulation is generally explained
in terms of the ”downward control principle” [Haynes et al., 1991], which means
that the ascent or descent of air-masses at certain altitudes is determined by the
momentum (as expressed by the convergence of the Eliassen-Palm flux) deposited
above it. Mass balance requires that the descent of air from the stratosphere
down to the troposphere at high latitudes and ascent of tropospheric air into the
tropical stratosphere is accompanied by horizontal mixing. Descending airmasses at
high latitudes undergo adiabatic compression thereby increasing polar stratospheric
temperatures away from the radiative equilibrium [Newman et al., 2001], while the
ascent at low latitudes lowers stratospheric temperatures by adiabatic expansion
[Yulaeva et al., 1994]. The eddy heat flux which is directly proportional to the
vertical component of EP flux and, approximately, proportional to the EP flux
convergence, is a good measure of the magnitude of mid- to high latitude wave
driving and the strength of the BD circulation. It has been linked to changes in
stratospheric ozone and temperatures at high latitudes and tropics and chlorine
activation inside the polar vortex [Yulaeva et al., 1994; Fusco and Salby , 1999;
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Newman et al., 2001; Weber et al., 2003].

Using trajectory calculations and a cold point based dehydration mechanism,
Füglisthaler et al. [2005] showed good agreement between modeled and observed
stratospheric water vapor VMRs in the TTL. They concluded that an 1 K change
in cold point temperatures lead to about 0.5 ppm change in water vapor VMRs.
On long term scale, Füglisthaler and Haynes [2005] concluded that most of the
inter-annual variability in the 1990s is dominated by QBO and to some extent by El
Niño. Randel et al. [2006] showed that the seasonal variations in water vapor VMRs
in TLS show a correlation (r = 0.73) with changes in cold point temperatures (with
lag of 2 months). Randel et al. [2004b, 2006] showed that the observed decreases in
stratospheric water vapor VMRs since 2000 are consistent with decreases in tropical
cold point temperatures and enhanced tropical upwelling between 20◦N-20◦S. They
also showed that temperature changes in the TTL can be explained by a radiative
feedback from tropical ozone decrease near the tropical tropopause [Randel et al.,
2006].

Randel et al. [2006] demonstrated the significant correlation between tropical
upwelling and cold point temperature in the TTL as well as water vapor VMRs in
the tropical lower stratosphere, despite the fact that ascent velocities are associated
with high uncertainties since it is a highly derived quantity from the meteorological
analyses. They also showed that the period after 2000 with lower water vapor
concentrations [Randel et al., 2004b; Nedoluha et al., 2002] can be linked to
an increase in the average strength of the Brewer-Dobson circulation after 2000
as compared to a five year period before. The relationship between cold point
temperature and tropical upwelling [Randel et al., 2006], on one hand, and the
expected correlation between tropical upwelling and mid-latitude eddy heat flux
(both frequently used as a measure for the BD circulation strength), on the other
hand, suggest a close relationship between the inter-annual variablity of TLS water
vapor and eddy heat flux similar to that observed for stratospheric ozone [Randel
et al., 2002b; Weber et al., 2003]. In this paper we are interested in the question
how well the year-to-year variability in the tropical stratospheric water vapor can
be associated with variations in the BD circulation strength (here expressed by the
extratropical eddy heat flux) since the start of the satellite records in 1984 (SAGE II,
HALOE). Also, can we quantify the potential contribution of the BD circulation
to TLS and cold point temperature changes after 2000 from a regression analysis
covering 27 years of temperature data.

After a brief introduction on the used water vapor data sets and meteorological
analyses (Section 2), we look at the inter-annual variability in tropical water vapor
and BD circulation strength (Section 3). The drop in stratospheric water vapor after
2000 [Randel et al., 2004b, 2006] in connection with the enhanced planetary wave
activity and TLS temperature changes is discussed in Section 4.
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Figure 6.1: Annual cycle of monthly mean tropical water vapor VMRs from HALOE
V19 data averaged between 16 km and 20 km and between 20◦S and 20◦N
(top) and monthly mean mid-latitude eddy heat flux at 50 hPa averaged from
45◦ to 75◦ with area weights and added from both hemispheres (bottom).
Years with higher and lower wave activity are shown in yellow–red and
blue–violet lines, respectively.

6.3 Data

6.3.1 Water vapor data

Currently only few good quality stratospheric water vapor data sets are available
for long term analysis. Near global water vapor measurements are provided by
the Stratospheric Aerosol and Gas Experiment II (SAGE II, 1984-2005) and the
Halogen Occultation Experiment (HALOE, 1992-2005). Both instruments and
POAM III (1998-2005, see below) ceased operating by the end of 2005. All
three instruments use the solar occultation technique to measure attenuated solar
radiation through Earth’s limb at discrete wavelengths, which is then inverted to
retrieve concentrations of various trace gases in the atmosphere. For water vapor
retrieval the primary channel used in SAGE II is near 935 nm [Thomason et al.,
2004], while HALOE uses radiances near 6.61 µm [Russell et al., 1993]. Both
instruments provide approximately 15 sunrise and 15 sunset measurements per day.
For the retrieval below 35 km, both HALOE and SAGE II use temperature profiles
from NCEP. For complete global coverage (except for the highest latitudes) both
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instruments need about 1 to 1.5 months.

In this study SAGE II V6.2 data were analyzed that has been obtained from www-
sage2.larc.nasa.gov/data/v6 data/. The vertical sampling of the SAGE II water
vapor profile is about 0.5 km with a vertical resolution of 1 km. Although there are
significant improvements compared to earlier version of the WV data, there are still
some problems during years with high stratospheric aerosol loading [Thomason et al.,
2004]. Taha et al. [2004], suggested that water vapor profiles with aerosol extinction
coefficient at 1020 nm greater than 2× 10−4 km−1 are not reliable and they were
removed from our analysis, thus excluding the periods 1984-1985 and 1992-1994.
HALOE V19 data were obtained from haloedata.larc.nasa.gov/. HALOE has an
instantaneous field of view of about 1.6 km and a vertical resolution varying between
2 and 3 km. However, the data were interpolated to a 0.3 km grid for retrieval
purposes. It should be noted that both SAGE II and HALOE measurements show
largest uncertainties near the TTL region due to measurement geometry [SPARC ,
2000]. The water vapor profiles have been weighted with the inverse of square of
measurement errors when calculating monthly zonal means.

In addition to SAGE II and HALOE, the Polar Ozone and Aerosol Measurement
(POAM III, 1998–2005) water vapor version 4 data set has been used in this study
[Nedoluha et al., 2002]. POAM III also measures in solar occultation, but water
vapor profiles are only available for higher latitudes. Data have been obtained from
www.cpi.com/ and the vertical resolution is about one km.

In this study, monthly mean zonal mean water vapor values from the satellite
data were calculated when at least five observed profiles in a given latitude band
were available. Data gaps in months with less than five profiles were filled by values
obtained from a harmonic analyses of the time series containing annual and semi-
annual terms.

6.3.2 Meteorological data

Meteorological data used here are primarily from the National Centers for Environ-
mental Prediction (NCEP)/ National Center for Atmospheric Research (NCAR)
reanalysis model [Kalnay et al., 1996]. Data at six hour intervals on a 2.5◦×2.5◦

grid were obtained from www.cdc.noaa.gov/cdc/data.ncep.reanalysis.pressure.html.
The major advantage of NCEP reanalysis data is that the assimilation system
remains unchanged, although changes in the quality of data assimilated and their
availability strongly influence the analyses (for detailed discussion see Randel et al.
[2004a]). The eddy heat flux are calculated using daily temperature and wind data
as described in Randel et al. [2002b]. The monthly mean eddy heat flux data have
been derived from daily values. In addition to the available isobaric analysis fields,
cold point temperatures have been derived from NCEP.

Another meteorological data are the 40-year re-analysis (ERA-40) [Uppala et al.,
2005] and operational analysis from ECMWF. Data from ERA40 are available
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for the period September 1957–August 2002, operational data are available from
January 2001 until present. Daily data at six hour intervals were obtained from
www.ecmwf.int/ on a 2.5◦×2.5◦ grid. For comparisons with the meteorological
analyses in the tropics, we also use gridded radiosonde temperature (HadAT2)
data from UK Met. Office [Thorne et al., 2005]. They were obtained from
hadobs.metoffice.com/hadat/hadat2.html and in the stratosphere they are available
only at three pressure levels, 100 hPa, 50 hPa, and 30 hPa.

6.4 Extra-tropical wave forcing and stratospheric water
vapor

Extra-tropical wave forcing and stratospheric water vapor The seasonal cycle of
HALOE water vapor VMRs averaged between 16-20 km altitude and 20◦S- 20◦N
together with the global 50 hPa eddy heat flux with contributions from both hemi-
spheres are shown in Figure 6.1. These variations are consistent with earlier stud-
ies, [SPARC , 2000] which showed that the water vapor VMRs starts decreasing in
November and reaches minimum in January-February and starts increasing after-
wards with a seasonal cycle of about ±0.5 ppmv near 18 km. This annual minimum
in water vapor reaches 22 km altitude in summer depending on the speed of as-
cending motion [Niwano et al., 2003]. These seasonal variations in water vapor are
primarily due to changes in the tropical cold point temperatures and advection of
air from TTL into TLS [Niwano et al., 2003; Randel et al., 2004b]. Cold point
temperatures control the dehydration mechanism while ascending motion control
the amount of dehydrated air entering into the stratosphere [Randel et al., 2002a;
Seol and Yamazaki , 1999]. Ascending motion in TLS is maximum during northern
hemispheric winter which can be explained by a superposition of wave activity (or
eddy heat flux) from both hemispheres [Rosenlof and Holton, 1993a; Randel et al.,
2002a; Salby et al., 2003]. The maximum of the eddy heat flux is observed from
November to March during NH winter and in the southern hemisphere (SH) from
September to November, so that the total flux from both hemispheres shows large
values from September to March [Randel et al., 2002a]. This produces a seasonal
variation in TLS temperatures [Yulaeva et al., 1994; Randel et al., 2002b] and also
explains the so-called tape recorder effect in tropical stratospheric water vapor with
low (high) WV when tropical stratospheric temperatures are minimum (maximum)
during the seasonal cycle [Mote et al., 1996].

In Fig. 6.1, we selected mean water vapor profiles averaged between 16 and 20 km
in order to reduce the large uncertainties associated with the solar occultation data
closer to the lowest retrieval altitudes. The speed of upward propagation of the WV
anomalies is generally about 8 km/year (upper limit derived from a tape recorder
plot, not shown here) or 6 km/year assuming a mean ascent velocity of 0.2 mm/sec
[Randel et al., 2006, Fig. 9], so that the vertical averaging leads to some smearing
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Figure 6.2: Anti-correlation between JFM TLS water vapor VMRs (16–20 km, 20◦S-
20◦N) from SAGE II (open orange circles) and HALOE (filled black circles)
and 50 hPa eddy heat flux added from both hemispheres and averaged over
the period September-February. The correlation coefficients as indicated
in the plot have been derived by excluding the year 1997 (see main text
for discussions). The two digit indicate the year, for instance, 97 indicates
1996/97.

of the tape recorder signal. Since water vapor is quite a good tracer, the mean water
vapor in the range 16–20 km, therefore, represents roughly the cumulative amount
of air transported into the stratosphere from the previous half year. Therefore, the
observed water vapor minima as shown in Fig. 6.1 are shifted towards March-April.
The strong inter-annual variability in mid-latitude wave driving, here represented
by the average eddy heat flux between 45◦-75◦ at 50 hPa and added from both
hemispheres, is shown in Fig. 6.1. The color coding indicates years with high wave
activity (yellow-red) and low wave activity (violet-blue lines), when TLS water vapor
VMRs are generally lower and higher, respectively. This is more emphasized in the
scatter plot of tropical JFM water vapor VMRs and 50 hPa eddy heat flux integrated
from September to February that shows a distinct anti-correlation between both
quantities. Figure 6.2 shows average water vapor VMRs from HALOE (black solid
symbols) and SAGE II (orange light symbols).

After filtering out the aerosol contaminated data from SAGE II data, 17 years of
SAGE II data since 1984 and 14 years of HALOE data (1992-2005) remained in this
analysis. Lower stratospheric water vapor VMRs from SAGE II are systematically
lower than HALOE in agreement with Taha et al. [2004]. For all HALOE years
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Figure 6.3: Top panel: monthly mean H2O vapor anomalies from HALOE (16-20 km,
20◦S-20◦N) in the tropics (black line) and POAM III (14-18 km) at middle
to high NH latitudes (red line). Both lines represent three month mean water
vapor VMRs, while black circles are monthly mean HALOE values (Update
from Randel et al. [2006]). Bottom panel: Time series of monthly mean 50
hPa eddy heat flux anomalies in each hemisphere and globally (added from
both hemispheres).

the correlation between JFM TLS water vapor VMRs between 16 and 20 km and
eddy heat flux is about −0.61 and excluding data from 1997 (here standing for
1996/1997), it improves to −0.85 (significant above 99% confidence interval).
For SAGE II the correlation changes from −0.42 (including all years) to −0.68
after excluding 1997. Removing in addition the year 1991, the anti-correlation for
SAGE II improves to −0.77 (significant above 99% confidence level). As expected
higher global wave activity in a given year leads to lower water vapor VMRs in
the tropical stratosphere at the end of the NH winter for most years. The period
September-February for eddy heat flux and January-March for water vapor were
selected for the highest anti-correlation between both quantities. The length of
the September-February period roughly corresponds to the water vapor cumulation
time in the 16-20 km column based upon typical ascent velocities discussed before.
It should be kept in mind that the near global sampling of the solar occultation
instruments like SAGE II and HALOE requires more than a month. This leads to
rather low sampling of the tropical stratosphere when zonal monthly means are
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Figure 6.4: Temperature anomalies of the zonal mean cold point temperature from
NCEP (20◦S-20◦N) and fitting results from a regression with contributions
from QBO, monthly linear trends, solar variability, stratospheric aerosols,
and BD circulation strength (as expressed by the extratropical 50hPa eddy
heat flux). Linear trends are only shown January and June. The strengthen-
ing of the BD circulation after 2000 resulted in a cooling of about 0.4 K at
this level compared to the late 1990s (see horizontal bars in the BD circula-
tion panel). The NCEP data shows a mean cooling of nearly 1 K after 2000
(horizontal bars in the bottom panel).
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derived and this may (in part) influence the correlation between both data sets.

We also find that by using eddy heat flux only from the NH the correlation
coefficient is about −0.73 for HALOE data (without 1997) but for SAGE II data,
it reduces significantly to −0.4 even without the years 1990/1991 and 1996/1997.
Using eddy heat flux at 100 hPa or 70 hPa also reduces the correlation coefficients.
A possible explanation are differences in the mid-latitude wave driving between
both hemispheres. The stationary planetary waves (wavenumber 1-3) and transient
synoptic scale waves (wavenumber 4-7) play an important role in driving the BD
circulation in the NH while in the SH most of the contribution comes from the
transient waves [Tanaka et al., 2004]. The contribution of these high frequency
waves to the total eddy heat flux at 100 hPa is quite small but at higher altitudes,
they play an important role.

For some years like 1990/1991 (91 in Fig. 6.2) and 1996/97 (97 in Fig. 6.2)
larger deviations from the linear relationship between extratropical wave driving
and water vapor are noticeable. The year 1997 shows very low TLS water vapor
VMRs (both SAGE II and HALOE measurements), despite the fact that the winter
eddy heat flux is quite low. The opposite is true for 1990/1991 (SAGE II only),
where both the cumulative eddy heat flux and water vapor VMRs are high. An
explanation for the extreme departure from the linear relationship for both satellite
data is not known. The increase in water vapor at the TTL have been related to El
Nĩino events [Gettelman et al., 2002; Hatsushika and Yamazaki , 2000; Scaife et al.,
2003]. In early 1997 the Southern Oscillation Index (SOI) shows very low values
indicating the beginning of a strong El Niño event, however, in JFM of 1998 the TLS
water vapor VMRs appears to be normal, although the Southern Oscillation Index
(SOI) remained very low. Such exceptions highlight that the expected relationship
between the BD circulation strength and tropical stratospheric water vapor does not
hold for all years. Cold point temperature modeled water vapor VMRs (see Figure
2 from Füglisthaler and Haynes [2005]) are in agreement with HALOE and SAGE II
in 1997, however, they differ significantly for years 1990 and 1993 (due to Mount
Pinatubo eruption) from observations. Randel et al. [2004b] also noted that even
though tropical cold point temperatures show a strong correlation with observed
water vapor VMRs at 82 hPa, the years 1997/98, 1999/2000, and 2001/2002 show
some unusual behavior (see Figure 13 from Randel et al. [2004b]).

Some studies argue that the tropical upwelling is not only driven by extratropical
wave driving, but may be linked to the non-linear interaction between various physical
processes in the tropical atmosphere such as equatorial Rossby waves and associated
adiabatic heating [Plumb and Eluszkiewicz , 1999; Semeniuk and Shepherd , 2001].
Temperatures in the tropical tropopause layer (TTL) that control the water vapor
entry into the stratosphere can also be associated with tropospheric processes related
to convection and tropical waves [Kerr-Munslow and Norton, 2006; Norton, 2006].
Another issue here is the rather low sampling rate of solar occultation instruments
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as discussed before, however, it can not explain the obvious outliers in the expected
relationship between extratropical wave forcing and stratospheric water vapor in
selected years as seen by both satellite instruments.

6.5 Decrease in TLS H2O vapor after 2000

Decrease in TLS H2O vapor after 2000 As seen in Figures 6.1 and 6.2 and reported
in other studies [Randel et al., 2004b, 2006], lower water vapor VMRs have been
observed in the TLS since 2001 indicating that the stratosphere has become drier in
recent years. Lower water vapor VMRs are also found in NH mid- to high latitudes
with a time lag of a few months due to isentropic transport in the lowermost
stratosphere as confirmed by POAM III data [Randel et al., 2006]. Figure 6.3
shows the water vapor VMR anomaly time series from HALOE in the tropics and
POAM III at NH mid- to high latitudes [Nedoluha et al., 2002] in the lowermost
stratosphere. Anomalies are calculated by subtracting the long-term monthly means
(1965-1995) from the time series. Both data sets show a clear drop in the anomalies
after 2000. At the same time a sudden increase in the monthly mean global eddy
heat flux is evident as shown in Fig. 6.3. The enhancement of the BD circulation
as indicated by the increased eddy heat flux is consistent with increased tropical
upwelling velocities during the same time period and a weak average enhancement
in the subtropical convergence of the EP fluxes during the period 2001-2004 in
comparison with the late 1990s [Randel et al., 2006]. From the global eddy heat
flux time series separated by hemispheres (Figure 6.3) it can be concluded that
each hemisphere contributed roughly equally (NH being slightly larger) to the BD
circulation anomaly after 2000.

The strengthening of the BD circulation in the NH in recent years has been
associated with increased Arctic stratospheric winter temperatures and rapid
increases in NH total ozone since the middle 1990s [Dhomse et al., 2006]. An
anti-correlation between tropical and mid- to high latitude lower stratospheric
temperatures exists on seasonal and inter-annual time scales [Yulaeva et al., 1994;
Salby and Callaghan, 2002b] so that a corresponding recent cooling of the TLS
and cold point temperature are expected. Figure 6.4 shows a time series of the
tropical monthly mean temperature anomaly of the thermal tropopause from
NCEP and a regression analysis that quantifies the contributions from QBO, solar
cycle variability, stratospheric aerosols, BD circulation strength (global eddy heat
flux), and linear trend terms. The linear trend terms account for changes that are
not accounted for by other factors and terms. For each month of the year two
QBO terms (50 and 30 hPa, 24 fitting constants), one eddy heat flux term (12
fitting constants, no time lag), and a linear trend term (12 fitting constants) are
included. One fitting constant for each major volcanic eruption and solar term are
also included (for details on regression see Dhomse et al. [2006]). The regression
analysis has been applied to several pressure levels (100, 70, 50, 30, and 10 hPa,
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Figure 6.5: Average tropical temperature profile change between the periods 7/2000-
6/2005 and 7/1996-6/2000. Thick solid lines: NCEP re-analysis (black) and
regression analysis (orange). Other lines with small symbols: individual
contributions from solar activity, QBO, and linear trend as derived from 27
years of NCEP data. Large solid circle are the same results, but derived
from the HadAT2 radio sonde data. The results for the mean cold point
temperatures from NCEP are displayed at the approximate mean cold point
altitude of 93hPa.

and cold point altitude) as well to isobaric ERA40 data (up to August 2002) and
HadAT2 data (100, 50, 30 hPa). The regression coefficients (for various terms) are
similar for both NCEP and ERA40, except for HadAT2 data, where long term linear
trends are lower than either ERA40 and NCEP data. In general the eddy heat flux
contribution to the temperature change is statistically significant (2σ) from the cold
point altitude up to 30 hPa. With radiative lifetime ranging from about 100 days
(100 hPa) to 50 days at 50 to 30 hPa [Randel et al., 2002a; Niwano et al., 2003],
the diabatic warming relaxation after the adiabatic expansion from the extratropical
wave driving is sufficiently slow to detect a temperature change with no time lag
in the eddy heat flux. Our regression analysis indicates that the strengthening of
the BD circulation contributed nearly 0.4 K cooling to the total changes in the
zonal mean cold point temperature when comparing a five year period before and
after the drop in water vapor anomalies in 2000 (see the horizontal bars in the BD
circulation contribution to the temperature trend in Figure 6.4).
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Figure 6.6: Temperature anomalies in the TLS (20◦S-20◦N) from different meteorologi-
cal analyses. Temperature anomalies from ERA40 [Uppala et al., 2005] are
shown in blue and from ECMWF operational data in green. NCEP [Kalnay
et al., 1996] and HadAT2 [Thorne et al., 2005] are shown in orange and
black, respectively. Monthly mean anomalies are calculated by subtracting
the long-term monthly means (1965-1995) from the time series. Tempera-
ture anomalies at 50 hPa and 30 hPa are shifted by 5 K and 10 K respectively,
for clarity. The temperature anomalies from ECMWF operational data show
a cold bias (1-2 K) with respect to ERA40.

The change in the vertical tropical temperature profile from NCEP and HadAT2
and the 25 year regression applied to both datasets between the period 7/2000-
6/2005 and 7/1996-6/2000 is shown in Figure 6.5. From the NCEP data an overall
temperature change after 2000 is evident at 100 hPa (-0.8 K), cold point altitude
(-0.9 K), and 70 hPa (-1.0 K), while at 50 hPa and 30 hPa the total temperature
change is smaller. The increase in the strength of BD circulation after 2000 may
have contributed a cooling of 0.2 K at 100 hPa, nearly 0.4 K at the cold point
altitude, and 0.7 K at 50 hPa and 30 hPa to the NCEP temperatures, compared
to a range of 0.1 K (100 hPa) to 0.7 K (30 hPa) to the HadAT2 radio sonde
data. The regression analyses tend to overestimate the overall cooling (including
all contributions) above 70 hPa. A stronger cooling in the TLS compared to the
cold point temperature would require enhanced adiabatic expansion and upwelling
velocities increasing with altitude. According to Fig. 4 in Niwano et al. [2003] an
increasing upwelling velocity with altitude is observed in the HALOE methane and
water vapor data.
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As mentioned earlier, Füglisthaler and Haynes [2005] found that a 1 K cooling
in the cold point temperature roughly corresponds to a decrease of 0.5 ppm in
TLS water vapor. This is consistent with cold point temperature changes from
extratropical wave forcing of about -0.4 K and an average water vapor decrease of
0.2 to 0.3 ppm after 2000 (see Fig. 6.3). The contribution from the extratropical
wave forcing to 100 hPa temperature is negligible, which is an indication that
the 100 hPa level is mostly well inside the TTL layer, where the stratospheric
influence becomes negligible. In contrast to NCEP data HadAT2 radiosonde data
shows almost no changes in 100 hPa temperatures between the five year periods
before and after 2000; the cooling seen in the NCEP data primarily has its main
contribution from an apparent decadal linear trend that is absent in the radio
sonde data. There is some considerable debate on the significance of these linear
trends near the tropical tropopause, since changes in radiosonde operations (cooling
bias) and changes in the assimilation scheme may strongly impact such long-term
trends particularly near the tropical tropopause (see discussion in Randel et al.
[2004b, 2006] and references therein).

The larger uncertainties associated with the temperature data sets are more evi-
dent when looking at different meteorological analyses that are currently avaliable.
Figure 6.6 shows temperature anomalies in the TLS derived from various analyses,
ERA40 (1958–2002), ECMWF operational analysis data set (2001–present), NCEP
(1948–present), and the HadAT2 radiosonde data set. Shown are monthly mean
temperature anomalies over the tropics (20◦S-20◦N) at 100 hPa (bottom), 50
hPa (middle) and 30 hPa (top). Anomalies were calculated by subtracting the
climatological monthly means over the period 1965-1995 period from the timeseries.
At 50 hPa and 30 hPa no significant bias in the NCEP data is noticeable with respect
to the homogenized radiosonde data especially after NCEP switched from TOVS
to ATOVS data [Randel et al., 2004b] in July 2001. The ERA40 reanalysis from
ECMWF that ended in 2002 shows a bias with respect to the ECMWF operational
analysis that ranges from +1 K to +2 K at all altitudes during the overlapping
period (January 2001 – August 2002). This is an indication of uncertainties in
temperatures from differences in the assimilation schemes.

There are significant differences among these analyses at 100 hPa. The NCEP
data show a larger linear cooling trend after the middle 1990s than either the
radio sonde data or ERA40 as discussed before, nevertheless a jump of about
of about -0.5 to -1 K during 2000 is noticeable in all data sets (this difference
nearly vanishes when averaging over five year periods before and after 2000). The
temperature variability apart from spurious linear trends is strongly reduced at
100 hPa (below ±1 K), which is an indication of a weakening of the stratospheric
influence as one goes deeper into the TTL region, while the higher altitudes (above
and including the cold point temperature altitude) show larger variations in the
anomalies mainly influenced by the QBO and extratropical wave-driving as shown
as an example in Fig. 6.5. The NH winter 1996/1997 that was regarded as an
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outlier in the TLS water vapor - eddy heat flux anti-correlation (marked 1997 in
Fig. 6.2) shows good agreement in the regression analysis of TLS temperatures
(positive anomalies in eddy heat flux and temperatures, while at 100 hPa and cold
point altitude the negative temperature anomaly (Fig. 6.4) appears to be more
consistent with observations of low water vapor observations in that year. One year
later (1997/98) the modeled temperature at 70 hPa and 50 hPa are higher than
the observed temperature, which makes the five year period before 2000 warmer
and the difference to the late period as shown in 6.5 larger (more cooling) in the
regression.

While the cooling contribution from BD circulation changes to the NCEP cold
point temperature (-0.4 K) after 2000 agree quite well with the observed water
vapor change, the total temperature change of nearly -1 K should have doubled
the reduction in water vapor in the lowermost tropical stratosphere. The observed
long-term downward trends apart from the sudden jump during 2000 is not evident
in the water vapor observations. As the homogenized HadAT2 radio sonde data
show in contrast to NCEP no linear trend at 100 hPa, it is very likely that the
spurious long-term trends are rather artefacts from the larger uncertainties in the
radio sonde data that are assimilated into the meteorological analysis.

In summary we have shown that satellite data from HALOE and SAGE show in-
terannual variability in LS WV anomalies that are anti-correlated with the strength
of the BD circulation with exception of few years (1991, 1997) with extreme de-
parture from that relationship which is currently not understood. In addition, this
relationship also explains the widely reported increasing trends in stratospheric WV
until 2000 are most probably due to decrease in planetary wave driving during that
period. There is now clear evidence that the drop in the lower stratospheric WV
anomalies after 2000 that has persisted until present can be directly related to rais-
ing planetary wave forcing with nearly equal contribution to the increase from both
hemispheres. From a regression analysis of tropical temperature data a cooling of
about 0.7 K in TLS was estimated in connection with the recent enhancement in BD
circulation strength. A coherent picture of changes in mid- to high latitude ozone
[Dhomse et al., 2006] and lower stratospheric WV in connection with BD circulation
changes emerges that may have important implications in a future changing climate.
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7 Overall summary and conclusions

This thesis is an assessment of changes in stratospheric ozone and water vapor using
updated satellite and climate data sets. Long term observations, improvements in the
measurement techniques and data quality in the last two to three decades allows a better
attribution of various processes to long term changes in the atmospheric composition in
a changing climate. In particular changes in atmospheric dynamics, halogen loading,
solar cycle, stratospheric aerosol loading and QBO have been assessed in a number of
ways. Some of the key finding of this thesis are summarised as follows:

• A compact relationship between tropospheric generated planetary wave driving
and winter ozone gain has been demonstrated. It has been found that the accumu-
lated winter-time eddy heat flux is a very useful proxy in determining the strength
of tropospheric generated wave activity, which drives the stratospheric circula-
tion. In Chapter 3, it has been shown that mid-latitude wave activity not only
controls the ozone transport from tropical latitudes to higher latitudes but also
heterogenous chemical ozone loss by influencing the temperatures inside the po-
lar vortex. A strong anti-correlation between tropical total ozone and mid-latitude
eddy heat flux confirms the role of wave activity on ozone transport (dynamics)
and chemistry. Using these results, accumulated winter-time eddy heat flux has
been proposed as a new proxy for the attribution of dynamical influence of strato-
spheric ozone. Analysis of long term data records shows significant clustering of
data points as well as changes in eddy heat flux- ozone relationship in last two
decades, which can undermine the validity of the proposed proxy. These discrep-
ancies can also arise from changes in stratospheric aerosol loading due to large
volcanic eruptions, changes in stratospheric halogen loading as well as changes
in the quality of meteorological data sets.

• In Chapter 4, influence of solar variability on the stratospheric temperatures has
been studied using meteorological data sets from NCEP and ECMWF (ERA40).
Correlation analysis shows that solar cycle influence is largest in NH stratosphere
during west phase of QBO. This phase dependent relationship is well represented
in both ECMWF and NCEP. Multivariate regression analysis of the temperature
data for time period of 1979-2005, confirm these results. The regression model
shows that during solar maxima mid-winter SSWs are more frequent while during
solar minima early winter SSWs are more common. Downward propagation of
solar response is significant in both the data sets. Although in NH, solar response
for satellite era data period is similar to that for longer period of data starting
from 1958, significant differences are observed in SH. Cold temperature bias dur-
ing 1970s has a significant influence in determining solar response from ECMWF.
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In the troposphere, NCEP wind data clearly shows movement of subtropical jet
associated with solar variability. This response is absent in ECMWF, probably
due to inhomogeneities in ECMWF assimilation scheme. Comparison with Ha-
dAT2 radiosonde temperature data however, shows large uncertainties near the
tropical tropopause region in NCEP data.

• In Chapter 5, multivariate regression analysis of zonally averaged total ozone
data from various satellite instruments (1979–2005) is used to attribute the in-
fluence of various atmospheric processes on total ozone variability. Regression
analysis shows that solar cycle contributes up to 12 DU (NH) and up to 16 DU
(SH) to ozone variability at high latitudes. Stratospheric aerosol loading due to
Mt. Pinatubo contributed ∼60 DU ozone loss at higher latitudes in the NH but
its effect is quite insignificant in SH. Using accumulated winter-time eddy heat
flux (Chapter 3) as a dynamical proxy, it has been shown that wave driving con-
tributes up to 12 DU in NH and up to 8 DU ozone variability in SH. Replacing
linear trend term with stratospheric halogen loading (or EESC) term shows that
regression fit does not change significantly. Detailed analysis of regression fits
shows that detection of ozone recovery in total ozone data due to a decrease in
halogen loading can not be confirmed for 27 years of ozone data. These two
models (linear vs. EESC) predict nearly 4 DU/decade and 8 DU/decade increase
in total ozone since middle 1990s in NH and SH respectively. The major con-
tribution to the high-latitude total ozone increases mid-nineties is most probably
through increase in planetary wave activity and solar cycle.

• Interannual variability in stratospheric water vapor (WV) is presented in Chapter
6. Updated HALOE V19 and SAGE 6.2 confirms that most of the WV variability
in lower stratosphere is controlled by the strength of Brewer-Dobson circulation.
Lower temperatures leads to decreases in WV throughout the lower stratosphere
through rapid isentropic transport. A compact relationship between wave activity
and tropical lower stratospheric WV confirms results from earlier studies. Some
years such as 1991, 1997, however show a deviation from the these relationship,
indicating that WV variability in the tropical lower stratosphere can not be solely
attributed to the strength of the BD circulation. The sudden decrease in strato-
spheric WV since 2001 as reported in other studies and is uniquely reflected in
sudden increases in wave driving in both hemispheres. It is shown that this is
due to increase in wave driving in both hemispheres which led to decreases in
TTL temperature. Regression analysis shows that recent increase in wave activity
in both hemispheres may have contributed a 0.7 K cooling in the tropical lower
stratosphere.
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