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To my mother and father





I am the daughter of Earth and Water,
And the nursling of the Sky;

I pass through the pores of the ocean and shores;
I change, but I cannot die.

For after the rain when with never a stain
The pavilion of Heaven is bare,

And the winds and sunbeams with their convex gleams
Build up the blue dome of air,

I silently laught at my own cenotaph,
And out of the caverns of rain,

Like a child from the womb, like a ghost from the tomb,
I arise and unbuild it again.

Percy Bysshe Shelley
“The Cloud”
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Abstract

Clouds play a major role in our climate by affecting the earth’s heat, moisture, and
radiation balance. Those that are associated with storms, and can reach or penetrate
into the tropical tropopause layer (TTL, about 14–18 km), contribute to the exchange
of air between the troposphere and the stratosphere, and hereby influence the physical
and chemical processes occurring in the TTL and the stratosphere. However, in climate
models clouds still remain a biggest source of uncertainty. Since the launch of the Spe-
cial Sensor Microwave Temperature 2 (SSM/T2) onboard the Defense Meteorological
Satellite Program (DMSP), the Advance Microwave Sounding Unit (AMSU)-B onboard
NOAA-15, 16, and 17, and the AMSU/HSB (Humidity Sounder for Brazil) on board
Aqua satellite, the radiometric signatures of clouds at frequencies of 90–190GHz are
explored extensively. These frequencies are more sensitive to scattering by frozen hy-
drometeors. Consequently, the effects of clouds and precipitation provide possibilities to
estimate cloud parameters. The goal of this thesis is to understand the effects of storms
on microwave brightness temperatures (mainly in the frequency range of 90–190GHz)
and to explore the retrieval of cloud parameters from them.
Four observation cases (two over ocean and two over land), analyzed using aircraft

passive microwave measurements in the frequency range of 10 to 220GHz in conjunc-
tion with aircraft radar measurements, show that the high frequencies are sensitive to
ice scattering in the upper layers of storms, especially the three water vapor channels
around 183.3GHz (183.3±7, 183.3±3, and 183.3±1GHz). Cloud model data and cloud
microphysical parameters, derived from aircraft radar observations have been used as
input for a microwave radiative transfer model to investigate the effects of cloud mi-
crophysical parameters. The observations at AMSU-B frequencies are found to depend
crucially on the variations in particle size distribution, ice water path, phase transition
temperature, and cloud structure. The three water vapor channels have less influence
from liquid water than the window channels of 89 and 150GHz of AMSU-B, but more
influence from the frozen hydrometeors in high altitudes.
The brightness temperature sensitivities at the frequencies between 89 and 183GHz

are investigated by simulations using the Goddard Cumulus Ensemble (GCE) model
data of a simulated oceanic tropical squall line. Only the window channel at 89GHz has
an apparent dependence on the surface emissivity. The sensitivity to variations in liquid
water content at all channels is generally apparent in the high altitude levels above 5 km,
with higher sensitivities at 89, 150, and 183.3± 7GHz. The sensitivity to variations in
frozen hydrometeor contents at all channels is generally apparent in the altitude levels
above 7 km, which suggests a possibility to estimate the frozen hydrometeors in these
altitude levels in tropical deep convective clouds.
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14 Abstract

The different sensitivities to altitude and amount of hydrometeors suggest a method
to estimate the canting angle and tilt direction of tilted convective cloud using bright-
ness temperatures at 183.3 ± 1 and 183.3 ± 7GHz. The method provides a possibility
to estimate the vertical displacement of cloud structure and thereby to estimate the
accurate location of surface rainfall. This is important when validating precipitation re-
trieval based on observations of the ice scattering above surface rainfall against surface
rain observations.
Methods to detect deep convective clouds and convective overshooting from measure-

ments at the three water vapor channels of AMSU-B are developed. Thresholds for the
brightness temperature differences between the three channels are used to detect deep
convective clouds, and an order relation is used to detect convective overshooting. The
distributions of deep convective clouds and convective overshooting in the tropics (30◦ S
to 30◦N) from March 2002 to February 2003 show a seasonal variability between the
winter and the summer hemisphere. The deep convective clouds over land penetrate
more frequently into the tropical tropopause layer than those over ocean. The averaged
deep convective cloud fraction is about 0.3% in the tropics and convective overshooting
contributes about 22% to this.
Algorithms to estimate the ice water paths in the upper layers of tropical deep con-

vective clouds are developed using the three water vapor channels around 183GHz of
AMSU-B. The distributions of ice water path and ice water content and their seasonal
variabilities agree quite well with TRMM products. Their monthly zonal means agree
with the surface rainfall from TRMM. Although the average amount of deep convective
cloud fraction in the tropics is only about 0.3%, it contributes about 34% to the total
ice water path.
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1 Introduction

1.1 Clouds in the Climate System
Clouds are usually the most obvious feature of the sky. Clouds affect the climate, but
changes in the climate, in turn, affect the clouds. This relationship creates a complicated
system of climate feedbacks, in which clouds modulate Earth’s radiation and water
balances.
In the Earth’s climate system, the primary energy exchange pathway begins with

solar heating of the ocean (the land) surface concentrated towards the equator, continues
with transfer of this heat to the atmosphere by the water cycle, ocean (and land) surface
cooling by evaporation of water and atmospheric heating by precipitation, and ends with
atmospheric cooling by emission of infrared radiation to space. Because the heating of
the ocean and atmosphere is not uniformly distributed over the Earth, circulations cause
in both transport of heat and water.
Clouds cool the Earth’s surface by reflecting incoming sunlight. The water or ice

particles in clouds reflect between 30 and 60 percent of the sunlight that strikes them. A
cloudless Earth would absorb nearly 20 percent more heat from the sun than the present
Earth does. To be in radiation balance, the Earth would have to be warmer by about
12 ◦C. The cooling effect is largely offset by absorbing heat emitted from the surface and
re-radiating it back down toward the surface. The process warms the Earth’s surface
by some 7 ◦C. Furthermore, clouds warm or cool the Earth’s atmosphere by absorbing
heat emitted from the surface and radiating it to space. Clouds warm and dry the
Earth’s atmosphere and supply water to the surface by forming precipitation. In this
process, because of water evaporating, the Earth’s surface where water evaporating from
is cooled, and the atmosphere is warmed when precipitation forms in clouds. This water
cycle is also important because it affects on our water supply and agriculture.
In order to understand energy and water exchanges, the effect of clouds needs to be

considered. So quantitative cloud data, complemented by precipitation, water vapor,
and radiative flux data, are required to diagnose energy and water exchanges and their
spatial and temporal distributions and variations. There have been many experiments
to gather better information about clouds and their radiative effects, for example, since
1983 the International Satellite Cloud Climatology Project (ISCCP) has been collecting
observations from weather satellites to assemble a global, multi-year dataset. The dataset
provides some of the key variables that determine the interaction of clouds and radiation.
As an one important parameter of clouds, cloud ice plays a very crucial role for the

global climate and climate change. The reflection of shortwave radiation by cloud ice
reduces the solar energy reaching the Earth’s surface. On the other hand, because of their
cold temperatures, ice clouds permit less longwave radiation emitted from the surface
to escape to space than under clear-sky conditions. As the results from the above two
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18 1 Introduction

processes, the net radiative flux at the earth’s surface depends on accurate description of
the cloud ice for radiative transfer calculations in climate models (Stephens and Webster,
1981; Liou, 1986; Ho et al., 1998).
Using the GEOS (Goddard Earth Observing System) climate GCM (General Circula-

tion Model) coupled with an ocean mixed-layer model, Ho et al. (1998) studied the effect
of the interaction of shortwave and solar radiation with ice clouds on climate simulations.
Due to much larger particles, ice clouds have a single-scattering albedo nearly ten times
larger than water clouds as documented by Fu (1996), who estimated the radiative prop-
erties for ice clouds from in situ aircraft measurements. The direct effect of the inclusion
of the ice phase on shortwave and solar radiation is an increased absorption of 0.2Wm−2

at the Top of the Atmosphere (TOA) and a decreased absorption of 2.7Wm−2 at the
surface averaged over the globe. Therefore, a quantitative measurement of microphysical
parameters in ice clouds is important both for the validation of global climate models
and for understanding the variability of Earth’s climate (e.g., Heymsfield and Donner,
1990; Ebert and Curry, 1992; Fu and Liou, 1993).
Especially, the amount and spatial distribution of cloud ice is an important component

in understanding the atmospheric circulation system on a variety of scales (e.g., Rut-
ledge and Hobbs, 1983; Hobbs and Rangno, 1985). Ice water amount generated by deep
convection reflects the strength of the convection and the stage in the life cycle of the
convective cloud. Knowledge of cloud ice content is essential to infer the cloud vertical
structure (e.g., Sheu et al., 1997; Skofronick-Jackson and Wang, 2000a), which deter-
mines the cloud vertical heating profile, and to parameterize cloud radiative properties
for general circulation models (e.g., Heymsfield and Donner, 1990; Ebert and Curry,
1992; Fu and Liou, 1993). At the same time, knowledge of cloud ice amount is also
an essential indicator of rain over land and ocean. The introduction of cloud ice greatly
increases the importance of scattering. For wavelengths of a few millimeters or less, scat-
tering by cloud ice particles with densities and sizes characteristic of rain can result in
extremely low brightness temperatures. The brightness temperature depression mainly
due to scattering in the upper portion of clouds, and very low brightness temperatures
do not depend on the background, so the low brightness temperatures or the brightness
temperature depression can be used as an indicator of rain. There are many algorithms
to retrieve rain over land based on the scattering index which is mainly caused by the
scattering of cloud ice (e.g., Grody, 1991; Ferraro et al., 1994, 1998).

1.2 Passive Microwave Remote Sensing of Cloud Ice
Remote sensing procedures of cloud ice using different techniques have been developed
over the past two decades. These may be divided into three categories: those that use
visible and infrared data, those that use passive microwave data, and those that use
active microwave data. Visible and infrared techniques are grouped together because of
their common characteristic, that the radiation does not penetrate through the cloud.
Therefore, all visible and infrared cloud ice estimating schemes are necessarily indirect.
A cloud’s brightness temperature and a cloud’s reflectivity may be related to cloud ice,
but the cloud ice itself is not directly sensed. The visible and infrared techniques are
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normally used to estimate cirrus cloud parameters (e.g., Inoue, 1985, 1987; Parol et al.,
1991; Minnis et al., 1993a,b; Ou et al., 1993, 1995, 1999; Matrosov et al., 1998).
With high accuracy and excellent space and time resolutions, radar systems can pro-

vide direct measurements of clouds. Before the launch of TRMM in 1997, groundbased
(e.g., Heymsfield and Fulton, 1988; Cifelli et al., 2002), shipborne (e.g., DeMott and
Rutledge, 1998; Rickenbach and Rutledge, 1998), and airborne (e.g., Heymsfield et al.,
1996; Geerts et al., 2000) radar systems were used to observe the vertical structure and
microphysical characteristics of clouds. However, these measurements were confined to
local geographic regions to study individual cloud systems and were not able to provide
observations of clouds on a global scale. Since the launch of TRMM, Its Precipitation
Radar (PR), the first satellite-borne radar, can provide three dimensional cloud structure
observations on a global scale more accurate than before.
In comparison with infrared and visible methods, cloud remote sensing methods

based on microwave wavelengths generally are better suited to deducing cloud prop-
erties (Deeter and Evans, 2000). Microwave, including the centimeter, millimeter, and
submillimeter regions of the spectrum, plays a special role in remote sensing of the at-
mosphere. Proper selection of the microwave frequencies can provide the capability to
detect cloud properties, especially precipitating clouds.

1.2.1 Influence of Clouds on Microwave Brightness
Temperatures

Examining observations from the Nimbus-7 SMMR (Scanning Multichannel Microwave
Radiometer), Spencer et al. (1983) found that situations where the brightness temper-
atures were much lower than those expected for the radiation emanating from rain-
producing cloud, and each case of very cold brightness temperatures coincided with
heavy thunderstorms. Heavy precipitation is frequently associated with a significant
quantity of froze hydrometers. The frozen hydrometeors reflect microwave radiances
emitted by the raindrops below the ice so that the brightness temperatures measured
from space is reduced in proportion to the rainfall rate. Based on this fact, Spencer et al.
(1983) used the data from SMMR to measure rainfall rates up to 90mmh−1 over land.
Many methods to identify convective raining areas are based on the fact of scattering

by cloud ice at 90GHz in convective clouds (e.g., Wilheit et al., 1982; Hakkarinen and
Adler, 1988; Heymsfield and Fulton, 1988; Spencer et al., 1989). Most algorithms to
retrieve rain depend on the scattering due to cloud ice (e.g., Hakkarinen and Adler,
1988; Grody, 1991; Ferraro et al., 1994, 1998). Vivekanandan et al. (1991) studied the
possibility of retrieving precipitation ice water amount using simulated measurements
at low frequencies (e.g., 37 and 85GHz). A theoretical study was done by Evans and
Stephens (1995a,b) to demonstrate the feasibility if retrieving ice water path in thin
cirrus clouds using high-frequency microwave observations.
During flights over deep, intense atmospheric convection zones, Adler et al. (1990)

examined the high-resolution aircraft data at frequencies from 18 to 183GHz. The low
brightness temperature values at 37GHz, and especially at 18GHz, over deep convective
cores indicate the importance of ice in the thunderstorm’s middle layers, significantly
affecting the upwelling radiance even at those relatively low frequencies. Comparing the
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microwave observations to ground-based radar observations and visible and IR obser-
vations, the utility of high frequency microwave observations (90–180GHz) detecting
convective cores below thick anvils was confirmed.
In order to better understand the relationship between microwave radiation and at-

mospheric properties including cloud structure and rainfall intensity, Yeh et al. (1990)
used a microwave radiative transfer model to simulate the upwelling brightness temper-
atures at various frequencies (18–183GHz) based on hydrometeor profiles derived from
ground-based radar measurements. The simulations showed that the complex nature of
the frozen hydrometeors including phase, shape and size distribution are important on
the brightness temperatures at both high and low frequencies, the upwelling brightness
temperature at both 92 and 181GHz are most sensitive to the cloud structure in the
upper portion of storms. In natural storms, several classes of hydrometeor particles can
coexist, including cloud ice, cloud liquid water, rain water, snow and graupel. For the
study of Yeh et al. (1990), only precipitation ice and liquid water are considered.
Based on the use of a three-dimensional mesocale model that accounts for horizontal

and vertical variations of five liquid and frozen hydrometeors (cloud and rain water,
ice crystals, aggregates, and graupel), Mugnai et al. (1990) did some simulations of mi-
crowave brightness temperatures of an evolving hail storm at SSM/I (Special Sensor
Microwave Imager) frequencies. Their results reveal how important the vertical pro-
files of each of these hydrometeors can be in determining how the emerging brightness
temperatures behave at various frequencies. Furthermore, a three-dimensional, nonhy-
drostatic mesoscale cloud model that incorporates explicit microphysical processes in-
volving liquid and frozen hydrometeors was used to generate the microphysical output.
The microphysical output was used as input to a radiative transfer model to obtain
microwave brightness temperatures in the range of 15–128GHz (Smith et al., 1992).
They found that the brightness temperatures at SSM/I frequencies tended to adjust to
fluctuations in the graupel-water content, and not cloud water or rain water contents,
because graupel has such a dominating attenuating influence. And their results empha-
sized that the problem of remote sensing rain involves the detection of liquid and frozen
hydrometeors well above the surface, not the detection of near-surface rain rates. Prasad
et al. (1995) did similar work. A three dimensional cloud model and a radiative trans-
fer model-based simulation system is tested and validated in the range of 18–183GHz
against aircraft-based radiance observations of an intense convection. The simulations
were also extended to higher frequencies (220, 340, and 400GHz). Brightness tempera-
tures calculated within the area of deep convection for the various frequencies compare
well with aircraft observations. And all frequencies in the range of 90–400GHz showed
strong signature in the convective core.
The Defense Meteorological Satellite Program’s (DMSP) SSM/T-2 (Special Sensor

Microwave Water Vapor Sounder) instrument launched in November 1991 and the
AMSU-B (Advanced Microwave Sounding Unit-B) on NOAA satellites contain simi-
lar moisture sounding channels from 89 to 190GHz. Many simulations and observations
have been done to investigate the relationship between clouds and the brightness tem-
peratures at the frequencies of the moisture sounding channels.
Muller et al. (1994) performed radiative transfer simulations to determine how water

vapor and nonprecipitating cloud liquid water and ice particles with typical midlatitude
distributions affect brightness temperatures of moisture sounding channels. They found
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that channels near 157 and 183GHz are strongest affected by ice clouds, and high
clouds have a greater impact on 157 and 183GHz brightness temperatures than do
lower clouds. Wang et al. (1998) analyzed three storm events observed by airborne
radar and microwave radiometers. The radiometric measurements cover the frequency
range of 10–220GHz and simultaneously made from two different aircraft cruising at
the altitudes of about 11 and 20 km. The measuremens over storms provide a unique
data set to study and infer the properties of hydrometeors associated with the storms.
The results showed that storm-associated brightness temperature depressions observed
at frequencies below 90GHz from different altitudes were quite comparable. At high
frequencies above 150GHz the brightness temperature depressions observed at 20 km
altitude were significantly larger than those observed at 11 km in the same portions of
the storm. The results suggested the presence of hydrometeors in the 11 and 20 km
altitude region which effectively scatter radiation at frequencies over 150GHz.
Wang et al. (1997b) reported observations by several airborne microwave radiome-

ters over two rainstorms. Radiative transfer and radar reflectivity calculations based on
the hydrometeor profiles generated by a cloud model were made to interpret the ob-
served data. They suggests to use these channels to map regions of frozen hydrometeors
associated with storms.

1.2.2 Cloud Ice Retrieval Algorithms

In the above discuss, most of the observations and simulations were focussed on the
influence of clouds on the brightness temperatures at microwave frequencies. They did
not elaborate on how the relationship can be used for satellite remote sensing of cloud
ice. Liu and Curry (1996, 1997) proposed a method to retrieve ice water path and
snowfall rate over high-latitude ocean regions during winter using SSM/T2 data. They
attempted to relate the variations in ice water amount and snowfall rate to synoptic
weather systems. Liu and Curry (1998) developed an ice water path retrieval algorithm
for tropical ice clouds using airborne millimeter-wave imaging radiometer (MIR) data
taken at 89, 150, and 220GHz, and the results were compared to in situ measurements.
The algorithm was modified further to derive ice water path in tropical cloud systems
using SSM/T2 92 and 150GHz data (Liu and Curry, 1999).
The algorithm of Liu and Curry (1998) is based on results of radiative transfer model

simulations using in situ ice particle properties measured from aircraft as model inputs.
So when applying this algorithm the unknown particle size can introduce some errors.
Weng and Grody (2000) presented an algorithm to derive both ice water path and ice
particle effective diameter (De) using dual millimeter-wavelength measurements. The
retrieved ice water path and particle size displayed a reasonable spatial distribution
comparable to the radar and infrared measurements. They found that, for a given par-
ticle bulk volume density, the brightness temperature at microwave frequencies can be
uniquely related to the ice water path and to the ice particle effective diameter through
a two-stream radiative transfer model. Based on the physical approach of Weng and
Grody (2000), Zhao and Weng (2002) developed a new algorithm to retrieve the ice wa-
ter path and particle size from AMSU measurements at 89 and 150GHz. The algorithm
was examined under various weather conditions, and the resulting distributions of ice
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water path and particle size were compared to cloud liquid water, cloud-top temper-
atures, and surface rainfall. It was found that the algorithm works reasonably well in
precipitating ice clouds. Because of a lack of sensitivity at 89GHz, the algorithm cannot
detect the thin cirrus clouds surrounding the precipitating areas.
Methods to retrieve both ice water path and median particle size of cirrus clouds over

tropical oceans were also recently proposed by Liu and Curry (2000) and Deeter and
Evans (2000). Wang et al. (2001a) analyzed data taken by MIR over the arctic region
north of Alaska to study the characteristics of cirrus clouds. The Submillimeter-Wave
Cloud Ice Radiometer (SWCIR) has ten channels provided by four receivers at 183, 325,
448, and 643GHz. Evans et al. (2002) developed a retrieval algorithm for SWCIR for
upper tropospheric cloud ice water path and median mass equivalent sphere diameter.

1.2.3 Influence of Cloud Ice on the Water Vapor Channels
around 183.3GHz

Measurements near the water vapor absorption lines have been used to detect water
vapor since a long time. They are most commonly used to obtain water vapor profiles,
both theoretical simulations and radiometric measurements from aircraft and satellites
have demonstrated this (e.g., Schaerer and Wilheit, 1979; Rosenkranz et al., 1982; Wang
et al., 1983; Kakar, 1983; Wang et al., 1989; Wilheir, 1990; Lutz et al., 1991; Wang et al.,
1992, 1993, 1995; Kuo et al., 1994; Wang et al., 1997a; Engelen and Stephens, 1999; Wang
et al., 2001b; Miao et al., 2001).
However, the water vapor channels around 183.3GHz will be strongly affected if there

are thick clouds or precipitation in the sounder’s field of view (e.g., Eyre, 1990; Muller
et al., 1994; Burns et al., 1997; Engelen and Stephens, 1998; Greenwald and Christoper,
2002a). The reason is the large absorption by liquid water in clouds and the scattering
by frozen hydrometers. These channels are much more sensitive to changes in the ice
water content than the liquid water content due to the high scattering for ice particles
at these frequencies (Burns et al., 1997). Large brightness temperature depressions have
been observed in aircraft measurements over strong convective systems (Wilheit et al.,
1982; Adler et al., 1990). Lee (1995) observed similar brightness temperature depressions
in the precipitation region of a frontal system using data of SSM/T2.
Greenwald and Christoper (2002a) conducted a near-global analysis of 183.3GHz

measurements from the NOAA-15 AMSU-B to investigate the impact of cold clouds on
upper tropospheric humidity retrievals. Their results showed that non-precipitating cold
clouds have a measurable impact on the brightness temperature at 183.3GHz although
the average effect is rather weak. Consequently, these measurements have little or no
potential for estimating quantitatively cloud parameters. On the other hand, their results
showed that cold clouds associated with precipitation had a much larger average effect
on the brightness temperature at 183.3GHz. Consequently, these measurements will
provide information of precipitating clouds.
Several modelling and observational studies (e.g., Wilheit et al., 1982; Issacs and

Deblonde, 1987; Yeh et al., 1990; Adler et al., 1990; Muller et al., 1994; Wang et al.,
1994; Lee, 1995; Wang et al., 1997b; Burns et al., 1997; Greenwald and Christoper,
2002a) have examined the effect of clouds on the 183.3GHz water vapor channels. Burns
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et al. (1997) first suggested to use a criterion based on the difference between measured
brightness temperatures at 183.3± 3 and 183.3± 1GHz to screen out convective events
before the water vapor retrieval. At the same time, Burns et al. (1997) pointed out that
the information on ice water content contained in brightness temperature differences of
water vapor channels can be used to infer properties of ice and precipitating clouds.
Wang et al. (1997b) reported that differences in brightness temperatures from pairs of

the water vapor channels showed a definite correlation with the average radar reflectivity
in the 6–12 km altitude range. They also reported that radiometric signatures observed
by water vapor channels over a storm associated scattering media and those over a dry
atmosphere with a cold ocean background have similar behaviors. A strong correlation
between the integrated columnar ice and the brightness temperatures from pairs of the
water vapor channels was also found. These simulations and observations lead to an
important implication. Although the water vapor channels at 183.3GHz have severe
limitations in humidity retrieval because of the large brightness temperature depression
caused by ice particles associated with convective events, the 183.3GHz channels can be
used to obtain convective cloud properties, especially for cloud ice in the case of strong
convection.
Staelin et al. (1999) used 183GHz AMSU satellite observations to measure precipi-

tation. In their method the 15 km resolution data at 183.3± 7 and 183.3± 1GHz were
combined to estimate precipitation from a simple neural network trained using radar
precipitation data. Furthermore, Staelin and Chen (2000) provided a new method to get
precipitation based on a neural network with observations at 50–191GHz from AMSU.
In the studies of Staelin et al. (1999) and Staelin and Chen (2000) the physical basis for
183GHz precipitation retrievals is given in detail. Convective precipitation is generally
characterized by ascending saturated air masses and wet adiabatic temperature profiles.
The strong absorption of water vapor makes the atmosphere opaque at 183GHz, so the
brightness temperature is largely independent of surface air temperature. For idealized
wet adiabatic atmospheres saturated at all altitudes, the relation between the water
vapor burden and temperature at any altitude is fixed. Because of the hydrometeor
contributions of microwave scattering and absorption, the brightness temperatures are
reduced below nominal values for a saturated atmosphere. Liu and Curry (1999) found
that the rainfall rate is strongly correlated to ice water path, and in fact, many methods
to estimate precipitation are based on the scattering of cloud ice. As pointed out above,
many simulation studies have indicated that for a given height, the 183GHz channels
are more sensitive to the ice content than to the liquid water content due to high ice
scattering. Therefore, 183GHz water vapor channels also have the potential to estimate
cloud ice.

1.3 Outline of the Work
This study concentrates on two main topics: First, understanding the effects of storms
on microwave brightness temperatures (mainly at the AMSU-B frequencies) through
aircraft observations and model simulations, and second, based on this understanding,
methods to obtain cloud parameters using the AMSU-B water vapor channels are de-
rived.
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Chapter 2 addresses the physical basis to remotely sense atmospheric parameter. The
interaction between atmospheric constituents and electromagnetic waves is discussed
through an understanding of the scattering, absorption, and emission behavior of at-
mospheric constituents. The microwave radiative transfer in the atmosphere and two
transfer models used in this thesis are also introduced.
Chapter 3 gives an overview of observation data from different aircraft sensors used in

this thesis. First, the AMSU (Advanced Microwave Sounding Unit) on the NOAA series
satellites is introduced. Then, aircraft sensors observing during three field campaigns
related to observations of convection are introduced.
Chapter 4 presents the effects of storms on microwave brightness temperatures by

aircraft observations. Aircraft passive microwave observations in the frequency range
of 10 to 220GHz are presented in conjunction with visible, infrared and radar aircraft
observations. Four cases of storms are discussed to understand their effects on the mi-
crowave brightness temperatures. Two cases are over the ocean, and two cases are over
land. The main discussion focuses on their effects on the frequencies of AMSU-B. These
observations document some characteristics of microwave brightness temperatures over
storms.
Chapter 5 analyzes the effects of storms on microwave brightness temperatures at

AMSU-B and AMSU-B like channels by simulations. The hydrometeor profiles derived
from aircraft radar and from cloud models are employed as input to the radiative transfer
model to produce fields of brightness temperature simulations for storms. The effects of
total ice, the particle size distribution, the phase transition temperature and the micro-
physical structure of cloud are discussed. To better understand the influence of clouds
on brightness temperatures, some cases for different cloud types (strong convection, thin
cirrus cloud, and thick cirrus cloud) are also studied.
Chapter 6 investigates the sensitivity of the microwave brightness temperatures at

AMSU-B channels to the hydrometeors in deep clouds related with a oceanic tropical
squall line system, as well as surface emissivity, is investigated using the simulated
microphysical data obtained from the Goddard Cumulus Ensemble (GCE) model.
Chapter 7 presents three applications using AMSU-B water vapor channels around

183.3GHz. (1) A method to estimate the canting angle and tilt direction of tilted cloud
is found using the water vapor channels at 183.3 ± 1 and 183.3 ± 7GHz. (2) Methods
for detecting deep convective clouds and convective overshooting in the tropics using
satellite measurements at the AMSU-B water vapor channels are derived and applied
to one year of AMSU-B data in the tropics. (3) After detecting, algorithms to retrieve
ice water path and ice water content in the upper tropospheric layers of tropical deep
convective cloud are developed using the three water vapor channels of AMSU-B.
Chapter 8 gives a summary of this thesis and some outlook for future continue work.



2 Microwave Properties of Atmospheric
Constituents and Microwave Radiative
Transfer in Atmosphere

Microwave remote sensing plays an important role in the research about earth’s at-
mosphere. The microwave radiation transfer through the atmosphere is closely related
to the atmospheric constituents (gases, aerosols, and hydrometeors) The interaction
between atmospheric constituents and electromagnetic waves is the physical basis to
remotely sense atmospheric parameters. Through an understanding of the scattering,
absorption, and emission behavior of atmospheric constituents, microwave remote sens-
ing techniques can be used to monitor atmospheric and weather conditions (Ulaby et al.,
1981). The total transmittances in the microwave region of the electromagnetic spec-
trum for a cloud-free tropical, standard, and polar atmosphere are shown in Figure 2.1
(Grody, 1993). The main contributions to the total transmittances are from atmospheric

Figure 2.1: Total transmittance in the microwave region for a cloud-free tropical, standard,
and polar atmosphere (Grody, 1993). Here T is the atmospheric temperature, V is water vapor
amount.

water vapor and oxygen, and the main differences in transmittance are due to the vary-
ing amount of water vapor. The microwave frequency range, i.e., 0.3–300GHz, contains
windows regions and opaque regions. The window regions allow to penetrate clouds and
to some extent also rain so that it can be used to observe the ground surface and the
lower atmosphere from satellites. For example, as the atmosphere is practically trans-
parent even in the presence of clouds and moderate precipitation at frequencies between

25
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1 and 19GHz, they can be used for precipitation and ocean observations from satellite
platforms; frequencies at about 37 and 85GHz are normally used to observe cloud and
precipitation. Because of the high scattering at frequencies of 90 and 150GHz, they are
also used to monitor storms. The opaque bands are used to observe the upper atmo-
sphere. The absorption features due to water vapor (at 22.2 and 183.3GHz) and oxygen
(in the 50–70GHz region and at 118.7GHz) can be used to determine profiles of atmo-
spheric water vapor and temperature, respectively. The microwave radiative properties
of atmospheric constituents and radiative transfer in the atmosphere are the subject of
this chapter, it is the physical basis to remotely sense atmospheric parameters.
In Section 2.1, the absorption and emission by gases, mainly water vapor and oxygen,

are discussed. The effects of clouds and precipitation are a significant factor at all fre-
quencies when observing the atmosphere from satellite platforms. In order to understand
the effects of clouds and precipitation on microwaves, the scattering and emission by
individual cloud and precipitation particles are first discussed in Section 2.2. Based on
the scattering and emission by individual cloud and precipitation particles, the volume
scattering and emission are discussed in detail in Section 2.3. In Section 2.4, the mi-
crowave radiative transfer in the atmosphere and two transfer models used in this thesis
are introduced.

2.1 Absorption and Emission by Gases
In the microwave frequency range, i.e., 0.3–300GHz, there are a number of pronounced
absorption lines for water vapor and oxygen. The oxygen spectrum consists of a group
of transitions near 60GHz, together with a single isolated line at 118.7GHz. The water
vapor spectrum comprises only rotational transitions and consists of a weak line at
22.2GHz, and a much stronger line at 183.3GHz.
Ulaby et al. (1981) discussed the interaction of electromagnetic radiation with indi-

vidual molecules. The total internal energy E of an isolated molecule consists of three
types of energy,

E = Ee + Ev + Er, (2.1)

where Ee is electronic energy, Ev is vibrational energy, Er is rotational energy. When
a transition to a higher (or lower) energy state takes place, radiation is absorbed (or
emitted). The molecular resonance frequency ν0 of the absorbed (or emitted) quantum
is given by the Bohr formula,

ν0 =
∆E

h
, (2.2)

Where h is Planck’s constant, and ∆E is the difference of the internal energies between
the higher and lower molecular states. The line absorption is described by

α(ν, ν0) =
4πν

c
S F (ν − ν0) . (2.3)

Where α(ν, ν0) is the power absorption coefficient, ν is the frequency, S is the line
strength, and F is the line-shape function. c is the velocity of light, 3×108 ms−1. The
line strength S depends on the properties of the molecule and the molecular states,
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which in turn depends on the temperature and the number of absorbing molecules of
that gas per unit volume. The line-shape function F describes the shape of the absorption
spectrum with respect to the resonance frequency ν0.
There are some models for calculating the absorption coefficient of air. The microwave

propagation model (MPM) of Liebe (1989) and Liebe et al. (1993) is commonly used.
MPM determines the absorption through a line-by-line calculation by summing con-
tributions from 44 oxygen lines, 30 water vapor lines, and an empirical non-resonant
water vapor absorption. Using MPM of Liebe et al. (1993), the absorption coefficient of
water vapor and oxygen, the two main absorption gases in the atmosphere, is shown in
Figure 2.2.

Figure 2.2: The absorption coefficients of water vapor and oxygen in the frequency range of 0–
250GHz. The center frequencies of AMSU-A and AMSU-B channels are shown by the arrows.
The absorption coefficient is calculated using MPM of Liebe et al. (1993), with the atmospheric
temperature T = 300K, the atmospheric pressure P = 1013mb, and the water vapor density
ρv = 7.5 gm−3.

All material above absolute zero Kelvin temperature emits radiation. A blackbody
emits the maximum amount of radiation at each frequency. Although some materials are
similar to these perfect emitters in some frequency ranges, no real materials is a perfect
blackbody. Kirchhoff’s law states that a body is exactly as good an absorber as it is an
emitter. The emission of the material is equal to its absorption when the material is in
local thermodynamic equilibrium. This is a good assumption in the Earth’s atmosphere
below about 100 km.

2.1.1 Water Vapor Absorption

Because of the small moments of inertia of the water vapor molecule, most of its strong
rotational transitions lie at submillimeter and infrared wavelengths. In the microwave
region (0.3–300GHz), the two important transitions are at 22.235 and 183.31GHz. In
the frequency region below 100GHz, the absorption coefficient of water vapor can be
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calculated by the contribution of the 22.235GHz line and the residual term, representing
the contributions of all higher frequency water vapor absorption lines.
The water vapor absorption coefficient at frequencies below 100GHz is obtained by

Ulaby et al. (1981),

αH2O(ν) = 2ν2ρv

(300

T

) 3
2
γ1

×
[(300

T

)
e
−644

T
1

(494.4− ν2)2 + 4ν2γ1
2

+ 1.2× 10−6

]
.

(2.4)

Where γ1 is the linewidth parameter in GHz,

γ1 = 2.85
P

1013

(300

T

)0.626(
1 + 0.018

ρvT

P

)
. (2.5)

In the above formulas, αH2O is the absorption coefficient in dBkm−1, ν is the frequency
in GHz, ρv is the water vapor density in gm−3, T is the temperature in K, and P is the
atmospheric pressure in hpa.
For the frequency range from 100 to 300GHz, Ulaby et al. (1981) advises to add a

correction term to calculate the water vapor absorption coefficient,

α′H2O(ν) = αH2O(ν) + ∆α(ν) . (2.6)

Where the correction term ∆α(ν) is given by

∆α(ν) = 4.69× 10−6ρv(
300

T
)2.1(

P

1000
)ν2 , (2.7)

where all quantities are in the same units as in Equation (2.4).

2.1.2 Oxygen Absorption

Because of the transition caused by the interaction of the oxygen molecule’s permanent
magnetic dipole with the magnetic field, there are approximately 33 transitions of sig-
nificant strength in the atmosphere located between 50 and 70GHz and a single isolated
transition located at 118.75GHz. Using a first-order approximation to the impact theory
of overlapping spectral lines, Rosenkranz (1975, 1988) formulated a satisfactory absorp-
tion model. Based on the formulation of Rosenkranz (1975), Ulaby et al. (1981) presents
one complete solution for the atmospheric oxygen absorption coefficient αO2(ν),

αO2(ν) = 1.61× 10−2ν2(
P

1013
)(

300

T
)2F ′ , (2.8)

where ν, P , and T have the same units as in Equation (2.7). The function F ′ incorporates
the line strength, and determines the shape of the absorption spectrum together with the
factor ν2. It can be obtained by summing up the odd values of the rotational quantum
number (Ulaby et al., 1981).

2.1.3 Total Atmospheric Gaseous Absorption

The troposphere and the lower stratosphere consist of gases. These include water vapor,
oxygen, carbon dioxide, carbon monoxide, nitrous oxide, ozone and some others. Com-
pared with the absorptions of water vapor and oxygen, all other gases exhibit a weak
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absorption at microwave frequencies (0.3–300GHz), so that the contributions of other
gases to the microwave gaseous absorption spectrum are negligible. The total gaseous
absorption coefficient is therefore given by

α = α′H2O(ν) + αO2(ν) , (2.9)

where α′H2O(ν) can be calculated from Equation (2.6), αO2(ν) from Equation (2.8).
The atmospheric pressure and density both decrease approximately exponentially with

increasing height. For microwave remote sensing observations from satellite platforms,
the opacity of the atmosphere, τθ is an important quantity. For a clear atmosphere, we
can assume scattering to be negligible, so τθ is given by

τθ =

∫ ∞

0

α(z) sec θ dz , (2.10)

where α(z) is the absorption coefficient at height z, τθ is the optical depth (integrated
attenuation) of the entire atmosphere along a path at a zenith angle θ. The zenith
opacity can be obtained based on Equation (2.10) as

τ0 =

∫ ∞

0

α(z) dz , (2.11)

In order to calculate the entire atmospheric extinction, the 1976 U. S. Standard Atmo-
sphere in tropical summer is used together with MPM of Liebe et al. (1993) to calculate
the zenith atmospheric opacity in Figure 2.3.

Figure 2.3: The zenith atmospheric opacity in the microwave frequency region. The gaseous
absorption bands are marked with O2 and H2O. The atmospheric profile is for the 1976 U. S.
Standard Atmosphere in tropical summer.



30 2 Microwave Radiative Properties

2.2 Extinction by Individual Liquid Water and Ice
Particles

In the actual atmosphere, there are particles, such as those found in clouds, fog, snow
or precipitation. The interaction of electromagnetic radiation with particles involves ab-
sorption as well as scattering. The latter plays a very important role on the microwave
radiative transfer. Due to the local thermodynamic equilibrium between the hydrometeor
particles and the surrounding atmosphere, absorbing hydrometeors also cause emission
of microwaves. The absorption, emission, and scattering by liquid and frozen hydrome-
teors can cause detectable changes in the microwave radiance. Consequently, cloud and
precipitation properties can be remotely sensed from brightness temperature measure-
ments made at appropriate frequencies.
In the following sections, the interaction of microwave with a single particle is consid-

ered. Then we proceed to treat the case of a large number of particles. Optical parameters
are computed for several realistic ice crystal shapes, and compared to those of spherical
particles (Evans and Stephens, 1995a). Especially for cloud ice particles, McFarquhar
and Heymsfield (1996) found that there is a wide variety of crystal habits in the same
cloud and there is substantial variation of crystal types. The most information about
the particle shape is obtained from polarization information measurements. For a ran-
dom orientation, brightness temperatures at microwave frequencies (0.3–300GHz) are
primarily affected by the ice water path and the particle characteristic size. Therefore,
in this study, the particles usually are assumed to be randomly distributed within the
volume, and the particles are assumed to be spherical. This is a reasonable assump-
tion for most atmospheric liquid water and ice particles in the frequency range below
200GHz (Ulaby et al., 1981).
The scattering and extinction of an individual spherical particle strongly depends on

the complex index of the refraction of the particle, its size, and the frequency of the
electromagnetic wave. The complex index of refraction of a material, n, is a function of
the temperature and the frequency. It is given by

n = n′ − in′′ =
√

εc , (2.12)

where n′ and n′′ are the real and imaginary parts of the refractive index, εc is the complex
relative dielectric constant. Using the method of Ray (1972), the refractive indexes of
liquid water and ice under different temperatures are shown in Figures 2.4 and 2.5. From
Figure 2.4, in the frequency range below 250GHz, the real part of the refractive index
of liquid water decreases with increasing frequency, The frequency of the maximum of
the imaginary part increases with the temperature. The real part of refractive index
of ice particles (Figure 2.5) is very constant (' 1.78) with temperature and frequency.
The imaginary part is several orders less than the real part’s values and decreases with
increasing frequency.
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Figure 2.4: Frequency variation of the refractive index of liquid water for different temperatures.

Figure 2.5: Frequency variation of the refractive index of ice particles for different temperatures.

2.2.1 Mie Scattering

In order to understand the absorption and scattering of individual spherical particles,
the scattering efficiency Qs, the absorption efficiency Qa, and the extinction efficiency
Qe are defined as

Qs =
σs

πr2
, Qa =

σa

πr2
, Qe =

σe

πr2
, (2.13)
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where r is the radius of the spherical particle, σs, σa, and σe are the scattering cross
section, the absorption cross section, and the extinction cross section respectively. σs is
the ratio of scattered power to incident power density, σa is the ratio of absorbed power
to incident power density, and σe = σs + σa.
The scattering of a sphere can be calculated using Mie theroy. Based on Mie’s solution,

the scattering, absorption and extinction efficiencies of a sphere are given by

Qs(n, χ) =
2

χ

∞∑

l=1

(2l + 1)
(|al|2 + |bl|2

)
,

Qa(n, χ) = Qe(n, χ)−Qs(n, χ) ,

Qe(n, χ) =
2

χ

∞∑

l=1

(2l + 1) Re{al + bl} ,

(2.14)

where, n is the relative complex refractive index, Re signifies real part, χ is the size
parameter,

χ =
2πr

λ
, (2.15)

in the atmosphere, λ is equal to the free space wavelength. χ can be used to divide
scattering into three regimes (Kidder and Haar, 1995), which are shown in Figure 2.6.

Figure 2.6: Scattering regimes, adapted from Kidder and Haar (1995).



2.2 Extinction by Individual Liquid Water and Ice Particles 33

The Mie coefficients al and bl are given by

al =
jl(χ)

[
nχjl(nχ)

]′ − jl(nχ)
[
χjl(χ)

]′

jl(nχ)
[
χhl(χ)

]′ − hl(χ)
[
nχjl(nχ)

]′ ,

bl =
n2jl(nχ)

[
χjl(χ)

]′ − jl(χ)
[
nχjl(nχ)

]′

hl(χ)
[
nχjl(nχ)

]′ − n2jl(nχ)
[
χhl(χ)

]′ ,
(2.16)

where jl is the spherical Bessel function, and hl is the Hankel function of the first kind.
From the Mie coefficients al and bl, another important parameter, the phase matrix
asymmetry g, which describes the properties of the scattering of spherical particles is
defined by

g(n, χ) =
4

χ2Qs(n, χ)

∞∑

l=1

[ l(l + 2)

l + 1
Re {a∗l al+1 + b∗l bl+1}

+
2l + 1

l(l + 1)
Re {a∗l bl}

]
,

(2.17)

where a∗l and b∗l are the conjugate complex numbers of al and bl, respectively.
Another important parameter to specify the radiative effects of particles is the single

scattering albedo, which defines the probability of an interaction resulting in absorption
rather than scattering. For a single particle size, the single scattering albedo is simply
defined as

ω(n, χ) =
Qs(n, χ)

Qe(n, χ)
=

σs(n, χ)

σe(n, χ)
. (2.18)

2.2.2 Rayleigh Approximation

According to Equation (2.15), if the particle size is much smaller than the wavelength
of the incident wave (for χ less than 0.1), only the first term in the Mie equations must
be considered. The scattering, extinction and absorption efficiencies then become

Qs(n, χ) =
8χ4

3

∣∣∣∣
n2 − 1

n2 + 2

∣∣∣∣
2

Qa(n, χ) = 4χ Im

{
−n2 − 1

n2 + 2

}
,

Qe(n, χ) = 4χ Im

{
−n2 − 1

n2 + 2

}
+

8χ4

3

∣∣∣∣
n2 − 1

n2 + 2

∣∣∣∣
2

,

(2.19)

the expressions of Equation (2.19) is known as Rayleigh approximations. Based on Equa-
tion (2.13), the corresponding scattering, absorption, and extinction cross sections are

σs =
2λ2

3π
χ6

∣∣∣∣
n2 − 1

n2 + 2

∣∣∣∣
2

,

σa =
λ2

π
χ3 Im

{
−n2 − 1

n2 + 2

}
,

σe =
2λ2

3π
χ6

∣∣∣∣
n2 − 1

n2 + 2

∣∣∣∣
2

+
λ2

π
χ3 Im{−n2 − 1

n2 + 2
} .

(2.20)
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Because Qa varies with χ while Qs varies with χ4, absorption can quickly dominate
scattering for Rayleigh particles that have even the smallest amount of absorption.
Figure 2.7 shows the changing absorption and scattering of liquid water and ice with the
radius of the particles. Some channels of AMSU are considered here. From Figure 2.7,
at frequencies of 23.8, 31.4, 54.0, 89.0, 150.0 and 183.31GHz, for liquid water in the
Rayleigh regime, absorption is far more important than scattering. For ice particles,
when χ << 0.1, absorption also clearly dominates. But with increasing χ, scattering
increases quickly, exceeds absorption, and plays the main influence, especially for high
frequencies, such as 150 and 183.31GHz. So even in the Rayleigh regions, for higher
frequencies, the scattering of ice particles is important.
The comparison of Rayleigh scattering and Mie scattering for some frequencies of

AMSU are shown in Figure 2.8. For liquid water at 20 ◦C, at the low frequencies of
23.8, 31.4, and 54.0GHz, the Rayleigh approximation can be applied to a large region
of drop radii. But at the high frequencies of 89.0, 150.0 and 183.31GHz, the Rayleigh
approximation can only be applied to a small region of drop radii. For ice particles at
−20 ◦C, the extinction efficiencies calculated by Mie scattering and Rayleigh scattering
are almost equivalent for all displayed particle sizes. The reason for that is that the
scattering is far larger than the absorption, the scattering plays the main role on the
extinction. In the strong convections, the radii of ice, snow and grauple have a large
variance, for example, the radius of graupel reaches from 100 to 5000µm, so the Rayleigh
approximation can not be used when we considering strong convection. In the following
studies, Mie scattering is applied for all particles.

2.2.3 Extinction by Liquid Water Particle

Clouds consist of water drops or ice crystals. Liquid water drops with radii less than
100µm are named clouds, liquid water drops with radii larger than 100µm are rain-
drops. According to the previous sections, Mie scattering should be used to calculate
the extinction of liquid water drops. Using Mie scattering, the scattering efficiency Qs,
absorption efficiency Qa, extinction efficiency Qe, single scattering albedo ω and asym-
metry g for liquid water are calculated, and shown in Figure 2.9 for particle radii of 0.1,
0.5, 1.0, and 5.0mm at a temperature of 20 ◦C.
For a particle with a radius of 0.1mm, although the extinction is small, the extinction

increases with frequency below 250GHz. Its single scattering albedo ω is less than 0.2,
which indicates that the predominant contribution on the extinction is from absorption.
Its asymmetry g is very close to 0 (g = 0 is a property of the Rayleigh approximation),
especially at lower frequencies, which indicates that the scattering energy is distributed
equally in the forward and backward directions. For particles with radii of 0.5, 1.0 and
5.0mm, the extinction efficiencies increases quickly with frequency. After reaching the
maximum values, their extinction efficiencies begin to decrease, with one small oscilla-
tion. Their single scattering albedos ω describe that their absorption has the same role
as scattering at higher frequencies (100–250GHz).
In order to understand the scattering properties of liquid water for AMSU, the ex-

tinctions at the frequencies of 23.8, 31.4, 54.0, 89.0, 150.0 and 183.31GHz as a function
of radii are calculated by Mie scattering at the temperature of 20 ◦C. The scattering ef-
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Figure 2.7: Scattering and absorption efficiencies for liquid water and ice particles as a function
of drop radius, at some frequencies of AMSU.
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Figure 2.8: Extinction efficiencies calculated by Mie scattering and Rayleigh scattering versus
the radius of particles, (a) is for liquid water at 20 ◦C, (b) is for ice particles at −20 ◦C.

ficiency Qs, absorption efficiency Qa, extinction efficiency Qe, single scattering albedo ω

and asymmetry g are shown in Figure 2.10. For each frequency, the extinction increases
quickly with the radius. After reaching the maximum value, the extinction begins to
decrease, and approaches a constant value. The higher the frequency, the faster the
maximum value is reached at 0.28, 0.34, 0.55, 0.92, 1.65, and 2.18mm for the frequen-
cies 183.31, 150.0, 89.0, 54.0, 31.4, and 23.8GHz, respectively. The single scattering
albedo also increases with the radius, especially in the region of smaller radii. Then it
increases slowly and tends to a constant value of about 0.6.

2.2.4 Extinction by Ice Particle

Comparing Figure 2.4 and Figure 2.5, in the microwave region, the magnitude of the
refractive index of ice, ni, is smaller than the refractive index of liquid water, nw. The real
part of ni is almost independent of frequency and temperature, and n′i≈1.78. Although
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Figure 2.9: Scattering, absorption, extinction efficiency, single scattering albedo and asymmetry
for liquid water at 20 ◦C as a function of microwave frequencies.

the imaginary part of ni varies with frequency and temperature, the magnitude is much
smaller than n′i. So ni is very different from nw. This explains the different scattering
properties of ice particles and water droplets.
As we did in the last section using Mie scattering, the scattering efficiency Qs, the

absorption efficiency Qa, the extinction efficiency Qe, the single scattering albedo ω and
the asymmetry g for ice particles are calculated, and shown in Figure 2.11 for particle
radii of 0.1, 0.5, 1.0, and 5.0mm at a temperature of −20 ◦C. From Figure 2.11, the
scattering becomes the predominant contribution to the extinction when the radius of
ice particles is still small, especially at the higher frequencies. This is also indicated
by the variation of ω. With increasing radius of the ice particle, the extinction tends
to the behavior of a damped oscillation. For example, the extinction at a frequency of
183.31GHz tends to a value of about 2.0.
In order to understand the scattering properties of ice particles for AMSU, the extinc-

tions at the frequencies of 23.8, 31.4, 54.0, 89.0, 150.0 and 183.31GHz as a function of
the radii of the ice particles are calculated by Mie scattering. The temperature of the ice
particles is set to −20 ◦C. The scattering efficiency Qs, the absorption efficiency Qa, the
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Figure 2.10: Scattering, absorption, extinction efficiency, single scattering albedo and asym-
metry for liquid water at 20 ◦C as a function of radii of liquid water.

extinction efficiency Qe, the single scattering albedo ω and the asymmetry g are shown
in Figure 2.12. For each frequency, the extinction increases quickly with radius. After
reaching the maximum value, the extinction again tends to the behavior of a damped
oscillation, and the oscillation is stronger than that of liquid water. The single scattering
albedo also increases with radius, approaching fast the value of 1.0.
So far only pure ice particles (density ρi = 0.92 g cm−3) are considered. However, in

fact there are usually some other kinds of ice in the strong convection, such as snow and
graupel, and their microphysical properties influence their scattering. In most studies
their densities are given as ρs = 0.1 g cm−3 and ρg = 0.6 g cm−3, respectively. Snow
and graupel consist of a mixture of air and ice crystals, sometimes also of liquid water.
The refractive index of a mixture is related to the dielectric constants of the individual
substances, their volume fractions, their spatial distributions, and their orientations
relative to the direction of the incident electric-field vector (Ulaby et al., 1986). If the
dimensions of the inclusions are assumed to be much smaller than the wavelength of the
radiation propagating in the mixture, the general dielectric formulation for spherical
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Figure 2.11: Scattering, absorption, extinction efficiency, single scattering albedo and asym-
metry for ice particles at −20 ◦C as a function of microwave frequencies.

particles given by Tinga et al. (1973) is,

εm = εh


1 +

3v
εi − εh

εi + 2εh

1− v
εi − εh

εi + 2εh


 , (2.21)

where εm is the dielectric constant of the mixture, εh is the dielectric constant of the host
material, εi is the dielectric constant of the inclusion material, v is the volume fraction
of the inclusions. Skofronick-Jackson et al. (2002) considered a three-phase mixture
consisting of ice, air, and water. In their study, a wetness percentage was added to the
snow and graupel particles as a function of the atmospheric temperature, then ice-air-
water ratios were adjusted by removing the wetness percentage from the air percentage
and adding the same amount to the water percentage. In our study, we simply consider
a two-phase mixture consisting of ice and air using the Maxwell-Garnett mixing theory
(Bohren and Battan, 1980), so v is given by

v =
ρm

ρi

, (2.22)
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Figure 2.12: Scattering, absorption, extinction efficiency, single scattering albedo and asym-
metry for ice particles at −20 ◦C as a function of radii of ice particles.

where ρm is the density of the mixture, such as snow and graupel, and ρi is the density
of the pure ice.
With Equation (2.21) and Mie scattering, the extinction of snow and graupel at the

frequencies of 23.8, 31.4, 54.0, 89.0, 150.0 and 183.31GHz as a function of radii of
mixture particle are calculated in Figure 2.13. The temperature of the particles is set to
−20 ◦C. Their single scattering albedos ω all have the same tendencies, the scattering
becomes dominant with the increase of the radii of the particles. Especially for the
high frequencies, the scattering plays the dominant role even for small particles. The
extinction of graupel shows an oscillating behavior similar to that of liquid water and
ice, but that of snow has no oscillations in the region of radii which we consider.
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Figure 2.13: Extinction efficiency and single scattering albedo, (a) and (b) are for snow parti-
cles, (c) and (d) are for graupel particles at −20 ◦C as a function of radii of the ice particles.
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2.3 Volume Extinction by Cloud and Rain
In the last section, the properties of single scattering of liquid water and ice particles
have been discussed. However, in the actual atmosphere, the extinction is from the com-
mon contribution of the particles included in cloud and rain. For the study of microwave
radiative transfer and to retrieve parameters of cloud or rain using microwave radiome-
ters, what we are really interested in are the scattering and the absorption properties
by an ensemble of particles. The scattering and absorption properties of rain and cloud
are not only related to the scattering properties of the single particles, but also to the
size distribution and orientation distribution. Based on the single particle’s scattering
and absorption, the scattering and absorption of a large number of particles within a
volume are discussed in this section.
The rain and cloud particles usually are assumed to be randomly distributed within

the volume. Therefore, there are no coherent phase relationships between the electro-
magnetic waves scattered by the individual particles, so the incoherent scattering theory
must be used to calculate the absorption and scattering by a volume containing many
particles. The concentration of particles in the volume usually is small, so that the role
of shadowing of one particle by another can be ignored. Based on the above two assump-
tions, the total scattering and absorption of a volume is equal to the algebraic sum of
the scattering and absorption of all individual particles contained in the volume (Ulaby
et al., 1981).
The volume scattering coefficient κs, absorption coefficient κe, and extinction coeffi-

cient κa are the total scattering cross section, absorption cross section, and extinction
cross section per unit volume, respectively. These quantities can be used to indicate if
radiative cooling from scattering or warming from absorption will occur, they are given
by

κs =

∫ r2

r1

n(r)σs(r) dr ,

κa =

∫ r2

r1

n(r)σa(r) dr ,

κe = κs + κa =

∫ r2

r1

n(r)σe(r) dr ,

(2.23)

where the units of κs, κe, and κa are Npm−1, n(r) is drop size distribution, which
describe the range of sizes of the particles contained in cloud or rain, and it defines the
partial concentration of particles per unit volume and per unit increment of the radius
r, its unit is m−4, σs(r), σa(r), and σe(r) are scattering, absorption, and extinction cross
section of a sphere of radius r, respectively, all of their units are m2, r1, r2 are lower and
upper limits, respectively, of drop radii contained in the cloud or rain, all their units
are m. κs, κa, and κe also can be expressed in terms of efficiencies of Qs, Qa, and Qe
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and the size parameter χ as

κs =
λ3

8π2

∫ ∞

0

χ2n(r)Qs(χ) dχ ,

κa =
λ3

8π2

∫ ∞

0

χ2n(r)Qa(χ) dχ ,

κe = κs + κa =
λ3

8π2

∫ ∞

0

χ2n(r)Qe(χ)dχ ,

(2.24)

because n(r) = 0 for r < r1 or r > r2, where the limits on the integral cover the entire
range of possible values of χ.

2.3.1 Hydrometeor Drop Size Distribution

The drop size distribution n(r) (m−3 mm−1) and the hydrometeor content per unit vol-
ume m (kgm−3) are the most important parameters for calculating the volume extinc-
tion. The hydrometeor droplet size distribution can be modeled as a modified gamma
distribution,

n(r) =
N0

Γ(α)rn

(
r

rn

)α−1

exp

(
− r

rn

)
, (2.25)

where N0 (m−3), rn (mm−1), and α are the distribution parameters. N0 is the total
number of droplets per unit volume, rn is the radius that characterizes the distribution,
α is the variance of the distribution, Γ(α+1) = α! is the gamma function. An important
parameter of the distribution is the effective radius re,

re =

∫ r2

r1
πr3n(r) dr∫ r2

r1
πr2n(r) dr

, (2.26)

and the relation between rn and re is

re = rn
Γ(α + 3)

Γ(α + 2)
. (2.27)

N0 is depended on the hydrometeor density ρ (kgm−3), the hydrometeor content m, and
rn, and it is given by

N0 =
3× 106m

4ρπr3
nΓ(α + 3)/Γ(α)

. (2.28)

For example, some parameters of cloud ice distribution (pure ice) in our study are
considered as α = 2 and ρ = 920 kgm−3. Figure 2.14 shows the different cloud ice
size distributions with various effective radii re. From Figure 2.14, increasing with the
effective radius, the model radius rmod, which is the radius located at the maximum
value of the ice particle concentration, increases, and in the region of r > rmod, the
slopes with larger effective radius are smaller than those with smaller effective radius.
It means that the larger ice particles become more and more with increasing effective
radius if other parameters are limited for the size distribution.
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Figure 2.14: Cloud ice particle concentration with different effective radii as a function of radii
of ice particles.

2.3.2 Volume Extinction by Cloud Liquid Water

The radii of most cloud liquid water droplets range from a few microns to some tens
of microns with average radii in 10 to 20µm range, the cloud liquid water droplet
concentration varies from about 10 to 1000 cm−3 with average droplet concentration of
a few hundred cm−3. The liquid water content usually varies from approximately 0.05
to 3 gm−3, with most of the observed values in the 0.1 to 0.3 gm−3 region.
The volume scattering, absorption, extinctions and single scattering albedo by cloud

liquid water at the frequencies of 23.8, 31.4, 54.0, 89.0, 150.0 and 183.31GHz are shown
in Figure 2.15 as a function of effective radius of cloud liquid water particles. The cal-
culation assumes cloud liquid water content m = 1 gm−3, and a modified gamma size
distribution (α = 2). Some trends are suggested from Figure 2.15, the scattering, ab-
sorption, and extinction coefficients at high frequencies (150.0 and 183.31GHz) is higher
than those at low frequencies (23.8, 31.4, and 54.0GHz). The scattering coefficients in-
crease with effective radii. In the region of effective radii considered here, the absorption
plays the main role in the extinction, but the contribution from scattering increases
quickly. Because the radii of most cloud liquid water droplets range from a few microns
to some tens of microns with mean radii in 10 to 20µm range, normally re for the
modified gamma size distribution is set to less than 50µm (e.g., Burns et al., 1997).
For re < 50µm, from the single scattering albedo, the contribution from scattering to
extinction is less than five percent for all frequencies considered here. Especially for
frequencies below 89.0GHz, the contribution is less than one percent, which means that
the scattering can be neglected.
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Figure 2.15: Scattering, absorption, extinction coefficient, and single scattering albedo for cloud
liquid water at 20 ◦C as a function of effective radius of cloud liquid water particles.

2.3.3 Volume Extinction by Cloud Ice

Considering the volume extinction by cloud ice, the influence of pristine cloud ice, snow,
and graupel should be treated. The volume scattering, absorption, extinctions and single
scattering albedo by pristine cloud ice at the frequencies of 23.8, 31.4, 54.0, 89.0, 150.0
and 183.31GHz are shown in Figure 2.16, the volume extinction and single scattering
albedo by snow and graupel at the same frequencies are shown in Figure 2.17 as a
function of the effective radius of cloud ice particles. The calculation assumes cloud ice
water content m = 1 gm−3, and a modified gamma size distribution (α = 2 for pristine
cloud ice, α = 1 for snow and graupel).
From Figures 2.16 and 2.17, for cloud ice, at all frequencies considered here, cloud

ice scattering is dominant over absorption for effective radii re greater than 200µm,
especially at high frequencies, such as 89.0, 150.0, and 183.31GHz, scattering is dominant
over absorption for re greater than 100µm. Because the radii of cloud ice vary up to
several mm, the effective radii of cloud ice normally is about several hundred µm. Then,
cloud ice scattering is stronger than absorption, especially for high frequencies (i.e., 89.0,
150.0, and 183.31GHz).
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Figure 2.16: Scattering, absorption, extinction coefficient, and single scattering albedo for cloud
ice at −20 ◦C as a function of effective radius.

2.3.4 Volume Extinction by Rain

The rain size distribution is also assumed to be a modified gamma size distribution
(α = 1). The volume scattering, absorption, extinctions and single scattering albedo
by rain at the frequencies of 23.8, 31.4, 54.0, 89.0, 150.0 and 183.31GHz are shown in
Figure 2.18, assuming again a rain liquid water content m = 1 gm−3.
In the effective radii range considered here, for the frequencies below 54.0GHz, the

absorption coefficient is greater than the scattering coefficient, especially for the smaller
effective radii. For the smaller effective radii (i.e., re < 100µm), even for the higher
frequencies (i.e., 89.0, 150.0, and 183.31GHz), the absorption coefficient is still greater
than the scattering coefficient. For the larger effective radii (i.e., re > 200µm), and for
the higher frequencies, the absorption coefficient is slightly greater than the scattering
coefficient.
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Figure 2.17: Extinction coefficient and single scattering albedo, (a) and (b) are for snow, (c)
and (d) are for graupel at −20 ◦C as a function of effective radius.

2.4 Microwave Radiative Transfer
The starting point for any quantitative remote sensing application is the equation that
describes the flow of radiative energy to be measured by a radiometer. The capability of
current and future microwave remote sensing sensors to capture radiative information
matches the theoretical development of microwave radiative transfer in the atmosphere.
The theoretical methods to solve for the radiative transfer problem include the Gauss-
Seidel interactive method (e.g., Dave, 1970), the Monte-Carlo method (e.g., Collins et al.,
1972), the adjoint method (e.g., Gerstl, 1979), the FN method (e.g., Siewert, 1978), the
method of successive orders of scattering (e.g., Dave, 1964), the finite difference method
(e.g., Barkstrom, 1976), the matrix operator method (e.g., Kattawar et al., 1973), the
doubling or adding method (e.g., Hansen, 1971), and the discrete-ordinate method (e.g.,
Liou, 1975). In this section, we first introduce some basic theories of the microwave
radiative transfer. Then we introduce two transfer models used in this thesis.
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Figure 2.18: Scattering, absorption, extinction coefficient, and single scattering albedo for rain
at 20 ◦C as a function of effective radius.

2.4.1 Microwave Radiative Transfer Equation

Radiation and matter have only two forms of interactions, extinction and emission.
Consider radiation incident on a differential volume of atmosphere shown in Figure 2.19.
Along the direction of s at the local zenith angle of θ, the incident radiance is Iν , the
change of the radiance is dIν as it passes through the volume with a length of ds. If the
polarization effects are not considered, the radiance can be changed by four processes
(Kidder and Haar, 1995), namely radiation from the beam can be absorbed by the
material (dI1), radiation can emitted by the material (dI2), radiation can be scattered
out of the beam into other directions (dI3), and radiation from other directions can be
scattered into the beam (dI4). These four contributions can be expressed as

dI1 = −κaIνds ,

dI2 = κaB(T )ds ,

dI3 = −κsIνds ,

dI4 = κsJsds ,

(2.29)
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Figure 2.19: Radiative transfer through a differential volume element.

where κa, κs are the volume absorption coefficient and the volume scattering coefficient,
respectively, the volume extinction coefficient is κe = κa+κs, B(T ) is the Plank radiance,
it is also termed absorption source function, Js is the scattering source function, which
is caused by the radiation scattered into the beam, it can be expressed

Js =
1

4π

∫ 2π

0

∫ 1

−1

M(µ, φ, µ′, φ′)I(µ′, φ′) dµ′ dφ′ , (2.30)

where µ is cos θ, φ denotes the azimuth angle, M(µ, φ, µ′, φ′) is the phase function
describing the distribution of the incident radiance I(µ′, φ′) to observation direction
(µ, φ), I(µ′, φ′) is the incident radiance from direction (µ′, φ′),
The parameter of frequency ν is dropped for simplicity, then the microwave radiative

transfer equation can be expressed as the differential change of radiance I along the
path ds,

dI = dI1 + dI2 + dI3 + dI4

= −κaIds + κaB(T )ds− κsIds + κsJsds

= −κeIds + κaB(T )ds + κsJsds

= −κeIds + (1− ω)κeB(T )ds + ωJsκeds ,

(2.31)

where ω is the single scattering albedo. The path coordinate is modified to the vertical
optical depth τ defined in Equation (2.10) with the local zenith angle θ = cos−1 µ shown
in Figure 2.20, then we can obtain

dτ

µ
= κe

dz

µ
= κeds . (2.32)

Substituting Equation (2.31) into Equation (2.32), the differential form of the microwave
radiative transfer equation can be expressed as

µ
dI(τ, µ, φ)

dτ
= −I(τ, µ, φ) + (1− ω)B(T ) + ωJs

= −I(τ, µ, φ) + J(τ, µ, φ) ,
(2.33)
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Figure 2.20: Relationship of depth to slant path through a differential path.

where J(τ, µ, φ) is the source function, including the contributions from scattering and
emission,

J(τ, µ, φ) = (1− ω)B(T ) + ωJs

= [1− ω(τ)]B(T )

+
ω

4π

∫ 2π

0

∫ 1

−1

M(τ, µ, φ, µ′, φ′)I(τ, µ′, φ′) dµ′ dφ′ .

(2.34)

When observed from the satellite, the differential equation of the microwave radiative
transfer of Equation (2.33) can be integrated from the surface (τ = τ0) to the top of
the atmosphere (τ = 0). By simple integration of Equation (2.33) with the boundary
conditions, the integral equation can be obtained,

I(τ = 0, µ, φ) =
ε0B(T0)

µ

∫ 0

τ0

exp(
−τ

µ
) dτ

+
1

µ

∫ 0

τ0

J(τ, µ, φ) exp(
−τ

µ
) dτ

+
(1− ε0)

µ

∫ τ0

0

J(τ, µ, φ) exp[
−(τ0 − τ)

µ
] dτ

∫ 0

τ0

exp(
−τ

µ
) dτ ,

(2.35)

where ε0 is the surface emissivity. Using the Planck function,

I(T, ν) =
2hν3

c2(ehν/kT )− 1
, (2.36)

where h is the Planck constant, c is the speed of light, k is Boltzmann’s constant, the
observed I(τ = 0, µ, φ) can be transfered to brightness temperature T .
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2.4.2 VDISORT model

The discrete-ordinate method has been proven to be a very versatile, reliable and effi-
cient technique for computing intensities and fluxes in planetary atmospheres (e.g., Liou,
1975). Weng (1992a,b) first established a method to discretize the integro-differential
vector radiative transfer equation including both solar and thermal radiation. Then,
a complete solution and boundary conditions in the context of the discrete-ordinate
method were constructed, and the VDISORT ((Vector Discrete Ordinate Radiative
Transfer) model was built. Based on the studies of Weng (1992a,b), Schulz et al. (1999)
and Schulz and Stamnes (2000) improved the solution to the full 4-vector problem in
the VDISORT model by correcting a few errors in the numerical implementation of the
model.
With VDISORT, the radiative transfer problem under the atmospheric and boundary

conditions which are discussed in the following can be solved:

1. The media is assumpted to be plane parallel multi-layers and horizontally homoge-
neous.

2. Both Rayleigh and Mie scattering by the media can be taken into account.
3. The beam considered in radiative transfer can be unpolarized or polarized.
4. The lower boundary condition can be a Lambertian surface or a Fresnel surface.
5. The radiative vector (4-Stokes vectors) at any layer and any angle can be obtained.

VDISORT allows for a detailed structure of the atmosphere. In the model, hydromete-
ors are classified into cloud liquid water, rain water, snow, graupel, and cloud ice. Several
classed of hydrometeor particles can coexist in each region. The calculations of the ex-
tinction, scattering, absorption coefficients, and phase function can be performed using
Mie scattering or Rayleigh scattering. The empirical formulas of Ray (1972) are used to
compute the complex refractive indices of liquid water and cloud ice. For other hydrome-
teors (snow, graupel), in terms of dielectric mixture theory (Tinga et al., 1973), they are
considered as ice and air mixtures. Gaseous absorption due to oxygen and water vapor
are calculated with the Rosenkranz formulations. All size distributions of hydrometeors
are modified gamma distributions of the form of Equation (2.25) in Section 2.3.1.
Because the water vapor absorption models of Liebe (1989) and Liebe et al. (1993)

have been found to be the most accurate ones for predicting water vapor absorption at
millimeter wavelengths, in this thesis the water vapor absorption models of Liebe (1989)
and Liebe et al. (1993), MPM89 and MPM92 are added to VDISORT model to calculate
the water vapor absorption. All hydrometeors are assumed to be spheres, but they can
have different size distributions.

2.4.3 RTM model

The Radiative Transfer Model developed by Kummerow et al. (1996) is also used in
this thesis because it is much faster than VDISORT. It used the Eddington solution of
the radiative transfer equation (Burns et al., 1997). The RTM considers the same five
hydrometeor types as those obtained from the GCE cloud model data. All hydrometeors
are treated as spheres. The size distributions of rain, snow, and graupel are assumed to
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be exponentially distributed with

N(D) = N0 exp(−λD) , (2.37)

where D is the diameter of particles, N0 is the intercept parameter, and λ is the slope
of the distribution depending on N0, the density of hydrometeors, and the hydrometeor
water content. N0 values used in this study are 2.2 × 107 m−4 for rain, 108 m−4 for
snow, and 4 × 106 m−4 for graupel. The same N0 values have been used in the TRMM
version 6 of the 2A12 algorithm to retrieve hydrometeor profiles (Haiyan Jiang, personal
communication). The densities of rain, snow, and graupel are 1.0, 0.1, and 0.6 g cm−3

(Burns et al., 1997), respectively. Wang et al. (1997b, 1998) suggested that cloud ice in
the upper portion of convection should be taken into account at high frequencies of the
AMSU-B channels. The distribution of cloud ice included in this version of the RTM
is the one given by Heymsfield and Platt (1984). The particle size of cloud water is a
gamma distribution as shown by Liou (1992). The densities of cloud ice and cloud liquid
water are 0.917 and 1.0 g cm−3, respectively.
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Microwave, visible, and infrared radiometers have been used to determine a wide variety
of atmospheric and surface parameters, e.g., precipitation, cloud, water vapor, and sur-
face temperature, for many years in the past. These radiometers include ground-based,
space-based, and airborne radiometers.
In this chapter, the campaigns whose data sets are used in this thesis and the radiome-

ters observing these data are introduced. First, the Advanced Microwave Sounding Unit
(AMSU) on the NOAA series satellites is introduced in Section 3.1. In Section 3.2,
three experiments related to observations of convection are introduced together with
the radiometers used in these experiments.

3.1 AMSU
The AMSU is the second, and most advanced, microwave instrument launched by
NOAA. It is on the new generation NOAA polar-orbiting satellites first placed into
operation in May of 1998. It is a combination of two independent instruments AMSU-A
and AMSU-B and contains 20 channels. It is a replacement of the four-channel mi-
crowave sounding unit (MSU), which was first launched on TIROS-N in 1978 (Grody
et al., 2001). The AMSU is primarily designed to be used for sounding of atmospheric
temperature and moisture profiles. The AMSU measures microwave thermal emission
from the atmosphere with 12 channels within the 50–60GHz oxygen band, three chan-
nels around the 183GHz water vapor absorption lines, and several window channels at
23.8, 31.4, 89.0, and 150.0GHz. Some of the main channel characteristics of AMSU are
given in Table 3.1 (only shows AMSU-B) including the channel numbers, the channel

Table 3.1: AMSU-B Instrument Characteristics (Grody et al., 2001).

Channel Center Number Bandwidth Temperature Calibration Beamwidth
Number Frequency of Bands Sensitivity Accuracy

[MHz] [MHz] [K] [K] [◦]

16 89 000 1 1000 1.0 0.37 1.1
17 150 000 1 1000 1.0 0.84 1.1
18 183 310± 1000 2 500, 500 1.1 1.06 1.1
19 183 310± 3000 2 1000, 1000 1.0 0.70 1.1
20 183 310± 7000 2 1000, 1000 1.2 0.60 1.1

central frequencies, number of bands, bandwidth, radiometric temperature sensitivity,
calibration accuracy, and beamwidth for each channel.

53
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AMSU-A and AMSU-B are cross-track scanning instruments, their resolutions degrade
at large scan angles. AMSU-A and AMSU-B images cover the same swath width of
2343 km from the 833 km nominal orbital altitude and 30 and 90 spots wide, respectively
(Staelin and Chen, 2000). The changing footprint sizes of AMSU are shown in Figure 3.1
together with those of MSU (Kidder et al., 2000). The variation of the local zenith angle
with the scan angle is shown in Figure 3.2.

Figure 3.1: The footprints of AMSU and MSU, the filled gray ellipses illustrate the footprints
of MSU, the black outline ellipses illustrate the footprints of AMSU-A, the black dots mark
the footprints of AMSU-B (Kidder et al., 2000).

Figure 3.2: AMSU-B scan angle and local zenith angle corresponding to each footprint.

AMSU-B is a five-channel total power microwave radiometer with two channels cen-
tered nominally at 89 and 150GHz, and the other three centered around the 183.31GHz
water vapor line with double-sideband centers located at 183.31 ± 1, 183.31 ± 3, and
183.31± 7GHz, respectively. The instrument has an instantaneous field-of-view of 1.1◦

at the half-power points providing a nominal spatial resolution at nadir of 16 km. The
antenna provides a cross-track scan, scanning ±48.95◦ from nadir with a total of 90
Earth fields-of-view per scan line every 2.66 seconds. The purpose of the instrument is



3.2 Aircraft Observations 55

to measure radiation from a number of different layers of the atmosphere in order to
obtain global data on humidity profiles.
The polarization at nadir of AMSU-B is vertical. The thermal radiation emitted by

the Earth’s surface is acquired at a preferential orientation of polarization (Grody et al.,
2001). The projection parallel to the surface is called the horizontal component, the
projection vertical to the surface is called the vertical component. Because AMSU-B
uses cross-track scanning, radiation observed by AMSU-B consists of the contributions
from vertically and horizontally polarized components. The detailed discussion is found
in Section 5.1.
Although other satellite instruments can be used to estimate tropical cyclone param-

eters, such as storm locations and movement, thermal anomalies, wind speeds, and rain
rates, however AMSU is the first satellite instrument that has the potential to measure
all of these parameters. Compared with the MSU, AMSU has significantly improved
spatial resolution, radiometric accuracy, and number of channels, which can give a more
complete description of tropical storms. Based on the above advantages, Kidder et al.
(2000) pointed out one of the most exciting capabilities of AMSU is the observation of
tropical cyclones. AMSU-B data from NOAA-16 from January 2002 to February 2003
taken from the Satellite Microwave Atmospheric Sounding Group are used in this thesis.

3.2 Aircraft Observations
Some experiments including the aircraft observations over strong convections, e.g., the
Tropical Ocean Global Atmosphere Coupled Ocean Atmosphere Response Experiment
(TOGA-COARE), the Convection and Moisture Experiment (CAMEX), and the Tropi-
cal Rainfall Measuring Mission- Large Scale Biosphere-Atmosphere experiment in Ama-
zonia (TRMM-LBA) were made. Observations of importance are in TOGA-COARE
conducted with the NASA research aircraft ER-2 and DC-8 flying over the same regions
at near coincidence but the different altitudes of about 11 and 20 km, in CAMEX-3, and
two in TRMM-LBA from the ER-2.
In this part, basic introductions of TOGA-COARE, CAMEX-3, and TRMM-LBA are

given first. Then, some instruments on the ER-2 and DC-8 and the collected observations
used in this thesis are described.

3.2.1 Campaigns

TOGA-COARE

TOGA-COARE was a combined oceanic-atmospheric field program conducted in 1992–
1993 to improve our understanding of atmospheric and oceanic processes in the west
Pacific warm pool region. The intensive observation period of TOGA-COARE was from
1 November 1992 through 28 February 1993. On 22–23 February 1993, the two research
aircraft DC-8 and ER-2 equipped with a number of instruments made a flight over the
western Pacific Ocean with the objective of studying strong convections.
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CAMEX-3

The goal of CAMEX was to study atmospheric water vapor and precipitation processes
using the combined observation of aircraft-, balloon-, and ground-based radiometers. The
third field study CAMEX-3 was conducted in August-September, 1998. It was focused on
the study of hurricane development and intensification using the NASA aircraft remote
sensing observations. The NASA ER-2 and DC-8 were the primary aircraft platforms
in the CAMEX-3 campaign. At the same time, CAMEX-3 produced information of
high spatial and temporal resolution of hurricane structure, dynamics, and motion. So
CAMEX-3 provides a database suitable for case studies.

TRMM-LBA

TRMM-LBA was carried out in Amazonia from 1 November 1998 to 28 February 1999.
It was a major component of the NASA TRMM ground validation program. The main
objective of the experiment were the dynamical, microphysical, electrical and adiabatic
heating characteristics of tropical convection. The observations from TRMM-LBA by a
variety of instrumentation operated during the field campaign can be used for validation
of TRMM satellite products and for initialization/validation of cloud models and passive
microwave retrieval algorithms (Cifelli et al., 2002). Some strong convections observed
in TRMM-LBA are used in this thesis because the radar system installed in the ER-2 as
well as MIR (see below for details) provided more information on the strong convections.

3.2.2 Instruments

The NASA’s high-altitude ER-2 and middle altitude DC-8 research aircraft provide
remote sensing of atmospheric parameters. Here only the instruments whose data are
used in this thesis are introduced.

Millimeter-wave Imaging Radiometer (MIR)

MIR is a cross-track scanning total-power radiometer that measures radiation at the six
frequencies of 89, 150, 183.3±1, 183.3±3, 183.3±7 and 220GHz during TOGA-COARE,
and during CAMEX-3 additionally at 325±1, 325±3, and 325±8GHz. It is installed on
the front end of the right superpod of the ER-2 aircraft. It scans in a plane perpendicular
to the direction of flight with a swath of ±50◦ from nadir, which results in a ground
swath of about 42 km at its cruising altitude of about 20 km for all frequencies. MIR
has two external calibration loads maintained at the temperatures of 330 and 250K,
respectively. Based upon these calibrations, the measurement accuracy of MIR is better
than 1K in the brightness temperature range of 240 to 330K, and about 2 to 4K for
brightness temperatures below 100K based on a 6.8ms integration time (Racette et al.,
1996). Each scan takes 3 seconds and produces 57 brightness temperature values per
channel. Some characteristics of MIR (only the channels used in this thesis) are shown
in Table 3.2.
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Table 3.2: MIR Instrument Characteristics (Racette et al., 1996).

Frequency Bandwidth Temperature Beamwidth Footprint
Resolution at Nadir

[GHz] [GHz] [K] [◦] [km]

89 1.0 0.13 3.5 1
150 1.0 0.13 3.5 1
183.3± 1 1.0 0.39 3.5 1
183.3± 3 2.0 0.39 3.5 1
183.3± 7 2.0 0.31 3.5 1
220 3.0 0.32 3.5 1

The MIR measuremens can be used for the detection and estimation of convective
rainfall, and the study of the effects of cloud microphysical structures on rainfall es-
timation and water vapor profiles. They are also sensitive to the frozen hydrometeors
in storms. So MIR measurements are useful in developing algorithms for interpreting
data observed from AMSU-B and the similar instrument SSM/T-2 onboard the DMSP
satellites.

Advanced Microwave Precipitation Radiometer (AMPR)

AMPR remotely senses passive microwave signatures of geophysical parameters from
the NASA aircraft ER-2. The instrument is a low noise system, and it can provide
multifrequency microwave imagery with high spatial and temporal resolution. AMPR
data are observed at the four frequencies at 10.7, 19.35, 37.1, and 85.5GHz. They are
well suited to the study of strong convective systems, but are also useful to studies of
various ocean and land surface processes.
AMPR is a cross-track scanning total power microwave radiometer, composed of two

adjacent antenna systems with one large scanning mirror accommodating both systems.
One antenna system was designed to use a copy of the SSM/I feedhorn for the three
higher frequencies. The other AMPR feedhorn accommodates the 10.7GHz frequency
using a feedhorn designed by Georgia Tech Research Institute (GTRI). The AMPR
scanner scans through a total of 90◦ (±45◦ from nadir). A total of 50 samples are
collected per scan, and one sample for each channel is collected every 1.8◦. According
to the ER-2’s cruising altitude of about 20 km this scan results in a ground swath of
about 40 km for all frequencies. Table 3.3 lists other performance characteristics of the
radiometer.

MODIS Airborne Simulator (MAS)

MODIS (Moderate Resolution Imaging Spectrometer) Airborne Simulator (MAS) ob-
tains high spatial resolution imagery in the range of 0.55 to 14.3µm wavelength. A total
of 50 spectral bands is available in this range. In TOGA-COARE, the observations of 12
bands of the total spectral bands were acquired. In CAMEX-3 and TRMM-LBA, all 50
bands were acquired during the flight. With each pixel having a 0.14◦ instantaneous field
of view, the spatial resolution at nadir is 50m at the nominal aircraft altitude of 20 km.
Its cross-track scan angle of 85.92◦ (±42.96◦ from nadir) results in a ground swath of
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Table 3.3: AMPR Instrument Characteristics (http://daac.gsfc.nasa.gov/CAMPAIGN_
DOCS/TOGA).

Frequency Bandwidth Temperature Beamwidth Footprint Cross
Resolution at Nadir Polarization

[GHz] [GHz] [K] [◦] [km] [%]

10.7 0.10 0.26 8.0 2.8 0.2
19.35 0.24 0.30 8.0 2.8 1.6
37.1 0.90 0.15 4.1 1.5 0.4
85.5 1.40 0.16 1.8 0.6 1.4

about 37.25 km at the altitude of 20 km. A total of 716 earth-viewing pixels is acquired
per scan at a scan rate of 6.25Hz.
With the much higher spatial resolution, MAS provides more information on the

small-scale distribution of various atmospheric parameters (King et al., 1996). The MAS
infrared spectral bands can be used to study cloud properties, including cloud thermo-
dynamic phase, cloud-top height and cloud fraction.

Multispectral Atmospheric Mapping Sensor (MAMS)

MAMS is a multispectral scanner, it measures reflected radiation from the surface and
clouds in eight visible/near infrared bands (0.4 − 1.0µm), and thermal emission from
water vapor, the surface and clouds, in four infrared bands (6.0− 13µm). MAMS scans
cross-track with scan angle of ±43◦. At the nominal ER-2 altitude of 20 km, the footprint
of MAMS is 100m at nadir, and the width of swath is 37 km. A total 717 samples is ob-
tained in one scan with a scan rate of 6.25Hz. Hence, detailed resolution of atmospheric
and surface features across the swath width and along the aircraft flight track can be
measured. Similar to the work of Heymsfield et al. (1996), the MAMS data of interest
in this thesis are 0.63µm visible and 11.12µm IR data, which are useful for providing
cloud top structure and heights.

Cloud Lidar System (CLS)

CLS measures the backscatter cross-sections of cloud and aerosol particles at 1.064 and
0.532µm. The CLS data in TOGA-COARE is used to obtain information on the profile
of clouds below the aircraft. CLS can provide detailed information on internal cloud
structure useful for the interpretation of visible, infrared, and microwave radiometric
data. It also can provide the locations of cloud layer boundaries, both vertically and
horizontally, which is useful in most types of cloud studies.

ER-2 Doppler Radar (EDOP)

Airborne weather radar can provide high resolution measurements of the vertical and
horizontal structure of the frozen hydrometeors with strong convections. Comparing with
the measurements of passive microwave radiometric instruments, the airborne weather
radar systems have the capability to provide more direct measurements of strong con-
vective structure.
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EDOP is a dual-beam Doppler weather radar at X-band (9.6GHz), and is housed
in the nose of the NASA ER-2. The instrument has two separate antennas, one nadir-
pointing with pitch stabilization, and the other one forward pointing (33.5◦ forward of
nadir). The EDOP beamwidth is 2.9◦ in both vertical and horizontal direction. Thus, it
produces a nadir footprint at the surface of 1 km. The vertical resolution is 37.5m, and
the horizontal along track resolution is about 100m. Additional details of EDOP and
processing are described by Heymsfield et al. (1996).

Advanced Microwave Moisture Sounder (AMMS)

AMMS instrument was installed on the NASA DC-8 aircraft for the TOGA-COARE
field experiment. It is a cross-track scanning radiometer. AMMS is a four-channel me-
chanically scanned, imaging microwave radiometer operating at 92, 183.3± 2, 183.3± 5,
and 183.3 ± 9GHz (Wang et al., 1994). It has a 15 cm aperture giving an angular res-
olution of about 2◦ at 92GHz and 1◦ at 183GHz. Its usable scan range was limited to
60◦ (from 10◦ to right of nadir, through nadir, to 50◦ to the left of nadir). After every 6
scans, in order to calibrate, the beam was directed to view heated (330 K) and cooled
(250 K) external calibration targets for 0.7 s. Some characteristics of AMMS are shown
in Table 3.4.

Table 3.4: AMMS Instrument Characteristics (Wang et al., 1994).

Frequency Beamwidth Temperature Sensitivity
[GHz] [◦] [K]

92 2.0 4.0
183.3± 2 1.0 4.0
183.3± 5 1.0 4.0
183.3± 9 1.0 7.0

AMMS was primarily designed to measure atmospheric water vapor profiles and was
mainly used for this purpose. But it is also sensitive to cloud and precipitation systems.
In TOGA-COARE the sensor was combined with other radiometers in the ER-2 to
measure the microwave signatures of strong convection in the frequency range of 10–
183GHz. Wang et al. (1994) described that, because of the poor temperature sensitivity
of AMMS, the radiometric signals should be averaged before scientific interpretation.
The calibration accuracy is in the order of 1K in the brightness temperature range of
250–300K and can be as much as 2–3K for the brightness temperatures less than 200K.

Airborne Multichannel Microwave Radiometer (AMMR)

In TOGA-COARE, AMMR was used for measurements of hydrometeors associated with
tropical convective systems. AMMR was installed on the DC-8 in TOGA-COARE. It
measures microwave signatures from the surface and the atmosphere at the frequencies
10.7, 18.7, 21, 37, and 90GHz. AMMR consists of AMMR-1 and AMMR-2. AMMR-
1 observes at the frequencies 18.7, 21 and 37GHz through a nadir port of the DC-8.
AMMR-2 observes at 10, 21, 37 and 92GHz with an incidence angle of 45◦ in level
flight. The 37 and 92GHz radiometers with AMMR-2 are dual-polarized, and the 10
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and 21GHz radiometers with AMMR-2 are only horizontally polarized. The footprint
of AMMR is in the range of 1.5–2 km. The temporal resolution is 1 s. The main charac-
teristics of AMMR is shown in Table 3.5.

Table 3.5: AMMR Instrument Characteristics (http://daac.gsfc.nasa.gov/CAMPAIGN_
DOCS/TOGA).

Frequency Beamwidth Temperature Sensitivity
[GHz] [◦] [K]

AMMR-1
18.7 6.0 0.5
21 6.0 0.5
37 6.0 0.5
AMMR-2
10.7 6.0 1.0
21 6.0 1.0
37 6.0 1.0
92 2.0 1.0

Airborne Rain Mapping Radar (ARMAR)

In CAMEX-3 and TRMM-LBA, EDOP was used to obtain detailed information on the
structure of strong convections. There is another airborne radar ARMAR which was
installed on the DC-8 during TOGA-COARE. AMRAR is a pulse compression radar
operating at Ku-band (13.8GHz). It has Doppler and multi-polarization capabilities.
ARMAR measures the reflectivity in a cross-track scan (±20◦ from nadir along the flight
track), and it can also measure the reflectivity at a fixed angle. ARMAR can also operate
as a microwave radiometer which provides the measurements of brightness temperature
at 13.8GHz. At the nominal flight height of the DC-8, the ARMAR beamwidth is 3.8◦,
It produces a nadir footprint at the surface of 800m. The vertical resolution is 80m.
The bandwidth is 40MHz, and the temperature sensitivity is 1K. Additional details of
ARMAR and its data processing are described by Durden et al. (1994).

3.2.3 Aircraft Data Used in This Thesis

Table 3.6 gives an overview of data from different aircraft sensors used in this thesis.
We homogenize the observations made by different sensors before using them.
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Table 3.6: Overview of the data from different aircraft sensors used in this thesis.

Observation Campaign Altitude Aircraft Microwave Visible/ Radar Lidar
[km] Sensor ([GHz]) infrared

Feb. 22, 1993 TOGA-COARE 20 ER-2 MIR (90–220) MAS CLS
AMPR (10–85)

10 DC-8 AMMS (92–202) ARMAR
AMMR (10–92)

Aug. 23, 1998 CAMEX-3 20 ER-2 MIR (90–220) EDOP
Aug. 26, 1998 CAMEX-3 20 ER-2 MIR (90–220) MAMS EDOP

AMPR (10–85)
Jan. 25, 1999 TRMM-LBA 20 ER-2 MIR (90–220) MAS EDOP
Feb. 10, 1999 TRMM-LBA 20 ER-2 MIR (90–220) MAS EDOP

AMPR (10–85)





4 Effects of Storms on Microwave
Brightness Temperatures: Observations

Several observational studies (e.g., Wilheit et al., 1982; Adler et al., 1990; Wang et al.,
1994; Heymsfield et al., 1996; Wang et al., 1997b, 1998) have examined the effects of
clouds on microwave brightness temperatures in the frequency range of 18–183GHz. The
NASA ER-2 and DC-8 aircraft, which are equipped with microwave, visible, and infrared
radiometers and radar instruments, have been operated during several experiments in
the last decade. Combining observations from different radiometers on board the aircraft,
high resolution measurements of storms at frequencies from 18 to 220GHz have been
provided. Especially, some well-coordinated ER-2 and DC-8 aircraft flights over storms
were conducted in order to improve our understanding of the influence of the cloud
microphysical properties and structure on microwave brightness temperatures.
This chapter presents detailed analyses of simultaneous airborne radiometer obser-

vations of storms from the experiments TOGA COARE, CAMEX-3, and TRMM-LBA
(Section 3.2).

4.1 Case of February 22, 1993
During TOGA COARE, a well-coordinated aircraft flight in time and space of the re-
search aircraft ER-2 and DC-8 had been conducted over a tropical squall line on February
22, 1993. This case has been partly analyzed by observations and by numerical simu-
lations (e.g., Mcgaughey et al., 1996; Wang et al., 1998; Marzano et al., 1999). In this
section, almost all observations over the squall line are used for a detailed analysis of
the influence of strong convection on the brightness temperatures. The data obtained by
the instruments MIR, AMPR, MAS, and CLS on board the ER-2, and AMMS, AMMR,
and ARMAR on board the DC-8 are used in the following analysis (see Table 3.6).
The coordinated flight paths are shown in Figure 4.1. The passage of the ER-2 and
DC-8 over the same location is within about 3 minutes. Because of the time difference
of the ER-2 and DC-8, in the following study, the tracks of the ER-2 and DC-8 are
matched by the same longitude. However, only the time of the ER-2 is used to label
the locations of observations. The distribution of the 5.996GHz radar reflectivity at the
height of 1 km obtained by the NOAA P3 aircraft over the region during the period of
2131:41–2137:46UTC, in near concurrence with the ER-2 and DC-8 aircraft flights, is
shown in Figure 4.1 as well. The region in the black box is studied in detail. Its zoomed
image is shown in Figure 4.2. The straight line in the image shows the flight tracks of
the ER-2 and DC-8. The width of 50 km is adapted from the MIR swath width of 42 km.
The coordinated flight paths provide a direct comparison of radiometric signatures at
different frequencies.

63
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Figure 4.1: One coordinated flight path of the NASA ER-2 and DC-8 aircraft on 22 February
1993 overlaying the composite reflectivity (unit in dBZ) map generated by the NOAA P3 radar
(adapted from ftp://MRD3.MMM.UCAR.EDU/pub/TOGA-COARE/).

Figure 4.2: The coordinated flight path of the ER-2 and DC-8 which is over the box region in
Figure 4.1.
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4.1.1 Meteorlogical Situation

A mature, eastward propagating oceanic squall line system was observed on 22 February
1993. Using aircraft observations, Jorgensen et al. (1997) studied the structure and evo-
lution of this intense squall line. Trier et al. (1996) used a numerical cloud model to sim-
ulate the three-dimensional evolution of this intense squall line. The three-dimensional
distribution of the radar reflectivity for this case was described by Jorgensen et al. (1997)
using the data of the Doppler radars on board the two NOAA P3 aircraft. The general
evolution of the intense squall line is depicted in Figure 4.3

Figure 4.3: P3 radar reflectivities (unit in dBZ) observed over the squall line system on 22
February 1993 (adapted from ftp://MRD3.MMM.UCAR.EDU/pub/TOGA-COARE/).



66 4 Observations

The squall line persisted for about 5 hours since 1950UTC. It began with a series
of convection linearly aligned, and developed a vortex in the leading convective zone.
Having the typical features, the mesoscale convective system (MCS) occurred with the
squall line system consisting of two distinguishable components: convective and strat-
iform regions. In the convective region (reflectivities above 35 dBZ), a rapidly moving
leading convection sloped rearward with height. The stratiform region was about 30 km
behind the leading edge of the system. At the leading edge of the system, a line of
strong convections was organized in a multicellular fashion (Jorgensen et al., 1997).
These typical features can be observed on the P3 radar composites shown in Figure 4.3.

4.1.2 Radiometric and Radar Signatures

Using isolated microwave radiometer data collected over storms, it is difficult to interpret
the microwave radiometric signatures due to a lack of detailed information on the mi-
crophysical features of the strong convections including the parameters of the liquid and
ice phases. The simultaneously observed radar data can provide some information on
the vertical hydrometeor structures which are helpful for understanding the microwave
radiometric signatures (Wang et al., 1994; Heymsfield et al., 1996; Wang et al., 1997b,
1998).
The vertical cross section of ARMAR reflectivities for the strong convection from

2131 to 2139UTC is shown in Figure 4.4. The leading edge of the strong convection was

Figure 4.4: Nadir ARMAR radar reflectivity for the storm on 22 February 1993.

observed around 2138UTC. Strong ARMAR reflectivity over 45 dBZ was observed in
the core region between 2137 and 2138UTC. The high reflectivity core (over 30 dBZ)
extends 4 km above the freezing level. The heavy precipitation appeared at the center
of the core, thus the ARMAR reflectivities below the freezing level were significantly
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attenuated (Wang et al., 1998). The convective precipitation refers to precipitation oc-
curring in young, active convection (Houze, 1997). A bright band around 4.5 km was
detected from 2134 to 2136UTC, indicating the freezing level. It indicates the strati-
form precipitation, where large aggregate snowflakes are among the melting particles.
The stratiform precipitation refers to precipitation occurring in older, less active con-
vection (Houze, 1997). Beside the convective core region, the reflectivities are generally
larger than 15 dBZ above the freezing level, even up to the altitude of 9 km.
The observations obtained from the six channels of MIR, the four channels of AMPR,

visible (0.6µm) and infrared (11µm) data of MAS along the ER-2 aircraft flight path
are displayed as twelve images in Figure 4.5. The 8 minutes of data displayed here

Figure 4.5: Microwave brightness temperature distribution at six MIR frequencies (89, 150,
183.3± 1, 183.3± 3, 183.3± 7, and 220GHz, right column) and four AMPR frequencies (10.7,
19.35, 37.1, and 85GHz, left column) along the ER-2 aircraft flight path indicated in Figure 4.2
and visible and infrared images of MAS 0.6µm and 11µm. Nadir is represented by the dotted
horizontal line.

cover a distance of approximately 90 km. The surface swath widths of MIR, AMPR and
MAS are approximately 42, 40, and 37 km (see Section 3.2.2), respectively. Due to the
different surface swath widths of the instruments, some features seen from MIR can not
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be seen in MAS (see Figure 4.5). For example, near 2136:30UTC, the ice scattering
region at the bottom of the 89GHz image is larger than the ice scattering region at the
bottom of the image of brightness temperatures at 85GHz of AMPR in Figure 4.5. The
nadir scan position is given by the dotted line. Only nadir observations are used for the
interpretations henceforth.
Figure 4.5 shows the spatial characteristics of the tropical squall line over ocean. An

ocean background provides a low microwave emissivity, which produces a relatively low
microwave brightness temperature background shown as the blue region in the swath
figure of 10GHz brightness temperatures (hereafter, Tb(10)) in Figure 4.5. At low mi-
crowave frequencies (≤ 37GHz), the brightness temperature responds mainly to emission
from rain and cloud liquid water, thus the observed brightness temperatures increase
toward a maximum and then drop off as the rainfall rates increase over the radiometri-
cally cold ocean. In contrast, the brightness temperatures at high microwave frequencies
(> 37GHz) respond mainly to scattering from cloud ice. It reduces the brightness tem-
perature decrease over both ocean and land backgrounds. The brightness temperatures
at 37GHz (hereafter, Tb(37)) begin to decrease at about 2137UTC and show the con-
vective cores marked by the minima in the low 85 and 89GHz brightness temperatures
(hereafter, Tb(85) and (Tb(89))), which is caused by the maximum of scattering. The
scattering area increases with the frequency in the range of 89 to 220GHz because ice
scattering becomes dominant at 89 to 220GHz. For the water vapor channels of 183.3±1,
183.3± 3, and 183.3± 7GHz, the ice scattering region near the label ’Y’ in the image of
Tb(89) is weaker than those at 150 and 220GHz. The frequency is closer to the center
of the water vapor absorption line, the influence of ice scattering is weaker because of
the higher opacity of the atmosphere. At 150 and 220GHz, the effects of water vapor
absorption is much lower and has almost the same magnitude, as can be seen from
Figure 2.3.
Comparing Tb(150) and Tb(220) in Figure 4.5, the scattering increases with increasing

frequency. Comparing the location of the ice scattering core (label ’Y’ in the image
of Tb(89)) to the location of the rainfall core (label ’X’ in the image of Tb(10)), the
ice scattering core is the near lower-left corner of the rainfall core with respect to the
leading line of the squall line. The displacement of the ice scattering core is caused by
vertical wind shear (Heymsfield et al., 1996). The ice particles aloft shift horizontally
away from the rainfall core. The eastward squall line (towards the right of the image)
is NW-SE-oriented as shown in Figure 4.3. The strong front-to-rear flow results in the
displacement of the ice scattering core, hence, the ice scattering core and the rainfall
core are tilted to the rear, and the ice scattering core is near the lower-left corner of the
rainfall core. The tilted structure is consistent with the radar echo in Figure 4.4. The
visible and infrared images show the cloud cover along the flight path. Cloud covers the
whole region because of the infrared brightness temperatures are below 210 K. The cold
cloud temperatures (low infrared brightness temperatures) indicate the high cloud top
heights (above 15 km). From the images of brightness temperatures at higher frequencies
(> 85GHz) shown in Figure 4.5, near the edges of both left side and right side of the
swath, their brightness temperatures are still high and their brightness temperature
depressions are small. So in the regions near the edges, there are thin cirrus cloud
covered there. In the ice scattering core ’Y’ the brightness temperature depressions are
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very large for the high frequencies (> 85GHz), 89GHz ∼ 120K, 150GHz ∼ 120K,
183.3± 1GHz ∼ 60K, 183.3± 3GHz ∼ 90K, 183.3± 7GHz ∼ 120K, 220GHz ∼ 140K.
The smallest brightness temperatures at high frequencies (> 85GHz) appear at the

upper and bottom edge of the images. There are two reasons which may explain this
observation. One possibility is the ice scattering region, the other one is the cross-track
scanning taken by the radiometers. At off-nadir directions, the scan angle and the height
of the scattering or emission are changed. The changing of the optical depth of atmo-
spheric constituents results in a relatively warmer brightness temperature. Additionally
the increased path length through the ice layer may actually produce a lower brightness
temperature than that observed at nadir (Mcgaughey et al., 1996). Therefore it is dif-
ficult to explain the brightness temperature depressions which appeared at the upper
and bottom edge of the images. Only nadir observations from the different radiometers
are used for the interpretations in Section 4.1.3.

4.1.3 Discussion of Observations

Only nadir observations from the ER-2 and DC-8 are used in this study. Some data
pre-processing has been done to be coordinated before building a combined data set.
For MIR and AMPR, the longitude and the similar magnitudes at Tb(85) from AMPR
and Tb(89) from MIR have been used to align them coordinate. By comparing AMPR
Tb(10) and 13.8GHz brightness temperatures (Tb(13.8)) from ARMAR in the radiometer
mode, ARAMR is aligned to AMPR and MIR. In order to coordinate the observations
of AMMR and AMMS on the DC-8 with the observations on the ER-8, longitude and
the similar magnitudes at 89GHz (MIR) and 92GHz (AMMS) have been also used to
align their observations. Because the instruments (AMPR, MIR, AMMR, AMMS, and
ARMAR) have different number of pixels along the nadir of the flight track (e.g., MIR
has 163 pixels while AMPR has 158 pixels in the region of interest for this study),
The measurements from these instruments have been interpolated to the same number
of pixels in the same region to facilitate intercomparisons between the multifrequency
brightness temperatures and the radar reflectivity.

Observations at 20km Altitude

The variation of the microwave brightness temperatures from AMPR and MIR, the cloud
height from CLS, and the nadir profiles of ARMAR data are presented in Figure 4.6.
Panels (a) and (b) show the AMPR and MIR brightness temperatures, respectively.

Panel (c) shows the cloud height from CLS. Panel (d) shows the average values of
ARMAR reflectivities in the altitude ranges of 0 to 4 km and 6 to 9 km, which are denoted
by Z(0−4 km) and Z(6−9 km), respectively. Because of the limitation of the flight height,
Z(6−9 km) is averaged from 6 km to the top of the measuring range of ARMAR (about
9 km). Z(0−4 km) is used to explain the reflectivity in the rain region, and Z(6−9 km) is
used to explain the reflectivity in the ice region (partly). Figure 4.6 indicates the various
interrelations between the microwave signatures and the strong convection structure.
The minimum labelled with ’Y’ for Tb(10) in Panel (a) of Figure 4.6 corresponds to rain
fall core ’Y’ in Figure 4.5. The maximum labelled with ’X’ for Tb(85) in Panel (a) of
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Figure 4.6: Time variations of microwave brightness temperatures from (a) AMPR and (b)
MIR on the ER-2, (c) the cloud top height from CLS on the ER-2, and (d) radar reflectivity
from ARMAR on the DC-8 for the flight over the squall line on 22 February 1993 at nadir.

Figure 4.6 is related to the ice scattering core ’X’ in Figure 4.5. A brightness temperature
of 132K is assumed for 10.7GHz over the clear-sky ocean (Mcgaughey et al., 1996). Using
this criterion and the ARMAR reflectivity shown in Figure 4.4, the main precipitation
range is 2134 to 2138UTC. The peak of Tb(10) is up to 270K, indicating a very heavy
precipitation (Mcgaughey et al., 1996). Behind the heavy precipitation, there is the
trailing stratiform precipitation region (2134 to 2136UTC) in a tropical squall line.
This is also evident by the bright band of the radar reflectivity shown in Figure 4.4.
The variations of the 19GHz brightness temperature (hereafter, Tb(19)) from 2135:30 to
2137:00UTC, and the variations of Tb(37) from 2132:30 to 2136:30UTC are small and
different from the variations of Tb(10). This is caused by the greater radiative opacity
of rain at 19GHz and 37GHz than the one at 10GHz leading to saturated brightness
temperatures (Heymsfield et al., 1996). Tb(37) shows a behavior closer to Tb(85) or Tb(89)
than to Tb(19), especially at the two depressions of Tb(85) (2137:00 and 2137:30UTC).
It shows that ice scattering began to affect the observations at 37GHz. In the minimum,
the depression at Tb(85) decreases to 152K, which likely indicates the ice scattering core
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with large particles within convective regions (Mcgaughey et al., 1996). In the convection
region from 2135 to 2138UTC, the maximum of Tb(10) (2137:30UTC) is not coincident
with the minimum of Tb(85) (2137:00UTC). This behavior is due to the tilted convective
system (see Section 4.1.2). It can be explained with the higher sensitivity of Tb(10) to
the lower cloud rain layers, while Tb(85) is more sensitive to the upper cloud ice layers
(Marzano et al., 1999). Z(0− 4 km) shows a depression at about 2137:30UTC reflecting
the attenuation of radar signals at the rain fall core discussed in Section 4.1.2. The
profiles of Tb(19) and Tb(37) track well with the profile of Z(0 − 4 km). The profile of
Tb(85) shows a general negative correlation with the one of Z(6− 9 km). Especially, two
correspondences appear between the 85GHz maxima ice scattering signature and radar
reflectivity of Z(6 − 9 km). In the time from 2134 to 2135UTC, Z(6 − 9 km) increases
quickly with the decreasing of Tb(85). However, from 2135:00 to 2136:30UTC, the general
negative correlation between Tb(85) and Z(6− 9 km) is not clear. Z(6− 9 km) is almost
stable at about 21 dBZ. This behavior maybe explained by some cloud ice above 9 km, as
Tb(85) gets the contributions up to 20 km, while Z(6−9 km) only contains contributions
up to the top of the measuring range of ARMAR (about 9 km for this case).
The observations at the high frequencies of MIR (89–220GHz) are shown in Panel (b)

of Figure 4.6. The variations of Tb(89) of MIR has the exact shape of that of Tb(85), but
the corresponding absolute values of Tb(89) are smaller than those of Tb(85). Especially at
the ice scattering core, the brightness temperature difference is about 7K. This behavior
is easily explained by the higher frequency which has a larger influence from cloud ice.
The profile of the 150GHz brightness temperature (hereafter, Tb(150)) tracks with the
profile of Tb(89). The location of the minimum of Tb(150) is well coincident with the
location of the minimum of Tb(89). From 2131 to 2134UTC, Tb(150) decreases faster
than Tb(89). Tb(89) decreases from 275 to 238K while Tb(150) decreased from 278 to
159K. After 2134UTC up to the ice scattering core at about 2137UTC, the variations of
Tb(150) are small. Z(6− 9 km) is below 10 dBZ before 2134UTC, especially near 0 dBZ
before 2133UTC. Because of the limitation of the observed height of ARMAR, the cloud
structure before 2134UTC does not appear in Figure 4.4. But from the information of
the cloud top height in Panel (c) of Figure 4.6, there are clouds in this region. The
variations of the brightness temperatures at frequencies larger than 150GHz are different
from those of Tb(89) and Tb(150). The obvious difference between Tb(89), Tb(150) and
183.3GHz (means all three water vapor channels) and 220GHz brightness temperatures
(hereafter, Tb(183.3) and Tb(220)) is the location of the brightness temperature minimum
depressions. The minimum depressions of Tb(89) and Tb(150) are well coincident with
the ice scattering core. However, the minimum depressions of Tb(183.3) and Tb(220) are
located before 2135:30UTC, at least 20 km behind the ice scattering core. From 2131 to
2134UTC, Tb(150), Tb(183.3), and Tb(220) are significantly affected by the hydrometeors
present at high altitudes above 9 km. However, Tb(89) has less effects. First, Tb(220)
decreases, then in sequence Tb(183.3), and Tb(150) also decrease. Definitely the sequence
is reasonable, because of the stronger scattering response of the higher frequencies to
the small ice particles in high cloud (Adler et al., 1990). From 2131 to 2134UTC, there
are two possibilities of changes in the hydrometeors, one is the increase of the particle
size, the other one is the increase of the cloud ice water path.
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The variations of the brightness temperatures at 183.3 ± 1, 183.3 ± 3, and 183.3 ±
7GHz (hereafter, Tb(183.3 ± 1), Tb(183.3 ± 3) and Tb(183.3 ± 7)), have similar shapes
as Tb(220). However, they have different characterstics because they are located on the
water vapor absorption line. From 2131 to 2133UTC, Tb(183.3 ± 1), Tb(183.3 ± 3) and
Tb(183.3±7) have the same trend of decreasing fast, and the brightness temperatures at
the frequencies near the center of the water vapor absorption line are lowest (Tb(183.3±
1) < Tb(183.3 ± 3) < Tb(183.3 ± 7)). This is due to absorption of atmospheric water
vapor under clear-sky and moderately cloudy conditions (Wang et al., 1997b), and will
be further discussed in this section. In the convective region at 2134 to 2138UTC,
this situation is inverse: Tb(183.3± 1), Tb(183.3± 3) and Tb(183.3± 7) increase, and the
brightness temperatures at the frequencies near the center of the water vapor absorption
line are higher. After 2138UTC, the situation changes back to the same as that in the
range from 2131 to 2133UTC, i.e., clear sky conditions. The two inverse points, one is at
about 2133UTC, the other one is at about 2138UTC, are well coincident with the limits
of the strong convection system. However, the profiles of Tb(183.3 ± 1), Tb(183.3 ± 3)
and Tb(183.3± 7) are not well coincident with the profile of Z(6− 9 km). Especially at
2137UTC, there are no peaks to match with the peak of Z(6− 9 km). This appearance
is different from the appearance analyzed by Burns et al. (1997). They examined one
case from the observations from SSM/T2. It was found that the largest depression of
Tb(183.3±1), Tb(183.3±3) and Tb(183.3±7) corresponds to the peak of scattering. The
difference between the observation by airborne sensors and SSM/T2 is probably caused
by the different resolution. The horizontal resolution of the channels at 183.3±1, 183.3±3
and 183.3± 7GHz of SSM/T2 is about 48 km. The corresponding channels of MIR have
a resolution of about 1 km. The resolution of the 85GHz channel of SSM/I is about
15 km, but the resolutions of the 85GHz channel of AMPR or 89GHz channel of MIR
are about 1 km. The observations from aircraft can see fine structure of the convection
which is lost by the spaceborne sensors. From 2134 to 2135UTC, although Z(6− 9 km)
increases, Tb(183.3 ± 1) and Tb(183.3 ± 3) also increase, and Tb(183.3 ± 7) is almost
stable. This can be used to explain the weighting function peaks for the frequencies of
183.3 ± 1, 183.3 ± 3, and 183.3 ± 7GHz, which are located at the altitude above 9 km
(Burns et al., 1997). In the convective region (2134 to 2138UTC), the depression of
Tb(183.3± 7) is larger than the one of Tb(183.3± 3), which in turn is larger than that of
Tb(183.3± 1). This behavior can be explained by the different influence of water vapor
and ice scattering over convection on these channels. The influence of water vapor is
smaller for the frequencies farer away from the center of the water vapor absorption line
in areas of strong convection. The 183.3± 7GHz channel views deeper into the layer of
ice scattering than the ones at 183.3±3GHz and at 183.3±1GHz (Wang et al., 1997b).

Observations at 9km and Comparison Between 20 and 9km

In order to understand the influence of the convection structure and the influence of the
hydrometeors appearing at higher altitude (above 9 km) on microwave brightness tem-
peratures (especially at the frequencies of AMSU-B), the well coordinated microwave
data observed from the DC-8 are compared with the observed microwave data described
above. The observed nadir brightness temperatures at 18.7, 21, and 37GHz (Tb(19),
Tb(21), and Tb(37)) from AMMR, and 92, 183.3±2, 183.3±5, and 183.3±9GHz (Tb(92),
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Tb(183.3±2), Tb(183.3±5), and Tb(183.3±9)) from AMMS are used in the comparison.
The time variations of corresponding microwave brightness temperatures from AMMR
and AMMS on the DC-8, and some microwave brightness temperature differences be-
tween the water vapor frequencies of MIR and AMMS over the same region are shown
in Figure 4.7. Tb(19) and Tb(37) from AMPR, and Tb(89) from MIR are replotted in

Figure 4.7: Time variations of microwave brightness temperatures from AMMR and AMMS
on the DC-8, and some microwave brightness temperatue differences between the water vapor
frequencies of MIR and AMMS, and radar reflectivity from ARMAR on the DC-8 for the flight
over the squall line on 22 February 1993 at nadir.

Figure 4.7 for easy comparison. Panel (a) shows AMMR brightness temperatures, and
Tb(19) and Tb(37) from AMPR. Panel (b) shows AMMS brightness temperatures and
Tb(89) from MIR. Panel (c) shows some microwave brightness temperature differences
between the water vapor frequencies of MIR and AMMS, in order to understand the in-
fluence of cloud ice at different altitudes on the water vapor channels around 183.3GHz.
For easy comparison, the average values of ARMAR reflectivities of Z(0 − 4 km) and
Z(6− 9 km) are also shown in Panel (d).
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By comparing profiles of Tb(19), Tb(21), and Tb(37) from AMMR it is obvious that
there are positive correlations between them. The depressions of Tb(19) and Tb(21) from
AMMR at 2137:15UTC are well coincident with the depression of Z(0−4 km) because of
the attenuation of radar signals at the heavy precipitation core. By comparing profiles of
Tb(19), Tb(21), and Tb(37) from AMMR to Tb(19) and Tb(37) from AMPR, it is generally
found that Tb(19) and Tb(37) from AMPR are larger than the corresponding brightness
temperatures from AMMR, which is probably caused by the emission from cloud liquid
water from higher layers (above 9 km). However, the depressions of Tb(37) from AMMR
are well coincident with the peak of Z(0−4 km) at the ice scattering core ’Y’ (2137UTC).
The behavior is similar to that of Tb(37) from AMPR. It reveals that the low frequencies
(Tb ≤ 37) are more sensitive to liquid water although cloud ice still has some influence
on Tb(37).
The profile of Tb(92) from AMMS has the exact shape of Tb(89) from MIR. Tb(89)

is generally smaller than Tb(92) except at the ice scattering core where the situation is
inverse. Furthermore, in the ice scattering core, as Tb(89) from MIR, Tb(92) from AMMS
also have a negative correlation with the peak of Z(6−9 km). This behavior reveals that
the frequency at 89GHz can penetrate the strong convection to get information on cloud
ice at middle-high altitude. In the region of the ice scattering core, Tb(89) from MIR is
smaller than Tb(92). The largest difference is up to 10K. There are two explanations of
this behavior: One is the higher frequency which has larger influence from cloud ice, the
other one is emission of cloud liquid water over higher layer which increases Tb(89).
The profiles of Tb(183.3 ± 2), Tb(183.3 ± 5), and Tb(183.3 ± 9) from AMMS (Fig-

ure 4.7(b)) are different from the correlation between profiles of Tb(183.3±1), Tb(183.3±
3), and Tb(183.3± 7) and Tb(89) (Figure 4.6(b)). They show a high correlation with the
variation of Tb(92) from AMMS, especially for Tb(183.3 ± 2) and Tb(183.3 ± 5), and
they also generally show negative correlation with Z(6 − 9 km). All minimum depres-
sions are well coincident with the peak of Z(6 − 9 km). The negative correlation with
Z(6− 9 km) reveals that the depressions are predominantly caused by the scattering of
frozen hydrometeors above the freezing level (e.g., Wang et al., 1997b, 1998). In panel
(c) of Figure 4.7, the differences between Tb(183.3 ± 7) from MIR and the brightness
temperature at 183.3GHz from AMMS are shown to check the influence of the higher
cloud ice on these water vapor channels. In almost the complete region, most of these
differences are large negative values, especially in the time from 2133 to 2135UTC. This
behavior means that the water vapor channels of MIR on the ER-2 show large influence
from cloud ice above 9 km. In the region near the convection core, although these dif-
ferences are small, they are still negative. We conclude that the water vapor channels
around 183.3GHz of MIR on the ER-2 are considerably influenced from altitude above
9 km, and the influence of the layer between 9 and 20 km is largest at the tailing edge
(2133–2155UTC).

Brightness Temperature Differences Between Frequencies of AMSU-B

From the above analyses of the observations at the two different heights, and some com-
parisons between these observations, some conclusions can be obtained. Over a strong
convection, for the frequencies up to 37GHz, the main contribution to the brightness
temperatures is from rain. However, for the frequencies larger than 37GHz, the main
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contribution is from cloud ice, especially for the higher frequencies such as AMSU-B
channels (e.g., 89, 150, 183.3± 1, 183.3± 3, and 183.3± 7GHz). Especially the frequen-
cies around the water vapor line at 183.3GHz also have a large influence from cloud ice
in the higher layers.
The microwave brightness temperature differences from the channels of MIR and

AMMS, which are denoted as ∆Tb(ν1, ν2) where ν1 and ν2 are the frequencies of MIR and
AMMS are shown in Figure 4.8. In the convective region (2133 to 2138UTC), all profiles
of ∆Tb(ν1, ν2) between Tb(183.3) and Tb(150) from MIR (Figure 4.8(b)) generally have

Figure 4.8: Time variations of microwave brightness temperature differences fromMIR channels
and AMMS water vapor channels for the flight over the squall line on 22 February 1993 at
nadir.

a negative correlation with the profiles of Tb(89), and a positive correlation with Z(6−
9 km) (Figure 4.7(d)). The profiles of ∆Tb(ν1, ν2) between Tb(89) and Tb(183.3) from MIR
(Figure 4.8(a)) generally have a positive correlation with the profiles of Tb(89), and a
negative correlation with Z(6 − 9 km). Especially near the region of the ice scattering
core, the minima depression or peak of ∆Tb(ν1, ν2) from MIR are well coincident with
the peak of Z(6 − 9 km) and the minimum depression of Tb(89) near 2136:45UTC.
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These features suggest that these differences have a close relation with the cloud ice in
the region of strong convection. One important feature in Panels (a), (b), and (c) of
Figure 4.8 is the crossover points labelled of A and B. The differences ∆Tb(ν1, ν2) from
MIR including the water vapor channels intersect at nearly the same time. The crossover
points A and B are coincident well with the edges of the convection. For example, in
Panel (c), from 2131UTC to the crossover point A (which also is the edge of the strong
convection), ∆Tb(183.3±3, 183.3±7) are largest, then in sequence ∆Tb(183.3±1, 183.3±
3) are in the middle, and ∆Tb(183.3± 3, 183.3± 7) are smallest among them. After A,
in the region of the convection, the situtation inverses. Then, ∆Tb(ν1, ν2) approximately
converge to the crossover point B and inverses back to be like the situation appeared
from 2131UTC to the crossover point A. The different regions of ∆Tb(ν1, ν2) are related
to the different cloud structures. The regions from 2131 to 2133UTC (crossover point
A) and 2138UTC (crossover point B) to 2139UTC are related to high clouds without
precipitation. However, the inverse region of 2133 to 2138UTC (from crossover point A
to B) is related to strong convection with precipitation. ∆Tb(ν1, ν2) generally shows a
positive (Panels (b) and (c)) or negative (Panel (a)) correlations with Z(6− 9 km). All
these features of ∆Tb(ν1, ν2) suggest that ∆Tb(ν1, ν2) have the potential to discriminate
the strong convection and to estimate the cloud ice associated with strong convection.
Especially, for MIR water vapor channels, the crossover points and the inverse situ-

ation have also appeared in Figure 4.6(b) at the same locations, which was also doc-
umented by Burns et al. (1997). However, the crossover point B for ∆Tb(ν1, ν2) of the
MIR water vapor channels is not well defined, there is about 15K between the crossover
between ∆Tb(183.3±1, 183.3±7) and ∆Tb(183.3±1, 183.3±3) at -5K and the crossover
between ∆Tb(183.3± 1, 183.3± 7) and ∆Tb(183.3± 3, 183.3± 7) at 10K. On the other
hand, the region of ∆Tb(ν1, ν2) of MIR water vapor channels over 0K are well coinci-
dent with the region of convection, Moreover, in that region, the profiles of ∆Tb(ν1, ν2)
of MIR water vapor channels generally have a positive correlation with Tb(89), and
negative correlation with Z(6 − 9 km). These results also suggest that the brightness
temperature differences between the water vapor channels can be used as indicator of
the presence of strong convections (Burns et al., 1997), and properties of the cloud
ice in strong convections. Burns et al. (1997) used ∆Tb(183.3 ± 3, 183.3 ± 1) to screen
out areas of intense oceanic convection. In this study, ∆Tb(183.3± 1, 183.3± 7) ≥ 0K,
∆Tb(183.3 ± 1, 183.3 ± 3) ≥ 0K, and ∆Tb(183.3 ± 3, 183.3 ± 7) ≥ 0K are used to
discriminate the convection system.
The differences ∆Tb(ν1, ν2) of AMMS water vapor channels in Panel (d) taken at

9 km altitude is different from the situation of ∆Tb(ν1, ν2) of MIR water vapor channels.
This feature is due to the fact that the radiometric signatures in strong convection are
primarily a combination of thermal emission from atmospheric constituents (gases and
hydrometeors), as well as scattering of background radiation (Wang et al., 1998).

Influence of Ice Scattering on High Frequency

To better understand the relationship between the properties of strong convection and
microwave brightness temperatures, the scatter plots of different frequency pairs from
MIR are analyzed. Figure 4.9 indicates the correspondence between the observation time
in UTC and the gridded observation number.
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Figure 4.9: Time variations of AMARM radar average reflectively of Z(6 − 9 km) along the
flight over the squall line on 22 February 1993 at nadir. The upper x-axis is labelled with the
observation numbers.

The scatter plots are separated into two parts: The first part (2131 to 2134UTC)
in black primarily consists of high clouds, the second part (2134 to 2139UTC) in red
primarily consists of convection (actually there are some high clouds in the region from
2138 to 2139UTC). The two cases shown in black and red in Figure 4.10 show a dif-
ferent behavior. For example, along the black track in the scatter plot of Tb(183.3± 7)
versus Tb(183.3 ± 1), both brightness temperatures decrease to the lowest values for
both of them. Along the red track of the same scatter plot, the trend is roughly in-
verse, and it displays complicate conditions. Especially, the curve is not monotonic in
the region from 2134 to 2138UTC (observation 57–126). In the region from 2138 to
2139UTC (observation 129–150), the scatter plot is monotonic again. The other scatter
plots in Figure 4.10 show a similar behavior. Especially for the water vapor channels
around 183.3GHz, the monotonic feature is almost linear. In the upper-right corner of
each image in Figure 4.10, the black and red tracks tend to overlap. However, there
is a large gap between the black and red tracks in the other regions. The analysis of
Figure 4.10 reveals some open questions: What is the main parameter causing the mono-
tonic behavior? What are the parameters causing the gap between the black and the red
tracks? For the monotonic feature in the black track and in the region of observation
129–150, the main contribution on the feature probably is the ice scattering from the
high cloud mainly influenced by the ice water content and ice particle size. There are
some differences between the structure of convection and the high cloud. The convection
is related to precipitation, stronger updraft flow, and larger ice particles at lower alti-
tudes (Heymsfield et al., 1996). The high clouds are above the altitude of at least 9 km.
The ice particles are smaller because of the colder temperatures (Liu and Curry, 1998).
They also found that precipitating clouds have greater ice water path than nonprecipi-
tating clouds with the same cloud top height. So we presume that the gap between the
observations from high cloud and convection is due to these differences.
The scatter plots of brightness temperature differences and brightness temperatures

for MIR channels are shown in Figure 4.11. Like Figure 4.10, the gridded observation
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Figure 4.10: Scatter plots of different microwave brightness temperatures from MIR channels
for the flight over the squall line on 22 February 1993 at nadir. The numbers referring the
dotted lines represent the observation numbers.
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Figure 4.11: Scatter plots of microwave brightness temperature differences and brightness tem-
peratures from MIR channels for the flight over the squall line on 22 February 1993 at nadir.
The numbers referring the dotted lines represent the observation numbers.
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numbers are also labelled with the scatter plots. The scatter plots are separated into
the same two parts. As above (Figure 4.8(c)), the region of ∆Tb(ν1, ν2) of MIR water
vapor channels over 0K are well coincident with the region of the convection. So lines
of ∆Tb(ν1, ν2) = 0K are also plotted to generally separate the convection region and
high cloud region (only available for the water vapor channels of MIR). Figure 4.11
reveals more explicit correlation between brightness temperature differences and bright-
ness temperatures observed by MIR. It shows a similar situation to the one explained
in Figure 4.10. Again, the observations of convection and high cloud are along two dif-
ferent tracks. Especially for the scatter plots of brightness temperature differences and
brightness temperatures at frequencies above 150GHz, the tracks of the observations are
clearly separated. The reasons have been discussed for Figure 4.10. On the other hand,
in the region of high cloud, towards the lowest Tb(183.3 ± 7) a value of approximately
133K, the ∆Tb(183.3±1, 183.3±7) and ∆Tb(183.3±3, 183.3±7) are only approximately
12 and 4K, respectively, and towards the lowest Tb(183.3± 3) a value of approximately
137K, the ∆Tb(183.3 ± 1, 183.3 ± 3) are only approximately 7K. However, in the con-
vection region, towards the lowest Tb(183.3 ± 7) a value of approximately 130K, the
∆Tb(183.3± 1, 183.3± 7) and ∆Tb(183.3± 3, 183.3± 7) are only approximately 25 and
10K, respectively, and towards the lowest Tb(183.3± 3) a value of approximately 137K,
the ∆Tb(183.3 ± 1, 183.3 ± 3) are only approximately 8K, and they tend to zero. The
situations in the convection region are also found in the study of Wang et al. (1997b).
They explained that this behavior suggests a significant reduction in the water vapor
concentration above the scattering cell with a strong updraft of hydrometeors to the
15–16 km region of diluted water vapor.
Figure 4.12 shows the scatter plots of ∆Tb(ν1, ν2) from MIR and Z(6 − 9 km) along

track at nadir. Figure 4.13 shows the scatter plots of ∆Tb(ν1, ν2) and brightness temper-
atures from MIR with the ARMAR radar average reflectivities of Z(6−9 km) which are
shown by different colors. When Z(6−9 km) is small, ∆Tb(89, 150) and ∆Tb(89, 183.3±1)
vary over a large range and increase fast. However, they begin to decrease when Z(6−
9 km) begins to increase over 10 dBZ. The other ∆Tb(ν1, ν2) begin to increase at a lower
value of Z(6− 9 km) (almost from Z(6− 9 km) > 0 dBZ). This suggests that frequencies
above 150GHz have a more close relation with the ice scattering. Comparing the differ-
ent panels of Figure 4.13 shows that ∆Tb(183.3±1, 150) and ∆Tb(183.3±1, 183.3±7) are
more sensitive to Z(6−9 km) than the others. However, there is one important situation
which should be mentioned: Z(6− 9 km) only reflects the condition of the hydrometeor
at the altitude of 6 to 9 km in the convection system. On the other hand, ∆Tb(ν1, ν2)
and brightness temperatures of MIR include all contributions over the complete altitude
range of the convective system.
In Figure 4.12, some points correspond to different ∆Tb(ν1, ν2) with same values of

Z(6 − 9 km). This behavior is also seen in Figure 4.13. The points with the same val-
ues of Z(6 − 9 km) (the same colors) correspond to different ∆Tb(ν1, ν2) and bright-
ness temperatures. As pointed out above, one reason of this behavior is the different
contributions on brightness temperatures of MIR and Z(6 − 9 km) from different alti-
tudes. Based on one conclusion of Section 4.1.3, the strong convective system is cor-
related with ∆Tb(183.3 ± 1, 183.3 ± 7) ≥ 0K, ∆Tb(183.3 ± 1, 183.3 ± 3) ≥ 0K, and
∆Tb(183.3 ± 3, 183.3 ± 7) ≥ 0K, the dotted lines for ∆Tb(183.3 ± 1, 183.3 ± 7) = 0K,
∆Tb(183.3±1, 183.3±3) = 0K, and ∆Tb(183.3±3, 183.3±7) = 0K in Figure 4.13 sepa-
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Figure 4.12: Scatter plots of microwave brightness temperatures differences from MIR channels
and ARMAR radar average reflectivity of Z(6− 9 km) for the flight over the squall line on 22
February 1993 at nadir. The lines of Z(6− 9 km) = 0 and ∆Tb(ν1, ν2) = 0K are plotted with
the dotted line.
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Figure 4.13: Scatter plots of microwave brightness temperatures differences and brightness
temperatures from MIR channels for the flight over the squall line on 22 February 1993 at
nadir. ARMAR radar average reflectivities of Z(6− 9 km) are labelled with different colors.
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rate the convection and high cloud. From the scatter plots of the brightness temperature
differences and brightness temperatures for 183.3GHz water vapor channel pairs, it was
found that, in the region of ∆Tb(ν1, ν2) < 0K, ν1, ν2 = 183.3± 1,±3,±7, Z(6− 9 km) is
near to 0 dBZ (some bias appears for ∆Tb(183.3± 1, 183.3± 3)) which means that there
is no cloud below 9 km. This confirms the discrimination discussed above.

4.2 Case of August 26, 1998
For the case of February 22, 1993, the observations from the ER-2 and DC-8 pro-
vide much information on the strong convection, and ARMAR data have been used
for comparison. But there is still a limitation from the difficulties in coregistering the
measurements from the ER-2 and ARMAR data. In tropical convective events, a few
minutes time and/or a few kilometers location error can produce significant differences
in the inferred vertical convection structure (Heymsfield et al., 1996). Therefore, simul-
taneous aircraft radar and radiometer measurements are desirable to avoid or reduce
uncertainties in the coregistering of the measurement. For this reason, the observations
from the DC-8 are not used for the case of August 26, 1998 taken during the Campaign
CAMEX-3 (the third convection and moisture experiment, see Section 3.2). Only the
observations of MIR, AMPR, EDOP, and MAMS from the ER-2 are used in the follow-
ing analysis (see Table 3.6). The EDOP radar on board the ER-2, flying at an altitude
of 20 km, provides the information of the whole cloud system. Furthermore, the EDOP
radar data can provide crucial information on vertical hydrometeor structure, including
the melting level, the convective core locations and heights, the relative amounts of ice
aloft, precipitation, and the freezing level (Heymsfield et al., 1996).
On 26 August 1998, the hurricane Bonnie over the the Atlantic Ocean near the coast

of North Carolina was observed with the ER-2 for more than six hours. From 1404 to
1433UTC, the flight track of the ER-2 towards the eye of hurricane Bonnie from its
outer edge. Some observations of radar and wideband radiometers along one part of this
track have been used to estimate precipitation profiles and frozen hydrometeor profiles
by Skofronick-Jackson et al. (2003). In this case study, the same flight track used by
Skofronick-Jackson et al. (2003) is considered, and it is shown in Figure 4.14.

4.2.1 Meteorlogical Situation

The origin of Bonnie was a large and vigorous tropical wave that moved over Dakar,
Senegal on 14 August 1998. Until around 1200UTC, 19 August, the system began to con-
solidate and a tropical depression formed. At 1200UTC 20 August, the depression was
then upgraded to the tropical storm Bonnie. Under a favorable upper-level wind environ-
ment, Bonnie gradually strengthened and became a hurricane at 0600UTC 22 August.
First, Bonnie moved on a general west-northwest heading, then drifted northward, then
moved northwestward and northward toward the coast of North Carolina. After a slight
weakening, the eye of Bonnie passed just east of Cape Fear around 2130UTC 26 August.
The hurricane slowed down and weakened while moving over eastern North Carolina. It
was then downgraded to a tropical storm (http://www.nhc.noaa.gov/1998bonnie.html).



84 4 Observations

Figure 4.14: The flight track of ER-2 used in this study on 26 August 1998, The ER-2 is from
1404:09 to 1418:00UTC.

Corresponding to aircraft observations, the status of hurricane Bonnie is shown by in-
frared (11µm) and visible (0.65µm) images from the Geostationary Operational Envi-
ronmental Satellite 8 (GOES-8) at 1415UTC 26 August 1998 in Figure 4.15.

4.2.2 Radiometric and Radar Signatures

Some data preprocessing has been done to align the measurements of MIR, AMPR,
and EDOP on board the ER-2 before building a combined data set. Comparing the
observations between MIR and AMPR, there is still some time differences in the ob-
servations between them although they are flown on the same aircraft. Using a method
similar to the one of Skofronick-Jackson et al. (2003), for Tb(85) of AMPR and Tb(89)
of MIR, the time series of the brightness temperature trends are similar because of the
close frequencies. By comparing Tb(85) of AMPR and Tb(89) of MIR at nadir, the time
difference of the measurements of MIR and AMPR is found to be about 5 s. A simpli-
fied method of delaying MIR observations for 5 s is used to match the MIR and AMPR
data. Skofronick-Jackson et al. (2003) found that the correlation of the time series of
EDOP and AMPR data was acceptable. Thus, using the same method as Skofronick-
Jackson et al. (2003), no correction is applied to EDOP data to match with AMPR
and MIR data. The instruments of AMPR, MIR, and EDOP have different numbers of
pixels along the flight track at nadir. Their measurements have been collocated pixels
to facilitate intercomparisons between the multifrequency brightness temperatures and
the radar reflectivity. The time stamps of EDOP data are used for all data in order to
facilitate the comparison.
The vertical cross section of EDOP reflectivities for hurricane Bonnie from 1404:12

to 1418:00UTC is shown in Figure 4.16. The section has been constructed from the
EDOP beam data with 37.5m vertical resolution and about 2 s intervals. The heights
are referenced to the nominal altitude of the section based on the radar surface return
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Figure 4.15: Hurricane Bonnie is shown by, (a) infrared (11µm), and (b) visible (0.65µm)
image from the Geostationary Operational Environmental Satellite 8 (GOES-8) at 1415UTC
26 August 1998 (adapted from http://ghrc.nsstc.nasa.gov/camex3/).

(Heymsfield et al., 1996). Based on the section of EDOP, these clouds with hurricane
Bonnie can be classified into at least three distinct cloud types (Skofronick-Jackson
et al., 2003): a high anvil cloud region on the left in Figure 4.16 (from 1404:12 to about
1408:00UTC), a convective core region from about 1411:00 to about 1413:50UTC where
the high reflectivity core (over 40 dBZ) is observed, and a stratiform cloud region from
about 1415:30 to 1417:00UTC with a bright band indicating the stratiform precipitation.
Comparing to reflectivities of the case of the squall line of 22 February 1993 (Fig-

ure 4.4), the structures of the systems are different. For the tropic squall line system,
the cloud system extended to about 16 km over the convection core and stratiform cloud
regions (Figure 4.6). For the hurricane Bonnie, the cloud system extended only to about
7–8 km over the convection core region. Over the stratiform cloud region, the cloud
system extended only to altitudes below 10 km, and the anvil cloud system is almost
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Figure 4.16: The NADIR EDOP radar reflectivity for the flight line indicated in Figure 4.14
on August 26, 1998.

isolated from others. So this case is helpful to study separately the influence of different
parts of the cloud system on the observed brightness temperatures.
The observations obtained from the six channels of the MIR, the four channels from

AMPR, and visible 0.6µm and infrared 11µm of MAMS along the ER-2 aircraft flight
path as indicated in Figure 4.14 are displayed as twelve images in Figure 4.17. About
14 minutes of data is displayed here covering a distance of approximately 170 km. The
surface swath widths of MIR, AMPR and MAMS are approximately 42, 40, and 37 km,
respectively. The nadir scan position is shown by the dotted line through the 0◦ scan
angle. As discussed in Section 4.1.2, the wider swaths include more features at the upper
and lower edges of their corresponding images in Figure 4.17. Thus, only nadir is used
for the interpretations henceforth.
All observations of this case are taken over open ocean. The cold background, which is

due to the low microwave surface emissivity, produces a relatively low microwave bright-
ness temperature shown as the blue region in the swath figure of Tb(10) (Figure 4.17).
There is one small area in the lower-left corner of Figure 4.17, where the brightness
temperatures are higher at the low frequencies (Tb ≤ 37). This feature is mainly due to
emission from rain and cloud liquid water. It is also obviously similar to the case of 22
February 1993 (Figure 4.5). Tb(10) has a narrow band with high brightness temperature
(red band in the figure). With increasing frequencies to 19 and 37GHz, the red area
is also increased because 19 and 37GHz become earlier saturated than 10GHz (e.g.,
Mcgaughey et al., 1996). There is one obvious difference in the signals of Tb(37), of this
case and the case of 22 February 1993. In the latter, the influence of cloud ice scattering
produces a brightness temperature depression, but here, almost no depression is visible.
This behavior reveals that the ice scattering in this case in the convection core region
is weaker.
From the infrared image of MAMS, there are some high clouds in the region from

1404:12 to 1411:00UTC. Comparing to brightness temperature depressions at 150 and
220GHz in the region from 1406:00 to 1411:00UTC and from 1414:30 to 1416:00UTC,
the brightness temperature depressions at 220GHz are larger than those at 150GHz.
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Figure 4.17: Microwave brightness temperature distribution at AMPR frequencies (10.7, 19.35,
37.1, and 85GHz) and six MIR frequencies (89, 150, 183.3±1, 183.3±3, 183.3±7, and 220GHz)
along the ER-2 aircraft flight path as indicated in Figure 4.14 and visible and infrared images
of MAMS 0.6µm and 11µm. Nadir is represented by the dotted horizontal line.

Because the influence of water vapor is similar at 150 and 220GHz in the region from
1406:00 to 1411:00UTC and from 1414:30 to 1416:00UTC, the main influence on differ-
ence is due to cloud ice scattering. The brightness temperature depressions and the ice
scattering regions increase as the frequency increases from 89 to 220GHz. This behavior
is due to the same reason as discussed in Section 4.1.2. For the water vapor channels at
183.3± 1, 183.3± 3, and 183.3± 7GHz, the same behavior as for the case of 22 Febru-
ary 1993 is observed. The influence of the ice scattering is stronger for the frequencies
farther away from the center of the water vapor absorption line. Similar to the case of
January 22, 1993 (Section 4.1.2), only nadir observations from different radiometers on
board the ER-2 are used for the interpretation in the following analyses.
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4.2.3 Discussion of Observations

Observations at 20km

The time series of microwave brightness temperatures from AMPR and MIR, and the
nadir profiles of EDOP data are presented in Figure 4.18. In order to understand the

Figure 4.18: Time variations of microwave brightness temperatures from AMPR and MIR on
the ER-2, the averaged radar reflectivity from EDOP, and cross section of EDOP reflectivity
for the flight on 26 August 1998.

influence of the structure of the cloud system on brightness temperature, the cross
section of EDOP reflectivity is also shown in this figure. Panels (a) and (b) show the
AMPR and MIR brightness temperatures, respectively. Panel (c) shows the average
values of EDOP reflectivities in the altitude ranges of 0–4, 6–12, 6–14, 8–12, and 8–
14 km, which are denoted by Z(0 − 4 km), Z(6 − 12 km), Z(6 − 14 km), Z(8 − 12 km),
and Z(8 − 14 km), respectively. Panel (d) shows the cross section of EDOP reflectivity
as shown in Figure 4.16. Similar as the discussion in Section 4.1.3, Z(0− 4 km) is used
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to explain the reflectivity in the rain region, Z(6− 12 km), Z(6− 14 km), Z(8− 12 km),
and Z(8− 14 km) are used to explain the reflectivity in the cloud ice region.
Figure 4.18 indicates the various interrelations between the microwave signatures and

the cloud system. Several features like those in the 22 February 1993 case (Figure 4.6)
are again observed: For the low frequencies (≤ 37GHz), there is generally a positive
correlation between brightness temperature and rain which is indicated by Z(0− 4 km).
For high frequencies (≥ 150GHz), there is a generally negative correlation between
brightness temperature and cloud ice scattering which is indicated by Z(6 − 12 km),
Z(6−14 km), Z(8−12 km), and Z(8−14 km). In the cloud anvil region (from 1404:12 to
1408:00UTC), Tb(150), Tb(183.3), and Tb(220) have more significant influence of cloud
ice than Tb(89). Tb(220) decrease strongest, then in sequence Tb(183.3), and Tb(150)
decreases less. This behavior can be explained by the same reason as used to explain
the similar behavior in the 22 February 1993 case (see Section 4.1.3). Different from the
22 February 1993 case, the depressions of Tb(85) and Tb(89) are smaller, the minimum
values of Tb(85) and Tb(89) are only about 240K, which is about 100K larger than
those in the 22 February 1993 case. From this behavior and the cross section of EDOP
reflectivity, there is no deep convective cell in this case. There is one interesting feature
in the region from 1414:30 to 1416:00UTC. In this region, the locations of the minimum
depressions of Tb(150) and Tb(89) are matched at about 1415:41UTC. However, the
locations of the minimum depressions of Tb(183.3) and Tb(220) (at about 1414:43UTC)
are not matched with the locations of the minimum depression of Tb(150) and Tb(89),
and have negative correlation with the profiles of EDOP reflectivity (except Z(0−4 km)).
This behavior also reveals that the high frequencies (> 150GHz) are more influenced
by the ice scattering above the freezing level than the frequency of 89GHz because the
frequency of 89GHz can penetrate deeper into the layer near or below the freezing level.

Brightness Temperature Differences Between High Frequencies

The microwave brightness temperature differences from the channels of MIR, denoted
as ∆Tb(ν1, ν2) are shown in Figure 4.19. In order to understand the influence of ice scat-
tering on the brightness temperature difference easily, the averaged EDOP reflectivities
in the ice scattering region are also shown in Panel (d) of Figure 4.19. For this flight, in
Panel (a) , (b), and (c) of Figure 4.19, all profiles of ∆Tb(ν1, ν2) generally show a positive
correlation with Z(6−12 km), Z(6−14 km), Z(8−12 km), and Z(8−14 km). Hereafter,
Z(8 − 12 km) is used to explain the ice scattering. Although all profiles of ∆Tb(ν1, ν2)
generally show a positive correlation with Z(8− 12 km), the locations of peaks of some
∆Tb(ν1, ν2) are not matched with the locations of peaks of Z(8− 12 km).
The important feature mentioned in Section 4.1.3, the crossover points for some

∆Tb(ν1, ν2), is also found for this case although the feature is not as obvious as that in the
22 February 1993 case. At about 1405:30UTC, indicated by A, all profiles of ∆Tb(ν1, ν2)
including one frequency of the water vapor channel have a crossover point. Especially
for ∆Tb(183.3± 1, 183.3± 7), ∆Tb(183.3± 1, 183.3± 3), and ∆Tb(183.3± 3, 183.3± 7),
the crossover points are almost at the location with ∆Tb(ν1, ν2) > 0K. This feature
was also found in the 22 February 1993 case. The region of the crossover between
∆Tb(183.3 ± 1, 183.3 ± 7) and ∆Tb(183.3 ± 3, 183.3 ± 7) at about 1410:45UTC to the
crossover between ∆Tb(183.3 ± 1, 183.3 ± 7) and ∆Tb(183.3 ± 1, 183.3 ± 3) at about
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Figure 4.19: Time variations of microwave brightness temperatures difference from MIR chan-
nels for the flight on 26 August 1998.

1412:30UTC is related to the edge of the convective region. This region consists of a
stratiform cloud core region with a weak bright band. Furthermore, the same feature
appears again in the region from the crossover between ∆Tb(183.3 ± 1, 183.3 ± 7) and
∆Tb(183.3± 3, 183.3± 7) at about 1415:15UTC to the crossover between ∆Tb(183.3±
1, 183.3 ± 7) and ∆Tb(183.3 ± 1, 183.3 ± 3) at about 1416:00UTC, which is related to
the stratiform cloud core region. In the region from 1412:30 to 1414:30UTC and the
region of 1416:00 to 1418:00UTC, ∆Tb(ν1, ν2) of MIR water vapor channel shows a
similar behavior, and 0K > ∆Tb(183.3 ± 3, 183.3 ± 7) > ∆Tb(183.3 ± 1, 183.3 ± 3) >
∆Tb(183.3± 1, 183.3± 7). Furthermore, some parts of the convective core region, strati-
form cloud region, and near cloud-free region, are included in these regions. The clouds
in these regions have low cloud top heights (< 8 km), and weak EDOP reflectivity above
the freezing level. This behavior reveals that the influence of the low part of the cloud
system (below the freezing level) on the brightness temperature at water vapor chan-
nels of MIR are quite small. The high cloud part with the stratiform cloud system in
the region from 1414:30 to 1415:15UTC show a similar trend and crossover as seen for
the part from 1405:30 to 1410:45UTC. This behavior also reveals that the cloud top
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height has some effect on the brightness temperatures at the water vapor channels of
MIR. Furthermore, the influence of the cloud system on the brightness temperatures is
mainly from contribution of layers above the freezing level.

Influence of Ice Scattering on High Frequencies

In Section 4.1.3, the scatter plots of different frequencies from MIR are shown to enhance
the understanding of the relationship between the properties of storms and microwave
brightness temperatures. In the presented case, similar analyses have been proformed. In
order to display the corresponding locations of these observed brightness temperatures
along the flight track, the numbers along the upper x-axis with EDOP reflectivity in
Figure 4.20 are labelled for the corresponding locations in Figure 4.21. In order to

Figure 4.20: Time variations of EDOP radar averaged reflectivity along the flight on 26 August
1998 at nadir. The upper x-axis is labelled with the observation numbers.

indicate the types of the cloud system in the scatter plots, the flight track is separated
into four segments: the cloud anvil region from 1404:12 to 1408:04UTC (observations 0–
28), is labelled with black, the region including convective core (about 1411:00 to about
1413:50UTC) from 1408:08 to 1413:50UTC (observations 29–70), is labelled with red,
the region including the cloud anvil of the stratiform cloud from 1413:56 to 1414:45UTC
(observations 71–76) is labelled with blue, and the region including the stratiform cloud
and cloud-free region from 1414:50 to 1418:00UTC (observation 77–100), is labelled
with green.
One similar feature to the one shown in Figure 4.10 is also found in Figure 4.21, the

scatter points are situated along different tracks for the four segments, especially for
the scatter plots of Tb(150) and Tb(183.3 ± 1), the scatter plots of Tb(183.3 ± 7) and
Tb(183.3 ± 1), and the scatter plots of Tb(183.3 ± 7) and Tb(183.3 ± 3). Hereafter, only
the scatter plots of Tb(150) and Tb(89), and the scatter plots of brightness temperature
at water vapor channels are shown. The different tracks for the four segments seem to
include some information on the cloud system. The scatter plot of Tb(183.3 ± 7) and
Tb(183.3 ± 3) is used for the discussion in the following study. The whole observation
can be separated into two parts: One part includes the first two segments (black and red
pixels) which are the cloud anvil region and the convection region. The other one part
includes the second two segments (blue and green pixels) which are the second cloud
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Figure 4.21: Scatter plots of different microwave brightness temperatures from MIR channels
for the flight on 26 August 1998 at nadir. The numbers referring the dotted lines represent the
observation numbers.

anvil region and the stratiform cloud region. For the two parts, the numbers labelled in
the tracks generally increase with the decreasing of Tb(183.3±7) and Tb(183.3±3) in the
cloud anvil region, then increase with the increasing of Tb(183.3± 7) and Tb(183.3± 3)
in convective or stratiform cloud regions. Obviously, there is a gap between the two
segments of the first part (black and red), and there is a similar but smaller gap among
the two segments of the second part (green and blue). At the same time, the numbers in
the different tracks generally change monotonically, and the changing is related with the
change of EDOP reflectivity of Z(8 − 12 km). In the first segment black pixels of 0–28
generally increase with the increasing of Z(8− 12 km). In the second segment red pixels
of 29–70 generally increase with the decreasing of Z(8 − 12 km). In the third segment
blue pixels of 71–76 generally increase with the increasing of Z(8− 12 km). In the forth
segment green pixels of 77–100 generally increase with the decreasing of Z(8 − 12 km)
and tend to form a cluster because of the cloud-free region. It seems again that the main
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parameter affecting the number changing along the track is the ice scattering from the
high part of cloud system.
In order to understand the parameters, which lead to the gaps among the different

segments, parameters related with the cloud system, i.e., the cloud ice scattering, the
ice particle distribution, cloud top height, and water vapor are considered for the first
two segments. Figure 4.22 shows the infrared brightness temperature at 11µm along

Figure 4.22: Time variations of infrared brightness temperature at 11µm along the flight on
26 August 1998 at nadir. The upper x-axis is labelled with the observation numbers.

the same flight track, which indicates the cloud top height. From Figure 4.22 and the
cross section of EDOP in Figure 4.18, in the first part (until 1410UTC), the variations
of the cloud top height are small. So the influence of cloud top height on the brightness
temperatures in this region is also small. In the first part, the water vapor between MIR
and the cloud top are almost constants along the track, the influence of water vapor
on the brightness temperature can be assumed to be constant. As discussed above, the
main influence on the way of the numbers along the segment is caused by ice scattering.
Furthermore, in the first part, some pixels have almost the same values of Z(8− 12 km)
in the different segments. For example, pixel 22 in the first segment has Z(8 − 12 km)
of about 16.0 dBZ, pixel 34 in the second segment has Z(8− 12 km) of about 16.6 dBZ
(Figure 4.20). Although they have the same values of Z(8 − 12 km), they are related
to different tracks. Based on the estimation of Skofronick-Jackson et al. (2003), in the
anvil region the median diameter of frozen particles does not exceed 0.56mm. In the
convective region, the maximum melted median drop diameter of the frozen hydrome-
teors is 1.1mm. In the stratiform region, the maximum melted median drop diameter
of the frozen hydrometeors is 1.03mm. The angle of segments (respect to vertical direc-
tion and clockwise, is also called gap in Figure 4.11 for the case of 22 February 1993)
seems to be related with the particle size distribution, the segment of convective region
has larger slope than the segment of cloud anvil. In conclusion the cloud ice particle
distribution should have some influence on the brightness temperature, which may be
the main parameter resulting in the gap between the two segments.
The scatter plots of brightness temperature differences and brightness temperatures

for MIR channels are shown in Figure 4.23. Like Figure 4.21, the observation numbers
are also given in the scatter plots, and the observations are separated into the same
four segments by colors. Lines of ∆Tb(ν1, ν2) = 0K are also plotted. The figure reveals
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Figure 4.23: Scatter plots of microwave brightness temperature differences and brightness tem-
peratures from MIR channels for the flight on 26 August 1998 at nadir. The numbers referring
the dotted lines represent the observation numbers.

correlations between brightness temperature differences and brightness temperatures
observed by MIR. Like Figure 4.11, it also shows similar situations as explained for
Figure 4.21. The observations of different regions of the cloud system are situated along
four different tracks. Especially for the scatter plots of brightness temperature differences
and brightness temperatures at water vapor channels of MIR, such as ∆Tb(183.3 ±
3, 183.3 ± 7) and Tb(183.3 ± 7), the tracks of the observations are obviously different.
The reasons causing the difference have been discussed for Figure 4.21. Different from
the case of 22 February 1993, for this cloud system, at the lowest Tb(183.3 ± 7) value,
the ∆Tb(183.3± 1, 183.3± 7) and ∆Tb(183.3± 3, 183.3± 7) are approximately 49K and
18K, respectively, and at the lowest Tb(183.3 ± 3) value, the ∆Tb(183.3 ± 1, 183.3 ± 3)
are approximately 29K. These values are much larger than the corresponding values for
the case of 22 February 1993. The reason causing this behavior probably is the weaker
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cloud system and larger amount of water vapor present in the path between MIR and
the cloud system than that observed on 22 February 1993 (Wang et al., 1997b).

Figure 4.24: Scatter plots of microwave brightness temperatures differences from MIR channels
and EDOP radar average reflectivity of Z(8−12 km) for the flight on 26 August 1998 at nadir.
The lines of Z(8− 12 km) = 0 and ∆Tb(ν1, ν2) = 0K are plotted with dotted lines.

Figure 4.24 shows the scatter plots of ∆Tb(ν1, ν2) from MIR and Z(8− 12 km) along
track at nadir. Figure 4.25 shows the scatter plots of ∆Tb(ν1, ν2) and brightness tem-
peratures from MIR with the EDOP radar average reflectivities of Z(8− 12 km) which
are described by different colors. Unlike the case of 22 February 1993 (Figure 4.13),
∆Tb(89, 150) generally increase with increasing of Z(8 − 12 km). But for the other
∆Tb(ν1, ν2) between water vapor channels, they have the same features like those ob-
served in the case of 22 February 1993. They begin to increase at lower value of
Z(8 − 12 km). A positive correlation between these ∆Tb(ν1, ν2) and Z(8 − 12 km) is
found. In Figure 4.24, some points correspond to different ∆Tb(ν1, ν2) with same val-
ues of Z(8 − 12 km). This behavior also appeared in Figure 4.13. The points with the
same values of Z(8 − 12 km) (the same colors) correspond to different ∆Tb(ν1, ν2) and
brightness temperatures. In the case of 22 February, this behavior is explained to be
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Figure 4.25: Scatter plots of microwave brightness temperature differences and brightness tem-
peratures from MIR channels for the flight on 26 August 1998 at nadir. EDOP radar average
reflectivities of Z(8− 12 km) are labelled with different colors.

related to the difference between contributions on brightness temperatures of MIR and
Z(6 − 9 km). Z(6 − 9 km) is only up to the altitude of about 9 km, but the brightness
temperatures are observed at the altitude of about 20 km. In this case, Z(8−12 km) can
be considered as the main contributions from the cloud ice. So this behavior and the
large scatter in these plots are most likely caused by the large variations of the atmo-
spheric parameters such as the particle size distribution and densities of hydrometeors
and water vapor profiles (Wang et al., 1997b).
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4.3 Summary of Observations
Aircraft passive microwave observations in the frequency range of 10 to 220GHz are
presented in conjunction with visible, infrared and radar aircraft observations. Four
cases of storms are discussed to understand their effects on the microwave brightness
temperatures. Two cases are over ocean, and two cases are over land (for the details
of these cases see Appendix A). The main discussion focuses on their effects on the
frequencies of AMSU-B. These observations document some characteristics of microwave
brightness temperatures over storms.
The low frequencies (≤ 37GHz) are more sensitive to the liquid water over ocean,

and their Tb ’s are found to generally correlate well with the average radar reflectivities
below the freezing level. However, the interpretation of the Tb’s of the low frequencies
(≤ 37GHz) is difficult over land because of the high surface emissivity and its high
variability. On the other hand, over the regions of strong convective cells, the Tb(37)
depressions is related to the cloud ice scattering observed over both ocean and land.
The radar and passive radiometer observations provide the opportunity to examine

the sensitivity of higher frequency (≥ 89GHz, the frequencies at AMSU-B channels)
passive microwave measurements to cloud ice amount. It is found that the high fre-
quencies are sensitive to the cloud ice scattering over both ocean and land. Tb(89) and
Tb(150) have generally a good correlation with the average radar reflectivities over freez-
ing level (such as Z(8 − 12 km)), and their depression minima are well coincident with
the strong convective cores. The three water vapor channels at 183.3GHz are more sen-
sitive to cloud ice because of the high frequency, and their Tb’s also have generally a
good correlation with the average radar reflectivities of Z(8− 12 km). The comparisons
between measurements at two different altitudes (about 9 and 20 km) show that their
Tb’s are strongly influenced by the upper cloud ice or cloud anvil. Furthermore, the
brightness temperature differences between water vapor channels of 183.3GHz can used
as the criterion for the appearance of storms. ∆Tb’s among the water vapor channels
of 183.3GHz have generally a good positive correlation with Z(8− 12 km) over storms
except for some regions of strong convective cores. In some regions of strong convective
cores, they display a generally negative correlation with Z(8 − 12 km). This behavior
is probably related to dilution of the water vapor over cloud top (Wang et al., 1997b).
Moreover, the water vapor channels are sensitive to the strong ice scattering in the strong
convective cores. In the study of Burns et al. (1997), with increasing ice water path, the
temperature weighting functions for the three water vapor channels at 183.3GHz tend
to the same, which can also be used to explain the decreasing ∆Tb’s among the water
vapor channels over some strong convective cores, although there is more cloud ice.
Separating storms into different regions with different cloud types, and relating the

correlations among different Tb’s, and the correlations between some ∆Tb’s and Tb’s with
their corresponding locations and average radar reflectivities of Z(8− 12 km), some new
characteristics are found from the analyses of the four storms. Generally, the observations
of different cloud types change along different tracks. The different tracks are probably
predominantly related to different particle size distributions. The Z(8 − 12 km) gener-
ally monotonously changes along one track over regions of some parts of storms (cloud
anvil region and convection region except the strong convective cores). Over regions of
strong convective cores, although Z(8 − 12 km) still reveals a monotonic change, the
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corresponding ∆Tb’s have different features compared to other regions of storms. Some
observations show that the trend of ∆Tb’s is near 0K over strong convective cores. The
monotonous features of Z(8−12 km) along one track are probably predominantly related
to the ice water path, especially in the regions of cloud anvils with strong convections.
The analyses of the effects of storms on the brightness temperatures suggest a cri-

terion of brightness temperature differences between the three water vapor channels to
determine the regions of storms (see details in Section 7.2), the potential of using the
correlation between ∆Tb and Tb (especially at water vapor channels) to estimate cloud
ice particle and cloud ice path over storms. The upwelling microwave brightness tem-
peratures are strongly related with the microphysics of hydrometeors in a storm, such
as hydrometeor types, particle shapes, size distribution, and density (e.g., Heymsfield
et al., 1996; Skofronick-Jackson et al., 2002). Multi-frequency radiometer observations
do not have accurate and sufficiently detailed cloud microphysical information. The lack
of this information results in difficulties in performing retrievals from multi-frequency
radiometer observations. To better understand the relationship between microwave ra-
diation and storms including the microphysics of hydrometeors in a storm, one method
is to get more detailed in situ microphysical observations (e.g., Heymsfield et al., 1996;
Skofronick-Jackson et al., 2002). Another method is to do simulations by radiative trans-
fer model with hydrometeor profiles produced by realistic cloud models and variations
in the microphysics of hydrometeors (e.g., Yeh et al., 1990; Burns et al., 1997; Wang
et al., 1997b; Bennartz and Petty, 2001; Skofronick-Jackson et al., 2002).



5 Effects of Storms on Microwave
Brightness Temperatures: Simulations

Microphysical characteristics of clouds within a storm can vary widely both temporally
and spatially due to the complex atmospheric dynamics, and these characteristics in-
fluence the upwelling radiation (e.g., Yeh et al., 1990; Burns et al., 1997; Wang et al.,
1997b; Bennartz and Petty, 2001; Skofronick-Jackson et al., 2002). The understanding
of the relation between the microphysical structure of storms and the passive brightness
temperatures is the base to remotely sense parameters of storms from space. To better
understand the relation, models based on the fundamental equations of microwave ra-
diative transfer have been used to simulate the upwelling Tb’s (e.g., Wu and Weinman,
1984; Smith and Mugnai, 1988; Mugnai and Smith, 1988; Yeh et al., 1990; Adler et al.,
1991; Smith et al., 1992; Burns et al., 1997; Wang et al., 1997b; Bennartz and Petty,
2001; Skofronick-Jackson et al., 2002).
The purpose of this chapter is to promote a general understanding the effects of

storms on Tb’s from AMSU-A and AMSU-B like channels by simulating. The hydrome-
teor profiles derived from EDOP radar or from cloud models are employed as input to
the radiative transfer model VDISORT to produce fields of Tb simulations for storms.
In Section 5.1, Surface emissivities of AMSU are discussed, specially over ocean. In Sec-
tion 5.2, one precipitation cloud model adapted from Wu and Weinman (1984) is used to
produce the hydrometeor profiles which only include precipitation liquid water and ice.
Tb’s at AMSU-B frequencies are simulated with various cloud ice particle size distribu-
tions, and the results are compared to some observations of the case of TOGA COARE
on 22 February 1993 discussed in Section 4.1. In Section 5.3, the objective is to simulate
the aircraft microwave observations from the case of January 25 1999 in TRMM-LBA
discussed in Section 4.2. In this investigation, the EDOP radar on the ER-2 as well as
MIR are used to derive the hydrometeor profiles. The simulations and observations are
compared in order to understand the effects of the phase transition temperature, the
ice particle size distribution, and the upper frozen hydrometeors on Tb’s. In Section 5.4,
to better understand the effects of the hydrometeors with different phases in a storm
on the Tb’s, the hydrometeor profiles generated by simulating the intense squall line are
used as input for the radiative transfer model VDISORT.

5.1 Surface Emissivity
Because of the cross-track scanning and the rotating-reflector/fixed-feed horn antenna
design, for the AMSU instrument the received polarization varies with the scan angle. If
the very small cross-polarized contribution arising from the imperfect cross-polarization
isolation in the antenna (Grody et al., 2001) is neglected, the surface emissivity can be
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regarded as a mixture of the vertically εV , and horizontally εH , polarized emissivities.
Thus, at a given scan angle θs, the surface emissivity εs seen by AMSU is given by

εs = εV (θ) cos2 θs + εH(θ) sin2 θs , (5.1)

where the local zenith angle θ varies as a function of scan angle θs (Figure 5.1) The two

Figure 5.1: Angular relationship of satellite to Earth.

angles θ and θs are related by

R sin θ = (H + R) sin θs , (5.2)

where H is the height of the satellite, which is approximately 870 km for NOAA-15, 16,
and 17, R is the radius of the Earth, which is 6371.2 km.
Based on Equations (5.1) and (5.2), the surface emissivities observed by the AMSU

instrument can be related to the local zenith angle θ by

εs = εV (θ) +

(
R sin θ

H + R

)2

[εH(θ)− εV (θ)] . (5.3)

The surface emissivity of open ocean depends strongly on the surface temperature, the
surface wind speed, and the scan angle. For the sea surface, the emissivity components εV

and εH can be calculated by the Fresnel formula (Klein and Swift, 1977) and the model
of Wilheit (1979). If the surface temperature is assumed to be 300K, the dependence of
the surface emissivity on the surface wind speed and the local zenith angle θ, which are
calculated by Equation (5.3), are shown in Figure 5.2.
AMSU-A has 30 scan positions at 3.3◦ intervals from −14.5 × 3.3◦ to +14.5 × 3.3◦,

while AMSU-B has 90 positions at 1.1◦ intervals from −44.5×1.1◦ to +44.5×1.1◦, which
translate into a local zenith angle θ of up to 58.5◦. From Figure 5.2 and Table 5.1, in the
region of AMSU’s scan angle, the wind speed and zenith angle dependence of the surface
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Figure 5.2: Calculated ocean surface emissivities at 23.8, 31.4, 54.0, 89.0, 150.0, and 183.31GHz
versus, (a) the surface wind speed for a zenith angle of 50◦, a surface temperature Ts of 300K, a
salinity of 3.65%, (b) zenith angle for a surface wind speed of 10 m s−1, a surface temperature
Ts of 300K, and a salinity of 3.65%.

Table 5.1: Some Typical Values of εs for AMSU in Figure 5.2.

Emissivity εs Maximum Minmum Mean
Maximum-Minimum

Mean
[%]

Figure 5.2 (a)
εs(23) 0.444 0.433 0.438 2.56
εs(31) 0.465 0.452 0.458 2.81
εs(54) 0.524 0.507 0.515 3.28
εs(89) 0.597 0.575 0.586 3.70
εs(150) 0.687 0.658 0.672 4.19
εs(183) 0.721 0.690 0.706 4.41
Figure 5.2 (b)
εs(23) 0.463 0.428 0.448 7.78
εs(31) 0.486 0.448 0.471 8.08
εs(54) 0.551 0.503 0.534 8.95
εs(89) 0.633 0.572 0.615 9.95
εs(150) 0.735 0.658 0.715 10.8
εs(183) 0.776 0.693 0.755 11.0

emissivity is shown to increase frequency. The nadir-viewing sea surface emissivity was
suggested to be as low as 0.4 for lower-frequency channels such as 23.8GHz and near 0.6
at 89.0GHz (e.g., Wilheit, 1979; Grody, 1988). Using a constant nadir surface emissivity
of 0.9 to represent land and 0.7 to represent the ocean for all frequencies between 23.8 and
183.3GHz, Muller et al. (1994) simulated the effects of water vapor, cloud liquid water,
and ice on the AMSU moisture channel brightness temperatures. For the simulations
in this chapter, following Muller et al. (1994), the same simplification is used for the
higher-frequencies (89.0, 150.0, and 183.31GHz), a constant surface emissivity of 0.7 for
ocean and 0.9 for land, a for local zenith angles from 0◦to 60◦.
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5.2 Simulations with A Simple Cloud Model
5.2.1 Radiative Transfer Considerations

Upwelling TOA Tb’s are calculated using the radiative transfer model VDISORT. The
input for the VDISORT (Section 2.4.2) require profiles of temperature, water vapor,
cloud water, cloud ice, rain water, snow and graupel, as well as surface temperature,
(over ocean) wind speed and salinity. Gaseous absorption is calculated using the model
of Liebe et al. (1993). In VDISORT, both absorption and scattering coefficients for the
five types of hydrometeors: cloud water, cloud ice, rain water, snow and graupel are
included. In the simulations in this part, only precipitation ice and liquid water are
specified (Wu and Weinman, 1984). All particles are assumed to be spheres, and the
computation of the extinction, scattering, and absorption coefficient and phase function
is performed according to the Mie theory (e.g., Dave, 1970; Bohren and Hoffman, 1983).
The hydrometeors can have different density and size distribution characteristics, all

size distributions are of the form of the modified gamma distribution,

N(D) =
N0

Γ(α)

1

Dn

(
D

Dn

)α−1

exp

(
− D

Dn

)
, (5.4)

where N0 is the total number of droplets, Dn is the diameter that characterizes the
distribution, α is the variance of the distribution, and Γ is the gamma function. The
distribution parameters N0, Dn, and α depend on the droplet type. Some characteristics
assumed in this section for the two kinds of hydrometeors are given in Table 5.2. Because

Table 5.2: Hydrometeor parameters used in this section.

Hydrometeor ρ α N0 De Dmin, Dmax

[ g cm−3] [µm] [mm]

Liquid water 1.0 1 N0(ρ,w, α) 500 0.005, 4.005
Precipitating ice 0.92 2 N0(ρ,w, α) 100− 800 0.005, 10.005

there is a fixed correlation between the diameter that characterizes the distribution Dn

and the effective diameter De,

Dn = De
Γ(α + 2)

Γ(α + 3)
= De

1

α + 3
, (5.5)

De is used in Table 5.2. N0 is depended on the hydrometeors density and content w,

N0(ρ, w, α) =
6.0×109w

ρπDn
3

Γ(α)

Γ(α + 3)
. (5.6)

The hydrometeors of snow and graupel are neglected as separate classes of hydrome-
teors in this section (Wu and Weinman, 1984), so it is important to take note of bulk
density of the precipitation ice. Here only the bulk density of the ice particle (0.92 g cm−3)
is used to do simulations (e.g., Skofronick-Jackson et al., 2003). Here only nadir obser-
vation (θs = θ = 0◦) is simulated.
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5.2.2 Hydrometeor and Atmospheric Profiles

Ice and liquid water particles have distinctive radiative properties at microwave frequen-
cies (see Chapter 2), the vertical distributions of hydrometeors are very important for
the absorption and scattering of radiation. Similar to the rainfall rate profiles of Wu and
Weinman (1984), the rainfall rate profiles are constructed as shown in Figure 5.3. There

Figure 5.3: The schematic model of the distribution of hydrometeors with two phases of pre-
cipitation ice and liquid water as a function of height, adapted from Wu and Weinman (1984).

are some modifications of the rainfall rate profiles from Wu and Weinman (1984). First,
because the surface temperature is assumed to be 300K, the freezing level is raised up
to 4.17 km (3.87 km used by Wu and Weinman (1984)), and the temperature at the top
of the mixed phase layer is about −33◦C (−35◦C used by Wu and Weinman (1984)).
Second, the total water content profiles in the model are constant up to a height 7 km,
and a linear decrease of total water content is used from 7 to 9.27 km in the linearly
mixed phase layer. Third, in the ice layers, ice water content decreases to zero at the
cloud top based on exponential trend. The last difference is the smaller interval in rain
rate, so that there are more profiles. In the liquid layer below 4.17 km, there is a relation
between rainfall rate and liquid water content because the modified gamma distribution
for hydrometeors is used in VDISORT. Similar to Wu and Weinman (1984), the mass
of hydrometeors in the transition region are represented by

IWC = (
z − 4.17

5.10
)TWC ,

4.17 ≤ z ≤ 9.27 km

LWC = (
9.27− z

5.10
)TWC , (5.7)

where IWC, LWC, and TWC are the ice water content, liquid water content, and the
total water content, respectively, their units are g cm−3. In this model, the rain layer is
assumed to be below 4.17 km (0◦C layer), and the rain rate in the layer is assumed as a
constant and to be the rain rate at the surface. In the linearly mixed layer, the liquid
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water content linearly decreases from the maximum to zero with the total water content,
and the ice water content linearly increasing with the total water content. According
to different profiles, the surface rainrate varies from 2 to 64 mmhr−1. The tops of the
clouds vary from 8.0 to about 16.5 km according to the variation of the surface rain rate.
The temperature and humidity profiles used for simulations in this section are shown

in Figure 5.4, with different humidity profiles for clear and convective situations, respec-

Figure 5.4: The temperature and relative humidity profiles used in this simulation. The relative
humidities above the freezing level are considered to be with respect to water.

tively. The temperature profile is the standard tropic atmospheric temperature profile,
and all simulations in this study use it. As the top of cloud changes with weak and
strong convection from 8.0 to about 16.5 km, the humidity profiles should vary too. In
order to simplify this study, only one relative humidity for all of the different rain rates
is used. For the humidity profiles with convections, the relative humidities with respect
to water are assumed to be 85% at the surface, and increase linearly to 100% at the
freezing level, then remain at 100% above the freezing level to the level of 16 km (with
respect to ice). The standard tropic atmospheric humidity profile is used for altitudes
above 18 km, and between 16 and 18 km the humidity linearly decreases. The relative
humidities above the freezing level (about 4.17 km) are considered to be with respect to
ice. In this study the relative humidities with respect to ice are changed to the relative
humidities with respect to water for input of VDISORT (Figure 5.4).

5.2.3 Simulation Results and Discussions

With the atmospheric profiles and hydrometeor profiles discussed in Section 5.2.2, and
the assumed ocean surface emissivity of 0.7 for all AMSU-B channels, the upwelling
TOA Tb’s at the AMSU-B frequencies are calculated with the VDISORT for different
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cloud ice particle size distributions (De varying in the range of 100–800µm). To confirm
with the observations, the effect of double side bands in the water vapor channels of
183.3GHz is taken into account by averaging the calculated values at Tb(182.3) and
Tb(184.3) for Tb(183.3 ± 1) , at Tb(180.3) and Tb(186.3) for Tb(183.3 ± 3) , at Tb(176.3)
and Tb(190.3) for Tb(183.3 ± 7) (Wang et al., 1997b). In order to compare simulated
results to the MIR observations of the case of January 22 1993 in TOGA COARE, the
hydrometeor profiles in the cloud anvil region are assumed to contain only cloud ice
above the altitude of 11 km when performing simulations of the cloud anvil associated
with the strong convection.

Figure 5.5: Dependence of the microwave brightness temperature differences at AMSU-B fre-
quencies on ice water path in strong convections.

Figures 5.5 and 5.6 show the dependence of microwave brightness temperature differ-
ences at the AMSU-B frequencies on the ice water path in strong convections and cloud
anvils, respectively. Comparing Figure 5.5 to Figures A.12 and A.13, it is found that the
simulations are general coincident with the observations, increasing with the ice water
path, the ∆Tb’s between the water vapor channels increase first, then decrease (large
De with strong convections) or become saturated (small De with weak convections). For
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Figure 5.6: Same as Figure 5.5, but for cloud anvil.

simulations of the cloud anvil, the ∆Tb’s between the water vapor channels monotonously
increase with the ice water path. However, ∆Tb(183.3± 1, 150) monotonously decreases
with increasing of ice water path at De ≤ 200µm, and it first decreases, then tends to
increase at De = 300µm. This behavior is due to the less influence of the weak cloud
anvil on the window channel of 150GHz, which results in more influence of the lower
atmosphere on Tb(150). Figure 5.6 shows that all ∆Tb’s are negative. However, in the
case studies in Chapter 4, ∆Tb’s between the water vapor channels also have positive
values in the region of the cloud anvil. For example, pixels 5–34 of the case of 25 January
1999 (Figure A.7). Possible reasons resulting in this behavior are the small ice water
path in this simulation (the cloud base of the cloud anvil is assumed to be over 11 km)
and the different structure of cloud anvil. This can be explained with the simulation
results in Figure 5.7 (here only ∆Tb(183.3 ± 1, 183.3 ± 7) is shown) which reveals the
influence of the structure and ice water path on the brightness temperatures (especially
at water vapor channels).
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Figure 5.7: Plots of microwave brightness temperature differences of ∆Tb(183.3± 1, 183.3± 7)
against ice water path in cloud anvil, (a), different ice water contents with the same cloud
base of 11 km, (b), different cloud bases. All data are model simulated for the same cloud ice
particle size distribution with De = 300µm.
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Both plots in Figure 5.7 show the dependence of ∆Tb(183.3± 1, 183.3± 7) on the ice
water path, and all model simulations are for the same modified Gamma distribution
with De = 300µm. But in plot (a), the base of the cloud anvil is fixed at 11 km, ice
water contents in each layer are one, two, four, and six times of the original ice water
contents in the cloud model; in plot (b), the cloud base of the cloud anvil is changed
from 8 to 11 km, the ice water contents are corresponding to the original one. From
plots (a) and (b), it is easily found that the ice water path and cloud structure of
the cloud anvil have large effects on ∆Tb between the water vapor channels. For the
simulations with the same cloud base of 11 km, the change of ∆Tb(183.3± 1, 183.3± 7)
as a function of the ice water path tends to be along the same track although the ice
water content profiles are different. Under this condition, ∆Tb(183.3± 1, 183.3± 7) has
a fixed dependence on the ice water path. For the simulations with different bases of
the cloud anvil, the changes of ∆Tb(183.3± 1, 183.3± 7) are along different tracks. The
changing ranges of ∆Tb(183.3 ± 1, 183.3 ± 7) for different cloud bases are larger than
those with the same cloud base and different ice water contents. Furthermore, at the
same values of ice water path, ∆Tb(183.3 ± 1, 183.3 ± 7) for different cloud bases are
much larger than those with the same cloud base and different ice water contents. In
summary, ∆Tb(183.3± 1, 183.3± 7) has a stronger dependence on the base height of the
anvil and information on cloud structure of cloud anvil is very useful to understand the
effects of ice water path on microwave brightness temperatures.
Figure 5.8 shows the scatter plots of the simulated values and the observational data of

MIR between ∆Tb(183.3±1, 150) and Tb(183.3±1), and between ∆Tb(183.3±1, 183.3±7)
and Tb(183.3 ± 1). The curves in the figure show the simulations, the dots show the
MIR observations, and all values are at nadir. In both plots (a) and (b), the common
starting points of the simulation curves near the lower-right corner correspond to clear
sky conditions. The lower family of curves represents cloud anvils, the upper family of
curves represents precipitating cloud systems, a thick ice cloud on the top and liquid
water in the middle as well as rain water from the freezing level down to the ground
from the simple precipitation cloud model discussed in Section 5.2.2. These two types of
clouds are separated by the line of ∆Tb = 0K, which is denoted by the thin horizontal
line. The variable color tone of each curve represents the ice water path according to
the color scale on the right. The effective diameter De is constant for each curve, and
increases from 100 to 800µm within each family of curves from bottom to top. The
small numbers along the upper families of curves indicate the rainrate in mmhr−1.
Some features discussed for the observations in Chapter 4 are reproduced by the

model calculations. The clear separation between the tracks of cloud anvils and convec-
tive storms is very obvious. For both the cloud anvil and strong convection, the tracks
of the curves seem to be related to cloud ice particle size distribution. Along the tracks,
the ice water path generally monotonically increases, this feature is coincident with the
generally monotonically changing of Z(8−12 km) along the tracks of the cases of obser-
vations (e.g., Figure 4.25). Most of the measurement points (observed ∆T ’s and Tb’s)
can be interpreted in terms of the diagrams which show the varying cloud ice parti-
cle size distribution (parameter of curves) and the ice water path (and accordingly the
rainrate) in Figure 5.8. However, many points can not be interpreted in these terms.
The reasons include the effects of cloud structures, the cloud ice density, more realistic
hydrometeor types, and etc. The used precipitating cloud model adapted from Wu and
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Figure 5.8: Scatter plots of microwave brightness temperature differences and brightness tem-
peratures from aircraft observations and model simulations. Curves are from model simulations,
and points are from aircraft observations. See details in text.
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Weinman (1984) is rather schematic and distinguishes only the hydrometeor types pre-
cipitation, cloud ice, and cloud liquid water. The cloud density here used only taken by
the bulk density of the ice particle, but the density of ice particles ranges from 0.5 to
0.8 g cm−3 (Parrish and Heymsfield, 1985). So a retrieval based on this type of diagrams
therefore would need improving on these points, more realistic simulations are done in
the following sections to get further understanding.
In summary, although there are still many parameters of a storm system which in-

fluence the measurements of AMSU-B, they have the potential to discriminate between
the cloud anvil and strong convection, and finally to determine the ice water path (es-
pecially for the cloud anvil) if we can get more information on the cloud ice particle size
distribution and the cloud structure.

5.3 Simulations with Hydrometeor Profiles Derived
from Radar

From the discussion of the simulations in Section 5.2, it was found that it is difficult to
relate the simulations directly to observations because the structure of the observed case
may be different from that of the simple cloud model (Figure 5.3) used for the simula-
tions. As discussed in Section 4.2, simultaneously observed radar data can provide some
information on the vertical hydrometeor structures which are helpful for understanding
the microwave radiometric signatures (Yeh et al., 1990; Wang et al., 1994; Heymsfield
et al., 1996; Wang et al., 1997b, 1998).
To understand the relation between the microphysical structure of clouds and up-

welling brightness temperatures, using the hydrometeor profiles derived from ground-
based radar data of a storm, model simulations of aircraft multichannel microwave
brightness temperatures at 18, 37, 92, and 181GHz were performed, and compared
to the aircraft measurements (Yeh et al., 1990). But, in their investigations, only the
181GHz channel of the three channels centered at the water vapor absorption line at
183GHz was discussed because of pre-flight instrument calibration errors. For the strong
convection system of 25 January 1999 during the TRMM LBA, there are the simultane-
ous aircraft observed radar data and microwave radiometer data available including all
three channels centered at the water vapor absorption line of 183GHz. In this section,
this case is studied using the VDISORT model to simulate the aircraft microwave mea-
surements at the AMSU-B frequencies. The simultaneous EDOP radar data are used to
derive the vertical hydrometeor profiles, which are input parameters to the VDISORT
model, and then compared to the simultaneous observations at the AMSU-B frequen-
cies. At the same time, the cloud ice particle size is varied through the simulations. The
comparison will help to improve our understanding of the effects of some parameters of
storms, such as particle size distribution on the measurements of AMSU-B.
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5.3.1 Hydrometeor and Atmospheric Profiles

Humidity and Temperature Profiles

Upper atmospheric sounding data during TRMM LBA were collected at four locations.
However, there is only one observation obtained at 21:00UTC on 25 January at the
station of Rebio Jaru (10.14◦S, 61.98◦W), which was near the case of 25 January 1999 in
space and time. For the model simulations of the case of 25 January 1999, all temperature
profiles used are those observed at the station of Rebio Jaru at 21:00UTC, The humidity
profile is assumed saturated below 16 km, the humidity profile in the standard tropic
atmosphere is used for altitudes above 18 km, and between 16 and 18 km the humidity
linearly decreases. The temperature and humidity profiles with respect to water used
for simulations in this section are shown in Figure 5.9.

Figure 5.9: The temperature and relative humidity profiles used in this simulations of the
TRMM LBA case of 25 January 1999. The solid line is the temperature profile, and the dotted
line is the humidity profile with convections.

Construction of Hydrometeor Profiles

Hydrometeor profiles derived from radar reflectivity have been presented in many stud-
ies (e.g., Battan, 1973; Heymsfield and Fulton, 1988; Black, 1990; Adler et al., 1990;
Gamache et al., 1993; Cifelli et al., 2002; Jiang and Zipser, 2003; Zipser and Jiang,
2003). In this section, the EDOP radar observations are used to obtain the vertical pro-
files of ice and liquid water contents in the cloud anvil and convective regions in the case
of 25 January 1999 during the TRMM LBA campaign.
The cloud system is assumed to be a mixed phase cloud system, so EDOP radar re-

flectivity is divided into two parts, one part due to liquid water and another part due
to cloud ice. The mixed phase region is defined from the freezing level (0◦C) to the level
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at the phase transition temperature, set to −30◦C, −20◦C, and −10◦C by Yeh et al.
(1990) in their model simulation. Actually, cloud droplets may stay in a metastable
liquid condition down to about −40◦C (Korolev et al., 2003), In the present study, the
simulations will be performed with three different definitions of the mixed layer, namely
−35◦C . . . 0◦C, −25◦C . . . 0◦C, and −15◦C . . . 0◦C. Here, each vertical hydrometeor pro-
file is divided into three different layers. These are, from top to bottom, the first layer,
above the level of the phase transition temperature, consisting of cloud ice particles only;
the second layer is the mixed phase region, which includes both cloud ice particles and
liquid water; and the third layer, below the freezing level, consisting of rain water only.
In the first layer, the method used to derive the vertical ice water content profiles is the
empirical Z − IWC relationship of Black (1990),

IWC = 10(Z−28.26)/17.9 ( gm−3) , (5.8)

where Z is the measured reflectivity in dBZ. Because of difficulties in separating the
surface radar return from the hydrometeors at the first 500m above the surface, Z

below 500m is assumed to Z at the level of 500m (Marzano et al., 1999; Skofronick-
Jackson et al., 2003). In the third layer, the method used to derive the vertical liquid
water content profiles from vertical profiles of reflectivity at arbitrary locations along
the flight line is the empirical Z − LWC relationship by Battan (1973),

LWC =

(
10Z/10

24000

)0.549

( gm−3) . (5.9)

In the second layer, the ice fraction IF based on temperatures is used to separate the
two parts of EDOP radar reflectivity,

IF = − t− 0

0− t0
= − t

t0
, (5.10)

where t is the temperature in ◦C, and t0 is the transition temperature in ◦C. The two
parts of the EDOP radar reflectivity due to cloud ice and liquid water, Zi and Zl can
be obtained from,

Zi = IF ·Z , Zl = (1− IF) · Z , (5.11)

where Z is the total EDOP reflectivity. Especially, when considering the mixed phase
region between −15◦C and 0◦C, the cloud anvil region is assumed to be cloud ice only.
Then, inserting Zi and Zl into Equations (5.8) and (5.9), respectively, the cloud ice water
content and liquid water content in the mixed phase region can be obtained. Because
of the inherent variations in ice particle size distributions and concentrations in the
convective and cloud anvil regions, different Z − IWC relationships are suggested to be
used in corresponding regions. The supercell of the case of 25 January 1999 was over
land, so in the cloud anvil region the Z − IWC relationship as derived from continental
thunderstorm anvils (Heymsfield, 1986) is used here for the simulation,

IWC = 10(Z−24.2)/14.7 ( gm−3) . (5.12)

The vertical spatial resolution of EDOP is 37.5m, which results in over 500 layers
for one profile between 0 and 19 km. Such a profile with over 500 layers needs so much
computing time for the simulation that the vertical resolution had to be decreased to
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450m by interpolation. During the flight, one profile is taken each 3.5 s corresponding to
a sampling distance of 700m. Also, the atmospheric profiles are interpolated into layers
with the same vertical resolution.
Ice water contents and liquid water contents derived from EDOP radar reflectivi-

ties are shown in Figures 5.10 – 5.12 for the three given definitions of the mixed layer.
When the phase transition temperature increases from −35◦C to −15◦C, some features

Figure 5.10: The ice water content (a) and liquid water content (b) derived from EDOP
radar reflectivities for the case of 25 January 1999. The mixed phase layer is in the range of
−35◦ . . . 0◦C.

documented by Yeh et al. (1990) are also observed. The ice water contents increase in
the mixed phase region, and their gradients become stronger; the maximum ice con-
tent content also increases and moves to lower altitudes; the maxima are 4.13 gm−3

at 10.35 km, 4.13 gm−3 at 10.35 km, 5.90 gm−3 at 7.65 km, respectively. In the mixed
phase region, with the decreasing of the phase transition temperature the liquid water
content increases and extends to higher altitudes. Below the freezing level (about 5 km
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Figure 5.11: Same as Figure 5.10, but the mixed phase layer is in the range of −25◦ . . . 0◦C.

for this case), the liquid water contents are the same for the different phase transition
temperatures because using the same Z − LWC. All maxima of liquid water content is
3.46 gm−3 at 4.95 km.

5.3.2 Simulation Results and Discussions

Using the hydrometeor profiles derived from aircraft EDOP radar in Section 5.3.1 as
the input parameters for the VDISORT model, the upwelling brightness temperatures at
the frequencies of AMSU-B are simulated with a fixed surface emissivity of 0.9 (Muller
et al., 1994). In order to compare the simulation to the simultaneous aircraft microwave
brightness temperature observations, only upwelling brightness temperatures at nadir
are simulated. As documented in Section 5.2.3, the effect of the double response side
band in the water vapor channels at 183.3GHz is taken into account by averaging the
values calculated at both side bands. The modified Gamma distribution with three
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Figure 5.12: Same as Figure 5.10, but The mixed phase layer is in the range of −15◦ . . . 0◦C,
and the cloud anvil region contains only cloud ice.

different values for the different effective diameter De (100, 300, and 500µm) are used
for the cloud ice particle size distribution in this section.

Results with Different Mixed Layers

In this section, the simulated brightness temperatures with the three different mixed
layer definitions (phase transition temperatures at −35◦C, −25◦C, and −15◦C, respec-
tively) are discussed, and compared to aircraft measurements to check the influence of
the cloud structure on the brightness temperatures. All simulated results in this sec-
tion are simulated with the modified Gamma distribution (De = 300µm). The model
simulations for different mixed layers are shown in Figures 5.13 – 5.15, corresponding to
phase transition at −35◦C, −25◦C, and −15◦C, respectively. Solid lines show the model
simulation results, dotted lines show the aircraft observations, and same colors mean
same frequencies or frequency differences. The cloud ice path, cloud liquid water path,
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Figure 5.13: Comparison of observed and simulated microwave brightness temperatures using
the Gamma size distribution (De = 300µm) for the flight on 25 January 1999 at AMSU-
B frequencies. The solid lines show the simulated results, the dotted lines show the aircraft
observations, and the colors are labeled for different frequencies or frequency differences. The
mixed phase layer is from 0◦C to −35◦C.

and rain water path of the whole hydrometeor profile and the cloud ice path of the
hydrometeor profile above 10 km are shown in Figure 5.16.
As shown in Figures 5.13 – 5.15, almost all simulated brightness temperatures are

much warmer than their corresponding observations in most region over a storm. All
simulated brightness temperatures differ slightly from the corresponding observations
(less than 5K) in clear sky (221730 to 221742UTC and 222300 to 222330UTC). When
the phase transition temperature is at −35◦C and −25◦C, the simulated brightness
temperatures generally have shapes similar to the ones of the corresponding observa-
tions, but with a less pronounced brightness temperature depression. However, when the
phase transition temperature is −15◦C, the simulated Tb(150) and Tb(183.3 ± 7) have
shapes different from the corresponding observation near the strong convective core re-
gion (222030 to 222130UTC). In this region, all observed brightness temperatures are
strongly reduced. But the simulated Tb(150) and Tb(183.3 ± 7) tend to increase first,
then remain nearly constant, and decrease at last. In the region of the strong convec-
tive core (around 222100UTC), for all simulated brightness temperatures, Tb(183.3±1),
Tb(183.3± 3), and Tb(183.3± 7) tend to saturate at about 157K, which is much smaller
than their corresponding observed values (Tb(183.3±1) is about 77K, Tb(183.3±3) and
Tb(183.3 ± 7) are about 70K). However, as shown in Figure 5.16, the whole ice water
path and the ice water path above 10 km are larger than 10 kgm2 around 2221UTC. It
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Figure 5.14: Same as Figure 5.13, but the mixed phase layer is from 0◦C to −25◦C.

Figure 5.15: Same ss in Figure 5.13, but the mixed phase layer is from 0◦C to −15◦C and it is
assumed to be only cloud ice in the cloud anvil region.
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Figure 5.16: The cloud ice path, cloud liquid water path, and rain water path of the hydrom-
eteor profile derived from EDOP radar data along the flight on 25 January 1999. The phase
transition temperature is from −35◦C to −15◦C.

seems that the saturation of Tb(183.3±1), Tb(183.3±3), and Tb(183.3±7) are due to the
influence of cloud ice, which is discussed in Section A.2.1 (Figure A.13). All simulated
brightness temperatures generally decrease with the increasing of the ice water path in
the region of the cloud anvil (221745 to 221936UTC).
The differences of simulated brightness temperatures at the three water vapor chan-

nels of AMSU-B also generally have similar shapes as the observed ones. All simulated
brightness temperature differences have small differences from corresponding observa-
tions (less than 2K) in clear sky (221730 to 221742UTC). When the phase transi-
tion temperature is increased stepwise from −35◦C to −15◦C, the simulated brightness
temperature differences generally also increase, and the crossover points appear more
clearly. When the phase transition temperature is assumed at −35◦C and −25◦C, the
simulated brightness temperatures have a feature similar to the observations, which is
∆Tb(183.3 ± 1, 183.3 ± 7) > ∆Tb(183.3 ± 1, 183.3 ± 3) > ∆Tb(183.3 ± 3, 183.3 ± 7) in
the region where ∆Tb(183.3 ± 1, 183.3 ± 7) > 0K, ∆Tb(183.3 ± 1, 183.3 ± 3) > 0K,
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and ∆Tb(183.3 ± 3, 183.3 ± 7) > 0K. However, when the phase transition temperature
is set at −15◦C, this relation does no more hold in the regions from 221848 to 221918
UTC and from 222124 to 222200UTC. Moreover, all simulated brightness temperature
differences tend to 0K in the region near the strong convective core, and the simu-
lated ∆Tb(183.3 ± 3, 183.3 ± 7) is more closer to the observed one than the simulated
∆Tb(183.3±1, 183.3±7) and ∆Tb(183.3±1, 183.3±3). This behavior is probably due to
the large cloud ice amount above the altitude of 10 km (see Figure 5.16). When the phase
transition temperature is at −35◦C and −25◦C, the simulated brightness temperature
differences have a general positive correlation with the cloud ice path in the region of
the cloud anvil (221745 to 221936UTC).

Effect of Particle Size Distribution

All simulation results in this section use the phase transition temperature of −35◦C. The
model simulations for different particle size distributions (De = 100, 300, and 500µm)
are shown in Figures 5.17 and 5.18.
Profiles of the simulated brightness temperatures using different cloud ice particle

size distributions (De = 100, 300, and 500µm) have generally similar shapes as the
ones of the observed brightness temperatures. When the effective diameter is changed
from De = 100µm to De = 500µm, the simulated brightness temperatures decrease
and approach the aircraft observations. At the same time, the simulated brightness
temperatures at each frequency decrease faster when approaching the convective core.
The simulated Tb(89) are less sensitive to the particle size distributions with De =
100µm and De = 300µm than those at the other frequencies. This behavior confirms
that the higher frequencies are more sensitive to small particles than low frequencies. The
simulated brightness temperatures at frequencies larger than 150GHz tend to saturate
near the strong convective core when using particle size distributions with De = 300µm
and De = 500µm.
Profiles of simulated brightness temperature differences using different cloud ice par-

ticle size distributions of De = 300µm and De = 500µm have generally similar shapes
to aircraft observations except in the region near the strong convective core. Especially,
the cloud ice particle size distribution of De = 500µm tends to have results closer to the
observed data at all frequencies. The cloud ice particle size distribution of De = 100µm
has large differences from the observed data. The simulated brightness temperature dif-
ferences in the region of the convective core are almost 0K when the cloud ice particle
size distribution is De = 300µm and De = 500µm. From Figure 5.16, the cloud ice path
is over 10 kgm−2 in the region of the strong convective core, and it is still over 10 kgm−2

above the altitude of 10 km. The saturation of the brightness temperature differences is
probably due to the larger cloud ice content in the upper layers above 10 km. This is
discussed in the following section.
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Figure 5.17: Comparison of measured and simulated microwave brightness temperatures using
different modified Gamma distributions (De = 100, 300, and 500µm) for the flight on 25
January 1999 at the frequencies of 89, 150, 183.3 ± 1, 183.3 ± 3GHz. The mixed phase layer
extends between 0◦C layer and −35◦C layer.

5.3.3 Effects of Cloud Structure

From the discussion in the above section, the brightness temperatures at the three water
vapor channels near 183.3GHz are near to be saturated at the region near the convective
core. As discussed in Section 5.3.2, the saturation is probably due to contributions in
the upper layers above 10 km. Figure 5.19 shows the averaged hydrometeor profiles near
the convective core when the phase transition temperature is at −35◦C, −25◦C, and
−15◦C, respectively. In all three cases, the cloud ice contents are the same above an
altitude of 10 km, and the resulting Tb(183.3± 1), Tb(183.3± 1), and Tb(183.3± 1) with
the averaged hydrometeor profiles are saturated near 159 and 149K for De = 300µm
and De = 500µm, respectively.
To understand the effects of the cloud ice in the upper layers above 10 km on brightness

temperatures, the averaged cloud ice profile near the convective core is changed to do
some further simulations. The cloud ice contents below 10 km are kept as before, the
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Figure 5.18: Same as in Figure 5.17, but at the frequency of 183.3 ± 7, and for ∆Tb(183.3 ±
1, 183.3± 7), ∆Tb(183.3± 3, 183.3± 7), and ∆Tb(183.3± 1, 183.3± 3).

cloud ice contents above 10 km is changed by multiplying 0.0001, 0.001, 0.01, 0.05,
0.1, 0.5, and 1.0. With the changed profiles, the variations of brightness temperatures
are shown in Figure 5.20. The observed brightness temperatures are also shown for
comparison. It is found that, with increasing ice water content above 10 km, Tb(150) and
Tb(183.3±7) increase, Tb(183.3±1) and Tb(89) decreases, and Tb(183.3±3) mostly keeps
the same value. Furthermore, all frequencies tend to the same brightness temperature
except at 89GHz. The different variations of Tb reveal the effects of cloud structure due
to changes of ice water content above 10 km.

5.4 Simulations Using the GCE Cloud Model
In Sections 5.2 and 5.3, the simulations used two kinds of hydrometeors in the storms:
precipitating cloud ice and liquid water. In fact, the situation of hydrometeors in a storm
is more complicated. There are many kinds of hydrometeors, such as cloud liquid water,
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Figure 5.19: The averaged hydrometeor profiles of rain water, cloud liquid water, and cloud
ice near the convective core with the phase transition temperatures −35◦C, −25◦C, −15◦C,
respectively.

Figure 5.20: Simulated results with different cloud ice profiles at the convective core with phase
transition temperature −15◦C and De = 300µm. MIR observations at the convective core are
also shown by color points in the left-bottom corner of the figure. The numbers labeled along
the x-axis describe the cloud ice contents above 10 km.
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rain water, pristine (cloud) ice, snow, graupel, and aggregates. In this part, in order to
make the simulations more realistic, a cloud model producing all these hydrometeors for
the radiative transfer model is being used. The microphysical cloud data are from the
Goddard Cumulus Ensemble (GCE) simulation of the convective squall line on 22 Febru-
ary 1993 (these data are friendly obtained from Skofronick-Jackson). The microphysical
information at each layer includes height, pressure, temperature, relative humidity, and
hydrometeor densities for cloud liquid water, rain water, cloud ice, snow, and graupel.
Then, the microwave brightness temperatures at the AMSU-B channels are calculated
with the five hydrometeors to investigate the influence of convection.

5.4.1 Simulations of Convective Squall Line

The microphysical cloud data used in this part represent at the time steps 240 (mature
stage) and 360min (dissipating stage) of the model run (Skofronick-Jackson et al., 2002).
The distributions of the liquid water and ice water paths at time of 240 and 360min are
shown in Figure 5.21, respectively. The horizontal distribution of microphysical cloud
data is 128×128 pixels at 1.5 km resolution. The vertical distribution of the microphysical
cloud data is 31 layers up to 20 km with the vertical resolution varying from 0.2 to 1.0 km
from the surface to the top. Figure 5.22 displays the cloud top heights for the modeled
cloud data at time steps of 240 and 360min, respectively.
Before simulating microwave brightness temperatures using the model VDISORT,

some characteristics assumed in this section for the five hydrometeors are given in Ta-
ble 5.3 (for details of the parameters see Table 5.2). The surface emissivity is assumed

Table 5.3: Hydrometeor Parameters.

Hydrometeor ρ α N0 De Dmin, Dmax

[ g cm−3] [µm] [mm]

cloud liquid water 1.0 2 N0(ρ,w, α) 10 0.005, 2.005
rain liquid water 1.0 1 N0(ρ,w, α) 500 0.005, 4.005
cloud ice 0.92 2 N0(ρ,w, α) 50 0.005, 2.005
snow 0.1 1 N0(ρ,w, α) 500 0.005, 4.005
graupel 0.6 1 N0(ρ,w, α) 500 0.005, 4.005

to be 0.7 for the ocean surface. The local zenith angle is fixed at 0◦. Then, with the pro-
files of the microphysical cloud data, as well as the height, temperature, and humidity,
the microwave brightness temperatures at the frequencies of AMSU-B are simulated at
time steps of 240 and 360min (shown in Figures 5.23 and 5.24), respectively. For the
three water vapor channels near 183.3GHz, the brightness temperatures are averaged
for both side bands (Wang et al., 1997b). In order to separate the influence of cloud ice
on microwave brightness temperatures, additional radiative transfer simulations with all
ice water contents set to 0 gm−2 are performed. The simulation brightness temperatures
are only due to liquid water (cloud liquid water and rain water). They are shown in
Figures 5.25 and 5.26, respectively.
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Figure 5.21: Distributions of liquid water path and ice water path from GCE model simulation
for a squall line at time steps of 240 and 360min, respectively.

Both Figures use the same colorcode as those in Figures 5.23 and 5.24 in order to
demonstrate the influence of the cloud ice on brightness temperatures. Comparing the
simulated brightness temperatures generated with all hydrometeors and with liquid wa-
ter only, it is obvious that the cloud ice has a large influence on the AMSU-B bright-
ness temperatures. Especailly at the three water vapor channels around 183.3GHz, the
frequencies farther away from the water vapor absorption center (183.3GHz) show a
stronger influence. For example, the highest brightness temperature differences caused
by atmospheric ice are 87, 133, 115, 68, and 19K for 89, 150, 183.3± 7, 183.3± 3, and
183.3± 1GHz at the time step of 240min. Tb(183.3± 7) are closer to Tb(150), and their
larger brightness temperature depressions correspond to the large ice water paths in
Figure 5.21. Tb(183.3± 1) has smallest brightness temperature depressions where there
are large ice water paths. However, Tb(183.3 ± 1) generated with all hydrometeors and
Tb(183.3±1) generated with liquid water only differ only slightly in most cirrus areas (as
indicated in Figure 5.27). Their brightness temperatures are about 240K. This behavior
will be further discussed in Section 5.4.3
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Figure 5.22: Cloud top heights of the simulated squall line at the time steps of 240 and 360min.

5.4.2 Correlation Between Simulated Brightness Temperatures
and Ice Water Path

In this part, the simulated brightness temperatures are related to the ice water paths
from the GCE model. In order to check the influence of different clouds on the brightness
temperatures, the cloud model data at 240 and 360min are classified into three kinds
of cloud: strong convective core, cirrus cloud, and other clouds. The criterion to dis-
criminate the strong convective core (or deep convective core) is based on the criterion
discussed in Chapter 4 and again in Section 7.2, which is ∆Tb(183.3± 1, 183.3± 7) ≥ 0,
∆Tb(183.3± 1, 183.3± 3) ≥ 0, and ∆Tb(183.3± 3, 183.3± 7) ≥ 0. The results of discrim-
inating strong convective cores (probably including some thick cloud anvil areas) are
shown in Figure 5.27 in red. Comparing Figure 5.27 to Figure 5.21, the strong convec-
tive cores match with high ice water path areas quite well. The criterion to discriminate
cirrus clouds is based on the method by Mace et al. (2001) and Luo et al. (2002). Ac-
cording to their method, in a cirrus cloud layer, the temperature at the cloud top must
be less than -35◦C and the temperature at the level of maximum total ice water content
must be less than -20◦C. This criterion ensures that the ice microphysical processes are
dominant in the generation region near the cloud top, but it excludes deep cloud layers
that are capped by ice-phase clouds (Luo et al., 2002). Combining the criteria to dis-
criminate strong convective cores and cirrus clouds, cloud model data are classified as
in Figure 5.27.
With the classified cloud data, the influence of different clouds on brightness temper-

atures are shown in Figure 5.28. Here, only the scatter plots of ∆Tb(183.3±1, 183.3±7)
and Tb(183.3±7) are shown. All other pairs of brightness temperature differences at the
three water vapor channels of AMSU-B show similar results. In Figure 5.28, all scatter
points are clearly separated into four clusters. There is some overlap between thin cirrus
clouds and clear sky in the right lower corner of the scatter plots. This behavior is due to
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Figure 5.23: Simulated brightness temperatures at the frequencies of (a) 89GHz, (b) 150GHz,
(c) 183.3±7GHz, (d) 183.3±3GHz, and (e) 183.3±1GHz over the squall line on 22 February
1993 in TOGA COARE at the time step of 240min.

the small influence of thin cirrus clouds on AMSU-B frequencies, for further discussions
see Section 5.4.3.
The scatter plots of brightness temperature differences and brightness temperatures

at the water vapor channels of AMSU-B are related to the total ice water path (total
summed path of cloud ice, and graupel) in order to understand the influence of total ice
water path on brightness temperatures. Here, as an example, only the scatter plots of
∆Tb(183.3± 1, 183.3± 7) and Tb(183.3± 7) are shown in Figure 5.29. With decreasing
Tb(183.3±7) and increasing ∆Tb(183.3±1, 183.3±7), the total ice water path generally
increases. This monotonic feature reveals that the scatter plots of ∆Tb(183.3±1, 183.3±
7) and Tb(183.3 ± 7) mainly depend on the total ice water path. It also indicates the
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Figure 5.24: Same as Figure 5.23, but at the time step of 360min.

potential of estimating cloud ice amount using water vapor channels of AMSU-B, see
Section 7.3.

5.4.3 Influence of Clouds on Brightness Temperatures: Case
Studies in Cross Section

To better understand the influence of clouds on brightness temperatures, some cases
for different cloud types classified in Section 5.4.2 are studied in this part using their
cross section data. Figures 5.30 and 5.31 demonstrate the influence of clouds with strong
convective cores, Figure 5.32 that of thin cirrus clouds, and Figure 5.33 that of thick
cirrus clouds. In all of these figures, (a) shows the simulated brightness temperatures
which are generated with all hydrometeors and only liquid water along one cross section,
respectively, and (b) shows the corresponding water paths for different hydrometeors.
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Figure 5.25: Same as Figure 5.23, but without cloud ice.

In (a), the solid lines indicate the simulated brightness temperatures generated with all
hydrometeors, the dotted lines indicate the simulated brightness temperatures generated
with only liquid water.

Case for Cloud with Strong Convective Core at y-pixel 38

Figure 5.30 shows the profiles along the x-direction when y is at pixel 38 and the time
step is at 240min. In the strong convective core around point A where the total ice
water path is over 18 kgm−2 and the total liquid water path (total summed path of rain
and cloud water) is near 11 kgm−2, Tb(150) shows largest depression, then in sequence,
Tb(183.3±7), Tb(89), Tb(183.3±3), and Tb(183.3±1). The simulated brightness temper-
atures without clouds are assumed to be the background temperatures. The depression
caused by hydrometeors was determined as the difference between the brightness tem-
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Figure 5.26: Same as Figure 5.24, but without cloud ice.

perature simulated with hydrometeors and the background temperatures. The values
are given in Table 5.4 The water vapor channel farthest from the center of the ab-
sorption line (183.3 ± 7) has the largest depression. Those for the channels nearer the
center of the absorption line are smaller. From this behavior, it is obvious that strong
convective cores can result in large brightness temperature depressions at the AMSU-B
frequencies. In order to separate the contributions of liquid water and ice, the simulated
brightness temperatures generated with only liquid water are compared to the simulated
brightness temperatures generated with all hydrometeors. The resulting brightness tem-
perature depressions due to liquid water only are also given in Table 5.4. It is obvious
that the brightness temperature depressions generated with all hydrometeors are mainly
due to atmospheric ice. The brightness temperature depressions due to all atmospheric
ice have also been determined by separate simulations, the results are also shown in
Table 5.4. Although the largest brightness temperature depressions have different values
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Figure 5.27: Cloud cover (cloud top height above 1 km, cirrus cloud, and strong convective
cores at time steps of 240 and 360min.

Table 5.4: Brightness temperature depressions.

Frequency [GHz] 89 150 183.3± 7 183.3± 3 183.3± 1
Strong convective core at (63, 38) (Figure 5.30)

Total depression [K] 95 148 117 66 16
Depression by liquid [K] 13 21 9 3 0.4
Depression by ice [K] 76 118 107 63 15

Strong convective core at (58, 28) (Figure 5.31)
Total depression [K] 78 133 99 46 8
Depression by liquid [K] 13 19 5 1 0.2
Depression by ice [K] 66 114 94 45 8

at different frequencies, they are all located at the same x-pixel 63, where the largest
column-integrated ice is found.
Around point B (at x = 41), there are some small peaks for column integrated cloud

hydrometeors. Comparing the simulated brightness temperatures to column integrated
cloud hydrometeors, it is found that the largest brightness temperature depressions
due to atmospheric ice at frequencies of 89 and 150GHz correspond to the peak of
column integrated graupel amount, those at water vapor channel correspond to the
peaks of column integrated cloud ice and snow amounts. To understand this feature,
the total ice water content (total summed content of snow, cloud ice, and graupel) is
shown in Figure 5.34. Around point B, from the left side to the right side, the total
ice water content increases and the level of larger total ice water content decreases.
The mismatching of the largest brightness temperature depressions at the AMSU-B
frequencies is probably due to the vertical distribution of total ice water content and
the tilted structure of the cloud. Even for the three water vapor channels, the largest
depressions also have some horizontal displacements with respect to each other. By
comparing the brightness temperature depressions at point A and B, it is found that
the cloud structure has an influence on AMSU-B brightness temperatures. This will be
further discussed in Section 7.1.
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Figure 5.28: Scatter plots of microwave brightness temperature differences and brightness tem-
peratures from model simulations for different cloud classes at time steps of (a) 240min, and
(b) 360min.

Case for Cloud with Strong Convective Core at x-pixel 58

Figure 5.31 shows the profiles for another strong convective core along the y-direction
of the model data in Figure 5.27 when x is at pixel 58 at time step 360min. The
strong convective core appears around point A where the total ice water path takes the
maximum value above 12.6 kgm−2 (Figure 5.35(d)). Although the strong convective core
in Figure 5.31 is weaker than the one in Figure 5.30, they have some common features.
Tb(150) has the largest depression, then in sequence, Tb(183.3±7), Tb(89), Tb(183.3±3),
and Tb(183.3± 1). Their corresponding brightness temperature depressions are given in
Table 5.4.
In Figure 5.35, variations of brightness temperature depressions due to liquid water

only and those due to all atmospheric ice at the AMSU-B channels are compared to
the variation of total liquid water path and total ice water path. It is obvious that the
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Figure 5.29: Scatter plots of microwave brightness temperature differences and brightness tem-
peratures from model simulations at time steps of (a) 240min, and (b) 360min. Color indicates
the total ice water path in units of kgm−2.

brightness temperatures at 150 and 89GHz show a larger influence from liquid water
than the three water vapor channels. Especailly for 150GHz, although it has the largest
influence from atmospheric ice (e.g., points A and D), at the same time, it also has
the largest influence from liquid water. An important feature of the three water vapor
channels is that the influence of liquid water is smaller and has a positive correlation.
This behavior reveals that the differences between the three water vapor channels can
probably remove the influence from liquid water, and almost all contributions to them
are due to atmospheric ice (Figure 5.35(c)). ∆Tb(183.3± 1, 183.3± 7) and ∆Tb(183.3±
3, 183.3±7) have high correlation with the total ice water path (Figure 5.35(c) and (d)).
This suggests that the three water vapor channels have the potential to estimate the
atmospheric ice amount.
The total liquid water and ice water contents are shown in Figure 5.36. At point
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Figure 5.30: Profiles along y-pixel 38 at time step 240min with the convective core centered
at x = 62. (a) Simulated brightness temperatures. (b) Column-integrated water vapor and
hydrometeors.

D, cloud top height is near 8 km, the precipitation core and the maximum value of
total ice water content is below 6 km. At point C, cloud top height is near 10 km, the
maximum values of total liquid water content and total ice water content is near 6 km.
From Figure 5.35(a) and (b), 183.3±1 and 183.3±3GHz mostly have no influence from
liquid water and atmospheric ice at points C and D. The cloud region near point B seems
to be an anvil cloud. The anvil cloud top height is about 14 km, all three water vapor
channels influenced by atmospheric ice. At the same time, 183.3± 7 and 183.3± 3GHz
have much larger influence from atmospheric ice than 183.3 ± 1GHz, which is similar
to what we have seen at a strong convective core (point A). This shows the importance
of the height of hydrometeors on the brightness temperatures. Water vapor channels
farther from the absorption center are more sensitive to lower hydrometeors, for further
discussion see Chapter 6.
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Figure 5.31: Same as Figure 5.30, but for profiles of the simulation along x-pixel 58 at time
step 360min showing several convective cores.

Case for Cirrus Cloud at y-pixels 0 and 11

Figures 5.32 and 5.33 show the influence of thin cirrus clouds and thick cirrus clouds on
brightness temperatures at AMSU-B channels, respectively. Because their liquid water
contents are very small, their influence on the brightness temperatures is also small.
Comparing the simulated brightness temperatures with only liquid water to those with-
out hydrometeors, it is found that the influence due to only liquid water is less than
0.2K for a thin cirrus cloud and less than 0.5K for a thick cirrus cloud. For the water
vapor channels, their influence from liquid water is also smaller. Channels nearer to the
water vapor absorption center almost have no influence from liquid water. So the influ-
ence on brightness temperatures at AMSU-B channels is also mainly from atmospheric
ice in cirrus clouds.
For the case of a thin cirrus cloud in Figure 5.32, around x-pixel 40, the total ice water

path was a maximum value of 0.24 gm−3. The depressions due to atmospheric ice are
less than 0.5, 1.5, 1.5, 1.1, and 0.6K at 89, 150, 183.3± 7, 183.3± 7, and 183.3± 7GHz,
respectively. From Table 3.1, the temperature sensitivities are 1.0, 1.0, 1.1, 1.0, 1.2K at
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Figure 5.32: Same as Figure 5.30, but for profiles of the simulation along y-pixel 0 at time step
360min with thin cirrus cloud at x = 0 . . . 50.

89, 150, 183.3± 7, 183.3± 7, and 183.3± 7GHz, respectively. So AMSU-B channels are
not sensitive to a cirrus cloud with total ice water path below 0.2–0.3 kgm−2.
When the cirrus clouds become thicker (Figure 5.33), the influence due to atmospheric

ice increases also. Around x-pixel 46, the total ice water path reaches the maximum value
of 0.76 gm−3. The depressions due to atmospheric ice is 2.2, 7.9, 7.0, 3.0, and 1.0K at
89, 150, 183.3 ± 7, 183.3 ± 7, and 183.3 ± 7GHz, respectively. The depressions in this
case have a high correlation with the total ice path. This feature is shown in Figure 5.37.
Comparing the case of a thin cirrus cloud with the case of a thick cirrus cloud, it is found
that the high frequencies of AMSU-B can probably be used to estimate the total ice in
a thick cirrus cloud (this is also confirmed in Figure 5.38(b)). Furthermore, as discussed
for point B in the case of strong convection at x-pixel 58, the region around point B
is the cloud anvil (or anvil cirrus). In this area, the influence from atmospheric ice on
the high frequencies of AMSU-B is more obvious. This behavior matches well with the
observations in cloud anvil regions (i.e., case of 26 August 1998 in Section 4.2.3). So
water vapor channels also have the potential to estimate the total ice in the cloud anvil
generated by strong convection.
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Figure 5.33: Same as Figure 5.30, but for profiles of the simulation along y-pixel 11 at time
step 360min with thick cirrus cloud at x = 35 . . . 60.

To further understand the influence of atmospheric ice on the brightness temperatures
at the AMSU-B water vapor channels, brightness temperature differences and brightness
temperatures at these channels are related to the ice water path for convective clouds
and cirrus clouds, respectively. Their scatter plots are shown in Figure 5.38, where (a)
shows the convective cases, and (b) shows cirrus cases studied. For both cases, with
decreasing Tb(183.3 ± 7) and increasing ∆Tb(183.3 ± 1, 183.3 ± 7), the total ice water
path approximately linearly increases when Tb(183.3± 7) is below 268K. Furthermore,
from (b), the separation between cirrus clouds and clear sky (or thin cirrus clouds) is
very clear.
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Figure 5.34: Cross section of total ice water content at y-pixel 38 at the time step 240min.

5.5 Summary of Simulations
In this chapter, the influence of strong convection is investigated by simulations using a
microwave radiative transfer model, with input from three sources: a simple precipitating
cloud model adapted from Wu and Weinman (1984); hydrometeors derived from in situ
aircraft radar observations; and more realistic cloud model data.
From the first simulations, it is found that the Tb’s at the AMSU-B channels have a

large influence from total ice and the particle size distribution. The separation between
the cloud anvil and convection storm is very clear (Figure 5.8). For both cloud anvil and
strong convection, the tracks of the curves seems to be related to the cloud ice particle
size distribution. Along the tracks, the ice water path monotonously changes. These
simulations are compared to observations. Most of the measurement points (observed
∆T ’s and Tb’s) can be interpreted in terms of the diagrammes which show the varying
cloud ice particle size distribution (parameter of curves) and the ice water path (and
accordingly the rainrate). At the same time, many points can not be interpreted in
these terms. The reasons are probably due to the complex microphysical situations,
such as cloud structures, the cloud ice density, and hydrometeor types. Nevertheless,
the simulated results still reveal the potential to discriminate cloud type, and finally to
determine the ice water path using AMSU-B water vapor channels.
To better understand the effects of the microphysical structure of clouds on Tb’s at

AMSU-B channels, the hydrometeor profiles derived from in situ EDOP radar observa-
tions are used as input for the radiative transfer model VDISORT to simulate Tb’s and
compare it to in situ aircraft MIR observations. The effects of the phase transition tem-
perature, particle size distribution, and cloud upper structure on Tb’s are investigated by
comparing the simulated results with aircraft observations. Simulated brightness tem-
peratures with large ice particle size (effective diameters De = 500µm) are closer to
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Figure 5.35: Variations of (a) brightness temperature depression by liquid water, (b) brightness
temperature depression by ice, (c) brightness temperature differences between water vapor
channels, (d) total liquid water path and total liquid water path, at x-pixel 58 at the time step
360min.
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Figure 5.36: Cross sections of, (a) total liquid water content, and (b) total ice water content
at x-pixel 58 at the time step 360min.

actual observations (Figures 5.17 and 5.18). At the same time, it also confirms the cri-
teria to discriminate strong convections. The ice water content above 10 km have been
varied to investigate the effect of the upper ice in strong convections (Figure 5.20). This
also can be regarded as the influence of cloud structures.
Cloud model data have been used to develop algorithms for retrieving cloud parame-

ters (e.g., Skofronick-Jackson and Wang, 2000a) or to investigate the effects of cloud on
microwave brightness temperatures (e.g., Yeh et al., 1990; Mugnai et al., 1990; Smith
et al., 1992; Burns et al., 1997; Skofronick-Jackson et al., 2002). Data of a more re-
alistic cloud model, the GCE model, are used as the three-dimensional distribution of
hydrometeors for a radiative transfer model. The influence of cloud ice on the Tb’s was in-
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Figure 5.37: The variations of depressions due to atmospheric ice and total ice water content
for the thick cirrus cloud.

vestigated by comparing calculations to all hydrometeros and simulated Tb’s with liquid
water only. It is found that cloud ice has a large influence on the AMSU-B frequencies.
Especially at the three water vapor channels around 183.3GHz, the frequencies farther
away from the water vapor absorption center (183.3GHz) are more strongly affected.
To better understand the influence of clouds on brightness temperatures, some cases

for different cloud types (strong convection, thin cirrus cloud, and thick cirrus cloud) are
studied. Over strong convection, the brightness temperature depressions at the AMSU-
B channels generated with all hydrometeors are mainly due to atmospheric ice. At the
same time, the 89 and 150GHz channels have a larger influence from liquid water than
the three water vapor channels. This confirms the potential to estimate total cloud ice
in strong convection using the AMSU-B water vapor channels. the AMSU-B channels
are not sensitive to thin cirrus clouds with total ice water path below 0.2–0.3 kgm−2.
However, the high frequencies of AMSU-B can probably be used to estimate the total
ice water content and path in thick cirrus clouds.
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Figure 5.38: Scatter plots of microwave brightness temperature differences and brightness tem-
peratures from model simulations for (a) strong convective clouds, and (b) cirrus clouds. Color
scale indicates the total ice water path in units of kgm−2.





6 Sensitivity of Microwave Brightness
Temperatures at AMSU-B Channels to
Hydrometeors in Tropical Deep
Convective Cloud System

Microwave radiometric measurements of precipitation systems have been conducted from
both aircraft and satellite platforms for two decades (e.g., Wilheit et al., 1982; Adler
et al., 1990; Vivekanandan et al., 1991). Most of them make use of radiometric signatures
at frequencies below 90GHz, such as the Special Sensor Microwave/Image (SSM/I) and
the Tropical Rainfall measuring Mission Microwave Imager (TRMM TMI). Frequen-
cies between 85 and 190GHz are exploited by the Special Sensor Microwave Temper-
ature 2 (SSM/T2) onboard DMSP satellites, by the Advanced Microwave Sounding
Unit (AMSU)-B onboard NOAA-15, 16, and 17, and by the AMSU/HSB (Humidity
Sounder for Brazil) onboard Aqua. The key advantage of frequencies between 85 and
190GHz is the unique ability to penetrate most clouds (e.g., Burns et al., 1997; Green-
wald and Christoper, 2002b). However, the atmosphere is not entirely transparent at
these frequencies in cases where thick clouds or precipitation significantly contaminate
the sounder’s field of view (Eyre, 1990). Consequently, the effects of cloud and precipita-
tion provide possibilities to estimate cloud parameters, especially at frequencies around
89 and 150GHz (e.g., Liu and Curry, 1999; Zhao and Weng, 2002; Weng et al., 2003).
The effects of clouds and precipitation on microwave radiances at the AMSU-B chan-

nels have been examined through simulations (e.g., Muller et al., 1994; Burns et al., 1997;
Skofronick-Jackson et al., 2002; Bennartz and Bauer, 2003) and observations (e.g., Wang
et al., 1997b, 1998; Greenwald and Christoper, 2002b). The hydrometeors at higher alti-
tudes in clouds with a high cloud top result in large brightness temperature depressions
at the AMSU-B frequencies of 150GHz and above. Furthermore, for the three chan-
nels around the water vapor absorption line centered at 183.3GHz (i.e., 183.3± 1, ±3,
±7GHz), the farther the frequency is from the center, the larger is the brightness tem-
perature depression (Burns et al., 1997). This is because the more distant channels can
view deeper into clouds than the other ones. The temperature weighting functions of
the three water vapor channels reach their maxima at different altitudes for precipi-
tating clouds (Burns et al., 1997), suggesting a potential to delineate the distribution
of hydrometeors in clouds (Wang et al., 1997b, 1998; Skofronick-Jackson and Wang,
2000b).
In typical midlatitude atmospheres, Muller et al. (1994) studied the influence of sur-

face emissivities, water vapor, cloud liquid water, and ice particles in nonprecipitating
clouds on brightness temperatures at AMSU-B like frequencies. They documented that
the brightness temperature at 89GHz is stronger affected by altostratus liquid clouds
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than by cirrus clouds for equivalent water paths. Brightness temperatures at frequen-
cies above 150GHz are stronger affected by ice clouds. For precipitating clouds, the
information content of observations at the AMSU-B frequencies depends crucially on
the particle size distribution, particle density, mixing rule, and cloud height (Gasiewski,
1992; Burns et al., 1997; Skofronick-Jackson and Wang, 2000b; Bennartz and Petty,
2001; Skofronick-Jackson et al., 2002; Bennartz and Bauer, 2003). Also Bennartz and
Bauer (2003) investigated the sensitivity of microwave radiances at frequencies from 85
to 183GHz to ice particle scattering and to various environmental parameters (i.e., wa-
ter vapor and surface emissivity) at middel and high latitudes. They found under these
conditions with cloud tops below 8 km and little water vapor burden that the water
vapor channels closer to the center of the water vapor absorption line at 183.3GHz (i.e.,
183.3± 3 and 183.3± 1GHz) show a weak or negligible response to precipitating clouds
because their weighting functions peak too high up in the atmosphere (Bennartz and
Bauer, 2003; Kim et al., 2003).
However, in the tropics the situation is very different: The water vapor burden in-

creases from annual mean values of 2.5 kgm−2 in polar regions to over 50 kgm−2 in the
tropics (Peixoto and Oort, 1992) so that the sensitivity to the surface is much lower and
the maxima of the weighting functions of the water vapor channels are shifted to higher
altitudes (Burns et al., 1997; Staelin and Chen, 2000). On the other hand, the deep
convective clouds extend over 10 km in height and even can penetrate into the tropical
tropopause layer at 14–18 km (e.g., Alcala and Dessler, 2002).
These differences to the well investigated middle and high latitude conditions are so

fundamental that it appears worthwhile to dedicate a microwave sensitivity study to
hydrometeors in tropical deep convective clouds. In this chapter, the sensitivity of the
microwave brightness temperatures at AMSU-B channels to the hydrometeors in deep
clouds related to an oceanic tropical squall line system, as well as surface emissivity,
is investigated using the simulated microphysical data obtained from the Goddard Cu-
mulus Ensemble (GCE) model. In Section 6.1, the cloud model data and a microwave
radiative transfer model are introduced. In order to investigate the sensitivity for dif-
ferent clouds generated in the squall line, the cloud model data are classified into four
types: thin cirrus clouds, thick cirrus clouds, deep convective clouds, and other clouds.
In Section 6.2, the sensitivity of brightness temperatures to surface emissivities is in-
vestigated for different clouds. In Section 6.3, with hydrometeor data from one vertical
cross section of the simulated squall line, the sensitivity of brightness temperatures to
variations in hydrometeor water contents is investigated. Our results are summarized in
Section 6.4.

6.1 Cloud Model Data and Radiative Transfer
Model

The cloud data used in this part are introduced in Section 5.4.1. To investigate the
sensitivity to surface emissivity, the GCE data at the model time of 240 and 360min
are used for simulations in this study. Because our study is focused on deep convective
systems, only clouds with cloud top height above 8 km are considered. The clouds are
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classified into four types, thin cirrus, thick cirrus, deep convective, and other clouds,
mainly comprising shallow precipitating and stratiform clouds. The classification results
are shown in Figure 6.1. The cross section of hydrometeor water contents of liquid water
(cloud water plus rain water), cloud ice, snow, and graupel along x = 58 shown by the
solid black line in Figure 6.1 are shown in Figure 6.2.

Figure 6.1: Cloud types of GCE cloud model data with cloud tops above 8 km at model time
240min (left) and 360min (right). The solid black line at x = 58 depicts the location of vertical
cross sections shown in Figure 6.2.

The discrimination of cirrus clouds is based on the method of Mace et al. (2001) and
Luo et al. (2002). According to their method, to qualify a cloud layer as cirrus, the
temperature at the cloud top must be less than −35 ◦C and the temperature at the al-
titude level of maximum total ice water content must be less than −20◦C. This method
ensures that ice microphysical processes are dominant in the generation region near the
cloud top, but excludes deep convective cloud layers that are capped by ice-phase clouds
(Luo et al., 2002). Furthermore, a thin cirrus cloud is defined as a cirrus cloud with low
total ice water path (≤0.5 kgm−2), and a thick cirrus cloud is defined as a cirrus cloud
exceeding this threshold. Deep convective clouds normally have a large frozen hydrome-
teor water content in the upper layers (e.g., Cifelli et al., 2002; Skofronick-Jackson et al.,
2003). The radar reflectivities of the deep convective clouds at the altitude of 10 km are
around 20 dBZ (e.g., Cifelli et al., 2002; Geerts et al., 2000; Kelley and Stout, 2004). Us-
ing the empirical relationship of Heymsfield (1986) between radar reflectivity and cloud
ice water content, 20 dBZ radar reflectivity corresponds to about 0.52 gm−3 cloud ice
water content. Therefore, the GCE cloud model data with cloud top heights above 10 km
and the layers above 10 km having total ice water content values above 0.5 gm−3 are
classified as deep convective clouds. The remaining components are classified as other
clouds. The averaged total ice water paths for thin cirrus, thick cirrus, deep convective,
and other clouds are 0.08, 0.66, 7.38, and 1.27 kgm−2, respectively. The averaged water
vapor is about 60 kgm−2 for each cloud type.
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Figure 6.2: Cross sections of liquid water content (cloud liquid water plus rain water), cloud
ice water content, snow water content, and graupel water content from the GCE model data
at model time 360min along the line x = 58 in Figure 6.1.

In order to save computing time, a microwave radiative transfer model (RTM) (Kum-
merow et al., 1996) (see detail in Section 2.4.3) is used to calculate the microwave
upwelling brightness temperatures between 89 and 183GHz.

6.2 Brightness Temperature Depressions and
Sensitivity to Surface Emissivities

The brightness temperatures at the frequencies between 89 and 190GHz simulated by
the GCE data are averaged over each of the four cloud types, respectively, under different
surface emissivities varying from 0.5 to 1.0 with intervals of 0.05. The background bright-
ness temperatures at these frequencies are also simulated by the GCE data, but without
cloud hydrometeors. The brightness temperature depressions, i.e., the differences be-
tween the background brightness temperatures and the brightness temperatures over
clouds are shown in Figure 6.3.
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Figure 6.3: The brightness temperature depressions of the four different cloud types of Fig-
ure 6.1 as a function of surface emissivity.

When the atmosphere becomes optically thicker (e.g., from cirrus cloud to deep con-
vective cloud), the brightness temperature depressions increase. They are below 1K
for all channels over thin cirrus clouds, but they are much larger for deep convective
clouds, especially for channels away from the water vapor absorption line centered at
183.3GHz. For all channels the brightness temperature depressions vary strongly with
the cloud type.
For all cloud types, the water vapor channels farther away from the water vapor

absorption line center have larger brightness temperature depressions as these channels
can see deeper into the cloud, hence being subjected to greater scattering from the
lower layers (Burns et al., 1997; Wang et al., 1997b). For thin cirrus clouds, the 183.3±
7GHz channel has a larger brightness temperature depression than the 150GHz channel.
However, the situation for thick cirrus, deep convective, and other clouds is inverse.
The brightness temperature depression at 150GHz is about 1.5 times larger than for
183.3±7GHz for deep convective clouds and 2.4 times for other clouds. This is similar to
the result of Bennartz and Bauer (2003) that the observed scattering signal at 150GHz
is about twice that at the 183.3 ± 7GHz for all their investigated cases. The reason
is the increased impact of water vapor in and above the clouds that tends to mask
the scattering signal in the water vapor channels. For thick cirrus and deep convective
clouds, even the 183.3 ± 1GHz channel still has some influence from clouds, and its
brightness temperature depressions are about 1.7 and 6.5K, respectively. The effects of
clouds on 183.3±1GHz in our cases are different from the results of Bennartz and Bauer
(2003) which indicate that the precipitation events can not be detected at all at 183.3±
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1GHz. The difference is caused by the cloud structure. The intensive thunderstorm case
investigated by Bennartz and Bauer (2003) has a maximum vertical extent of about
10 km. However, the deep convective clouds and thick cirrus clouds investigated in our
study still have large frozen hydrometeors above 10 km and extend up to 14 km altitude
so that the 183.3±1GHz channel still shows a measurable effects from the upper frozen
hydrometeors.
Only the 89GHz channel has an apparent dependence on surface emissivity, and

the 150GHz channel shows a very small dependence. The three water vapor channels
around 183.3GHz are practically insensitive to the surface emissivity (Figure 6.2). The
impact of uncertainties and variations in the surface emissivity on the different channels
are also investigated using the method of Bennartz and Bauer (2003). The changes in
brightness temperatures resulting from an increment in the surface emissivity by 0.1 are
calculated at the different channels for the four types of clouds. For all cloud types, the
89GHz channel shows the strongest influence. The changes in brightness temperatures
for thin cirrus, thick cirrus, deep convective, and other clouds are about 50, 46, 4, and
23K , respectively. The 89GHz channel exhibits the strongest responses for a more
transparent atmosphere (e.g., thin cirrus clouds and thick cirrus clouds). However, the
150GHz channel only has weak influence of about 2K for thin cirrus and thick cirrus
clouds. The three water vapor channels show no influence from the variations of the
surface emissivity. This is due to the opaque atmosphere at these channels (Greenwald
and Christoper, 2002b; Bennartz and Bauer, 2003).

6.3 Sensitivity to Hydrometeor Water Contents in
Deep Convective Cloud

The brightness temperature Jacobians with respect to hydrometeors in deep convective
cloud are calculated to investigate the sensitivity of the brightness temperatures to vari-
ations in the hydrometeor water contents. For one layer of hydrometeor, the Jaccobian
in Km3 g−1 is expressed as ∆Tb/∆w, where ∆w is a 5% increase in hydrometeor water
content in gm−3, and ∆Tb is the brightness temperature change in K caused by this vari-
ation. The vertical distribution of the Jacobians is obtained by calculating it separately
for all layers of hydrometeors. Since the GCE model data are simulated for an oceanic
squall line, the surface emissivity at all considered frequencies is set to a typical value
of 0.7 (Muller et al., 1994). The simulations at nadir along the vertical cross section at
x = 58 in Figure 6.2 are used to investigate the sensitivity.
Figure 6.4 shows the brightness temperature Jacobians with respect to liquid water

content (cloud liquid water plus rain water) for all channels. Those at 89, 150, and
183.3 ± 7GHz are very sensitive to variations in liquid water content at high altitudes
from 5 to 10 km. The 150GHz channel is most sensitive to liquid water. The increase in
brightness temperature at 150GHz resulting from the increase in liquid water content is
higher than for 183.3±7GHz by a factor of about 2. The increase in liquid water content
generally increases the brightness temperatures at high altitudes for the 89, 150, and
183.3 ± 7GHz channels, but in some small areas, it causes a decrease. In the channels
closer to the water vapor absorption line, the regions of negative Jacobians become more
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Figure 6.4: Jacobians for liquid water water content from the GCE model data at model time
360min along the line x = 58 in Figure 6.1.

and more apparent. At 183.3±1GHz, an increase in liquid water content only results in
a decrease in brightness temperatures at high altitudes above 7 km. At altitudes below
about 5 km, the brightness temperatures of all channels show almost no variations with
the liquid water content. This indicates that the direct sensitivity to rain for all channels
is very small, especailly for the water vapor channels.
Cloud ice in the upper altitudes has strong influence on the frequencies above 150GHz

(Muller et al., 1994; Wang et al., 1997b, 1998). The Jacobians with respect to cloud ice
content are shown in Figure 6.5. The increase in cloud ice content results in a decrease in
brightness temperatures for all channels due to scattering by ice particles. The frequen-
cies closer to the water vapor absorption line are more sensitive to cloud ice at higher
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Figure 6.5: Same as Figure 6.4 but for cloud ice water content.

altitudes. The window channel at 150GHz is more than twice as sensitive to cloud ice
compared to the window channel at 89GHz, and the largest sensitivity of both window
channels is from altitudes around 8 km. The 183.3±7GHz channel has the highest sensi-
tivity to variations in cloud ice content. The area with Jacobians less than -25Km3 g−1

for this channel is much larger than that for the 150GHz channel. The Jacobians of
all other channels do not exceed -25Km3 g−1. The 183.3± 1GHz channel is apparently
sensitive to higher levels above 12 km. It is not sensitive to cloud ice below 9 km because
the atmosphere is opaque for this channel.
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Figure 6.6: Same as Figure 6.4 but for snow water content.

The sensitivity to snow water content is shown in Figure 6.6. Relative to the sensitivity
to cloud ice content, the sensitivity to snow is weaker. Similar to the sensitivity to cloud
ice, the channels at frequencies of 150GHz and above are more sensitive to snow at the
higher levels. However, the layers with strong sensitivity shift to higher altitude levels at
about 12–13 km. Again, the 183.3 ± 7GHz channel has the largest sensitivity to snow.
Both the 183.3± 1 and 183.3± 3GHz channels generally are insensitive to snow below
7 km. Like the sensitivity to cloud ice, because of the different penetrating ability due
to the water vapor above and in the clouds and hydrometeors at high altitudes, the
sensitivities to snow of the three water vapor channels becomes smaller as the channel
approaches the center of the absorption line. The sensitivity to graupel (Figure 6.7)
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shows a similar behavior. The channels at frequencies above 150GHz are most sensitive

Figure 6.7: Same as Figure 6.4 but for graupel water content.

at high altitudes of about 10 to 12 km with the 183.3±7GHz channel showing the highest
Jacobian. It exceeds -70Km3 g−1. Below 7 km the sensitivities of the three water vapor
channels are negligible due to an increase in graupel water content and water vapor. The
183.3± 1GHz channel generally is practically insensitive to graupel below 9 km similar
to cloud ice and snow.
As disscussed in Section 6.2, the three water vapor channels do not show an in-

fluence from surface emissions. Moreover, the sensitivity to each hydrometeor type at
the three water vapor channels have obvious differences (altitude levels and values).
Hence, Jacobians of the brightness temperature difference between the 183.3 ± 1 and



6.3 Sensitivity to Hydrometeor Water Contents 153

the 183.3 ± 7GHz channels (henceforth, difference Jacobians) are shown in Figure 6.8
for different hydrometeor types in order to investigate their potential for the retrieval of

Figure 6.8: Jacobians for brightness temperature difference between the 183.3 ± 1 and the
183.3± 7GHz channels with respect to hydrometeor water content from the GCE model data
at model time 360min along the line x = 58 in Figure 6.1.

cloud parameters. In the deep convective cloud region from y = 20 to y = 45, for frozen
hydrometeors the difference Jacobians are generally positive above 7 km and near to
zero below 5 km. The difference Jacobians for snow are smaller than those for cloud ice
and graupel, the latter having the largest values. The areas with the highest difference
Jacobians for frozen hydrometeors locate at different altitudes, namely at about 9, 12,
and 10.5 km for cloud ice, snow, and graupel, respectively. These different responses of
the difference Jacobians in the various layers of the deep convective cloud reveal a po-
tential to delineate the distribution of frozen hydrometeors in the upper layers of deep
convective clouds, using the differences of the water vapor channels. However, liquid
water contributes negatively to the brightness temperature difference signal at about
9.5 km. This somewhat weakens the response of the brightness temperature differences
to variations in frozen hydrometeor profiles.
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6.4 Summary of Sensitivity Analysis
The sensitivity of brightness temperatures at the AMSU-B channels to the surface emis-
sivity and variations in the hydrometeor content in tropical deep convective cloud has
been investigated by simulations with a modelled oceanic tropical squall line system. Our
results partly agree with the sensitivity analyses of Bennartz and Bauer (2003) who used
simulations of a midlatitude shallow precipitating convective cloud with cloud top height
below 8 km. However, in the tropic situation with the high cloud tops (above 10 km) of
deep convective systems and the much larger amount of atmospheric water vapor, the
sensitivity to hydrometeor contents in tropical deep convective clouds is different from
that in midlatitude shallow precipitating clouds:

1. The surface emissivity has an important influence on the brightness temperatures only
at 89GHz over deep convective systems, at 150GHz the influence is very small. The
three water vapor channels do not depend on the surface emissivity for all clouds of
tropical deep convective systems. This independence on the surface emissivity provides
the advantage to obtain the isolated atmospheric influence that we observe in the three
water vapor channels.

2. Thin cirrus clouds have very small influence on the brightness temperatures at the
AMSU-B frequencies. The brightness temperature depressions are less than 1.0K for
all channels. However, deep convective and thick cirrus clouds have apparent influence
on the brightness temperatures at these frequencies.

3. The channels at 89, 150, and 183.3±7GHz are strongly positive sensitive to variations
in the liquid water content above 5 km (Figure 6.4). The largest sensitivity to liquid
water is found at 150GHz. It is twice that at 89 and 183.3± 7GHz. Below 5 km, all
channels have almost zero sensitivity to variations in the liquid water content.

4. The brightness temperature Jacobians with respect to frozen hydrometeors at all
channels are generally negative due to ice scattering, only the Jacobians with respect
to snow have some slightly positive values. The sensitivity to graupel at all channels is
stronger than that to cloud ice and snow. The 183.3±7GHz channel shows a stronger
sensitivity than the other channels do for frozen hydrometeors. For channels closer to
the water vapor absorption line, the sensitivity is strongest for frozen hydrometeors
at high altitude levels. The brightness temperatures at the three water vapor channels
are mainly sensitive to frozen hydrometeors above 7 km. The 183.3 ± 1GHz channel
has virtually no sensitivity to frozen hydrometeors below 7 km.

5. The brightness temperature difference between the 183.3 ± 1 and the 183.3 ± 7GHz
channels is generally sensitive to liquid water above 5 km and frozen hydrometeors
above 7 km. However, the difference Jacobians with respect to liquid water are gen-
erally negative and those with respect to frozen hydrometeors are positive. These
sensitivity analyses reveal that the brightness temperatures and brightness tempera-
ture differences at the water vapor channels of AMSU-B can be used to estimate the
hydrometeor properties in the upper altitude levels of tropical deep convective clouds.



7 Applications to Estimate Cloud
Parameters Using AMSU-B Frequencies

7.1 Potential to Estimate Canting Angle of Tilted
Structure Cloud from Microwave radiances at
183GHz

Making use of the correlation between ice scattering and the surface rain rate (Liu and
Curry, 1999), measurements at frequencies between 89 and 190GHz are able to delineate
precipitation (e.g., Weng et al., 2003). Staelin and Chen (2000) used the 183.3± 1 and
183.3 ± 7GHz channels to estimate precipitation for the first time. The physical basis
of their retrieval is that hydrometeors reduce the brightness temperature below the
frequency-dependend value for a saturated atmosphere. However, convective systems
are not always exactly vertical, many of them are tilted (e.g., LeMone et al., 1984;
Mcgaughey et al., 1996; Hong et al., 2000). The ice particles aloft shift horizontally away
from heavy surface rainfall regions because the convective cores and rain shafts are titled
(e.g., Mcgaughey et al., 1996; Hong et al., 2000). Therefore, the rain retrieval methods
based on the correlation between ice scattering and the surface rain rate frequently
provide a horizontal displacement of the surface rain, which was discussed for lower
frequencies at 19 and 85GHz by Hong et al. (2000).
In this Section, hydrometeor profiles of a tropical squall line system from the GCE

model output are used as input for a microwave radiative transfer model. The simulated
brightness temperatures between 89 and 190GHz are used to investigate the effects of
cloud structures on brightness temperatures. Different characteristics due to different
sensitivities to altitude and amount of hydrometeors in a tilted cloud suggest a method
to estimate the canting angle and the tilt direction of the cloud from brightness tem-
peratures at the water vapor channels centered around 183GHz. The knowledge of the
canting angle provides the possibility to estimate the accurate location of surface rainfall
when retrieving it from ice scattering above surface rainfall area using the microwave
frequencies sensitive to high altitudes.

7.1.1 Cloud Data and Radiative Transfer Model

Figure 7.1 shows the total water content (all hydrometeor types) transect selected from
the GCE cloud model data (Figure 6.1) at simulation time step t = 240min and at
y = 38 with one tilted cloud and one vertical cloud. The tilted structure of the cloud
spans from x = 75 km to the left and the vertical structure of the cloud is around
x = 95 km with a strong convective core. Above 5 km, the ice fraction of the total water
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Figure 7.1: The total water content transect used in this study from the GCE cloud model
data at simulation time step t = 240min.

content is about 98%. But, below that altitude, the liquid water prevails. Its contribution
is about 93%. The RTM (Section 2.4.3) is used to calculate the microwave upwelling
brightness temperatures between 89 and 190GHz.

7.1.2 Effect of Cloud Structure on Microwave Radiances at
89–190GHz

Profiles of hydrometeors, temperature, and water vapor are used as input to the RTM
to simulate brightness temperatures. Only nadir observations are simulated in our study
(Figure 7.2(a)). The background brightness temperatures are simultaneously simulated
from the same GCE cloud model data, without any hydrometeors. The GCE cloud model
output, the column-integrated hydrometeors and water vapor are shown in Figure 7.2(b).
In Figure 7.2, at the vertical strong convection A, where the total ice water path

(snow+graupel+cloud ice) is over 18 kgm−2, and total liquid water path (rain plus cloud
water) is over 20 kgm−2, the 89GHz simulations show the largest brightness tempera-
ture depression defined as the difference between the simulated brightness temperature
without (dotted lines in Figure 7.2(a)) and including the hydrometeors (solid lines),
then in sequence, 150, 183.3 ± 7, 183.3 ± 3, and 183.3 ± 1GHz. For the three water
vapor channels it is obvious that the channel farthest from the absorption maximum at
183.3GHz (i.e., 183.3± 7GHz) has the largest depression. The brightness temperature
at 183.3±7GHz is over 46K lower than that at 183.3±3 and over 92K lower than that
at 183.3±1GHz. This behavior is due to different weighting functions at these channels
(Burns et al., 1997). The frequencies farther from the water vapor absorption center can
see deeper into the clouds. Thus, they undergo larger influences from the hydrometeors
in the low layers. The brightness temperature depressions at all frequencies between 89
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Figure 7.2: (a) Brightness temperatures between 89 and 190GHz simulated with the RTM for
the transect in Figure 7.1. (b) Column-integrated cloud liquid water, rain water, cloud ice,
snow, graupel, and water vapor.

and 190GHz are located at the same point x = 94.5 km of the largest column-integrated
total frozen hydrometeors.
Around the tilted cloud structure B, the brightness temperature depressions are much

smaller than those for the strong convection A and they have different features because
of the tilted cloud structure. Relating the brightness temperature depressions to the
column-integrated frozen hydrometeors, it is found that the places of largest brightness
temperature depressions at 89 and 150GHz correspond more to the peak of the column-
integrated graupel amount and those around the water vapor channels correspond more
to the peaks of the column-integrated snow and cloud ice amounts. Moreover, the largest
brightness temperature depressions at 89, 150, 183.3± 7, 183.3± 3, and 183.3± 1GHz
are found at different locations of x = 66.0, 64.5, 61.5, 60.0, and 54.0 km, respectively.
The total water content shown in Figure 7.1 is investigated to understand the effect

of the tilted cloud on brightness temperatures between 89 and 190GHz. For the tilted
cloud, the total water content above 5 km mainly stems from the ice water content.
From the left to the right side of the cloud, the total ice water content increases and
the level of larger total ice water content decreases, the highest total ice water content
(over 0.6 gm−3) is found at x = 66.0 km. The channels at 89 and 150GHz can see deeper
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than the water vapor channels. They therefore have larger influence from the layer with
larger total ice water content (below 7 km). So the locations of their largest brightness
temperature depressions are on the right hand side of those for water vapor channels. The
channels closer to the water vapor absorption center are more sensitive to higher layers.
Hence, the 183.3±1GHz channel produces the largest brightness temperature depression
first, then in sequence, the 183.3± 3 and 183.3± 7GHz channels. The variation of the
locations of the maxima of the brightness temperature depressions is clearly caused by
the tilted distribution of total ice water content.

7.1.3 Estimation of Tilted Structure from Brightness
Temperatures

From the above description of the effects of one vertical cloud and one tilted cloud on the
brightness temperatures between 89 and 190GHz, it is obvious that the depressions are
related not only to different sensitivities to vertical hydrometeors but also to the cloud
structure. Different sensitivities to vertical hydrometeors result in different brightness
temperature depressions. The tilted structure of the cloud is the main cause for the
mismatch of the locations of the maxima of the brightness temperature depressions at
different frequencies. This mismatch reveals the difficulty to estimate the precipitation
of clouds with tilted structures from microwave radiances at these frequencies. However,
it provides a possibility to estimate the canting angle of the tilted structure of the cloud
and thereby to obtain exacter locations of precipitation.
An important prerequisite for estimating the canting angle of a tilted cloud is to know

at which altitude the main contribution on brightness temperatures at the different fre-
quencies comes from. A method to estimate the canting angle is illustrated in Figure 7.3.
The water vapor channels at 183GHz are chosen because of their lesser sensitivity to
surface emission (Wang et al., 1997b; Bennartz and Bauer, 2003). In our study, the
altitudes of the peaks of the weighting functions for the water vapor channels are taken
from Burns et al. (1997) (their Fig. 6(B)), since the tilted cloud in our study has similar
values of total ice water path and total water vapor. The 183.3± 1GHz channel always
has a peak at a higher altitude than the 183.3 ± 7GHz channel although the weight-
ing functions will change for different cloud hydrometeor profiles. The altitudes of the
peaks of the weighting functions are at about 10.0 km for 183.3± 7GHz and 11.5 km for
183.3 ± 1GHz. These altitudes indicate the main contribution layers on the brightness
temperature depressions in the vertical direction. The different horizontal locations of
the largest brightness temperature depressions indicate the place of the main contribu-
tions on the brightness temperature depressions in the horizontal direction. Therefore,
the canting angle of the tilted cloud can be estimated from the slope of the line passing
through the two points of intersection created by corresponding altitudes of the peaks
of the weighting functions and the locations of the largest brightness temperature de-
pressions at 183.3± 1 and 183.3± 7GHz, which is shown by the red line in Figure 7.3.
The tilt direction of the tilted cloud can be derived by the relative location of the largest
brightness temperature depression at 183.3± 1GHz with respect to the location of the
largest brightness temperature depression at 183.3± 7GHz. It is obvious that the esti-
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Figure 7.3: Estimation of the canting angle of a tilted cloud. The horizontal lines are the
altitudes of peaks of the weighting function at 183.3± 1GHz (dotted one) and 183.3± 7GHz
(solid one), which are taken from the values from Fig. 6(B) of Burns et al. (1997). The vertical
lines are the locations of the largest brightness temperature depressions at 183.3 ± 1GHz
(dotted one) and 183.3± 7GHz (solid one). The tilted red line passing through the two points
of intersection indicates the canting angle of the tilted cloud. The arrow in the red line shows
the direction of the tilted cloud. Color contour shows the distribution of total water content
for the tilted cloud.

mated canting angle (the red line) is in agreement with the canting angle of the tilted
cloud, and also the derived tilt direction is correct.

7.1.4 Application to an Aircraft Case

This method is applied to a tilted storm observed from the NASA ER-2 aircraft flying at
about 20 km along a straight flight track from 1632:05 to 1643:11UTC (from (79.60◦W,
33.27◦N) to (76.15◦W, 33.21◦N)) on 26 August 1998 during CAMEX-3. Figure 7.4 shows
the collocated simultaneous down-looking observations at nadir including the microwave
brightness temperatures at the three water vapor channels around 183.3GHz from MIR,
the reflectivity from the EDOP radar, and the estimated canting angle and tilt direction
of the storm.
The EDOP radar provides direct information on tilted cloud structure (Figure 7.4(b)).

Again, as above for the simulated case, the brightness temperatures at the three water
vapor channels around 183.3GHz have different locations of their depression maxima
(Figure 7.4(a)) because of the different sensitivities to vertical hydrometeors in the cloud
and the tilted cloud structure. The altitudes of the peaks of the weighting functions
at about 10.0 km for 183.3 ± 7GHz and 11.5 km for 183.3 ± 1GHz are still used for
this case. Then, the canting angle and tilt direction of the cloud are estimated (the
read line with an arrow in Figure 7.4(b)). The results are in good agreement with the
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Figure 7.4: Time series of MIR and EDOP data along the flight track from 1632:05 to
1643:11UTC on 26 August 1998 during CAMEX-3 (1min ≈ 13 km). (a) microwave bright-
ness temperatures at the three water vapor channels around 183.3GHz observed from MIR,
(b) EDOP reflectivity cross sections. The tilted red line indicates the canting angle of the
tilted cloud. The arrow in the red line shows the direction of the tilted cloud. The horizontal
dotted and solid lines are the altitudes of peaks of the weighting functions at 183.3 ± 1 and
183.3± 7GHz, respectively. The vertical dotted and solid lines are the locations of the largest
brightness temperature depressions at 183.3± 1 and 183.3± 7GHz, respectively.

EDOP radar observation. With respect to the synthetic case, the benefit of estimating
the canting angle for surface precipitation estimates is weaker for the aircraft case.
This is due to the worse spatially correlated contents of frozen hydrometeors in the
realistic cloud than those from model simulations. However, there is still a displacement
between the brightness temperature depression minimum at 183.3 ± 1GHz and the
surface precipitation core. This shows that estimating the canting angle can improve
the estimation of surface precipitation.



7.2 Detection of Tropical Deep Convective Clouds 161

7.1.5 Conclusion

We have investigated the effects of one vertical cloud and one tilted cloud on brightness
temperatures at frequencies between 89 and 190 GHz using a microwave transfer model
with cloud resolving model simulations as they would be observed from satellite or
aircraft microwave radiometric sensors in nadir direction. We have found a method to
estimate the canting angle and tilt direction of tilted clouds using water vapor channels
at 183.3 ± 1 and 183.3 ± 7GHz. The estimated canting angle and tilt direction are
in agreement with the actual canting angle of, and tilt direction of cloud in model
simulations. The method is applied to a tilted storm observed by simultaneous aircraft
microwave sensors near the water vapor resonance at 183.3GHz, and radar observations.
The results are in agreement with the radar observations. At the same time, this method
provides a possibility to estimate the displacement of a cloud in order to estimate the
accurate location of surface rainfall.

7.2 Detection of Tropical Deep Convective Clouds
7.2.1 Introduction

Although the investigation of deep convective clouds currently is a research topic of
high interest, there is no common definition. Here we adapt that of Alcala and Dessler
(2002) with convective cloud having a top higher that 10 km. If it exceeds 14 km, we
call it convective overshooting. Deep convective clouds comprise about 40–45% of total
clouds in the Intertropical Convergence Zone (ITCZ) (Gu and Zhang, 2002). They play
a major role in Earth’s climate by transporting heat, moisture, and momentum from
the lower to the upper troposphere. The tropical tropopause layer (TTL) between about
14 and 18 km (e.g., Sherwood and Dessler, 2000, 2001; Alcala and Dessler, 2002), is the
important transition layer between the convectively dominated tropical troposphere and
the radiatively controlled stratosphere (e.g., Highwood and Hoskins, 1998; Sherwood and
Dessler, 2000; Thuburn and Craig, 2002), that accounts for much of the air entering the
stratosphere from the troposphere. Thus deep convective clouds penetrating the TTL
affect the exchange of air between the troposphere and the stratosphere, and thereby
influence the physical and chemical processes occurring in the TTL and the stratosphere
(e.g., Lelieveld and Crutzen, 1994; Holton et al., 1995; Thompson et al., 1997; Sherwood
and Dessler, 2001; Dessler, 2002; Gettelman et al., 2002; Andronache et al., 2002; Notholt
et al., 2003).
Observations (e.g., Thompson et al., 1997; Gettelman et al., 2002) and model simu-

lations (e.g., Thompson et al., 1997; Di Giuseppe and Tompkins, 2003) have helped to
understand the influence of deep convective clouds on the physical and chemical pro-
cesses occurring in the TTL and the stratosphere. A critical prerequisite for this is the
quantification of the frequency, height, and location of deep convective clouds (Alcala
and Dessler, 2002). Because of the lack of ground-based cloud observations over ocean,
satellite data including passive measurements of occurrence at visible, infrared, and mi-
crowave wavelengths and active measurements of radar have been used in the studies
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of deep convective clouds (e.g., Liu et al., 1995; Hall and Haar, 1999; Gettelman et al.,
2002; Alcala and Dessler, 2002).
Methods to identify tropical deep convective clouds using infrared measurements are

generally based on thresholds of cloud top temperatures (Mapes and Jr., 1993), for ex-
ample, −65◦C by Hall and Haar (1999), −58◦C by Fu et al. (1990) and Gettelman et al.
(2002),−43◦C by Hendon and Woodberry (1993), and −40◦C by Liu et al. (1995). Differ-
ent temperature thresholds result in detecting more or less deep convective clouds. Mace
et al. (2001) and Luo et al. (2002) defined thin cirrus clouds by top temperatures less
than −35◦C. The cirrostratus and cirrocumulus fractions are tightly connected with deep
convective cloud fractions (Chou and Neelin, 1999). Thus, it is difficult to distinguish
deep convective clouds and cirrus clouds if the methods based on infrared temperature
thresholds are used. Liu et al. (1995) distinguished thin high cirrus clouds and deep
convective clouds in terms of cloud top temperatures derived from infrared measure-
ments and a microwave index defined by brightness temperatures at frequencies of 19.35
and 85.5GHz obtained by the Special Sensor Microwave/Imager (SSM/I). However,
the method of Liu et al. (1995) is a rainfall retrieval scheme. Their classification is in-
tended to maximize correlations in the retrieved rainfall while the validity for cloud type
was not checked (Anagnostou and Kummerow, 1997; Hong et al., 1999). A convective
and stratiform classification scheme independent of any rainfall retrieval scheme using
SSM/I 85GHz brightness temperature observations was developed by Anagnostou and
Kummerow (1997). Hong et al. (1999) improved it using higher resolution microwave
observations of the Tropical Rainfall Measuring Mission (TRMM) Microwave Imager
(TMI). However, the schemes of Anagnostou and Kummerow (1997) and Hong et al.
(1999) only classify convective and stratiform clouds, whereas deep convective clouds
are still undistinguished from the convective clouds.
With high accuracy and excellent space and time resolutions, radar systems can pro-

vide direct measurements of the structure of clouds. Groundbased (e.g., Heymsfield and
Fulton, 1988; Cifelli et al., 2002), shipborne (e.g., DeMott and Rutledge, 1998; Rick-
enbach and Rutledge, 1998), and airborne (e.g., Heymsfield et al., 1996; Geerts et al.,
2000) radar systems were used to observe the vertical structure and microphysical char-
acteristics of deep convective clouds. Some of these investigations showed deep convective
clouds penetrating into the TTL. However, as documented by Alcala and Dessler (2002),
these measurements were confined to local regions to study individual cloud systems and
were not able to provide observations of deep convective clouds on a global scale. Since
the launch of TRMM, the TRMM Precipitation Radar (PR), can provide three dimen-
sional cloud structure on a global scale enabling more accurate observations of deep
convective cloud systems than before. The vertical structure of deep convective cloud
systems using the PR has been documented widely (Simpson et al., 1998; Nesbitt et al.,
2000; Cecil et al., 2002; Toracinta et al., 2002; Alcala and Dessler, 2002; Kelley and
Stout, 2004). Alcala and Dessler (2002) used the PR to identify and characterize deep
convection extending into the TTL over the entire tropics. They found that the amount
of overshooting convection is about 5% of total deep convective clouds and about 1.5%
of the total convective rain area. The detailed vertical structure of convective towers in
tropical cyclone eyewalls was studied by Kelley and Stout (2004) using the PR from 1998
to 2001. Convective systems evolve on time scales less than one day and are organized
on space scales of the orders of 100 km (Hendon and Woodberry, 1993). Although the
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PR has high vertical (0.25 km at nadir) and horizontal (4.3 km at nadir) resolution, the
swath of the PR (215 km wide prior to the 2001 boost and 250 km wide afterward) is too
narrow to see the entire large scale cloud systems (Kelley and Stout, 2004). The narrow
swath of the PR and the long TRMM satellite return period (four to five days) results
in difficulties to monitor short lived convective clouds.
The Advanced Microwave Sounding Unit (AMSU)-B series onboard NOAA-15, 16, and

17 have been used to observe tropical cyclones (e.g., Kidder et al., 2000), precipitation
(e.g., Staelin and Chen, 2000; Bennartz et al., 2002; Chen and Staelin, 2003, 2004),
and clouds (e.g., Zhao and Weng, 2002; Weng et al., 2003) using the advantages of
the wide swath (about 2200 km) and wide frequency range of the microwave channels
(89–190GHz). The key advantage of the AMSU-B channels is the unique ability to
penetrate clouds (e.g., Burns et al., 1997; Greenwald and Christoper, 2002b). However,
the atmosphere is not entirely transparent at these frequencies in cases where thick
clouds or precipitation significantly contaminate the sounder’s field of view (Eyre, 1990).
The effects of clouds and precipitation on microwave radiances at the AMSU-B channels
have been examined through simulations (e.g., Muller et al., 1994; Burns et al., 1997;
Skofronick-Jackson et al., 2002; Bennartz and Bauer, 2003) and observations (e.g., Wang
et al., 1997b, 1998; Greenwald and Christoper, 2002b). The presence of hydrometeors in
the upper levels of clouds with a high cloud top results in large brightness temperature
depressions at the AMSU-B frequencies above 150GHz. The weighting functions of the
three water vapor channels peak at different altitudes and they are above 9 km for
precipitating clouds (Burns et al., 1997). Their different responses suggest a potential
to delineate the distributions of hydrometeors above 10 km in clouds (Burns et al.,
1997; Wang et al., 1997b, 1998). A criterion based on the difference between measured
brightness temperatures at 183.3 ± 3 and 183.3 ± 1GHz was suggested to screen out
convective clouds before water vapor retrieval by Burns et al. (1997).
The present study derives methods for detecting deep convective clouds and con-

vective overshooting in the tropics using satellite measurements at the AMSU-B water
vapor channels. In Section 7.2.2, in situ measurements of aircraft radar and microwave
radiances are used to analyze the effects of deep convective cloud systems on microwave
brightness temperatures at frequencies from 89 to 220GHz. The criteria are confirmed
by simulated microwave radiances over a tropical squall line system in Section 7.2.3, and
they take into account the variation of the viewing angle of AMSU-B over the swath.
In Section 7.2.4, our methods are applied to one year of AMSU-B data to determine
seasonal means of deep convective cloud fractions and convective overshooting fractions
in the tropics. The results are compared to the TRMM rainfall products of the same
periods.
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7.2.2 Detection of Deep Convective Clouds from Aircraft
Microwave and Radar Observations

Aircraft Microwave and Radar Data

The TRMM Large Scale Biosphere-Atmosphere Experiment (LBA) was carried out in
southwestern Amazonia from 1 November 1998 to 28 February 1999. The main focus of
the experiment was on the dynamical, microphysical, electrical and adiabatic heating
characteristics of tropical convective systems. The observations during the TRMM LBA
with a variety of instruments have been used to analyze mesoscale convective systems
(Cifelli et al., 2002). Two deep convective cloud systems observed on 25 January and 10
February 1999 are chosen in our study because there were simultaneous measurements
from the ER-2 Doppler radar (EDOP) and the Millimeter-wave Imaging Radiometer
(MIR) onboard the ER-2 aircraft flying at an altitude of 20 km. For detail of the EDOP
and MIR see Chapter 3. Because the EDOP radar does not sample off nadir directions,
only the MIR measurements at nadir are used in this section. The fairly straight flight
tracks from 11.84◦S, 61.98◦W to 12.46◦S, 61.79◦W (time is from 2217:30 (hhmm:ss) to
2223:22UTC, distance is about 75 km) and from 10.83◦S, 61.88◦W to 10.54◦S, 62.01◦W
(time is from 1813:24 to 1816:14UTC, distance is about 37 km) are taken for the deep
convective cloud systems see Figure A.1 for the flight tracks.

Effects of Deep Convective Clouds on Brightness Temperatures at the
AMSU-B Channels

Although effects of deep convective clouds on brightness temperatures at the AMSU-B
channels have been investigated by simulations (e.g., Burns et al., 1997; Wang et al.,
1997b) and observations (e.g., Heymsfield et al., 1996; Burns et al., 1997; Wang et al.,
1997b, 1998), these studies are primarily focussed on understanding the effects of pre-
cipitation and clouds on brightness temperatures. Heymsfield et al. (1996) suggested a
possible classification of the clouds and the precipitation according to convective cores,
elevated ice layers, and rain without significant ice above the melting layer using bright-
ness temperature differences between 150 and 220GHz, 89 and 220GHz, and 37 and
86GHz. Wang et al. (1997b) primarily investigated the effects of storms on the mi-
crowave radiances at water vapor channels of 183.3 ± 1, 183.3 ± 3, and 183.3 ± 7GHz.
They found an analogy between brightness temperatures at these channels over the
storm-associated scattering media and those over a dry atmosphere with a cold ground.
Similar results were documented by Burns et al. (1997) who suggested a criterion to
screen out intense oceanic convection using the brightness temperature difference be-
tween 183.3± 3 and 183.3± 1GHz. This work starts with analyzing the effects of deep
convective clouds on brightness temperatures at the AMSU-B channels, especially at
the three water vapor channels. However, unlike the aforementioned work, this study fo-
cusses on finding methods to detect deep convective clouds and convective overshooting
from measurements at the AMSU-B water vapor channels.
Figure 7.5 shows the collocated data in the flight track of 2217:30 to 2223:22UTC

on 25 January 1999 of the TRMM-LBA, including the MIR observed brightness tem-
peratures at frequencies between 89 and 220GHz, the observed brightness temperature
differences between 183.3 ± 1 and 183.3 ± 7 (∆T17) , 183.3 ± 1 and 183.3 ± 3 (∆T13)
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Figure 7.5: (a) The MIR brightness temperatures, (b) brightness temperature differences be-
tween the three water vapor channels of the MIR, and (c) the EDOP radar reflectivity along
the flight track from 2217:30 to 2223:22UTC on 25 January 1999 taken during the TRMM
LBA campaign.

, and 183.3 ± 3 and 183.3 ± 7GHz (∆T37), and the EDOP radar reflectivities. The
EDOP radar reflectivities (Figure 7.5(c)) show that the case of January 25 is a perfect
mature single-cell convection cumulonimbus with a mushroom-shaped structure. It can
be separated into the cloud anvil region from 2217:48 to 2219:36UTC, the convective
core region from 2219:42 to 2222:30UTC, and another small cloud anvil from 2222:36
to 2223:00UTC. In the convective core, reflectivities around 50 dBZ are observed and
those above the altitude of 10 km are generally around 20 dBZ. The high reflectivities
above 10 km observed in the convective tower region around 2221:00UTC are even over
35 dBZ. The cloud generally reaches to an altitude of 15 km excluding the small anvil
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region from 2222:36 to 2223:00UTC. The highest cloud top approaching 17 km aligns
with the convective tower.
Figure 7.5(a) indicates that in the cloud anvil region the high frequencies (≥ 150GHz)

have larger brightness temperature depressions, the highest depression being observed
at 220GHz, then in sequence, those at the three water vapor channels and 150GHz,
and finally those at 89GHz. However, when approaching the convective core region,
the brightness temperature differences become smaller and smaller along with their
largest brightness temperature depressions. This observation is consistent with earlier
studies of Wang et al. (1997b). It is due to the particle sizes of the frozen hydrometeors
which are smaller in the cloud anvil than those in the convective core (e.g., Heymsfield
et al., 1996; Wang et al., 1997b, 1998). The large particle increase scattering resulting in
an overlap of weighting functions. Furthermore, the sensitivity of scattering to smaller
frozen hydrometeors increases with frequency. The brightness temperature differences
∆T17, ∆T13, and ∆T37 have different characteristics in the entire deep convective cloud
system (Figure 7.5(b)). At the edges of the deep convective cloud system (from 2217:30
to 2217:48UTC and from 2223:00 to 2223:22UTC), it is found that ∆T17 < ∆T13 <

∆T37 < 0K. This is due to the different temperature weighting functions of the three
water vapor channels (Burns et al., 1997; Staelin and Chen, 2000). The channels further
away from the center at 183.3GHz can see deeper into the atmosphere where they detect
higher temperatures in clear sky. In nearly the complete deep convective cloud region
from 2218:24 to 2222:36UTC, the inverse relation ∆T17 ≥ ∆T13 ≥ ∆T37 > 0K is found,
again because the channels further away from the center at 183.3GHz can see deeper
into the cloud, hence being subjected to greater scattering from the middle or low layers
of the deep convective clouds (Burns et al., 1997; Wang et al., 1997b). In the two anvil
regions, the values of ∆T17, ∆T13, and ∆T37 generally increase from the edges to the core.
However, within the convective core region, when approaching the convective cell, the
values of ∆T17, ∆T13, and ∆T37 decrease, but the relation ∆T17 ≥ ∆T13 ≥ ∆T37 > 0K
still holds. This is because the weighting functions of the three water vapor channels tend
to be similar where there are large frozen hydrometeors (Burns et al., 1997). From the
above analysis we conclude that the region with ∆T17 ≥ ∆T13 ≥ ∆T37 > 0Kmatches the
entire region of the deep convective cloud system. Moreover, this deep convective cloud
system penetrates the TTL (14–18 km), This process is called convective overshooting
(Alcala and Dessler, 2002).
Figure 7.6 shows the collocated data from the same instruments as in Figure 7.5 along

the flight track of 1813:24 to 1816:14UTC on 10 February 1999. Three strong convective
cells in this deep convective cloud system are identified from the EDOP radar reflectiv-
ities (Figure 7.6(c)), with reflectivities over 40 dBZ. They are still as high as 20 dBZ in
most regions above 10 km of the deep convective cloud system. The structure of the left
deep convective cell is tilted towards the right. Similar to the case of 25 January, the
brightness temperatures at 89–220GHz (Figure 7.6(a)) have a general negative correla-
tion with the intensity of the deep convective cloud system (Figure 7.6(c)), the regions of
large brightness temperature depressions correspond to the convective cells. ∆T17, ∆T13,
and ∆T37 (Figure 7.6(b)) do not show the exact behavior of ∆T17 ≥ ∆T13 ≥ ∆T37 > 0K
for the entire flight track. At the left edge of the cloud (from 1813:24 to 1813:42UTC),
the tops of the tilted cloud structure are below 10 km. Although the EDOP radar mea-
sures large reflectivities around 20 dBZ at the cloud tops, the order of ∆T17, ∆T13,
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Figure 7.6: Same as Figure 7.5 but for the flight track from 1813:24 to 1816:14UTC on 10
February 1999.

and ∆T37 is the same as that for clear sky observed in the case of 25 January, namely
∆T17 < ∆T13 < ∆T37 < 0K. This behavior appears again in the region from 1815:21
to 1815:45UTC where there are two cloud layers, the anvil cirrus at the altitude of
8 − 14 km and the convective core below 8 km. The anvil cirrus has a high cloud top
near the bottom of the TTL at 14 km, but with weak intensity (the EDOP reflectivities
below 10 dBZ). The convective core shows strong EDOP reflectivities around 25 dBZ
at the top, but the top is below 8 km. This feature again makes evident that the main
contributions to the radiances at the three water vapor channels are from the upper
layers in deep convective clouds.
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In deep convective regions excluding the left edge of the cloud system from 1813:24 to
1813:51UTC and the region from 1815:06 to 1815:45UTC, the EDOP radar reflectivities
are large (around 20 dBZ) above 10 km and the cloud tops exceed 14 km. These regions
can also be named convective overshooting regions because the cloud tops penetrate into
the TTL. In these regions all values of ∆T17, ∆T13, and ∆T37 are positive (Figure 7.6(b)).
Similar to the case of January 25, again the relation ∆T17 ≥ ∆T13 ≥ ∆T37 > 0K holds
in convective overshooting regions. However, in the two small regions located around
1813:48, and 1815:06−1815:21UTC the above mentioned relation does not hold. This
fact is used to distinguish convective overshooting from deep convective clouds, i.e., the
values of ∆T17, ∆T13, and ∆T37 remain positive but the order relation ∆T17 ≥ ∆T13 ≥
∆T37 > 0K is not any longer valid. Concluding, from our analyses of the observations
over the two deep convective cloud systems, two criteria are found:

Deep convective cloud: ∆T17 ≥ 0, ∆T13 ≥ 0, ∆T37 ≥ 0 K, (7.1)
Convective overshooting: ∆T17 ≥ ∆T13 ≥ ∆T37 > 0 K. (7.2)

7.2.3 Confirmation and Generalization of the Criteria by
Simulations

Cloud Model Data and Radiative Transfer Model

The Goddard Cumulus Ensemble (GCE) model data have been introduced in Sec-
tion 5.4.1. Since our study is focussed on deep convective clouds, only clouds with top
height above 10 km are considered. These clouds have been classified into four types,
cirrus cloud, deep convective cloud, deep convective cloud with overshooting, and other
clouds mainly including stratiform clouds and weak convective clouds. The classification
results are shown in Figure 7.7(a).
The discrimination of cirrus clouds is based on the methods of Mace et al. (2001) and

Luo et al. (2002) (see Section 6.1). From the EDOP radar observations (Figure 7.5(c)
and Figure 7.6(c)), the radar reflectivities of the deep convective clouds at the altitude
of 10 km are around 20 dBZ. This is in good agreement with the radar observations
of two other mesoscale convective systems in the TRMM LBA (Cifelli et al., 2002),
where it has been shown that radar reflectivity at 10 km can be 20 dBZ for convective
towers. This value at or above 14.5 km was also used to identify a convective tower
(e.g., Geerts et al., 2000; Kelley and Stout, 2004). Using the empirical relationship of
Heymsfield (1986) between radar reflectivity and cloud ice water content, 20 dBZ radar
reflectivity corresponds to about 0.52 gm−3 cloud ice water content. Therefore, the GCE
cloud model data with cloud top height above 10 km and the layers above 10 km having
total ice water content values above 0.5 gm−3 are classified as deep convective clouds.
Deep convective clouds with cloud top height above 14 km penetrating into the TTL
are considered as convective overshooting (Alcala and Dessler, 2002). The remaining
components are classified into other clouds. Again, the microwave radiative transfer
model RTM (see Section 6.1) is used to calculate the microwave upwelling brightness
temperatures between 89 and 183GHz.
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Figure 7.7: (a) Classified GCE cloud model data with cloud tops above 10 km, (b) deep con-
vective clouds and convective overshooting determined by criteria (7.1) and (7.2) using the
simulated brightness temperatures, cirrus clouds and other clouds are the same as in (a).

Identification of Deep Convective Clouds from Simulated Brightness
Temperatures

The profiles of hydrometeors, temperature, and water vapor are used as input for the
RTM to simulate brightness temperatures at 183.3 ± 1, 183.3 ± 3, and 183.3 ± 7GHz.
For precipitating clouds, the three water vapor channels are independent of the surface
emissivity (Staelin and Chen, 2000; Bennartz and Bauer, 2003), so the surface emissiv-
ities at these frequencies are set to a typical value of 0.7 to represent oceans (Muller
et al., 1994). In order to be conform with the MIR measurements and AMSU-B observa-
tions, the effects of double side bands in the water vapor channels are taken into account
by averaging the simulated brightness temperatures at the upper and lower sideband
(Wang et al., 1997b). Because our criteria are derived from the MIR measurements at
nadir, only nadir simulated brightness temperatures are used in this section. Then, we
apply the criteria (7.1) for deep convective clouds and (7.2) for convective overshooting
(Figure 7.7(b)). The locations and ranges of deep convective clouds and overshooting de-
termined by criteria (7.1) and (7.2) match well with those directly determined from the
GCE cloud model data. Only two very small deep convective clouds located at (x=42,
y=75) and (x=52, y=75) are estimated by our criteria that are not shown in the GCE
cloud model data. Overall, we conclude that our criteria work satisfactorily.

Criteria for Different Viewing Angles

Until now, our analyses are only focused on nadir observations and simulations. However,
AMSU-B working in cross-track mode looks at the atmosphere with a wide range of
viewing angles. The centers of the scanning beam of AMSU-B vary in the range of
0.62◦–58.73◦. Using directly the criteria (7.1) and (7.2), we can obtain the regions of deep
convective clouds and convective overshooting for different viewing angles. An example
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Figure 7.8: Same as Figure 7.7 (b) but for simulations at the viewing angle of 50◦.

is shown in Figure 7.8. Obviously, the variation of the viewing angle can result in errors.
Thus, we modify criteria (7.1) and (7.2) by introducing threshold temperatures TD for
the deep convective cloud criterion and TO for the convective overshooting criterion:

Deep convective cloud: ∆T17 ≥ TD, ∆T13 ≥ TD, ∆T37 ≥ TD, (7.3)
Convective overshooting: ∆T17 ≥ ∆T13 ≥ ∆T37 > TO . (7.4)

In order to adjust the threshold TD for deep convective clouds to different viewing
angles, we define for each viewing angle θ an empirical quality measure,

C(θ, TD) =
AO(θ, TD)

A(0, 0) + A(θ, TD)− AO(θ, TD)
, (7.5)

where A(θ, TD) is the total area of deep convective clouds in the GCE model field de-
termined from the simulated brightness temperatures according to criterion (7.3) at
viewing angle θ and threshold TD, A(0, 0) is the same, but at viewing angle θ = 0◦

and with TD = 0K, which is identical to criterion (7.1). AO(θ, TD) is the overlap region
of A(θ, TD) and A(0, 0). The illustration of C(θ, TD) is shown in Figure 7.9. C(θ, TD)
varies between 0 to 1. For each θ = 0◦, 5◦, ..., 60◦ we select the threshold TD maximiz-
ing C(θ, TD), i.e., making A(θ, TD) most similar to A(0, 0) obtained at nadir which is
considered as the true value. The maximum values of C(θ, TD) are clearly pronounced
(Figure 7.10). They are almost equal to 1 at viewing angles below 35◦, still higher than
0.9 at viewing angles between 40◦ and 50◦, and even over 0.7 at viewing angles of 55◦

and 60◦. This indicates the high coincidence of criteria (7.3) for different viewing angles
and (7.1) for nadir observations. A second degree polynomial fit for threshold value TD

and all considered viewing angles θ (unit in degree) yields

TD = 0.04761− 0.01678 θ + 0.00599 θ2 (7.6)

with a standard deviation of 0.18K (Figure 7.11).
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Figure 7.9: Illustration of the quality measure C(θ, TD) used to determine the different thresh-
old values TD of the criteria for the different viewing angles. The quality measure C(θ, TO) has
the same definition as C(θ, TD). For details of A(θ, TD), A(0, 0), andAO(θ, TD) see text.

For convective overshooting, the empirical quality measure C(θ, TO) which has the
similar definition as C(θ, TD) is also investigated (dotted lines in Figure 7.10). At all
viewing angles, C(θ, TO) is generally stable when TO is below 15K. C(θ, TO) quickly
decreases when TO is above 15K. At viewing angles below 30◦, the maximum values of
C(θ, TO) are between 0.95 and 0.8. But at viewing angles above 35◦, the highest C(θ, TO)
values are below 0.6, even lower than 0.2 at the viewing angle 60◦. Thus, TO = 0K is used
as the threshold value for criterion (7.4) to detect convective overshooting. But unlike
criterion (7.3) for deep convective clouds, criterion (7.4) for convective overshooting
works well only at satellite viewing angles up to 30◦.

7.2.4 Application to AMSU-B Data

Identification of Cold Clouds Associated with Precipitation

Initially, we use a method adapted from Greenwald and Christoper (2002b) to identify
the cold clouds associated with precipitation. They found that the background bright-
ness temperature at 183.3 ± 1GHz is remarkably stable from region to region with an
overall mean and standard deviation of 241.9 ± 2.1K, and cold clouds associated with
precipitation have an average brightness temperature depression of about 7K. So if the
overall mean value of background brightness temperature at 183.3 ± 1GHz is set as
242K, brightness temperatures at 183.3±1GHz below 235K (= 242−7K) can be used
as the criterion for identifying cold clouds associated with precipitation. The threshold
value of 235K is also used by Staelin and Chen (2000) for the brightness temperature at
183.3±1GHz in saturated atmospheres. They documented that hydrometeors in precip-
itating clouds lower the brightness temperatures at 183.3± 1GHz below those observed
over saturated atmospheres (i.e., below 235K). Hence, if the brightness temperature at
183.3 ± 1GHz is below 235K, we consider that the field of view of AMSU-B contains
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Figure 7.10: Quality measure C varies with the change of the threshold temperature at viewing
angles from 5◦ to 60◦. The best thresholds at each viewing angle, TD for deep convective cloud
and TO for convective overshooting are determined at the corresponding temperatures where
C is the maximum.

cold clouds associated with precipitation. Once these are identified, we detect deep con-
vective clouds and convective overshooting by our criteria (7.3) and (7.4). Our criteria
are applied to data of AMSU-B onboard NOAA-16 collected in the four three-month
seasons from March 2002 to February 2003, i.e., March to May 2002 (MAM), June to
August 2002 (JJA), September to November 2002 (SON), and December 2002 to Febru-
ary 2003 (DJF). Deep convective clouds and convective overshooting are averaged over
5◦ × 5◦ longitude-latitude grid boxes in the topics (30◦N-30◦S) and over the indicated
season.
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Figure 7.11: The polynomial fit for the threshold value TD and the viewing angle θ.

Distributions of Deep Convective Clouds

The distributions of mean deep convective cloud fractions for the four seasons are shown
in Figure 7.12. The cloud fraction is defined as the ratio of total clouds flagged over the
total number of samples. The monthly 1◦ × 1◦ TRMM 3B43 rainfall product (Huffman
et al., 1997) estimated from TRMM, geosynchronous IR, and rain gauge data are av-
eraged over the three-month seasons. Regions with rainfall exceeding 3mmday−1 are
shown by red contour lines in Figure 7.12. In agreement with the results of Alcala
and Dessler (2002), the geographical distributions of deep convective clouds shows a
good correspondence with the TRMM 3B43 rainfall contour, qualitatively confirming
our detection of deep convective clouds. The distributions of deep convective clouds and
TRMM 3B43 rainfall have similar characteristics as those of the time averaged convec-
tion described by Hendon and Woodberry (1993). These include the pronounced ITCZ
across the Pacific and the Atlantic Ocean, the pronounced South Pacific Convergence
Zone (SPCZ), intense centers of convection over tropical Africa and tropical America,
and the center of convection over the Indian Ocean.
The most prominent feature of the distributions of the deep convective clouds is the

seasonal variability (Figure 7.12). In MAM and DJF, the distributions of deep convective
clouds are dominantly in the Southern Hemisphere (SH). In contrast, they are shifted
to the Northern Hemisphere (NH) in JJA and SON. In general, the summer hemisphere
has more convective activity than the winter hemisphere, such as the NH in JJA and
the SH in DJF. The deep convective clouds migrate from the NH in JJA and SON to
the SH in DJF and MAM. Similar seasonal shifting was also noted by Chen et al. (e.g.,
1996), Gettelman et al. (2002), Alcala and Dessler (2002), and Jiang et al. (2004). Chen
et al. (1996) studied the multiscale variability of deep convection in relation to large-
scale circulation in the warm-pool region during Tropical Ocean Global Atmosphere
Coupled Ocean-Atmosphere Response Experiment (TOGA COARE). They documented
that the dominant convective variability was associated with the seasonal cycle with a
southward shift from the NH in October-November to the SH in January-February.
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Figure 7.12: The distributions of deep convective cloud fractions in the tropics. The red con-
tours enclose regions with the averaged surface rainfall greater than 3mmday−1 derived from
the TRMM 3B43 rainfall product for comparison.
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The deep convective clouds in the pronounced narrow ITCZ have their local maximum
fractions between 0◦ and 10◦ latitude (Chen et al., 1996). In general, deep convective
clouds seem to appear more frequently over oceans in the ITCZ and SPCZ (excluding in
MAM). The SPCZ is more apparent in MAM and DJF than in the other two seasons,
in agreement with the findings of Chen et al. (1996).
Comparing to some other analyses using infrared measurements (Chen et al., 1996;

Mapes and Jr., 1993; Machado et al., 2002), the deep convective cloud fractions are
smaller, the averaged fraction is about 0.3% in the entire topics and about 1.0% in
the ITCZ and SPCZ for the four seasons. Using −38◦C (cloud top height about 10 km)
as the infrared temperature threshold, Chen et al. (1996) found that deep convective
cloud fractions in the ITCZ and SPCZ are about 10–20%. The same infrared temper-
ature threshold was also used by Mapes and Jr. (1993) for moderately cold clouds.
Machado et al. (2002) used the same threshold for high clouds, and found that the di-
urnal variation of the high cloud fraction varies between 3% and 29% in the TRMM
Wet Season Atmospheric Mesoscale Campaign/LBA (TRMM-WETAMC/LBA) region
(63.3◦–61.0◦W, 12.1◦–9.8◦S) in January-February 1999. It seems that the high fractions
are due to the high infrared temperature thresholds. The clouds with cloud top tem-
peratures below −40◦C include thin high-top nonprecipitating clouds, deep high-top
precipitating clouds, anvils with stratiform precipitating clouds, and deep convective
precipitating clouds (Liu et al., 1995). The deep convective cloud fraction derived with
the cold infrared temperature threshold at −58◦C by Gettelman et al. (2002) has a simi-
lar range as that from Chen et al. (1996). An even colder infrared temperature threshold
of −65◦C (cloud top height about 15 km) was also used to identify tropical deep convec-
tive clouds (e.g., Mapes and Jr., 1993; Chen et al., 1996; Hall and Haar, 1999; Machado
et al., 2002; Gettelman et al., 2002). In general, cloud area with cloud tops colder than
−65◦C covers about 20% of the area with cloud tops colder than −38◦C (Mapes and
Jr., 1993). With the −65◦C infrared temperature threshold, Chen et al. (1996) found
that the deep convective cloud fraction is below 6% in the ITCZ and SPCT. The same
result was reported by Machado et al. (2002) in the TRMM-WETAMC/LBA region.
With a −63◦C infrared temperature threshold they obtained diurnal variations of the
deep convective cloud fraction ranging from 0 to 6%. With this threshold, Gettelman
et al. (2002) found a deep convective fraction of 5% in October 1991 in the region from
64◦–77◦E and 4◦–7◦N. With respect to the deep convective fractions derived by high
infrared temperature thresholds (i.e., −38◦C), our derived deep convective fractions ap-
proach those derived by a low infrared temperature threshold (i.e., −65◦C). Hall and
Haar (1999) found that deep convective clouds only covered about 2% of the total
possible area in the west pacific for JJA and November to January. Our derived deep
convective fractions in the west Pacific in JJA and DJF are generally close to this result
(Figure 7.12).
There are two possible sources of uncertainty for the deep convective cloud fractions

derived from the low infrared temperature threshold (i.e., −65◦C). One is an overes-
timation because high cirrus clouds are tightly connected with deep convective cloud
fractions (Chou and Neelin, 1999). Also the −65◦C cloud top temperature corresponds
to the beginning of convective overshooting (14 km) (Hall and Haar, 1999; Kelley and
Stout, 2004). Therefore, with this threshold, convective overshooting can be detected
whereas the deep convective clouds with top height below 14 km (cloud top temperature



176 7 Applications to Estimate Cloud Parameters

warmer than −65◦C) can not be detected. This is the second uncertainty that results
in an underestimation of deep convective clouds. Liu et al. (1995) identified deep con-
vective precipitating clouds in the western equatorial Pacific Ocean warm pool region
(15◦S–15◦N, 130◦E–180◦E) for the period from November 1992 to February 1993. A
−40◦C infrared temperature threshold was used to discriminate the high clouds with
top heights above 10 km. A microwave index derived from SSM/I brightness temper-
atures at 19 and 89GHz was used to detect microwave scattering and emission from
precipitating clouds. This approach considered both the cloud top and information on
precipitation of deep convective clouds. Their method overcame the two uncertainties
of the method for identifying deep convective clouds only by a low infrared temperature
threshold. Their results showed that deep convective precipitating clouds account for
1.05% of the total of cloudy pixels. In this region, the average total cloud fraction is
about 76% (Hartmann et al., 2001), so the deep convective cloud fraction in the region
is about 0.8% (=1.05% × 76%) from the results of Liu et al. (1995). Our averaged
deep convective fraction in this region is about 0.75%, which is in very good agreement
with the result of Liu et al. (1995). Note that both methods are based on completely
independent observations.

Distribution of Convective Overshooting

The distribution of convective overshooting, i.e., those deep convective clouds that pen-
etrate into the TTL, grouped by the same seasons as those for deep convective clouds,
are shown in Figure 7.13. The regions of sea surface temperatures (SST) greater than
28◦C derived from the monthly mean reconstructed SST data of the NOAA Climate
Diagnostics Center (CDC) are also shown by red contour lines. Because the criterion for
detecting convective overshooting is only valid for viewing angles from 0◦ to 30◦, only
such observations have been used.
The spatial pattern and seasonal variability of the distributions of the convective over-

shooting fraction are very similar to those of deep convective clouds. The apparent dif-
ferent feature of the distributions of convective overshooting is that the higher fractions
obviously appear over land, not over ocean. This indicates that, although deep convec-
tive clouds generally have high fractions over ocean (Figure 7.12), those that penetrate
into the TTL are more frequent over land (Figure 7.13). This feature is in agreement
with the results of the TRMM PR (Nesbitt et al., 2000; Toracinta et al., 2002; Alcala
and Dessler, 2002), and observations obtained from aircraft radar (Heymsfield et al.,
1996).
Analyzing TRMM observations in two tropical continental (tropical Africa and South

America) and tropical oceanic regions (the east Pacific and west Pacific) in August-
September-October 1998 (ASO 1998), Nesbitt et al. (2000) and Toracinta et al. (2002)
reported that tropical continental convective clouds often have larger magnitudes of PR
reflectivity and show a smaller decrease in reflectivity with height than tropical oceanic
convective clouds. Especially, Nesbitt et al. (2000) found that deep convective clouds
seem to favor the western side of South America, away from the Atlantic coast in ASO
1998. This feature is also apparent in our results in SON and JJA. On the other hand, a
similar feature is also observed in South Africa in MAM and SON. Thus, these features
are caused by other reasons than the focusing mechanism for mesoscale cloud systems,
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Figure 7.13: The distribution of convective overshooting fractions in the tropics. The red
contours enclose areas with sea surface temperature greater than 28◦C (from NOAA CDC).
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which is due to the foothills of the Andes as indicated by Nesbitt et al. (2000). They
also pointed out that convection over Africa has the strongest and east Pacific has the
weakest PR reflectivities. Using TRMM data in the west Pacific and east Pacific, similar
regions as those used by Nesbitt et al. (2000), Berg et al. (2002) also found that the east
Pacific has shallower clouds than the west Pacific from December 1999 to February 2000.
Our results confirm these findings (Figure 7.13, DJF). Furthermore, from our results, we
can state that deep convective clouds over South America or Central America penetrate
most frequently into the TTL in most seasons. The region with the most frequent oceanic
convective overshooting changes with seasons, such as the SPCT in MAM and the ITCZ
over the east Pacific in JJA.
The geographical distribution of the oceanic convective overshooting fraction shows

a general correspondence with the 28◦C SST contour line in Figure 7.13. This is in
agreement with the mechanism stated by Roca et al. (2002) that convective clouds grow
higher and reach colder temperatures as the surface warms. However, in the ITCZ over
the east Pacific and the Atlantic, it seems that the distribution of convective overshooting
is generally broader than the regions contained within the 28◦C SST contour line. In
other regions over ocean, we found the opposite. This feature can probably be explained
by the relationships between deep convection, SST, and surface wind convergence (Fu
et al., 1990). They suggested that deep convective clouds are enhanced in regions where
either the SST is greater than 28◦C in the absence of a strong surface wind divergence,
or the SST is less than 28◦C, combined with a strong surface wind convergence.
The averaged amount of convective overshooting is about 22% of total deep convec-

tive cloud. This ratio is in agreement with the ratio of cloud area with cloud tops colder
than −65◦C to the area with cloud tops colder than −38◦C (about 20%) (Mapes and
Jr., 1993). On the other hand, our result is much larger than the value of about 5%
found by Alcala and Dessler (2002). They noted that the averaged amount of convec-
tive overshooting is influenced by the sensitivity of the TRMM PR and increasing the
reflectivity threshold from 12 to 17 dBZ would increase the amount by about a factor
of two. Alcala and Dessler (2002) stated that their results can be considered as a lower
limit. Based on this, it seems that our result as depicted in Figure 7.13 is close to the
real occurrence.

7.2.5 Conclusion

The AMSU-B water vapor channels have unique advantages, such as high sensitivity to
frozen hydrometeors in precipitating clouds (e.g., Burns et al., 1997; Wang et al., 1997b;
Bennartz and Bauer, 2003), different sensitivities to vertical distributions of frozen hy-
drometeors (e.g., Burns et al., 1997; Bennartz and Bauer, 2003), and negligible depen-
dence of the surface emissivity and liquid water cloud in the lower to middle troposphere
(e.g., Muller et al., 1994; Wang et al., 1997b; Greenwald and Christoper, 2002b; Ben-
nartz and Bauer, 2003). We have derived methods to detect deep convective clouds and
convective overshooting using the brightness temperature differences between the three
water vapor channels centered at 183.3GHz based on aircraft observations and model
simulations. The criterion for tropical deep convective clouds is ∆T17 ≥ TD, ∆T13 ≥ TD,
and ∆T37 ≥ TD. Model simulations allows to determine TD, which increases with the
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viewing angle across the swath of AMSU-B. The criterion for convective overshooting is
∆T17 ≥ ∆T13 ≥ ∆T37 > 0K, but only for AMSU-B viewing angles below 30◦.
The methods are applied to AMSU-B data to obtain the distribution of deep con-

vective clouds and convective overshooting in the tropics (30◦S to 30◦N) for four three-
month from March 2002 to February 2003. The good correspondence of the geographical
distribution of deep convective clouds with high precipitation (Figure 7.12) confirms the
method. The main regions of deep convective clouds and convective overshooting are
over the ITCZ, the SPCZ, tropical Africa, tropical America, and the Indian Ocean. The
distribution varies with the season. Deep convective clouds and convective overshooting
migrate from the winter hemisphere to the summer hemisphere. The seasonal shifting
is in agreement with the results of Chen et al. (1996), Gettelman et al. (2002), Alcala
and Dessler (2002), and Jiang et al. (2004). Although deep convective clouds frequently
appear over oceans in the ITCZ and SPCZ, deep convective clouds penetrating into the
TTL are more frequent over land. This result is consistent with those of Nesbitt et al.
(2000), Toracinta et al. (2002), and Alcala and Dessler (2002). It is also found that,
deep convective clouds seem to favor the western side of the continents of South Amer-
ica and tropical Africa in some seasons. The situation of the matching of the convective
overshooting fractions and the 28◦C SST contour lines indicate that the enhancing mech-
anism of deep convective clouds is not only due to the warmer SST, but is also related
to such factors as surface wind convergence (Fu et al., 1990).
The averaged amount of deep convective cloud fractions in the entire tropics is about

0.3%, out of which 22% of them can penetrate into the TTL as convective overshooting.
Our deep convective cloud fractions are smaller than the results derived from infrared
measurements. This discrepancy probably indicates that high cirrus clouds have large
contributions on deep convective cloud fractions derived from infrared measurements
(Chou and Neelin, 1999). But when restricted to the western equatorial Pacific Ocean
warm pool region, our averaged deep convective cloud fraction of about 0.75% is in good
agreement with the result of Liu et al. (1995) of about 0.8%.
Although the amount of deep convective clouds penetrating into the TTL in the

entire tropics is small (about 0.07%), it has an important impact on the physical and
chemical processes in the TTL and in the stratosphere (e.g., Lelieveld and Crutzen, 1994;
Holton et al., 1995; Thompson et al., 1997; Sherwood and Dessler, 2001; Dessler, 2002;
Gettelman et al., 2002; Andronache et al., 2002). The AMSU-B and similar AMSU/HSB
(Humidity Sounder for Brazil) sensors onboard the platforms NOAA-15, 16, 17, and
Aqua offer a high potential for improving an understanding of the important role of
deep convective clouds in the tropics. First, all of the mentioned platforms carry also
IR sensors A synergy potential of both sensor types is to be expected, but unexplored.
Second, as the mentioned platforms can observe each point on earth about eight times
per day (Chen and Staelin, 2003). Combining measurements of all these microwave and
IR sensors provides a unique tool to observe the evolution of deep convective clouds in
time and space, and the diurnal variation. Both types of investigations will contribute
to better understand the features of deep convective clouds and convective overshooting
in the tropics on the physical and chemical processes in the TTL and stratosphere.
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7.3 Retrieval of Ice Water Path and Content
7.3.1 Introduction

The amount of frozen hydrometeors in clouds is one of the most important physical pa-
rameters in determining the earth’s radiation balance. The effects of upper tropospheric
clouds on climate are highly sensitive to the amount of frozen hydrometeors. These vari-
ations can lead to differences of up to 17Wm−2 in the global average flux of radiation
entering or leaving the Earth (Baker, 2001). For comparison, Baker (2001) also pointed
out that the change in flux due to the CO2 increase over the past 200 years is less than
2Wm−2. The amount and spatial distribution of frozen hydrometeors is an important
component in understanding the atmospheric circulation systems on a variety of scales
(e.g., Hobbs and Rangno, 1985; Liu and Curry, 1998). The amount of frozen hydrome-
teors generated by deep convective clouds reflects the strength of the convection and the
stage in the life cycle of the convective system. Knowledge of the ice water content is
essential to infer the cloud vertical structure, which determines the cloud vertical heat-
ing profile, and to parameterize the cloud ice radiative properties for general circulation
models (Liu and Curry, 1998). Therefore, a quantitative measurement of the ice water
path and content in clouds is important both for the validation of global climate models
and for understanding the better variability of climate (e.g., Fu and Liou, 1993).
Because of the scattering effects of frozen hydrometeors in clouds, microwave mea-

surements provide more direct estimates of ice water path in comparison to the existing
visible and infrared techniques (Zhao andWeng, 2002). Studies to retrieve the water path
in tropical clouds have been conducted using airborne microwave measurements (e.g.,
Liu and Curry, 1998, 2000; Weng and Grody, 2000) and spaceborne measurements (Liu
and Curry, 1999; Zhao and Weng, 2002; Weng et al., 2003). Liu and Curry (1996, 1997)
proposed a method to retrieve the ice water path and snowfall rate over the ocean at
high-latitudes during winter using the Special Sensor Microwave Water Vapor Sounder
(SSM/T2) data. Using a similar method, Liu and Curry (1998) proposed a method to
retrieve the ice water path using airborne Millimeter-wave Imaging Radiometer (MIR)
data at 89, 150, and 220GHz channels. The algorithm was modified further to estimate
the ice water path in tropical cloud systems using SSM/T2 data (Liu and Curry, 1999).
The methods of Liu and Curry (1998, 1999, 2000) were tested over ocean. Zhao and
Weng (2002) and Weng et al. (2003) developed algorithms that are globally applicable
for retrieving the ice water path using the AMSU window channels at 89 and 150GHz.
All these retrieval algorithms were designed to estimate the total ice water path, but

the ice water path in the upper troposphere was not discussed separately. The effects of
storms on microwave radiances at the AMSU-B channels have been examined through
observations (Chapter 4) and simulations (Chapter 5). The presence of hydrometeors
at higher altitudes clouds with high cloud tops results in large brightness temperature
depressions at the AMSU-B frequencies above 150GHz. The sensitivity of brightness
temperatures at AMSU-B channels to surface emissivities and variations in hydrometeor
contents in tropical deep convective clouds reveals that the three water vapor channels
around 183GHz have no dependence on surface emissivities for all clouds associated
with tropical deep convective systems but have different responses to hydrometeors
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(Chapter 6). This feature can be used to estimate the frozen hydrometeors at higher
altitudes of tropical deep convective clouds.
In this section, algorithms to retrieve the ice water path and ice water content in

the upper tropospheric layers of tropical deep convective clouds are developed using the
three water vapor channels of AMSU-B. Section 7.3.2 introduces the retrieval method.
Section 7.3.3 shows some results for tropical deep convective clouds. the results are
compared to some radar measurements. A summary is given in Section 7.3.4.

7.3.2 Ice Water Path Retrieval Method

Considering a single layer of atmosphere above the surface, Liu and Curry (1996) defined
a parameter β as

β =
T b0(ν)− T b(ν)

T b0(ν)− T ba(ν)
, (7.7)

where T b(ν) and T b0(ν) are the brightness temperatures at the frequency ν under con-
ditions with and without ice, respectively, Tba(ν) is the radiation emitted by the at-
mosphere and given as a constant. T b0 is determined by a scatter plot of brightness
temperatures at 89 versus 150GHz (or 220GHz). The parameter β is approximately
proportional to the integral of the volume scattering cross section of ice particles. Ra-
diative transfer simulations were performed for different types of clouds to relate the
parameter β to the ice water path (IWP),

IWP =
N∑

n=1

Cnβn , (7.8)

where Cn (n = 1, . . . , N) are the retrieval coefficients. The window channels of SSM/T2
at 89 and 150GHz were used to retrieve the ice water path over the North Atlantic
(Liu and Curry, 1996). Liu and Curry (1998) extended this method for tropical clouds
using 150 and 220GHz. They simply used a constant value of T b0 (280K for 150GHz
and 275K for 220GHz) for large ice amount conditions. Since the goal of this study is
to retrieve the ice water path of tropical deep convective clouds, following the method
of Liu and Curry (1998), T b0 and Tba can be simply considered as constants. Then, in
Equation (7.7) β is only proportional to the brightness temperature received at the top
of the atmosphere Tb. From Equation (7.8), we can conclude that the ice water path of
tropical deep convective clouds is proportional to Tb,

IWP =
N∑

n=1

CnTb(f)n . (7.9)

Ice Contribution on Brightness Temperatures at AMSU-B

The model results from Liu and Curry (1996) indicated that the 150GHz channel was
the best candidate for ice water retrievals. Liu and Curry (1998) found that the 220GHz
channel is more sensitive to the ice water path than the 150GHz channel. However, up
to now, the highest microwave frequency of spaceborne meteorological sensor is around



182 7 Applications to Estimate Cloud Parameters

183GHz, such as the three water vapor channels of the AMSU-B sensor series. Our
observations (Chapter 4) and simulations (Chapter 5) indicate also that frequencies
above 150GHz of the AMSU-B are more sensitive to ice scattering. In order to determine
the best channel for the retrieval of the ice water path in tropical deep convective clouds,
the ice scattering contribution on the brightness temperatures at the AMSU-B channels
is investigated. The ice contribution is defined as the ratio of the brightness temperature
depression caused by frozen hydrometeors only to the brightness temperature depression
caused by all cloud hydrometeors.
The GCE cloud model data described in Section 5.4.1 are used as input of the RTM

described in Section 2.4.3 to simulate the brightness temperatures at the AMSU-B chan-
nels. We used the criteria derived in Section 7.2 to detect deep convective clouds. Then,
the ice contributions of all deep convective cloud pixels are calculated. We calculated
the normal distribution survival function of the ice contributions for all deep convective
cloud pixels (Figure 7.14), which is defined as the ccumulative probability of the ice con-
tributions from 1.0 to a given ice contribution value. The contributions on brightness
temperatures at the AMSU-B channels are mainly from ice scattering because proba-
bilities are near 1.0 when ice contributions are 0.8 for all frequencies. With increasing
frequency, the ice contribution on deep convective clouds increases (the ice contribution
associated with probability of about 1.0 increases). For all convective cloud pixels (where
the probability is 1.0), the ice contributions at 183.3 ± 7, 183.3 ± 3, and 183.3 ± 1 are
over 90%. However, the ice contribution at 150GHz is below 85%. The ice contribution
at 89GHz is also below 85% for its maximum percentage of deep convective clouds (less
than 95%). This reveals that the three water vapor channels are the best channels to
retrieve cloud ice in deep convective clouds.

Retrieval Algorithms for the Ice Water Path and Ice Water Content in
Upper Layers

In Chapter 6, it was found that the sensitivity to variations in frozen hydrometeors
at the three water vapor channels is generally apparent at altitudes above 7 km. This
indicated the potential to estimate the cloud ice at altitudes above 7 km in tropical
deep convective clouds using the water vapor channels. The correlation between the
ice water path above a given altitude and the brightness temperatures at three water
vapor channels over deep convective clouds is shown in Figure 7.15. In agreement with
the results of Chapter 6, the three water vapor channels have a high correlation with
the ice water path in the upper layers of deep convective clouds. The ice water path
above the altitude of 8 km has the highest correlation (about -0.90) with the brightness
temperatures at 183.3± 7GHz. For the 183.3± 3GHz channel, the highest correlation
(-0.90) occurs at 9 km altitude. For the 183.3 ± 1GHz channel, the highest correlation
(-0.95) is found near 11 km. Thus, the water vapor channels are used to retrieve the ice
water paths above the altitudes of 8, 9, and 11 km.
Using Equation (7.9), our retrieval algorithm (N = 3) is expressed as

IWP = C0 + C1 Tb(ν) + C2 T 2
b (ν) + C3 T 3

b (ν) . (7.10)
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Figure 7.14: The normal distribution survival function of the ice contributions for the deep
convective cloud pixels.
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Figure 7.15: The correlation between the ice water paths above a given altitude and the
brightness temperatures at the water vapor channels.

With inclusion of the effect of the AMSU-B viewing angle θ, the coefficients C0, C1, C2,
and C3 are assumed as a function of θ and represented as a function of cosθ (Grody
et al., 2001),

C0 = a0 + b0 cosθ + c0 cos2θ + d0 cos3θ ,

C1 = a1 + b1 cosθ + c1 cos2θ + d1 cos3θ ,

C2 = a2 + b2 cosθ + c2 cos2θ + d2 cos3θ ,

C3 = a3 + b3 cosθ + c3 cos2θ + d3 cos3θ ,

(7.11)

where all of the coefficients in Equation (7.10) and Equation (7.11) are obtained using
radiative transfer simulations of the three water vapor channels tropical deep convective
clouds for a variety of viewing angles.
The brightness temperatures at the three water vapor channels are calculated using

the GCE model data at time steps 240 and 360min. For precipitating clouds, the three
water vapor channels are independent of the surface emissivity (Staelin and Chen, 2000;
Bennartz and Bauer, 2003), so the surface emissivities at these frequencies are set to a
typical value of 0.7 to represent ocean (Muller et al., 1994). The criterion (Equation (7.2))
to estimate deep convective clouds from the simulated nadir brightness temperatures at
the three water vapor channels is used to detect deep convective clouds. To cover the
range of all AMSU-B scan positions, each set of simulations was performed at 13 viewing
angles from 0◦ to 60◦ with 5◦ steps. At each angle a total of 256 profiles with deep
convective clouds is used to simulate the brightness temperatures. First, the coefficients
in Equation (7.10) are obtained by regressing the dependent variables of IWP against
the brightness temperatures at the three water vapor channels. Next, the coefficients
in Equation (7.11) can be obtained for different channels. The regressed coefficients are
shown in Table 7.1 and the polynomial fits are shown in Figures 7.16 – 7.18. Figure 7.19
shows the scatter plots of the retrieved ice water path against the values assumed in
the simulated data set, which are used to determine the coefficients. The total number
of profiles in the plots is 3328 (256 profiles with deep convective clouds at 13 viewing
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Table 7.1: The coefficients for the retrieval algorithms

Coefficient IWP above 8 km IWP above 9 km IWP above 11 km
from 183.3± 7GHz from 183.3± 3GHz from 183.3± 1GHz

a0 18.399 7.565 940.149
b0 -246.316 86.283 -4426.197
c0 730.928 -495.988 7164.829
d0 -397.677 414.909 -3776.747

a1 1.139 -5.634e-01 -11.206
b1 -2.538e-01 2.105 52.754
c1 -7.026 2.333 -85.786
d1 4.892 -3.797 45.648

a2 -1.685e-02 4.274e-3 4.421e-02
b2 3.507e-02 -2.415e-02 -2.075e-01
c2 7.328e-05 1.098e-02 3.391e-01
d2 -1.316e-02 7.898e-03 -1.821e-01

a3 5.646e-05 -7.886e-06 -5.777e-05
b3 -1.483e-04 5.630e-05 2.694e-04
c3 9.594e-05 -4.929e-05 -4.424e-04
d3 -1.132e-05 2.873e-06 2.396e-04

Figure 7.16: The polynomial fits for coefficients C0, C1, C2, and C3 of the retrieval algorithm
using the 183.3± 7GHz channel and cos(θ).
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Figure 7.17: Same as Figure 7.16, but for the 183.3± 3GHz channel.

angles). The resulting RMS errors of the retrieved ice water path above 8, 9, and 11 km
are 0.489, 0.311, and 0.094 kgm−2, respectively.
After obtaining the ice water path above 8, 9, and 11 km, the mean ice water content

from 8 to 9 km (IWC(8− 9 km)), from 8 to 11 km (IWC(8− 11 km)) and from 9 to 11 km
(IWC(9− 11 km)) can be obtained by

IWC(8− 9 km) =
IWP(8 km)− IWP(9 km)

9.0− 8.0
,

IWC(8− 11 km) =
IWP(8 km)− IWP(11 km)

11.0− 8.0
,

IWC(9− 11) km =
IWP(9 km)− IWP(11 km)

11.0− 9.0
,

(7.12)

Figure 7.20 shows the scatter plots of the retrieved ice water contents against the values
contained in the simulated data set. The resulting RMS errors of the retrieved ice wa-
ter contents IWC(8− 9 km)), IWC(8− 11 km), IWC(9− 11 km) are 0.248, 0.156, and
0.153 gm−3, respectively.
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Figure 7.18: Same as Figure 7.16, but for the 183.3± 1GHz channel.

7.3.3 Comparison of IWP and IWC Retrieved from AMSU-B
and TRMM Data

Validation of our retrieval algorithm is difficult because of the lack of direct observations.
The retrieved ice water path and ice water content are compared between AMSU-B and
TRMM. TRMM monthly mean 5 × 5 degree frozen hydrometeor profiles from TRMM
2A12 data are used. The TRMM profiles have 14 layers with resolutions of 0.5 km from
the surface to 4 km, 1.0 km from 4 to 6 km, 2.0 km from 6 to 10 km, and 4.0 km from 10
to 18 km. So, in order to match the layer height, the ice water path above 8 km from
TRMM are used to compare to the ice water path above 8 km from AMSU-B. The ice
water content between 8 and 10 km from TRMM are compared to the ice water content
between 8 and 11 km using AMSU-B data. The TRMM data used for comparison in the
cases of deep convective clouds are not separated out. However, the retrieved ice water
path and ice water content from AMSU-B are only valid for the cases of deep convective
clouds.
Figures 7.21 and 7.22 show the monthly mean ice water path and ice water content in

January and July 2002, respectively. The distributions of both retrieved ice water paths
and ice water content have similar features. The intense centers are over the ITCZ, SPCZ,
tropical Africa, tropical America, and the Indian Ocean. These pronounced regions are
in good agreement with each other. Both distributions have the same respective seasonal
variability. The areas of the retrieved values from AMSU-B are smaller that those from
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Figure 7.19: Retrieved ice water path above (a) 8 km from the 183.3±7GHz channel, (b) 9 km
from the 183.3±3GHz channel, and (c) 11 km from the 183.3±1GHz channel versus the GCE
model data.
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Figure 7.20: Retrieved ice water contents (a) between 8 and 9 km, (b) between 8 and 11 km,
and (c) between 9 and 11 km, versus the ice water contents in the GCE model data.
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Figure 7.21: Monthly mean ice water paths above 8 km from the PR and AMSU-B in January
and July 2002.
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Figure 7.22: Monthly mean ice water contents between 8 and 10 km from the PR and monthly
mean ice water contents between 8 and 11 km from AMSU-B in January and July 2002.
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the PR. Over ocean, the retrieved results from AMSU-B are obviously smaller than those
from the PR. This is because the results from AMSU-B are only for deep convective
clouds, but the results from the PR are for all clouds. However, over land, the retrieved
ice water paths from AMSU-B are generally close to those from the PR.
The monthly zonal means of ice water paths and ice water contents from AMSU-B

and the PR and the monthly zonal means of surface rainfall from the PR are shown in
Figure 7.23 from 30◦S to 30◦N. Again, the ice water paths are only above 8 km, the ice

Figure 7.23: Zonal means of ice water paths and ice water contents from the PR and AMSU-B
in January and July 2002.

water content from AMSU-B is between 8 and 11 km, and the ice water content from the
PR is between 8 and 10 km. The corresponding ice water paths and ice water contents
have the same shapes. Both of them indicate the seasonal shift from the Southern
Hemisphere to the Northern Hemisphere from January to July. The monthly zonal means
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of the ice water path and ice water content from AMSU-B are smaller than those from the
PR since only the cases of deep convective clouds are considered for AMSU-B retrievals.
Their differences vary between 10 and 40 gm−2. The surface rainfall are in agreement
with the ice water path and ice water content in July. However, in January, The surface
rainfall are more in agreement with the ice water path and ice water content from
AMSU-B than those from the PR. With respect to the averaged the ice water path
above 8 km from the PR, the averaged ice water path above 8 km of a deep convective
cloud contributes about 34%.

7.3.4 Conclusion

Algorithms to estimate the total ice water path have been developed by many groups
using passive microwave measurements (e.g., Liu and Curry, 1996, 1998, 1999, 2000;
Weng and Grody, 2000; Zhao and Weng, 2002; Weng et al., 2003). However, no algorithm
is available to estimate the ice water path in the upper layers of deep convective clouds.
The algorithms to estimate the ice water paths in the upper layers of tropical deep
convective clouds are developed using the three water vapor channels around 183GHz
of AMSU-B because of their different sensitivity to hydrometeors in deep convective
clouds.
Because of the lack of direct observations of the ice water path and ice water content,

direct validation of our retrieval algorithms is not possible. The retrieved ice water paths
and contents are compared to the PR on TRMM. Because the TRMM results are for
all clouds and our results are for deep convective clouds only, the comparison is still
indirect. The areas of geographycal distributions of the retrieved results from AMSU-B
and the amounts of ice water paths over ocean are obviously smaller that those from the
PR. Especially the highest values of the ice water path observed with PR over ocean
cannot be reproduced using AMSU-B data. The distributions of the ice water paths and
ice water contents and seasonal variabilities of them follow each other quite well. The
monthly zonal means of ice water path and ice water content follow the surface rainfall
from the PR quite well. The retrieved results from AMSU-B have higher correlation
with the surface rainfall, especially in the Northern Hemisphere winter. Although the
averaged amount of the deep convective cloud fraction in the entire tropics (30◦S to
30◦N) is only about 0.3% (Section 7.2), it contributes the main part of total ice water
path above 8 km of all clouds, which is about 34%.
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8.1 Summary
The work presented in this thesis focusses on two main topics: Understanding the effects
of storms on microwave brightness temperatures (mainly at the AMSU-B frequencies)
and the estimation of cloud parameters using the AMSU-B water vapor channels.
Observations (Chapter 4) and simulations (Chapter 5) are used to understand the

effects of storms on microwave brightness temperatures. For observations, four cases
(two over ocean and two over land) are discussed using aircraft passive microwave mea-
surements in the frequency range of 10 to 220GHz in conjunction with aircraft radar
measurements. It shows that the high frequencies are sensitive to ice scattering, espe-
cially, the three water vapor channels around 183.3GHz. The main influence on the
three water vapor channels is from frozen hydrometeors in the upper layers of storms.
The brightness temperature differences between the three water vapor channels can be
used as the criteria for detecting deep convective clouds and convective overshooting into
the TTL. Cloud model data and cloud microphysical parameters derived from aircraft
radar observations have been used as input for a microwave radiative transfer model to
simulate brightness temperatures at the AMSU-B frequencies to investigate the effects
of cloud microphysical parameters. It was found that the measurements at AMSU-B
frequencies depend crucially on the variations in particle size distribution, ice water
path, phase transition temperature, and cloud structure. The window channels of 89
and 150GHz of AMSU-B show a larger influence from liquid water than the three water
vapor channels. All investigations show that the three water vapor channels are better
suited to estimate the frozen hydrometeors in the high altitude levels.
Based on these results, it is concluded that the three water vapor channels are useful

for estimating cloud parameters, especially for deep convective clouds. Three applica-
tions are studied in this thesis: The potential to estimate from microwave radiances
the canting angle of tilted structures in clouds (Section 7.1), detection of tropical deep
convective clouds (Section 7.2), and retrieval of ice water path and ice water content in
the upper layers of tropical deep convective clouds (Section 7.3).
The water vapor channels at 183.3 ± 1 and 183.3 ± 7GHz were used to estimate

the canting angle and tilt direction of tilted clouds (Section 7.1). The estimated canting
angle and tilt direction are in agreement with the cloud model. A storm case observed by
airborne sensors is also studied using this method. This method provides a potential to
estimate tilted convective structures from microwave radiometric observations at 183.3±
1 and 183.3± 7GHz, and it provides a possibility to estimate the vertical displacement
of cloud structure and thereby allow to estimate the accurate location of surface rainfall.
This is important when validating precipitation retrievals based on observations of the
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ice scattering above surface rainfall against surface rain observations using the microwave
frequencies sensitive to high altitudes.
Methods to detect deep convective clouds and convective overshooting from measure-

ments at the three water vapor channels (183.3 ± 1, 183.3 ± 3, and 183.3 ± 7GHz) of
AMSU-B are developed (Section 7.2). Thresholds for the brightness temperature differ-
ences between the three channels are suggested as criterion to detect deep convective
clouds, and relation between brightness temperature differences is used to detect convec-
tive overshooting. These methods are employed to investigate the distribution of deep
convective clouds and convective overshooting in the tropics (30◦ S to 30◦N) for the
time from March 2002 to February 2003. The distributions show a seasonal variability
between the winter hemisphere and the summer hemisphere. The distribution of deep
convective clouds follows the seasonal patterns of the surface rainfall rates. The deep
convective clouds over land penetrate more frequently into the tropical tropopause layer
than those over ocean. The averaged deep convective cloud fraction is about 0.3% in
the tropics and convective overshooting contributes about 22% to this. The generally
used methods to detect deep convective clouds rely on infrared measurements. The re-
sults from infrared methods are influenced by thick cirrus clouds. The detected deep
convective cloud fractions presented here are smaller than those from infrared methods
because of less contamination from thick cirrus cloud.
The quantitative measurements of the amount of frozen hydrometeors in upper layers

of deep convective clouds are important for understanding the earth’s radiation balance
(Baker, 2001). But previous retrieval algorithms of the ice water path using passive
microwave measurements are based on estimates of the total ice water path (e.g., Liu
and Curry, 1996, 1998, 1999, 2000; Weng and Grody, 2000; Zhao and Weng, 2002;
Weng et al., 2003). The separated upper tropospheric ice water path was not previously
retrieved. In this thesis, after detecting the tropical deep convective clouds, retrieval
algorithms of ice water path and ice water content in the upper layers were developed
based on the AMSU-B water vapor channels measurements (Section 7.3).

8.2 Outlook
8.2.1 Effect of Frozen Hydrometeor Density on Microwave

Radiances at AMSU-B

Parrish and Heymsfield (1985) discussed ice particle densities used in a particle growth
model, and showed that the density of ice particles ranges from 0.5 to 0.8 g cm−3. A
different ice density assumed in simulation affects the ice particle size distribution, and
consequently influences the scattering of hydrometeors and simulated brightness tem-
peratures. So, a better representation of ice particle bulk density is needed to improve
techniques to retrieve cloud properties from ground- and satellite-based remotely sensed
data. The effective ice particle density is defined as the ice particle mass divided by
the volume of an equivalent diameter sphere (Heymsfield et al., 2004). The effective ice
particle densities derived from data collected by airborne instruments can be used for
modeling, and to improve remote sensing applications.
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8.2.2 Comparing Infrared, Precipitation Radar, and Microwave
Methods to Detect Deep Convective Clouds

Infrared methods to detect deep convective clouds are influenced by thick cirrus clouds
(Section 7.2). How much do infrared methods overestimate the deep convective cloud
area? How large is the difference between infrared methods and the microwave method
developed in this thesis? To answer these questions, observations and simulations should
be undertaken. There are some in situ infrared and microwave observations including the
11µm and three water vapor channels around 183.3GHz in the CAMEX. An infrared
radiative transfer modelling system has been developed to study 10.7µm brightness
temperatures for thunderstorms (Grasso and Greenwald, 2004). This system as well
as a microwave transfer model can simulate both infrared and microwave brightness
temperatures over deep convective clouds. The simulated results can be used to compare
infrared methods and the microwave method presented here in this thesis.

8.2.3 Deep Convective Cloud Climatology

Deep convective clouds play a key role in the global climate. The study of variations of
deep convective clouds on scales from longterm variations to diurnal cycles is necessary
to improve global climate modeling. The diurnal cycle of tropical deep convective clouds
has been done over the last two decades (e.g., Fu et al., 1990; Hendon and Woodberry,
1993; Chen et al., 1996; Hall and Haar, 1999). The AMSU-B sensors onboard NOAA-
15, 16, and 17 together with AMSU/HSB onboard the Aqua satellite can provide global
observations with high temporal resolution (Chen and Staelin, 2003). With our methods,
in future studies, the AMSU-B series can provide global maps of diurnal cycles of deep
convective clouds and convective overshooting. AMSU-B data are available since 1999
and the similar sensor SSM/T2 since 1994. So a 10 years long data set can be used to
analyze longterm variations, e.g., yearly, seasonal and monthly.

8.2.4 Influence on Water Vapor in TTL of Deep Convective
Clouds

Deep convective clouds penetrating the TTL affect the exchange of air between the
troposphere and the stratosphere, and thereby influence the physical and chemical pro-
cesses occurring in the TTL and the stratosphere (e.g., Lelieveld and Crutzen, 1994;
Holton et al., 1995; Thompson et al., 1997; Sherwood and Dessler, 2001; Dessler, 2002;
Gettelman et al., 2002; Andronache et al., 2002). Water vapor is the dominant green-
house gas and the most important contributor to the TTL radiation balance. However,
the effects of tropical deep convective clouds on water vapor in the upper troposphere
and lower stratosphere are currently debated (e.g., Sherwood and Dessler, 2001). Un-
derstanding the inter-relationship between water vapor and tropical deep convective
clouds is of critical importance. Does the deep convective cloud moisten or dry the TTL
and the lower stratosphere? The diurnal cycles of convection and water vapor in the
tropical upper troposphere has been studied using the 6.7µm water vapor and 11µm
window radiances (e.g., Soden, 2000; Tian et al., 2004). The NOAA-15, 16, and 17 sen-
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sors AMSU-B, AVHRR (the Advanced Very High Resolution Radiometer), and HIRS
(the High Resolution Infrared Radiation Sounder) can provides simultaneous variations
of deep convective clouds from microwave or infrared radiances and upper tropospheric
humidity from 6.7µm. Future observations and analyses of these data can provide more
information of the inter-relationship between water vapor and tropical deep convective
clouds.

8.2.5 Improvement of Retrieval Algorithm

Because of the lack of direct observations of ice water path and ice water content in the
upper layer of tropical deep convective clouds, the retrievals in this thesis are only com-
pared to those from TRMM. The comparison is qualitative because the TRMM products
are contributed from all clouds (deep convective clouds are not separately). Further com-
parison of ice water path and ice water content only for tropical deep convective clouds
from AMSU-B and TRMM is needed. The NSAS’s Cirrus Regional Study of Tropi-
cal Anvils and Cirrus Layers-Florida Area Cirrus Experiment (CRYSTAL-FACE) field
campaign comprising of an ensemble of airborne instruments, provides information on
physical properties of tropical clouds, which will be helpful for the direct validation of
the retrieval algorithm developed in this thesis.
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A Cases of February 10 and January 25,
1999

The two cases presented in Chapter 4 are over ocean. In this part, two cases over land
in TRMM-LBA are used to check the influence of storms on microwave brightness tem-
peratures. The cases of February 10 and January 25 1999 are observed along straightline
flights about 3 and 6 minutes, respectively. The tracks are shown in Figure A.1. In the

Figure A.1: The tracks of the ER-2 flight on, (a) 10 February 1999, (b) 25 January 1999, the
thick dashed line in (a) shows the river in this region.

case of February 10, the instruments MIR, AMPR, EDOP, and MAS on board the ER-2
did observe simultaneously (see Table 3.6). But in the case of January 25, only simul-
taneous observations of MIR and EDOP can be used to for analyses (see Table 3.6).
In order to match the different observations, in this part, the method presented in Sec-
tion 4.2.2 is used to coordinated them again, and only the EDOP observation time is
used to express the time of all observations from different instruments.

A.1 Radiometric and Radar Signatures
All observations of the case of 10 February 1999 are gridded to the same sampling interval
of 1.7 s, and those of 25 January 1999 are gridded to the same sampling interval of 3.5 s.
The vertical cross section of EDOP reflectivities from 1813:24 to 1816:14UTC on 10
February 1999 are shown in Figure A.2, and those from 2217:30 to 2223:22UTC on 25
January 1999 is shown in Figure A.3. The section has been constructed from the EDOP
beam data with the same vertical resolution of 37.5m as that of the case in CAMEX-3.
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Figure A.2: The nadir EDOP radar reflectivity for the flight line on 10 February 1999. The
upper x-axis is labelled with the observation numbers and colors indicating different segments
of the cloud system used in the following analyses.

Figure A.3: Same as Figure A.2 but on 25 January 25 1999.

The heights are also referenced to the nominal altitude of the section based on the radar
surface return (Heymsfield et al., 1996). The gridded points labelled along the upper
x-axis of Figures A.2 and A.3 show the observation number at nadir. Figure A.2 shows
three convective cells with high EDOP reflectivity of over 45 dBZ (red color regions).
Even above the altitude of about 10 km, the EDOP reflectivities in some regions are still
as high as 25 dBZ. The structure of this strong convection is tilted towards the right. In
Figure A.3, the main convective cell is around 2221:00UTC, which are areas with high
EDOP reflectivity of over 45 dBZ (red color regions), The peak of the EDOP reflectivity
is about 55 dBZ, and the echo tops approach 17 km. The case of January 25 is a perfect
mature single-cell convection. Its structure is a typical single-cell cumulonimbus with a
mushroom-shaped convective core and anvil cloud (Cotton and Anthes, 1997). According
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to the typical features of a mature single-cell cumulonimbus, the whole structure of the
cloud system can be separated into three regions: The cloud anvil (observations 5–32
from 2217:45 to 2219:36UTC), the strong convective core region (observations 33–80
from 2219:42 to 2222:12UTC), and the small cloud anvil region (observations 81–94
from 2222:18 to 2223:00UTC).
The observations obtained from the six channels of MIR, the four channels from

AMPR, and visible 0.6µm and infrared 11µm of MAS along the ER-2 flight track on
10 February 1999 indicated in Figure A.1 are displayed as twelve images in Figure A.4.

Figure A.4: Microwave brightness temperature distribution at six MIR frequencies (89, 150,
183.3±1, 183.3±3, 183.3±7, and 220GHz) and four AMPR frequencies (10.7, 19.35, 37.1, and
85GHz) along the ER-2 flight track on 10 February 1999 indicated in Figure A.1 and visible
and infrared images of MAS 0.6 and 11µm. Nadir is represented by the dotted horizontal line.

The data of about 3 minutes displayed here covers approximately a distance of 40 km.
In order to show the brightness temperatures clearly, the 10, 19, and 37GHz brightness
temperatures use the same color scale which is different from those used by other MIR
frequencies and the infrared channel. The observations obtained from the six channels of
the MIR along the ER-2 aircraft flight path on 25 January 1999 indicated in Figure A.1
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Figure A.5: Microwave brightness temperature distribution at six MIR frequencies (89, 150,
183.3±1, 183.3±3, 183.3±7, and 220GHz) along the ER-2 flight track indicated in Figure A.1.
Nadir is represented by the dotted horizontal line.

are displayed as six images in Figure A.5. The data of about 6 minutes displayed here
covers approximately a distance of 80 km. The surface swath widths of MIR, AMPR
and MAS are approximately 42, 40, and 37 km, respectively. The nadir scan position is
shown by the dotted line.
Because of the large and highly variable land surface emissivity, the radiometer ob-

servations over land require a different interpretation (Heymsfield et al., 1996). Over
ocean, because of the low surface emissivity and the emission of the liquid water, Tb(10)
and Tb(19) have higher brightness temperatures with respect to the cold ocean. But over
land, the surface emissivity is high, and highly variable due to the varying soil mois-
ture, surface vegetation, etc. (Heymsfield et al., 1996). Comparing Tb(10) and Tb(19) in
Figure A.4 to the EDOP reflectivity in Figure A.2, in the high rain-rate regions (high
reflectivity below the freezing level), Tb(10) and Tb(19) are lower than those in other
regions. Referred to Figure A.1, the yellow band appearing on the left side of the panels
(1813:24 to 1815:30UTC) shows Tb(10) and Tb(19) seems to be a river in this region.
One part of the yellow band, the short linear band near the upper edge of the images
of Tb(10) and Tb(19) can also found in Tb(37) and Tb(85). But the width decreases with
increasing frequency, which is due to the higher surface resolution for the higher fre-
quency. For frequencies higher than 37GHz, the brightness temperature depressions are
related to the ice scattering region. From Tb’s at the high frequencies, it is obviously
that there are some convective cores in this region, and the features are similar to those
discussed for the cases over ocean. These behaviors are also found for the case of January
25 (Figure A.5). These seems to reveal that the effects of the surface on Tb’s at the high
frequencies (≥ 89GHz) are not obvious over storms. As discussed in the two cases over
ocean, only nadir coregistration is used for the interpretations henceforth.
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A.2 Discussion of Observations
Observations at 20km and Brightness Temperature Differences Between
High Frequencies

The time variations of microwave brightness temperatures from AMPR and MIR, and
some brightness temperature differences between high frequencies, and some averaged
nadir reflectivity profiles of EDOP data for the two cases are presented in Figures A.6
and A.7, respectively. Similar as the discussion in Sections 4.1.3 and 4.2.3, Z(0− 4 km)

Figure A.6: Time variations of microwave brightness temperatures from AMPR and MIR,
microwave brightness temperature differences between water vapor channels of MIR, and the
averaged radar reflectivity from EDOP for the flight on 10 February 1999.

is used to explain the reflectivity in the rain region, Z(6− 12 km), Z(6− 14 km), Z(8−
12 km), and Z(8− 14 km) are used to explain the reflectivity in the cloud ice region.
From Figure A.6, Tb(10) and Tb(19) have the same trend and little variations. One

important feature of Tb(10) and Tb(19) is the matching of their maximum values with the
low Z(0 − 4 km) at around 1815:10UTC where there are only thin high clouds, which
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Figure A.7: Time variations of microwave brightness temperatures from MIR on the ER-
2, microwave brightness temperature differences between water vapor channels of MIR, the
averaged radar reflectivity from EDOP, for the flight on 25 January 1999.

affect the signal at 10 and 19 GHz only little. In the high rain rate region at round
1814:35UTC, in contrast, Tb(10) and Tb(19) are lower than these in the region without
rain at around 1815:10UTC. This behavior of Tb(10) and Tb(19) reveals again the feature
discussed for the images of Tb(10) and Tb(19) in Figure A.4. For the frequencies higher
than 37GHz, they have generally negative correlation with the ice scattering (denoted by
Z(8−12 km)). The parts of curves of ∆Tb in Panel (c) with ∆Tb ≥ 0K are coincident with
the convective region of this case, which seems to be a useful criterion to discriminate
the convective region of the cloud system. At the same time, ∆Tb also has a generally
positive correlation with Z(8−12 km). Unlike the generally negative correlation between
∆Tb and Tb’s (> 89GHz) for the case of 26 August 1998, for this case, ∆Tb has a positive
correlation with Tb’s (> 89GHz) at about 1814:00 and 1814:06UTC. This behavior is
caused by the strong updraft of hydrometeors over the convective core as documented
by Wang et al. (1997b).
For the case of 25 January 1999 (Figure A.7), there are only microwave radiometric

measurements at frequencies 89GHz and higher. Comparing their corresponding Tb’s to
those of the case of 10 February, the convection of 25 January is obviously stronger than
that of 10 February. From Panel (c) in Figure A.7, the rain core is matched well with the
ice scattering core at around 2220:57UTC. This situation is different from the case of 22
February 1993. All Tb in Panel (a), from left side to right side, in the region of observation
5–32 (from 2217:45 to 2219:36UTC) are within the area of the cloud anvil. Tb(220)
decreases strongest. Then, in sequence, Tb(183) and Tb(150), Tb(89) decreases less. In the
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region of the convective cell around 2220:57UTC, all of them decrease to the minimum
values. It is also found that the parts of curves of ∆Tb in Panel (b) with ∆Tb ≥ 0K
are coincident with the cloud system of this case. Again, this behavior can be used to
discriminate the cloud system with strong convection. In the cloud anvil region from
2217:45 to 2219:36UTC, all ∆Tb increase with the increasing Z(8 − 12 km). However,
when coming to the convective region, with the continued increase of Z(8 − 12 km),
all ∆Tb begin to decrease although they remain larger than 0K. At the convective cell
(around 2221:00UTC), ∆Tb decreases to the minimum value. Then with the decreasing
of Z(8 − 12 km), ∆Tb increases first, then decreases. This positive correlation between
∆Tb and Tb’s (> 89GHz) can be explained by the same reason discussed for the similar
behavior in Figure A.6 for the case of 10 February 1999.

A.2.1 Influence of Ice Scattering on High Frequencies

In this section, the scatter plots of different frequencies from MIR are made to enhance
the understanding of the relationship between the properties of storms and microwave
brightness temperatures for the case of 10 February 1999 and 25 January 1999 (Figures
A.8 and A.9), respectively. Again, the numbers along the upper x-axis with EDOP
reflectivity in Figures A.2 and A.3 are labelled for their corresponding locations. In
order to correlate the brightness temperatures with the cloud system, the flight track of
the case of 10 February 1999 is separated into four segments: the region of black pixels of
0–21, the region of red pixels of 22–44, the region of blue pixels of 45–70, and the region
of green pixels of 71–100. The flight track of the case of 25 January 1999 is separated
into three segments, the region of black pixels of 0–34 (the cloud anvil), the region of
red pixels of 35–80 (the convective core), and the region of blue pixels of 81–100 (the
cloud anvil). The scatter points are along different tracks for the four segments of the
case of 10 February. For the case of 25 January, the scatter points are separated for
different segments. The scatter points in the cloud anvil and the convective core regions
are along their corresponding tracks. Especially, for the case of 25 January, the scatter
points almost linearly change along the tracks.
The scatter plots of brightness temperature differences and brightness temperatures

for MIR channels are shown in Figures A.10 and A.11 for the two cases, respectively. The
location numbers are also labelled in the scatter plots. The scatter plots are separated
into their corresponding segments by the same colors. Lines of ∆Tb(ν1, ν2) = 0K are also
plotted. As discussed for the two cases over ocean, Figures A.10 and A.11 reveal more
explicit correlation between brightness temperature differences and brightness temper-
atures observed by MIR. The observations of different regions of the cloud system are
along different tracks. The situation of the case of 10 February is more complicated than
that of 25 January because of its multi convective cells. In the convective core region (red
pixels) of the case of 25 January, ∆Tb generally decreases with the decreasing of Tb’s.
This behavior reveals that the effects of the convective core on the high frequencies. For
the cloud anvil regions (black and blue pixels) of the case of 25 January, the changing
of these pixels in Figure A.11 is almost linear.
Figures A.12 and A.13 show the scatter plots of ∆Tb(ν1, ν2) in direct nadir looking
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Figure A.8: Scatter plots of different microwave brightness temperatures in direct nadir looking
direction from MIR channels for the flight on 10 February 1999. The numbers are observation
numbers.

direction from MIR and Z(8 − 12 km) along track, respectively. From these figures,
it is found that ∆Tb(183.3 ± 1, 183.3 ± 7) as function of Z(8 − 12 km) show a high
correlation and a stronger signal than others. With the increasing of Z(8 − 12 km),
∆Tb(ν1, ν2) increases, comes to saturation, and then begin to decrease. This behavior is
more obvious for the case of 25 January.
Figures A.14 and A.15 show the scatter plots of ∆Tb(ν1, ν2) and brightness tem-

peratures in direct nadir looking direction from MIR with the EDOP radar average
reflectivities of Z(8− 12 km) coded in different colors. The most conspicuous feature in
Figure A.15 is in the convective region, with the increasing of Z(8−12 km), Tb decreases,
and ∆Tb(ν1, ν2) also decreases. This feature was also found by Wang et al. (1997b), and
explained with the strong updraft of hydrometeors over the convective core. The gaps
between the different segments (different region of the cloud system) in Figure A.15
are smaller than those of cases of 22 February 1993 and 26 August 1998. Because of
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Figure A.9: Scatter plots of different microwave brightness temperatures in direct nadir looking
direction from MIR channels for the flight on 25 January 1999. The numbers are observation
numbers.

multi convective cells for the case of 10 February 1999, the situation of gaps between
the different segments in Figure A.14 is more complicated.
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Figure A.10: Scatterplots of microwave brightness temperature differences and brightness tem-
peratures in direct nadir looking direction from MIR channels for the flight on 10 February
1999. The numbers are observation numbers.
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Figure A.11: Scatter plots of microwave brightness temperature differences and brightness
temperatures in direct nadir looking direction from MIR channels for the flight on 25 January
1999. The numbers are observation numbers.
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Figure A.12: Scatter plots of microwave brightness temperatures differences in direct nadir
looking direction from MIR channels and EDOP radar average reflectivity of Z(8 − 12 km)
for the flight on 10 February 1999. The lines of Z(8 − 12 km) = 0 and ∆Tb(ν1, ν2) = 0K are
plotted as a dotted line.



A.2 Discussion of Observations 213

Figure A.13: Scatter plots of microwave brightness temperatures differences in direct nadir
looking direction from MIR channels and EDOP radar average reflectivity of Z(8− 12 km) for
the flight on 25 January 1999. The lines of Z(8−12 km) = 0 and ∆Tb(ν1, ν2) = 0K are plotted
as a dotted line.
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Figure A.14: Scatter plots of microwave brightness temperatures differences and brightness
temperatures in direct nadir looking direction from MIR channels for the flight on 10 February
1999. EDOP radar average reflectivities of Z(8− 12 km) are labelled with different colors.
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Figure A.15: Scatterplots of microwave brightness temperatures differences and brightness
temperatures in direct nadir looking direction from MIR channels for the flight on 25 January
1999. EDOP radar average reflectivities of Z(8− 12 km) are labelled with different colors.
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